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Avant Propos

En France, diriger un travail de thése requiert I'obtention du dipléme ultime: I'Habilitation a Diriger des Recherches.
Diriger et orienter ma recherche est pourtant ce que je fais depuis la fin de ma thése, en 2000. Le présent mémoire est une
synthése de presque 12 années de recherche que j'ai effectuées en tant que doctorant, ATER, post-doctorant puis Maitre
de Conférences. Durant cette période, j'ai évolué du statut d'étudiant en formation aux métiers de la recherche et de
I'enseignement aux statuts d'enseignant-chercheur et formateur. Ce parcours n'a été possible que grace a des rencontres
et des collaborations, fatalement enrichissantes. Les travaux de recherche que j'expose ici ne correspondent donc pas a un
travail strictement personnel mais, le plus souvent, a un travail de groupe que j'ai initié et/ou organisé. Par soucis
d'exactitude, je rappelle en début de chaque nouvelle section les personnes avec qui j'ai collaboré, et j'utilise la premiére

personne du pluriel pour rédiger les résultats issus de ces collaborations.






Résumé

Ce mémoire synthétise mes travaux de recherche réalisés depuis 1997, date du début de ma thése. Il présente
successivement les deux thématiques que j'ai pu développer en mettant en place une approche multi-disciplinaire, multi-
échelle et qui intégre analyse de cas naturels et modélisation des processus géologiques. Comprendre les processus de
rifting en domaine continental a été mon premier axe de recherche. Cette thématique repose sur I'analyse du Rift Ouest
Européen, formé au Cénozoique en périphérie de la chaine alpine, et sur la modélisation des processus aux échelles du
graben, de la cro(te et de la lithospheére. Ces travaux ont permis de proposer un modele global de formation du Rift Ouest
Européen en tenant compte du développement contemporain des Alpes et des Pyrénées. Les modeles analogiques ont mis
en lumiére le réle majeur joué par I'héritage structural dans la création des grabens et des dépocentres sédimentaires. lls
ont également montré |'effet de la vitesse d'extension, du nombre de ruptures de la partie fragile de la lithosphere
mantellique et des zones de cisaillement ductiles sur la déformation lithosphérique. Le second axe de recherche vise a
comprendre les sources et les modalités de déformation des volcans basaltiques. L'étude s'est focalisée sur les volcans de
La Réunion, dans I'Océan Indien, et plus particulierement sur la Piton de la Fournaise, un des volcans les plus actifs au
monde. Plusieurs aspects ont été analysés conjointement: la déformation co-éruptive et son impact sur la réactivation des
failles pré-existantes; I'origine et la dynamique des calderas en domaine basaltique; le role des structures lithosphériques
dans I'évolution des édifices volcaniques. Ces différents travaux ont été réalisés en collaboration avec de nombreux
chercheurs d'universités et instituts francais et étrangers. D'un point de vue quantitatif, ces années de recherche ont
conduit a la soutenance de trois Masters 2 recherche et a la publication de 20 articles dans des revues internationales a
comités de lecture. Dans le futur, je souhaite organiser ma recherche autour de quatre projets: 1- Dynamique des calderas
magmatiques; 2- Réle du contexte géodynamique dans |'évolution des volcans basaltiques (co-direction de la thése de
Thibault Catry); 3- Distribution et géométrie des injections magmatiques dans les volcans basaltiques: Implications sur la
stabilité des édifices; 4- Evolution du Piton de la Fournaise. Les projets 1, 2 et 4 correspondent a un prolongement de la
recherche déja engagée, alors que le projet 3 est un axe nouveau. Ce mémoire présente également un curriculum vitae
synthétique dans lequel je résume mon implication au sein du département d'enseignement des Sciences de la Terre de
I'Université de La Réunion et les différentes responsabilités administratives que j'ai au sein du département et de I'UFR

Sciences et Technologie de I'Université de La Réunion.
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1- Introduction

Au cours de mon cursus universitaire, j'ai quitté I'Université de Nantes aprés ma licence pour aller me confronter a la
volcanologie, a I'Université Blaise Pascal de Clermont-Ferrand. J'y ai réalisé une these en Sciences de la Terre, spécialité
Tectonique. Ces années de louvoiement thématique ont fait de moi un géologue, i.e. un "spécialiste de la géologie (Grand
Larousse 2003)". Toujours selon le Grand Larousse, "la géologie vise a comprendre la nature, la distribution, I'histoire et la
genese des constituants de la Terre. Ses objets d'étude appartiennent a différents niveaux d'organisation: le cristal et le
minéral, la roche, le complexe rocheux (...), le complexe structural (...), la plaque lithosphérique, en relation avec les
différentes parties de la Terre". Les aspects multi-disciplinaires et multi-échelles forment donc la pierre angulaire de I'étude

géologique.

La recherche que j'ai mise en ceuvre s'est successivement focalisée sur les processus de rifting et la déformation des
volcans basaltiques. Ces deux thématiques ont été abordées avec la méme approche méthodologique qui combine un
travail multi-échelle, i.e. de la surface a I'ensemble de la lithosphere, multi-disciplinaire et intégrant étude de cas naturels

et modélisation des processus.

J'ai étudié les processus de rifting en menant de front une analyse du Rift Quest Européen et une modélisation
analogique de la formation des grabens et de la déformation interne des niveaux ductiles de la lithosphere. Plusieurs
points motivaient un travail sur le Rift Ouest Européen: I'origine de son volcanisme et de la géométrie des grabens, et le
lien entre le volcanisme, |'extension et le contexte géodynamique régional, principalement caractérisé par la convergence
entre |'Afrique, I'Apulie, I'lbérie et I'Europe. La modélisation analogique a été initiée pour comprendre |'origine des
géométries contrastées entre les grabens du rift du Massif Central et le graben du Rhin; ces variations géométriques
n'étant pas expliquées par les modeles existants (e.g. Allemand et Brun, 1991; Buck, 1991). Les expériences ont ensuite été
extrapolées a I'échelle lithosphérique afin d'étudier les modalités de I'extension, les processus d'amincissement de la
lithosphére et la distribution différente du volcanisme syn-rift dans plusieurs systémes de rift. Le réle du contrdle
structural et de la direction d'extension dans la formation des grabens et des dépocentres sédimentaires a finalement été

le troisieme acte de cette d'étude.

Mon recrutement a |'Université de La Réunion m'a conduit a changer d'objet d'étude, mais pas de méthodologie.
L'approche multi-échelle m'a permis d'aborder de nombreux aspects ayant attrait aux volcans basaltiques: relation
lithosphere - volcans basaltiques, origine et dynamique des rift zones, impact des variations rhéologiques intra-édifices,
croissance des édifices volcaniques... Ma recherche a également été influencée par des événements tels que la formation
de la caldera du Dolomieu en Avril 2007. Comprendre |'origine des calderas basaltiques et leurs modalités de formations

constitue un nouvel axe de ma recherche.

Ce mémoire contient une synthese de mes travaux de recherche les plus significatifs couvrant les deux thématiques
décrites ci-dessus. Les publications utilisées sont jointes en annexe. J'ai volontairement écarté, dans un souci de
cohérence, plusieurs articles dont le sujet était trop éloigné des thématiques développées ici. Outre, les résultats de
recherche, le mémoire présente mes projets de recherche en cours et a venir, une synthese de ma production scientifique
et un curriculum vitae synthétique dans lequel je décris mon implication dans I'encadrement d'étudiants en Master 2 et en

these, la répartition de mon enseignement et les responsabilités administratives.



2- Travaux antérieurs

2.1- Processus de rifting en domaine continental

Classiquement, une distinction est faite entre rifts rapides, comme ceux des Basin and Range et de la Mer Egée, et
rifts lents du type Rift Est Africain, Rift Baikal et Rift OQuest Européen (e.g. Buck, 1991). Les premiers sont caractérisés par
une largeur importante, une succession de horsts et de grabens, le développement de domes métamorphiques
(metamorphic core complex) et des vitesses d'extension de plusieurs cm/an. L'extension se produit généralement dans des
lithospheres préalablement épaissies lors d'épisodes orogéniques. Les seconds correspondent le plus souvent a des
structures étroites induites par quelgues mm a cm d'extension par an et dont le développement est contemporain d'un
volcanisme alcalin plus ou moins abondant. L'origine de la déformation peut soit étre liée a la mise en place d'une
anomalie mantellique sous la lithosphére continentale (rift actif), soit résulter de contraintes dont la cause est a rechercher

aux limites de plaques ou dans les hétérogénéités de densité de la lithosphere (rift passif; e.g. Ruppel, 1995).

Les travaux que j'ai menés se sont focalisés sur les rifts lents pour lesquels I'origine de I'extension et la relation
tectonique/magmatisme font fréquemment débat. J'ai étudié dans le détail le Rift du Massif Central et le graben de la
Roer, deux segments importants du Rift Ouest Européen, ceci afin de contraindre au mieux I'dge et le type de déformation,
les éventuelles relations tectonique/magmatisme et la ou les source(s) du processus de rifting. J'ai entrepris conjointement
une étude théorique sur les modalités de |'extension aux échelles du graben, de la crolte et de la lithosphére par une

modélisation analogique dimensionnée.

Je présente ci-dessous une synthese des résultats obtenus pour ces deux thématiques. Pour chaque partie, j'ai

intégré les travaux publiés récemment, i.e. depuis la publication des miens.

2.1.1- Le Rift Ouest Européen

Durant I'ere Cénozoique, la lithosphére européenne a été affectée par des contraintes extensives qui ont mené a la
création d’un systéme de grabens étendu depuis la Mer du Nord, au nord, a la Mer Méditerranée, au sud (Figure 1). Cet
ensemble structural s’est développé dans un contexte géodynamique complexe durant lequel contraintes compressives
associées aux orogeneses pyrénéenne et alpine, et contraintes extensives ont fréquemment été spatialement et
temporellement contigiies. Outre I'activité tectonique, un magmatisme alcalin d’ampleur variable s’est mis en place depuis

le Massif Bohémien a I’est jusqu’au Golfe du Lion au sud.

Durant les derniéres décennies, de nombreux travaux ont porté sur |'origine des grabens et du volcanisme péri-alpins
(Tapponnier, 1977; Caire, 1977; Bergerat, 1987; Ziegler, 1992a; Chorowicz et Deffontaines, 1993; Granet et al., 1995;
Zeyen et al., 1997a; Stampfli et al., 1998; Merle et Michon, 2001; Michon et al., 2003; Dézes et al., 2004; Bourgeois et al.,
2007). Ces études ont mené a de nombreuses interprétations divergentes qui seront discutées en section 2.1.3. Il est
important de noter qu'une part importante des désaccords quant a l'origine du systeme de grabens réside dans la
définition méme des limites du systeme géologique. Selon Ziegler (1992a) et Dezes et al. (2004), les grabens distribués
depuis le Massif Bohémien a I'est jusqu'a la marge languedocienne au sud constituent un unique ensemble structural
appelé European Cenozoic Rift System (ECRIS; Figure 1a). Bien que quelques grabens de la marge languedocienne (Alés,
Valence, Manosque) aient subi une extension contemporaine de celle des grabens situés plus au nord, il est dorénavant
admis que I'ensemble des grabens de la marge languedocienne fait parti du Rift NW Méditerranéen (e.g. Seranne, 1999).
Ce rift qui comprend également la fosse de Valence, entre la cOte ibérique et I'archipel des Baléares, trouve son origine

dans la subduction de la lithosphére africaine a I'est des blocs corso-sarde et baléare (Wortel et Spakman, 1992, 2000;



Marti et al., 1992; Seranne, 1999; Faccenna et al., 2004; Lacombe et Jolivet, 2005). L'ECRIS, tel qu'il est défini par Zielgler
(1992a) et Dezes et al. (2004), englobe donc des grabens issus d'un phénomene de roll back d'age Oligoceéne moyen -
Mioceéne inférieur pour la terminaison méridionale, et d'une extension éo-oligocéne pour la partie septentrionale (Massif

Central, Province Rhénane et Massif Bohémien).

En conséquence, nous avons proposé l'existence de deux systemes de rift contigués, i.e. le Rift NW Méditerranéen au
sud et le Rift Ouest Européen (ROE) au nord (Michon, 2000; Merle et Michon, 2001). L'articulation entre ces deux systémes
se situe au sud du Massif Central ou certains fossés ont d'abord enregistré la déformation contemporaine des grabens du
ROE, puis, aprés une période d'inactivité, ont été affectés par I'extension importante liée a la rotation du bloc corso-sarde

a partir de I'Oligocéne moyen.

Le ROE est constitué de trois provinces situées en périphérie de l'arc alpin: le Massif Central a I'ouest, la Province
Rhénane au centre et le Massif Bohémien a l'est (Figure 1b). La province du Massif Central est caractérisée par un large
systeme de grabens paralléles (Limagne, Roanne-Montbrison et Bresse) et d'importants ensembles volcaniques. Les
dimensions du systeme de grabens et le volume de magma émis au cours du Cénozoique font du Massif Central la
province majeure du ROE. La Province Rhénane est composée de deux grabens d'orientation différente: le graben du Rhin
au sud et le graben de la Roer au nord (Figure 1a). Le volcanisme cénozoique est principalement localisé entre ces deux
structures, au niveau du Bouclier Rhénan formé d'unités géologiques paléozoiques. La province du Massif Bohémien
constitue la partie la plus orientale du ROE. L'extension cénozoique y a induit la formation du graben de I'Eger qui découpe
le socle cadomo-hercynien selon une orientation ENE-WSW. Cette province a également été le siege d'une activité

magmatique alcaline principalement centrée sur le graben de I'Eger.

Figure 1 : a- Carte structurale du systeme de rift cénozoique européen (ECRIS). D’aprés Ziegler (1992a), Dézes et al. (2004). BF: Black
Forest; EG: Eger graben; HG: Hesse graben; LG: Limagne graben; LRG: Lower Rhine graben; LRhG: Lower Rhéne grabens; NBG: northern
Bresse graben; RG: Roanne graben; SBG: southern Bresse graben; URG: upper Rhine graben; V: Vosges; VG: Valence graben. b- Carte du
Rift Ouest Européen (ROE). Les grabens de Valence et de la marge Languedocienne, bien qu’ayant subit en partie 'extension du ROE, ne
sont pas représentés. Ces structures résultent principalement de I'extension arriére-arc due a la rotation de la Corse et de la Sardaigne
entre I’Oligocéne moyen et le Miocéne inférieur.

Etant donné la diversité d'interprétations quant a la formation des grabens du ROE et au développement du
volcanisme, dans ce mémoire, j'ai voulu dans un premier temps rappeler les faits géologiques, seules données de base qui
ne peuvent étre remises en cause et qui doivent inévitablement contraindre les modéles proposés. Le rift du Massif
Central et le graben de la Roer ayant été des objets d'étude privilégiés pendant ma thése de doctorat a I'Université Blaise

Pascal de Clermont-Ferrand et mon post-doctorat au TNO-NITG (Utrecht, Pays-Bas), leur description sera particulierement



détaillée. Elle rappellera les principaux résultats de publications réalisées entre 1998 et 2005, en collaboration avec Olivier
Merle, mon directeur de thése, et Ronald van Balen, associate professor a la Vrije Universiteit d'Amsterdam (Merle et al.,
1998; Michon et Merle, 2001; Merle et Michon, 2001; Michon et al., 2003; Michon et van Balen, 2005; Annexes 1 a 5). La
section sur le graben du Rhin a pour objectif de mettre en lumiére les principales données existantes afin de les intégrer

dans l'interprétation de I'ensemble du ROE.

2.1.1.1- Le rift du Massif Central

Le rift du Massif Central (RMC) est situé dans la partie est du mole hercynien du Massif Central. Les grabens et le
volcanisme sont limités par le Sillon Houiller a I'ouest, les Alpes a I'est et le Bassin Parisien au nord. Au sud, les grabens
ayant eu une évolution double, i.e. ROE et Rift NW Méditerranéen, ont quelques points communs avec ceux du RMC.
Cependant, leurs caractéristiques (géométrie et sédimentation) ayant été trés perturbées par l'ouverture du Rift NW
Méditerranéen, ils ne seront pas intégrés a cette étude. Le RMC ainsi défini mesure plus de 200 km d'est en ouest et 300
km du nord au sud. Il est constitué d'un ensemble de grabens principalement répartis dans la moitié nord du Massif
Central et spatialement associés a un volcanisme cénozoique important (Figure 2). Les objectifs de ma thése de 3eme cycle
étaient (1) de caractériser la structure du rift et sa dynamique, (2) de préciser la distribution spatio-temporelle du
volcanisme et sa cause, et (3) d'évaluer le lien entre la tectonique extensive a |'origine des grabens et le volcanisme.
Atteindre ces objectifs a nécessité une synthése des différentes données géologiques, géochimiques et géophysiques

publiées sur le Massif Central, dont les principaux traits sont résumés ci-dessous.

Figure 2 : Carte de localisation des grabens et des provinces volcaniques du Massif Central.

Le volcanisme cénozoique du Massif Central a fait I'objet de nombreuses études portant sur I'age, la nature et

I'origine des magmas (e.g., Maury et Varet, 1980; Wilson et Downes, 1991; Michon et Merle, 2001; Gautheron et al.,



2005). En tenant compte de I'dge du volcanisme et de sa distribution, 18 provinces volcaniques ont été distinguées. Elles
sont réparties a I'est du Sillon Houiller, depuis le Morvan au nord jusqu'a I'Escandorgue au sud (Figure 2). Les datations
indiquent que le volcanisme s'est initié a la transition Crétacé-Tertiaire, i.e. depuis 65 Ma. L'activité magmatique s'est
principalement poursuivie dans la partie nord du Massif Central jusqu'a I'Oligocéne moyen. A partir de I'Oligocéne
supérieur, le volcanisme est apparu en Limagne et dans le Forez sous forme de volcans monogéniques dispersés. Le
Miocéne supérieur marque un changement important dans la distribution et la production magmatique. De fait, a partir 13
Ma, un volcanisme intense s'est développé dans la partie centrale du Massif Central, entrainant la construction d'un
strato-volcan important (Cantal) et de plateaux basaltiques et phonolitiques (Aubrac, Cézallier, Velay; Figures 2 et 3). A
I'inverse, le volcanisme de la partie nord (Limagne et Forez) cessa vers 12 Ma avant de reprendre de maniere significative
vers 5 Ma, date a partir de laquelle les strato-volcans des Monts Dores et du Sancy se sont formés. L'activité magmatique
s'est poursuivie dans le Massif Central jusqu'au Quaternaire, avec des éruptions récentes au niveau du Bas Vivarais, de
I'Escandorgue et de la Chaine des Puys (Berger et al., 1975; Miallier et al., 2004; Guerin et Gillot, 2007). Cette période
volcanique initiée vers 13 Ma dans la partie centrale du Massif Central correspond a la phase volcanique majeure de la

province (Figure 4).

Figure 3 : Distribution temporelle du volcanisme cénozoique du Massif Central. Datations : Bellon et al. (1974); Berger et al. (1975);
Vincent et al. (1977); Bellon et Hernandez (1979); Baubron et al. (1978); Maury et Varet (1980); Chantepie (1990); Mergoil et Boivin
(1993); Cheguer (1996); Chambon (1997); Lenoir et al. (2000a); Guerin et Gillot (2007).

L'intégration du volume de magma émis au cours du temps permet de distinguer deux pics d'activité magmatique
durant la phase volcanique majeure (Figure 4). Le premier pic, daté entre 9,5 et 6 Ma, est limité a la partie centrale du
Massif Central, alors que le second pic d'activité, de 6,5 a 0,5 Ma, est généralisé a I'ensemble de la province. Ces deux
périodes d'intense activité magmatique ont été spatialement et temporellement superposées a des phases de surrection

du socle hercynien.

Les magmas cénozoiques du Massif Central montrent une grande variabilité compositionnelle au sein de la série
alcaline (Jung et Brousse, 1962; Wimmenauer, 1974; Cheguer, 1996; Lenoir et al., 2000a). Les laves les plus anciennes, i.e.
pré-Oligocéne, présentent les plus forts degrés de sous-saturation allant jusqu'au magma mélilitique (Wilson et al., 1995;
Lenoir et al., 2000a). Cette faible teneur en silice est interprétée comme le résultat d'un trés faible taux de fusion partielle
de la limite lithosphere-asthénospheére (Wilson et al., 1995). A partir de I'Oligocéne, deux séries saturée et sous-saturée se
développent conjointement dans la majorité des provinces volcaniques (Jung et Brousse, 1962; Vatin-Pérignon, 1968). Les

signatures géochimiques du Nd, Sr, Pb et de I'0O des magmas néogenes suggérent l'interaction entre deux poles



mantelliques A et B (Wilson et Downes, 1991; Lenoir et al., 2000a). Le pole A, d'origine asthénosphérique, serait issu du
mélange entre un manteau appauvri et un manteau de type HIMU. Le péle B représenterait I'apport de la lithosphére
hercynienne lors de la remontée de magmas primaires d'origine asthénosphérique. La signature de type HIMU du pdle A
peut étre interprétée de facons différentes. Selon Wilson et Downes (1991), les affinités du composant asthénosphérique
avec une source de type HIMU s'expliqueraient par le recyclage d'une lithosphére océanique de 500-400 Ma lors de
I'orogenése hercynienne. Cette signature isotopique pourrait également s'expliquer par la remontée de matériel
mantellique profond (Granet et al., 1995). Les isotopes de I'He, du Ne et de I'Ar plaident en faveur de la premiére
hypothese, méme si la seconde interprétation ne peut étre définitivement exclue (Gautheron et al., 2005). En résumé,

I'origine des magmas reste assez mal connue malgré I'abondance des données.

Figure 4: Distribution spatio-temporelle de la phase volcanique majeure au niveau du Massif Central.

Les études isotopiques portant sur la nature des enclaves mantelliques remontées par les magmas basiques révelent
la présence de deux domaines lithosphériques différents sous la partie est du Massif Central (Lenoir et al., 2000b; Downes
et al., 2003; Wittig et al., 2007). La lithosphére mantellique au nord de la latitude 45°30' serait ancienne et plus épaisse

(>80 km), alors qu'elle serait plus fine (<70 km) et plus récente au sud de cette latitude.

Il est intéressant de noter que la limite entre les deux domaines mantelliques correspond également a la terminaison
sud des grands grabens de la partie nord du RMC (grabens de la Limagne, de Montbrison et de la Bresse; Figure 5). Au nord
de la latitude 45°30', les fossés d'effondrement sont bien développés et sont orientés selon une direction N-S. En
revanche, les grabens de la partie sud sont de taille réduite et présentent une orientation N135 dominante. La puissance
des sédiments syn-rifts est trés différente entre les parties sud et nord. Au sud, I'épaisseur des sédiments syn-rifts ne
dépasse guere 200 m alors qu'elle est d'un ordre de grandeur supérieure dans les grabens de la partie nord (Figure 6).
Cette distribution des structures extensives suggéere une concentration de I'extension cénozoique dans la partie nord du

Massif Central.

Quelle que soit I'épaisseur des sédiments, il est important de noter que de nombreux grabens du rift du Massif
Central montrent des évidences d'incursions marines (e.g., Briot et al., 2001; Sissingh, 2001) qui prouvent que cette

province était proche du niveau de la mer et ne subissait pas de surrection au moment du rifting.



Figure 5: Carte de répartition des grabens du rift du Massif Central montrant la différence de géométrie des grabens situés au sud et au
nord de la latitude 45°30'". 1: graben de Roanne; 2: graben de Montbrison.
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Figure 6: Caractéristiques de la sédimentation dans les grabens de la partie nord du Massif Central entre I'Eocéne supérieur et le Miocéne
inférieur. Ce tableau révéle la succession de deux périodes distinctes. De I'Eocéne supérieur a I'Oligocéne moyen, la sédimentation
identique de part et d'autre du graben de Montbrison, i.e. Limagne et Bresse, indique une extension symétrique a I'échelle du RMC. En
revanche, de I'Oligocéne supérieur au Miocene inférieure, I'extension s'est concentrée dans la partie ouest du RMC induisant une
subsidence importante en Limagne et I'apparition d'un volcanisme dispersé.

Les nombreux forages et les campagnes géophysiques (Morange et al., 1971; Rat, 1974; Bergerat et al., 1990) ont
montré que les grabens de la Limagne et de la Bresse sont des demi-grabens limités par une faille majeure de vergence
opposée, située a l'ouest pour la Limagne et a I'est pour la Bresse (Figure 7). Au centre du RMC, les grabens de Roanne et
de Montbrison présentent une légere asymétrie dont l'inversion au sud et au nord du seuil de la Loire conféere une
géométrie globalement symétrique a ce systéeme central (Figure 5 et 7). Ainsi, la géométrie d'ensemble du RMC est
caractérisée par une symétrie de miroir centrée sur les grabens de Roanne-Montbrison. Au sein de ce systéeme, le graben

de la Limagne a enregistré I'extension la plus importante, comme I'atteste I'épaisseur des sédiments éo-oligocénes (Figure



6) et les valeurs d'amincissement crustal (25% en Limagne et 10-13% en Bresse), déduites de la carte de profondeur du
Moho de Zeyen et al. (2007b). Ces données montrent sans ambiguité que le graben de la Limagne est la structure
tectonique majeure du RMC, contrairement a ce qui est fréquemment proposé (Caire, 1977; Chorowicz et Deffontaines,
1993; Bourgeois et al., 2007). De plus, I'apparition du volcanisme dispersé en Limagne et dans le Forez au cours de
I'Oligocéne supérieur suggere un amincissement lithosphérique maximum concentré sous la partie occidentale du RMC

(Figure 7).

Au vu des différentes caractéristiques de la période Eocéne supérieur - Miocéne inférieur, i.e. extension et
sédimentation au niveau de la mer, et volcanisme tardif dans les zones amincies, nous interprétons la dynamique
extensive du Massif Central comme le résultat d'un rifting passif dont les forces originelles sont a trouver en périphérie du

systeme.

Figure 7: Coupe interprétative a I'échelle lithosphérique de la partie nord du RMC. La distribution symétrique de la sédimentation dans les
grabens de la Limagne, de Roanne-Montbrison et de la Bresse suggere que les caractéres de symétrie de part et d'autre du graben
central résultent de la période d'extension éocéne supérieur - oligocéne moyen. L'apparition du volcanisme syn-rift et la continuité de la
subsidence en Limagne indiquent une seconde période d'extension durant laquelle la déformation s'est concentrée dans la moitié
occidentale du RMC.

Concernant la partie centrale du RMC, les données de sismique réfraction montre un Moho a une profondeur
relativement constante (Zeyen et al., 2007b) suggérant une absence d'amincissement crustal lors de la période de rifting.
En revanche, cette région présente un important amincissement de la lithosphére mantellique lié a une anomalie
mantellique imagée par tomographie sismique (Granet et al., 1995; Sobolev et al., 1996; Figure 8a). La superposition de
I'anomalie mantellique avec les provinces magmatiques construites durant le premier pic d'activité volcanique (Figure 8b)
suggére un lien étroit entre ces deux phénomenes. Nous avons proposé que la mise en place de I'anomalie mantellique
sous la partie centrale du RMC avait entrainé le développement de la phase volcanique majeure vers 15 Ma (Michon et
Merle, 2001). La répartition conjointe des pics d'activité volcanique et des périodes de surrection présente des similitudes

avec le stade initial d'un rifting actif (Sengor et Burke, 1978; Ruppel, 1995).
Nous avons conclu de ce travail de synthése que le Massif Central a été marqué par:

1- Le développement d'un volcanisme timide entre la transition Crétacé-Tertiaire et I'Eocéne moyen, contemporain

d'une surrection généralisée de la province (Lefort et Agarwal, 1996, 2002; Barbarand et al., 2001).

2- Une extension éo-oligocéne E-W limitée a la partie nord du RMC qui a entrainé la formation d'un large systéme de

grabens et une activité volcanique syn-rift. Cette évolution est caractéristique d'un processus de rifting passif.
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3- Une phase volcanique majeure initiée vers 15 Ma dans une zone exempte de toute extension éo-oligocéne
préalable. Le magmatisme et la surrection conjointe résultent vraisemblablement de la remontée d'une anomalie
mantellique a partir du Miocéne supérieur. Cette évolution présente de fortes similitudes avec le stade initial d'un

rift actif, i.e., avant la formation des grabens.

Figure 8 : a- Carte d'amincissement de la lithosphere mantellique (d’aprés Sobolev et al., 1996); 1: Localisation de I’'amincissement
crustal (d’aprés Zeyen et al., 1997b). b- Localisation de la zone couverte par le premier pic d’activité volcanique (9,5-6 Ma).

2.1.1.2- Le graben de la Roer

J'ai poursuivi I'étude du ROE lors de mon post-doctorat au TNO-NITG (Utrecht, Pays-Bas), dans le cadre du projet
européen ENTEC (ENvironmental TECtonics). L'objectif initial fixé par Henk Pagnier, mon superviseur, était d'étudier la
tectonique actuelle et récente du graben de la Roer. L'intérét était double: (1) mettre en relation la déformation active
avec la sismicité récurrente du graben et (2) d'intégrer cette dynamique a I'échelle de la Province Rhénane. Il m'est apparu
que le préalable indispensable a ce travail était de déterminer la structure d'ensemble du graben et son évolution au cours
du Cénozoique. L'intérét était d'estimer l'age d'initiation de la tectonique actuelle et de mettre en relation les
déformations de surface avec les failles majeures du graben. Pour ce travail, j'ai bénéficié de données abondantes et de

qualité, et de collaborations trés enrichissantes (Ronald van Balen et Geza Worum; Vrije Universiteit Amsterdam).

Situé au nord du Bouclier Rhénan, le graben de la Roer est la structure majeure d'un ensemble structural subsidant: le
systeme de rift de la Roer (Roer Valley Rift System, RVRS; ). Son orientation NW-SE differe sensiblement de celle
des autres grabens du ROE, qui montrent une rotation progressive depuis une direction N-S a I'ouest a une orientation
ENE-WSW a l'est. Cette typicité du RVRS s'explique par le contréle d'un fort héritage structural développé avant I'épisode
de rifting cénozoique. L'enregistrement sédimentaire au sein du graben montre en effet qu'il s'est formé pendant le
carbonifere et qu'il a ensuite été réactivé lors de I'ouverture de la Mer du Nord (Jurassique supérieur - Crétacé inférieur;
Zijerveld et al., 1992; Geluk et al., 1994). Le graben de la Roer est limité respectivement par le Peel Block et le Campine
Block a I'est et a I'ouest. Depuis le Paléozoique, la déformation a été accommodée le long de failles bordieres importantes:
la faille bordiere de Peel (Peel Boundary fault, PBF) a |'est et trois segments de faille correspondant aux failles de Feldbiss,

de Veldhoven et de Rijen, a I'est ( ).
Dynamique cénozoique

L'enregistrement sédimentaire au sein et en périphérie du graben de la Roer révéle une succession de périodes

compressives et extensives au cours du Cénozoique. L'absence ou la faible épaisseur de sédiments d'age Crétacé supérieur
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au niveau du graben, alors que les bordures sont recouvertes par une sédimentation de plusieurs centaines de métres,
indique une forte inversion du graben a la fin du Crétacé et au début du Cénozoique (Figure 10a). Les contraintes
compressives responsables de I'inversion ont provoqué la réactivation en faille inverse des accidents tectoniques bordiers
selon deux directions NW-SE et NNW-SSE. L'activité simultanée de ces deux réseaux de failles s'expliquant mal par des
contraintes compressives perpendiculaires au graben, nous avons interprété l'inversion comme le résultat d'un jeu
transpressif lié a une contrainte principale maximale o; NNE-SSW; identique a celle déduite pour l'inversion d'age Crétacé

terminal du West Netherlands Basin (van Balen et al., 2000).

Figure 9 : a- Localisation du graben de la Roer et du Roer Valley Rift System (RVRS), au sein du Rift Ouest-Européen. b- Le RVRS est
principalement composé du graben de la Roer, du Venlo Block et du Peel Block, horst faiblement subsidant durant le Cénozoique. c- Carte
d’épaisseur des sédiments cénozoiques indiquant les principales failles et les forages utilisés dans cette étude. FeF: Feldbiss fault; PBF:
Peel Boundary fault; RijF: Rijen fault; VeF: Veldhoven fault.

Au Paléocéne supérieur, I'ensemble du Roer Valley Rift System a subi une faible subsidence sans activité tectonique
notable. Une subsidence similaire s'est produite au niveau des grabens de la Mer du Nord ou elle a été interprétée comme
étant liée soit a une relaxation lithosphérique aprés l'inversion du début du Paléocene (de Lugt et al., 2003), soit a une
extension tardive associée a l'ouverture de I'Atlantique Nord (Ziegler, 1992b). L'Eoceéne supérieur a été marqué par une
seconde période compressive qui a entrainé un bombement du RVRS, sans réactivation importante des failles bordiéres du
graben de la Roer. Les grabens situés dans la partie sud de la Mer du Nord et dans la Manche présentent une évolution
identique qui a été mise en relation avec la phase de compression pyrénéenne (Ziegler., 1990). A partir du début de
I'Oligoceéne, le RVRS a été affecté par une nouvelle phase de subsidence, centrée tout d'abord sur le Peel Block, puis
concentrée au niveau du graben de la Roer des I'Oligocéne supérieur (Figure 10b). La localisation des dépocentres
oligocenes supérieurs principalement dans la moitié sud du graben (Figure 11), au pied de la Peel Boundary fault, et leur

géométrie allongée, parallele aux failles bordiéres, suggérent une extension oblique WNW-ESE.

Le champ de contrainte oligoceéne changea drastiquement a la transition oligocéne-miocéne. De fait, aprés un bref
arrét de la sédimentation a I'Aquitanien, i.e. Miocéne inférieur, I'ensemble du graben de la Roer a subsidé et un
dépocentre principal s'est développé dans la partie nord du graben (Figures 10c et 11). La subsidence miocéne a été

contrblée par deux réseaux de failles obliques orientés N145-160 et N110-120. Nous avons interprété I'activité simultanée
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de ces réseaux de failles et la formation des dépocentres a l'intersection des failles obliques comme le résultat d'une
extension NE-SW. Cette interprétation differe de celle avancée par Kooi et al., 1991 et van den Berg, 1994 pour qui le

graben correspondait a un bassin en pull-apart limité par des failles bordiéres décrochantes.

Figure 10: Evolution cénozoique du RVRS. a) Inversion paléocéne inférieure. b) Subsidence oligocéne supérieure due a une extension
WNW-ESE. c) Déformation miocene—quaternaire rifting résultat d’une extension NE-SW. Pour I’Oligocene supérieur, I'image correspond
a I’épaisseur des sédiments paléogeénes. L’épaisseur des sédiments pour chaque période est donnée par les forages.
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Figure 11: Epaisseur des sédiments post-éocénes le long d’un profil NW-SE situé au sein du graben de la Roer. Noter une concentration de
la sédimentation d’dge Oligocéne supérieur dans la partie SE du graben puis une généralisation de la subsidence a partir du Miocene. As.:
Asten-1 et Asten-2; H.: Heeswijk; M.: Molenbeersel; N.: Nederweert; V.: Veldhoven; Wa.: Waalwijk; W.: Werkendam.

Tectonique actuelle

Nous avons utilisé un Modele Numérique d'Elevation (MNE) de haute résolution (5m) réalisé par altimétrie radar
(Rijkswaterstaat, 2000) afin de caractériser et de quantifier la déformation actuelle le long des segments de la Peel

Boundary fault et de la Feldbiss fault les plus sismiquement actifs (Michon et van Balen, 2005).

Figure 12: Modéles numériques de terrain (pas de 5m) illustrant la déformation active le long des failles bordieres du graben de la Roer.
a) Région de Sittard: partie sud de la faille bordiére occidentale du graben de la Roer, subdivisée ici en deux segments de failles. b) Région
de Roermond: topographie le long de la faille bordiére orientale, la Peel Boundary Fault. Les fleches indiquent les décalages induits par
I"activité actuelle du graben de la Roer.
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Les MNE révelent de maniére frappante les escarpements métriques a pluri-métriques liés a l'activité des failles
bordiéres (Figure 12). La cartographie de ces escarpements indique que les limites du graben de la Roer correspondent
rarement a des accidents tectoniques uniques mais plutot a des zones de failles. Dans la région de Sittard, la limite
occidentale du graben est composée par plusieurs failles paralléles espacées d'un a plusieurs kilometres: la Feldbiss fault,
la Geleen fault et I'Heerlhereide fault zone (Figure 12a). La superposition des escarpements et d'accidents tectoniques
d'age Carboniféere met en lumiere le réle majeur joué par I'héritage structural dans la localisation de la déformation
actuelle du graben de la Roer. Dans la région de Roermond, zone frappée par un séisme de magnitude 5,8 en 1992, la
déformation est concentrée sur un accident unique qui se subdivise en deux segments paralléles dans la partie nord du
graben (Figure 12b). A I'échelle du graben, I'absence apparente de décalage latéral des terrasses alluviales de la paléo-
Meuse et des dunes éoliennes suggere un jeu essentiellement vertical des failles bordiéres du graben de la Roer. Cette
déformation résulte une extension actuelle NE-SW, similaire a celle qui prévalait au Miocene comme le montre la

superposition des dépocentres miocenes et pléistocenes (Figure 11; Houtgast et van Balen, 2000).

Figure 13: a) Localisation et dge des terrasses de la Meuse au niveau de la partie sud de la faille bordiére occidentale du graben de la
Roer (d’aprés Houlgate et al., 2002). Les lignes pointillées représentent les limites des terrasses. Les profils topographiques utilisés dans
cette études correspondent aux lignes bleues et rouges appelées CSG pour la Geleen fault et CSF pour la Feldbiss fault. b) Evolution de
I’escarpement (lignes noires) et des taux de déplacement (lignes bleues et rouges) le long des Geleen et Feldbiss faults. Les profils CSF7 et
CSF8 ne sont pas intégrés dans cette étude car les escarpements sont perturbés par le développement de vallées et par un important
dépét de lcess.
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Les formations géologiques affectées par I'activité des failles bordiéres du graben de la Roer sont datées entre 11,5 ka
pour les dunes éoliennes du Drias inférieur a plusieurs centaines de milliers d'années pour les terrasses anciennes de la
Paléo-Meuse. Connaissant I'dge des formations, la quantification des décalages verticaux a partir des MNE nous a permis
de déterminer les taux de déformation le long des failles. Dans la région de Sittard, la somme des taux de déformation le
long de chaque segment de faille suggére un taux de déformation global entre 55 et 65 mm/ka (Figure 13). Des valeurs
similaires ont été déterminées pour la région de Roermond. En revanche, les taux de déformation sont significativement
supérieurs dans la partie nord du graben de la Roer (région d'Uden) ou ils atteignent 200 mm/ka. Deux parameétres
distincts peuvent expliquer de telles différences entre les parties sud et nord. 1- L'extension est accommodée par deux
failles bordieres de vergence opposée au sud (la Peel Boundary fault et la Feldbiss fault) et un seul accident tectonique au
nord (la Peel Boundary fault). 2- La présence du dépocentre majeur dans la partie nord du graben de la Roer indique une
guantité d'extension supérieure a celle de la partie sud. Quelle que soit la géométrie symétrique ou asymétrique du

graben, la somme des taux de déplacement le long des failles bordiéres est donc plus importante au nord.

En conclusion, depuis le Crétacé supérieur, le graben de la Roer a été marqué par une succession de phases
compressives et extensives liées a la dynamique des systémes géologique périphériques, i.e., le rift de la Mer du Nord et le
ROE. De part son évolution en partie différente de celle du RMC, le graben de la Roer apporte des contraintes fortes pour

interpréter I'ensemble du ROE.

2.1.1.3- Le graben du Rhin

Situé dans la partie sud de la Province Rhénane, le graben du Rhin est une structure majeure du ROE. A ce titre, il a
fait I'objet des trés nombreuses études portant sur sa structure, sa sédimentation et sa dynamique cénozoique (e.g. lllies,
1972; Sittler, 1974; Villemin et Bergerat, 1987; Brun et al., 1992; Sissingh, 1998; Schumacher, 2002; Behrmann et al., 2003;
Dézes et al., 2004; Rotstein et al., 2006; Bourgeois et al., 2007; Edel et al., 2007; Hinsken et al., 2007).

Le graben du Rhin est un fossé linéaire de 30 a 40 km de large et 300 km de long, d'orientation moyenne N20. Sa
partie nord est bordée en majeure partie par des sédiments d'age Mésozoique. Vers le sud, le socle hercynien affleure au
niveau des massifs cristallins des Vosges et de la Forét Noire (Figure 14). Enfin, au sud, la zone de transfert Rhin-Bresse, qui
correspond a une zone de faille tardi-hercynienne (Ustaszewski et al., 2005) met en relation les grabens du Rhin et de la
Bresse. Les données géophysiques réveélent une structuration globale du graben fortement asymétrique avec une faille
majeure située a l'est et a I'ouest dans les parties nord et sud, respectivement (Brun et al., 1992). L'inversion de l'asymétrie
se produit au niveau de la faille de Lalaye-Lubine-Baden-Baden (LBF), accident tectonique majeur d'age Hercynien réactivé
en faille de transfert lors de la formation du graben (Brun et al., 1992; Chorowicz et Deffontaines, 1993). Outre la LBF, de
nombreuses structures hercyniennes ont contrélé le développement et la structuration du graben. A cet égard,
I'orientation globale du graben N20 et sa localisation correspondent a celles de la zone de cisaillement du Rhin (Edel et al.,

2007).

La distribution des sédiments tertiaires confirme la géométrie asymétrique du graben du Rhin (Figure 14). Dans la
partie nord du graben, I'épaisseur maximum des sédiments atteint 3500 m au pied de la faille majeure, i.e., a l'est, et
diminue graduellement vers I'ouest. Au sud, la pile sédimentaire est moins épaisse et organisée en sous-bassins de taille
réduite, principalement concentrés dans la partie occidentale du fossé. A noter que cette moitié sud a subi a partir du
Mioceéne supérieur une surrection de 1000-1500 m qui a tronqué une partie de la sédimentation initiale (Villemin et

Bergerat, 1987; Ziegler, 1992a).

L'analyse des sédiments cénozoiques du graben du Rhin montre une premiére phase de sédimentation d'age Lutétien

(Sissingh, 1998; Schumacher, 2002), contemporaine de celle qui s'est produite dans le Massif Central a I'est et a I'ouest du
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Sillon Houiller. L'arrét de la sédimentation pendant quelques millions d'années et la distribution des dépots, hors des zones
affectées ensuite par |'extension, rendent cette sédimentation initiale énigmatique. Il est possible qu'elle traduise
I'existence d'une phase d'extension préliminaire de trés faible intensité (Dézes et al., 2004). La sédimentation syn-rift
apparait au Priabonien avec une influence marine prononcée dans la partie sud du graben (Figure 15; Sissingh, 1998;
Schumacher, 2002). La subsidence se poursuit de maniére continue dans les parties nord et sud durant le Rupélien et le
Chattien inférieur. L'Oligocéne supérieur marque une transition dans I'évolution du graben. La subsidence se poursuit dans
la moitié nord jusqu'au Miocéne moyen alors qu'elle cesse au sud (Figure 15). Du Priabonien au Chattien, la sédimentation
du graben du Rhin a enregistré de nombreuses incursions depuis la mer molassique et la Mer du Nord située au sud et au
nord, respectivement (Sissingh, 1998). Hormis le dépot de formations détritiques associés au plissement du Jura dans
I'extrémité sud du graben, le Miocéne inférieur et le Pliocéne sont caractérisés par une longue lacune de sédimentation.
En revanche le Quaternaire marque une reprise de la subsidence dans I'ensemble du graben et un dép6t maximum de 380

m de sédiments dans le bassin d'Heidelberg (cf Figure 14 pour la localisation; Schumacher, 2002).

L'extension éo-oligocéne du graben du Rhin est interprétée comme le résultat d'un rifting passif dont les contraintes

sont a rechercher aux limites des plaques (Bergerat , 1987; Ziegler, 1992a).

Figure 14: Carte d'épaisseur des sédiments tertiaires du graben du Rhin. URG: Upper Rhine graben; LRG: Lower Rhine graben; BG: Bresse
graben (d'apres Rotstein et al., 2006).
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Figure 15: Stratigraphie des sédiments cénozoiques du graben du Rhin (d'aprés Schumacher, 2002).

Contrairement au RMC, le graben du Rhin est caractérisé par une faible activité volcanique dont I'essentiel s'est
déroulé en périphérie du graben avant et aprés I'extension. Le volcanisme pré-extension a débuté au Crétacé supérieur et
s'est poursuivi jusqu'a I'Eocéne. Ce volcanisme est caractérisé par des édifices monogéniques tres dispersés mettant en jeu
des magmas basiques a différenciés, saturés a trés sous-saturés en silice (Wimmenauer, 1974; Wilson et al., 1995, Keller et
al., 2002; Schmitt et al., 2007). Daté initialement a 100-108 Ma, I'age d'initiation du volcanisme est actuellement remis en
cause par des datations récentes (U-Pb, 40Ar-39Ar) qui tendent a rajeunir le début de cette phase a la fin du Crétacé et au
début du Tertiaire (Keller et al., 2002; Schmitt et al., 2007). Le graben du Rhin a également été affecté par un volcanisme
post-oligocéne, daté entre 18 et 15 Ma (Schleider et al., 1990), et qui s'est mis en place au sein de la partie sud du graben.
Les magmas émis sont uniques dans le rift et varient depuis les téphrites, essexites, phonolites jusqu'aux carbonatites
(Wimmenauer, 1974). Deux provinces magmatiques se sont développées a l'est du graben du Rhin: I'Hegau et de I'Urach
(Figure 1b). Situés dans des régions indemnes de I'épisode d'extension, ces deux ensembles magmatiques résultent d'une
activité miocéne. La province de I'Hegau s'est construite entre 7-15 Ma et celle de I'Urach s'est édifiée entre 11 et 17 Ma.

La composition des laves révéle un magmatisme alcalin sous-saturé a trés sous-saturé (Wilson et al., 1995).

Enfin, il est important de noter que l'essentiel de l'activité volcanique de la Province Rhénane a été centrée sur le
Bouclier Rhénan. Les premieres manifestations datant de la fin du Crétacé ont été contemporaines de I'activité pré-rift
autour du graben du Rhin (Lippolt, 1983). Apres un arrét de plusieurs dizaines de millions d'années, le volcanisme est
réapparu de facon dispersée a I'Eocéne et s'est poursuivi durant I'Oligocene (Huckenholz, 1983; Haase et al., 2004).
L'activité magmatique s'est significativement intensifiée entre 6 et 18 Ma, période pendant laquelle les principales
provinces volcaniques se sont édifiées (Lippolt, 1983; Haase et al., 2004). L'activité éruptive a de nouveau cessé puis repris
au Quaternaire avec la mise en place du volcanisme de I'Eiffel, daté et 0,7-1 Ma et 10000 ans (Schminke et al., 1983). Les
récentes investigations géophysiques (tomographie sismique et fonctions récepteurs) ont mis en évidence une anomalie
mantellique enracinée a 400 km de profondeur et centrée sur la province quaternaire de I'Eifel (Ritter et al., 2001; Budweg

et al., 2006).

2.1.1.4- Evolution globale et origine du rift Ouest Européen

L'origine du ROE et de la dynamique des régions péri-alpines fait I'objet d'un débat intense qui perdure depuis

plusieurs décennies (Tapponnier, 1977; Caire, 1977; Bergerat, 1987; Ziegler, 1992a; Chorowicz et Deffontaines, 1993;
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Granet et al., 1995; Zeyen et al., 1997a; Stampfli et al., 1998; Merle et Michon, 2001; Michon et al., 2003; Dézes et al.,
2004; Michon et Merle, 2005; Lopes Cardoso et Behrmann, 2006; Schwarz et Henk, 2006; Bourgeois et al., 2007).

La différence de définition du systeme de grabens (ECRIS ou ROE) mise a part, les principales divergences portent sur

(1) les contraintes a I'origine de la formation des grabens, (2) la(les) cause(s) du volcanisme péri-alpin.

1- L'analyse des paléo-contraintes a partir de mesures d'indicateurs cinématiques est une approche qui a été
largement mise en ceuvre dans les années 1970 et 1980 au niveau des régions péri-alpines (Arthaud et Choukroune,
1972; lllies, 1974; Bergerat, 1977, 1985, 1987; Burg et Etchecopar, 1980; Buchner, 1981; Villemin et Bergerat, 1985,
1987; Larroque et Laurent, 1988). Ces différents travaux ont suggéré la succession de champs de contraintes distincts
durant le Cénozoique. Bien que des différences existent entre les interprétations, il a été classiquement admis que
I'Europe occidentale avait subit (i) une compression N-S a I'Eocéne en relation avec la phase de compression
pyrénéenne; (ii) une extension globalement E-W a I'Oligocene et (iii) une compression NW-SE a partir du Miocene liée a
la collision alpine. Une phase de compression NE-SW avait également été proposée par Bergerat (1987). Ces résultats
ont été abondamment utilisés pour interpréter la formation du systeme de grabens cénozoiques (Ziegler, 1992a, 1994;
Chorowicz et Deffontaines, 1993; Scumacher, 2002; Dézes et al., 2004; Bourgeois et al., 2007). La compression N-S
aurait réactivé en jeu senestre de grands accidents tectoniques hercyniens orientés NE-SW et consécutivement induit

la formation des grabens du ROE ou de I'ECRIS a I'Eocene supérieur et I'Oligocéne (Figures 16 et 17).

Les récents travaux d'analyse de paléo-contraintes (Michon, 2001; Ustaszewski et al., 2005; Lopes Cardoso et
Behrmann, 2006), de modélisations numérique (Schwarz et Henk, 2006) et analogique (Michon et Sokoutis, 2005), et
de rétrodéformation des structures (Behrmann et al., 2003; Bertrand et al., 2005) tendent a remettre en cause la

succession de contraintes telle qu'elle a été décrite initialement.

Premierement, I'absence de faille décrochante dans les sédiments syn-rifts (Villemin et Bergerat, 1987; Michon 2001;
Rocher et al., 2003; Ustaszewski et al., 2005), s'explique difficlement dans un contexte global supposé en
décrochement. L'origine de ce désaccord se trouve vraisemblablement dans I'age de la compression N-S. Les mesures
microtectoniques indiquant cette compression N-S ont toutes été réalisées dans des formations anté-crétacées. Ceci
signifie donc que le développement de cette population de failles date du Crétacé ou du Cénozoique. Durant cette
période, la principale inversion des grabens dans la partie sud de la Mer du Nord et le bombement majeur des massifs
hercyniens d'Europe occidentale et centrale se sont produits a la fin du Crétacé et au début du Paléocéne, et non a
I'Eocéne supérieur (Malkovsky, 1987; Barbarand et al., 2002; De Lugt et al., 2003; Worum and Michon, 2005). Bien qu'il
soit indiscutable que les Pyrénées aient subi une phase de compression a I'Eocéne supérieur, il est fort probable que

son impact sur la lithosphére européenne ait été surestimé.

Deuxiemement, différents types de modélisation ont été entrepris pour déterminer les contraintes a l'origine de la
sédimentation éo-oligocene du graben du Rhin (Michon et Sokoutis, 2005; Schwarz et Henk, 2006). Les modéles
suggérent une direction d'extension continue WNW-ESE du Priabonien a la fin de I'Oligocéne. Ces résultats sont en
accord avec la direction d'extension globalement E-W déterminée par rétrodéformation de la structure du graben du

Rhin (Bertrand et al., 2005).
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Figure 16: Cartes schématique de la paléo-tectonique de I'Europe occidentale (d’aprés Dezes et al., 2004). Légendé: gris foncé:
orogenes, gris clair: zone émergée, blanc: bassins sédimentaires, hachures: bassins océaniques, étoiles: volcanisme, fleches: direction de
la contrainte compressive horizontale maximum (d’aprés Bergerat, 1987; Blés and Gros, 1991; Schumacher, 2002), ligne pointillée
épaisse: axe de plissement lithosphérique. Abréviations: AA: orogéne Austro—Alpine, AF: Afrique, AP: Apulie, AT: Tethys alpine (océan
Liguro-Maghrebain), AQ: Bassin aquitain, B: Briangonnais, BB: Golfe de Gascogne, BM: Massif Bohémien, CS: Mer Celtique, DI: Dinarides,
GV: Golfe du Lion-rift de Valence, IB: Ibérie, LP: ceinture de plissement Provengo-languedocienne, PB: Bassin provencal, PT: fosse
polonaise, V: océan vardar, VS: océan valaisan, WA: axe Weald-Artois, WN: bassin ouest-néérlandais, WP: Approches occidentales.
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Figure 17: Cartes structurales illustrant I’évolution de I'orogenése alpine et de son avant-pays pendant le Cénozoique. D’aprées Bourgeois
et al. (2007). NVA : anticlinal Normandie—Vogelsberg, BSJA : anticlinal Bourgogne — Jura Souabe, BG : graben de la Bresse, BM : Massif
Bohémien, EG : graben de I'Eger, GL: Golfe du Lion, LG : graben de la Limagne, LRG : graben de la Roer, LRhG : grabens de la marge
languedocienne, SFS : synclinal Sologne — bassin franconien, VT : fosse de Valence.
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La Figure 18 synthétise les directions d'extension et de compression ayant affecté les régions péri-alpines entre
I'Eocéne supérieur et I'Actuel. Deux faits majeurs apparaissent. 1- A certaines périodes, plusieurs champs de
contraintes ,i.e. compression et extension, ont coexisté au niveau de la plate-forme européenne. 2- En considérant les
grabens de la marge provencale comme essentiellement liés a I'ouverture du Rift NW Méditerranéen (Seranne, 1999;

Faccenna et al., 2004), I'extension qu'a subi la plate-forme européenne est concentrée autour de l'arc alpin.

Figure 18: Déformation de la lithosphére en avant de la chaine alpine durant I'Eocéne supérieur et I'Oligoceéne, et du Miocene au
Quaternaire.

2- Actuellement, l'interprétation la plus communément proposée pour expliquer le développement du volcanisme
cénozoique péri-alpin met en jeu la remontée de panaches mantelliques sous la lithosphére européenne depuis la
transition Crétacé-Tertiaire (e.g., Hoernle et al., 1995; Granet et al., 1995; Dezes et al., 2004; Cloetingh et al., 2005;
Ziegler et Dezes, 2007). Cette interprétation s'appuie essentiellement sur les données de tomographie sismique qui ont
révélé la présence d'anomalies mantelliques sous le Massif Central et le Bouclier Rhénan (Granet et al., 1995; Ritter et
al., 2001) et dans le manteau inférieur (Goes et al., 1999). Cependant, I'absence de structure anomalique claire a
I'aplomb du Bouclier Rhénan sous 410 km (Budweg et al., 2006) fragilisent I'interprétation d'un point chaud commun
nourrissant des anomalies de petites tailles. Par ailleurs, les provinces volcaniques miocénes du sud du graben du Rhin
et le Massif Bohémien ne se situent pas a I'aplomb d'anomalies mantelliques (Achauer et Masson, 2002; Plomerova et
al., 2007). Il s'avere, en outre, qu'avant les résultats de tomographie sismique, I'évolution du rift était considérée
comme incompatible avec le modéle de point chaud (Ziegler, 1992a). Depuis, des points chauds "pas tres énergétiques”
(not-very-energetic mantle plumes p14 in Dezes, Schmid et Ziegler, 2004; Ziegler et Dézes, 2007) seraient responsables
de l'apparition du volcanisme a la transition K/T et de I'extension a I'origine des grabens malgré un contexte global en
compression. Nous avons remis en cause cette interprétation lors d'un commentaire a publication en rappelant les

incompatibilités géologiques et mécaniques auxquelles elle était confrontée (Michon et Merle, 2005).

Récemment, Bourgeois et al. (2007) ont interprété la dynamique cénozoique de la plate-forme européenne comme
étant le résultat d'une compression N-S au Paléogene tournant NW-SE au Néogéne. La compression N-S serait
responsable de la formation des grabens de I'ECRIS alors que la compression NW-SE aurait entrainé un flambage
lithosphérique (Figure 17). Dans ce schéma géodynamique global, le volcanisme Miocéne a actuel résulterait de la
combinaison du flambage lithosphérique et de I'amincissement lithosphérique d{ au rifting. De fait, Bourgeois et al.
(2007) indiquent que les régions les plus productives sont situées a l'intersection des anticlinaux lithosphériques et des

grabens et que le maximum d'intensité s'est produit dans les zones préalablement les plus amincies. Cette
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interprétation est confrontée a plusieurs problémes: 1- Le volcanisme syn-rift du Massif Bohémien, du Massif Central et
du Bouclier Rhénan n'est pas pris en compte. 2- Dans le Massif Central et sur le Bouclier Rhénan, le volcanisme
néogene supérieur s'est mis en place dans des zones non amincies par le processus de rifting (cf la conclusion de Ila
section 2.1.1 sur le Massif Central). 3- Une fusion locale due au flambage lithosphérique n'expliquerait pas les

anomalies mantelliques sous ces deux provinces magmatiques.

Lors de ma thése et de mon post-doctorat, j'ai souhaité tenir compte de toutes les données géologiques,
géophysiques et géochimiques disponibles au niveau du ROE pour proposer un modele géodynamique dans lequel
volcanisme et tectonique seraient intégrés (Merle, et al., 1998; Michon et Merle, 2000; Michon et Merle, 2001; Merle
et Michon, 2001; Michon et al., 2003; Michon et Merle 2005; Michon et Sokoutis, 2005). Nous sommes partis d'un
constat géométrique simple: le systéme de grabens et le volcanisme sont répartis autour de I'arc alpin uniquement.

Quel pouvait donc étre le lien entre un orogéne et un systéme de rift?

Le modéle que nous avons développé dans plusieurs publications met en avant le réle moteur joué par la racine
lithosphérique alpine dans I'apparition de I'extension dans la lithosphere européenne (Figure 19a). L'enfoncement de cette
racine dans |'asthénosphére serait a I'origine d'un fluage asthénosphérique en retour et, en conséquence, de la remontée

de matériel mantellique sous la forme d'anomalies mantelliques de tailles réduites (Figure 19b).

L'évolution du Rift Ouest Européen telle que nous I'avons proposée (Michon et al., 2003) peut se résumer de la

maniére suivante:

1- A la fin du Crétacé et au début du Paléocéne, la fermeture de I'océan Piémontais (Ziegler et Roure, 1996) est a
I'origine de contraintes compressives dans la lithosphére européenne. Il se produit alors un flambage de grande
longueur d'onde, une importante inversion des grabens de la Mer du Nord et un timide volcanisme par faible

décompression adiabatique a I'aplomb des anticlinaux lithosphériques.

Figure 19: Coupe a I'échelle lithosphérique illustrant (a) I'effet de la racine lithosphérique alpine dans la lithosphére européenne

adjacente et (b) le fluage asthénosphérique en retour. La force gravitaire (fleche grise) liée au plongement de la racine initie une

extension perpendiculaire au front alpin. L'enfoncement de la racine provoque également un fluage asthénosphérique et une remontée
de matériel mantellique chaud sous la lithosphere européenne.

2- Laseconde partie de I'Eocéne marque le début d'une importante phase de déformation dans la chaine alpine avec

un métamorphisme de haute pression (Monié et Philippot, 1989; Tilton et al., 1991; Duchéne et al., 1997) qui

traduit le développement d'une profonde racine crustale. Les directions de compression, respectivement N-S et E-

W dans les Alpes orientales et occidentales (Lickorish et al., 2002), suggérent une subduction continentale

parallele aux directions d'extension dans les grabens éo-oligocénes. Cette extension lithosphérique périphérique a

la chaine de collision serait induite par la force gravitaire liée au plongement de la racine lithosphérique dans
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I'asthénospheére (Figure 19a). Une telle dynamique "locale" n'est pas incompatible avec la compression régionale

N-S avérée par l'inversion des grabens en Mer du Nord et en Manche.

3- Le fluage asthénosphérique di a l'enfoncement de la racine lithosphérique alpine entraine la remontée
d'anomalies mantelliques sous la lithosphére européenne et par conséquent le volcanisme miocéne péri-alpin.
Dans les Alpes, le détachement de la racine lithosphérique a la transition oligo-miocéne provoque l'arrét des
contraintes extensives et |'apparition d'une compression NW-SE. Ce changement de contraintes est responsable
de la surrection de la région sud du graben du Rhin (Vosges et Forét Noire), de la réactivation en décrochement

senestre du graben du Rhin et de I'extension NE-SW au niveau du graben de la Roer (Figure 19b).

Cette interprétation a fait I'objet de critiques portant sur |'évolution de la chaine alpine et donc sur l'impossibilité de
faire jouer a la racine lithosphérique le role de moteur de I'extension (Dézes et al., 2005). 1l s'avere que |'évolution des
Alpes fait débat et que I'age du détachement de la racine est encore mal connu. Il est tout de méme intéressant de noter

que l'existence d'une évolution polyphasée du rift déduite des données géologiques n'est quant a elle pas remise en cause.

2.1.2- Modélisation analogique des rifts lents

Parallelement a I'étude de rifts naturels, j'ai mené une analyse du développement des grabens par une approche
expérimentale. La modélisation analogique a été entreprise au Laboratoire Magmas et Volcans de Clermont-Ferrand et a
I'ISES TeclLab de I'Université d'Amsterdam, en collaboration avec Olivier Merle et Dimitrios Sokoutis. Nous nous sommes
focalisés sur I'étude des rifts lents via deux thématiques distinctes: 1- Les modalités d'extension aux échelles crustales et
lithosphériques; 2- Le réle de I'héritage structural crustal et lithosphérique dans la formation des grabens et des

dépocentres.

Les résultats de la modélisation analogique peuvent étre appliqués a la nature si les contraintes, les géométries, les
densités et les rhéologies sont équivalentes dans les modéles et la nature (Hubbert, 1937; Ramberg, 1981). Les
expériences que j'ai réalisées avaient pour but de simuler le processus de rifting en domaine continental. Dans un tel
contexte, la structure de la lithosphére était considérée comme quadri-couche avec une alternance de niveaux fragiles et
ductiles lorsque le gradient géothermique est normal (Ranalli et Murphy, 1987; Davy et Cobbold, 1991). Je discuterai de la
pertinence de cette stratification rhéologique ultérieurement dans ce mémoire. Les niveaux fragiles, i.e. crolte supérieure
et partie fragile de la lithosphére mantellique, et les niveaux ductiles, i.e. crolte inférieure et partie ductile de la
lithosphere mantellique, sont simulés dans les expériences par des couches de sable et de silicone, respectivement. La
rupture de la partie fragile de la lithosphére mantellique, qui est en grande partie responsable de la déformation crustale
(Davy et Cobbold, 1991; Brun et Beslier, 1996), est reproduite dans les modeéles par une discontinuité de vitesse basale ou

latérale.

Nous avons utilisé deux approches indépendantes pour satisfaire aux régles du dimensionnement. La premiére
méthode est basée sur le réle important joué par le couplage mécanique entre les parties fragiles et ductiles de la crolte
(Benes et Davy, 1996; Brun, 1999). Ce couplage fragile/ductile peut étre estimé par le rapport de résistance entre la cro(te
supérieure (Sg) et la croGte inférieure (Sp). Nous avons utilisé ce rapport pour dimensionner les modeéles. Il correspond a un
nombre sans dimension qui doit étre du méme ordre de grandeur dans les modeéles et la nature (Eq. 1). Le détail de la

procédure est expliqué dans Michon et Merle (2000) et Michon et Sokoutis (2005), annexes 6 et 8.
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Nous avons mis en ceuvre une seconde approche de dimensionnement pour comparer les résultats des modeéles
analogiques a I'échelle crustale que j'ai réalisés en thése (Michon et Merle, 2000) et des modéles a I'échelle lithosphérique
développés par Brun et Beslier (1996). Selon le théoreme I1 de Buckingham (Buckingham, 1915), un systeme physique
définit par n variables et caractérisé par p dimensions indépendantes peut étre définit pas m=n-p nombres sans dimension.
Ces m nombres sans dimension, appelés I1;, Il,,...I1,,, doivent étre du méme ordre de grandeur dans la nature et les
modeles pour satisfaire aux conditions de similitude. Nous avons défini 10 variables communes a la nature et aux modéles
a l'échelle crustale et lithosphérique. L'ensemble de ces variables est caractérisé par trois dimensions indépendantes: M
(masse), L (longueur) et t (temps). Le dimensionnement des modéles a donc nécessité la définition de 7 nombres sans

dimension (I1; a I;). Le détail de la procédure est expliqué dans Michon et Merle (2003), annexe 7.

2.1.2.1- Modalités de I'extension

Les mécanismes de formation des grabens dans un contexte de rift continental et leur évolution vers la formation de
marges passives ont intensément été étudiés durant les derniéres décennies. Les débats ont principalement porté sur la
géométrie des grabens en surface, sur la déformation a I'échelle lithosphérique et sur I'évolution de cette déformation au
cours du processus de rifting (e.g. McKenzie, 1978; Wernicke, 1981, 1985; Buck, 1991; Lister et al., 1991; Reston, 1993;
Boillot et al., 1995; Brun et Beslier, 1996; Brun, 1999; Huismans et Beaumont, 2002, 2003; Manatschal, 2004; Lavier et
Manatschal, 2006). Les premiers modeéles, bien qu'opposés mécaniquement, ont considéré des modes de déformation
identiques a I'échelle de la lithosphere. L'extension engendrerait un amincissement homogéne de la lithosphere par
cisaillement pur (McKenzie, 1978) ou serait accommodée par le développement d'un détachement lithosphérique continu
depuis la cro(ite supérieure jusqu'a la limite lithosphere-asthénosphere (Wernicke, 1981). Cependant, les nombreuses
données géologiques collectées sur les marges émergées et immergées ont révélé que cisaillements pur et simple
agissaient lors du processus de rifting (e.g., Boillot et al., 1987, 1995; Froitzheim et Eberli, 1990; Manatschal et Bernoulli,
1999). Cochran et Martinez (1988), Lister et al. (1991) et Kusznir et Ziegler (1992) ont donc proposé des modeéles
intermédiaires dans lesquels la déformation crustale serait contrdlée par une faille de détachement et I'amincissement de
la lithosphere mantellique résulterait d'un cisaillement pur. Le développement des modélisations analogiques et
numériques a permis de préciser ces modeles et de mettre en relief le role des cisaillements crustaux et lithosphériques,
des contrastes rhéologiques fragile-ductile et des structures initiales de la lithosphére (e.g., Beslier, 1991; Buck, 1991; Brun
et Beslier, 1996; Chemenda et al., 2002; Huismans et Beaumont; 2002, 2003). Récemment, Lavier et Manatschal (2006) ont
mis en avant un modele qui explique les différentes observations faites au niveau des marges passives par la succession de
trois modes d'extension affectant tout d'abord la crolte puis I'ensemble de la lithosphere. Bien que cette interprétation
soit sans conteste pertinente pour des stades avancés d'extension, elle explique mal la géométrie étroite de la majorité
des rifts lents. De fait, les rifts actuels ou récents sont caractérisés (i) en grande partie par un graben unique (graben du
Rhin, graben de I'Eger, Mer Rouge, rift Est-Africain), ou (ii) dans une moindre mesure (rift du Massif Central) par plusieurs

grabens paralléles contemporains.

Notre étude portant sur les modalités d'extension des rifts lents s'est principalement appuyée sur des modeéles
analogiques que j'ai réalisés en thése (Michon et Merle, 2000). Dans un second temps, ces expériences ont été comparées
aux modeles a I'échelle lithosphérique de Beslier (1991; Michon et Merle, 2003). Ce travail avait un triple objectif: 1-
Déterminer le role de la vitesse d'extension dans la géométrie des grabens; 2- Comprendre l'impact d'une ou plusieurs
ruptures dans la partie fragile de la lithosphére mantellique sur le nombre de grabens; 3- Caractériser la déformation

interne des niveaux ductiles de la lithosphere et son réle dans I'amincissement lithosphérique global.
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Dans les expériences a I'échelle crustale, la structure fragile-ductile de la crolite continentale a été simulée par un
assemblage bicouche sable-silicone reposant sur une plaque fixe (Figure 20a). L'extension a été réalisée dans le modeéle par
I'introduction d'une feuille plastique a la base du dispositif dont le déplacement induisait une discontinuité de vitesse (VD)
qui mimait la rupture de la partie fragile de la lithosphére mantellique. L'ajout d'une seconde feuille plastique a permis de
reproduire une double rupture de lithosphére mantellique (Figure 20a). Dans les expériences a I'échelle lithosphérique, la
structure quadri-couche de la lithosphére a été modélisée par la superposition de couches fragiles et ductiles reposant sur
une solution de glucose (Figure 20b). La déformation y a été initiée par deux discontinuités de vitesse latérales simulant
une seule rupture de la partie fragile de la lithosphére mantellique. Les expériences ont été réalisées avec des vitesses

d'extension correspondant dans la nature a des vitesses entre 1,5 et 7,5 mm/an.
1- Réle de la vitesse d'extension.

Les expériences avec une VD montrent deux types de déformation, communs aux modeles crustaux et
lithosphériques. Lorsque les vitesses d'extension sont faibles, i.e. équivalentes a moins de 2mm/an dans la nature, la VD
induit la formation d'un seul graben asymétrique sur la partie mobile (Figure 21a). Pour les fortes vitesses d'extension,
entre 2 et 10 mm/an dans la nature, un couple de grabens se met en place de part et d'autre de la VD. Outre le graben
asymétrique sur la parte mobile, commun aux expériences a faible vitesse d'extension, l'extension induit le
développement d'un graben globalement symétrique sur la partie fixe (Figure 21b). Les deux grabens sont séparés par un
horst central qui montre de fortes similitudes avec le bloc H dans le modéles numériques de Lavier et Manatschal (2006).
La transition entre les deux domaines de déformation, i.e. un graben asymétrique ou deux grabens, se produit pour des

valeurs du rapport de résistance fragile-ductile crustal (Sg/Sp) de 65-70 (Figure 22).

Figure 20: Dispositifs expérimentaux mis en place lors des expériences aux échelles crustales (a-) et lithosphériques (b-). Dans le cadre
des expériences a I'échelle crustale, le réle du nombre de rupture de la partie fragile de la lithosphére mantellique a été investigué en
incluant une ou deux VD a la base des modéles. Les modeles a I'échelle lithosphérique ont été par Beslier (1991).
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Figure 21: Comparaison entre les expériences réalisées aux échelles crustale et lithosphérique. a- Une faible vitesse d'extension induit la
formation d'un graben unique asymétrique sur la partie mobile. b- En revanche, deux grabens se développent pour des fortes vitesses
d'extension: un graben globalement symétrique sur la partie fixe et un graben asymétrique sur la partie mobile. VD: Discontinuité de
vitesse. Les modeles a |'échelle lithosphérique sont d'aprés Beslier (1991).

Figure 22: Rapport de résistance fragile-ductile (SB/SD)en fonction de la vitesse d'extension pour trois rapports d'épaisseur fragile-
ductile (0,5 a 2).

2- Réle du nombre de discontinuités de vitesse.

Pour des raisons techniques, ce parametre a été testé uniquement dans les expériences a I'échelle crustale dans
lesquelles le nombre de VD a été limité a deux. La déformation des modéles a faible vitesse d'extension est caractérisée
par deux grabens asymétriques quelle que soit la distance initiale entre les VD. En revanche, les expériences a forte vitesse

d'extension révelent une déformation finale qui varie en fonction de la distance initiale entre les VD ( ).
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Figure 23: Déformation dans les expériences a I'échelle crustale avec deux VD pour des fortes vitesses d'extension. Distance initiale
entre les VD supérieure a 6 cm (a-), entre 4 et 6 cm (b-) et inférieure a 4 cm (c-). GA; et GS; sont les grabens asymétrique et symétrique
associés a la VD;. GA, et GS, sont les grabens asymétrique et symétrique associés a la VD,.

Pour une distance initiale entre les VD supérieure a 6 cm, I'extension induit le développement de deux couples de
grabens symétrique/asymétrique; chaque couple étant associé a une VD. Lorsque la distance initiale est de 4 a 6 cm, trois
grabens se mettent en place. Les deux grabens latéraux sont asymétriques et le graben central est symétrique. Ce graben
est interprété comme le résultat de la superposition des deux grabens symétriques liés aux VD 1 et 2. Enfin, seuls deux
grabens asymétriques se forment si la distance entre les VD est inférieure a 4 cm. Dans ce cas, 'apparition des deux

grabens symétriques est inhibée par le développement des deux demi-grabens.

Ces résultats sur le réle de la vitesse d'extension et du nombre de VD, ainsi que l'utilisation du rapport de résistance
(Se/Sp) pour dimensionner nos expériences, nous ont permis d'expliquer les différences de géométrie entre le graben du
Rhin et la partie nord du rift du Massif Central (Michon et Merle, 2000). En effet, avec un rapport de résistance de 88 et
une vitesse d'extension de 1,2 mm/an (3,8x10'11 m.s_l) déduits des données géologiques, la géométrie du graben du Rhin
s'explique par une seule rupture de la partie fragile de la lithosphére mantellique (Figures 22 et 24a). La structure de la
partie nord du rift du Massif Central, avec deux grabens latéraux asymétriques et un graben central globalement
symétrique, résulterait de deux ruptures simultanées de la lithosphére mantellique espacées d'environ 50 km et d'une

vitesse d'extension de 3 mm/an (9,6x10™" m.s™; Figure 22 et 24b).
3- Déformation interne des niveaux ductiles.

Le développement de grabens dans les modeles suggére que la silicone transfert la déformation depuis la
discontinuité de vitesse vers la partie fragile sus-jacente. En suivant le protocole expérimental décrit par Brun et Merle

(1985), nous avons analysé la déformation interne de la partie ductile des modéles crustaux.

L'expérience avec une forte vitesse d'extension et une discontinuité de vitesse révele la présence de zones de
cisaillement conjuguées, pentées de 25-30° et reliant la VD et la base des grabens (Figure 25a). La déviation des marqueurs
verticaux de la silicone montre clairement que l'intensité du cisaillement est maximum au niveau de la zone de cisaillement
associée au graben asymétrique. Dans les expériences a faible vitesse d'extension, la géométrie de I'amincissement de la
silicone, semblable a celle d'expériences a forte vitesse d'extension, suggere également le développement de deux zones

de cisaillement conjuguées (Figure 9 dans Michon et Merle, 2003; Annexe 7). Nous avons considéré |'absence du graben
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symétrique dans ces expériences comme le fait d'une intensité du cisaillement trop faible pour provoquer la rupture de la

couche fragile.

Figure 24: Comparaisons modeéle-nature pour (a-) le graben du Rhin et (b-) le rift du Massif Central. La géométrie de la partie sud du
graben du Rhin est déduite du profil sismique ECORS (Brun et al., 1992).

Les modeéles réalisés a I'échelle crustale permettent de mieux comprendre la déformation interne des niveaux
ductiles dans les expériences a I'échelle lithosphérique. De prime abord, la Figure 25b montre I'existence d'une zone de
cisaillement affectant I'ensemble du modeéle et contrélant I'amincissement global du modeéle. Cette zone de cisaillement
qui est associée au graben asymétrique peut étre comparée au détachement lithosphérique du modéle de simple shear de
Wernicke (1981). Cependant, le modele analogique présente des différences notables avec ce modeéle conceptuel. De fait,
pris indépendamment, chaque niveau ductile est caractérisé par deux cisaillements conjugués semblables a ceux des
modeles crustaux. Ces différentes zones de cisaillement contribuent a I'amincissement du modeéle; particulierement les
deux zones situées a I'aplomb du graben asymétrique (Ccp et Cmp dans la Figure 25b) au sein desquelles l'intensité du
cisaillement est maximale. Il est intéressant de noter le décalage latéral entre amincissements crustal et lithosphérique. En
effet, comme dans les modeles numériques de Lavier et Manatschal (2006), I'amincissement de la lithosphére mantellique
est maximum a l'aplomb du horst central, la ou I'amincissement de la partie fragile de la crolte est nul. Il existe donc un
réel découplage entre I'amincissement de la lithosphére et celui de la cro(te fragile. Dans les deux types de modélisation,
analogique et numérique, ce découplage est réalisé par un niveau ductile sous la partie fragile de la crodte. Il correspond a
la croGte moyenne dans les modeles numériques (Nagel et Buck, 2004; Lavier et Manatschal, 2006) et a la crolte
inférieure dans les modéles analogiques.

Une autre expérience de Beslier (1991) montre que l'amincissement du modeéle peut également étre contrélé par le
Cmp. En intégrant les informations fournies par les différentes expériences, nous avons proposé un nouveau mode
d'extension lithosphérique caractérisé par un stade initial unique a I'origine de deux évolutions différentes: simple shear
ou necking (Michon et Merle, 2003). Ces modes d'extension, combinés a |'effet de la vitesse d'extension, sont a méme

d'expliquer les variations de géométrie et d'évolution de nombreux rifts continentaux.
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Figure 25: Déformation interne des niveaux ductiles pour les expériences a forte vitesse d'extension aux échelles crustale (a-) et
lithosphérique (b-). Les lignes noires dans les niveaux ductiles sont des marqueurs initialement disposés verticalement. Les variations de
couleur de bleu clair a bleu foncé indiquent une augmentation de la déformation pour les cisaillements dont le compartiment supérieur
se déplace vers la gauche. Les variations de jaune a rouge indiquent une augmentation de la déformation pour les cisaillements dont le
compartiment supérieur se déplace vers la droite. Ccp: Cisaillement crustal principal; Ccs: Cisaillement crustal secondaire; Cmp:
Cisaillement mantellique principal; Cms: Cisaillement mantellique secondaire.

J'ai précisé en introduction de la section 2.1.2, "Modélisation analogique des rifts lents", que les expériences
analogiques avaient pour but de simuler le processus de rifting en domaine continental. Nos modéles reproduisant bien les
structures des rifts récents, on peut dire que la modélisation analogique est adaptée pour comprendre les mécanismes de
déformation lors de stades initiaux d'extension. En revanche, il est trés clair que les modeéles discutés ci-dessus ne peuvent
étre utilisés pour expliquer les structures visibles au niveau des marges passives. Certains processus clés tels que les
changements de rhéologie lors de I'amincissement de la lithosphére ne peuvent étre pris en compte. Ces effets sont en
revanche bien contraints dans les modélisations numériques récentes ol des phénoménes tels que la serpentinitisation du

manteau lithosphérique sont considérés (Lavier et Manatschal, 2006). Les approches numériques et analogiques sont donc

parfaitement complémentaires.

2.1.2.2- Réle de I’héritage structurale dans la formation des grabens

Les lithospheres continentales sont des ensembles structuraux complexes composés de domaines géologiques d'age,
de géométrie et de nature différentes. Cette structuration générale résulte principalement de la coalescence de blocs
lithosphériques durant chaque orogene. Le role fondamental de ces structures héritées dans le développement des rifts
continentaux a été largement reconnu (e.g., lllies, 1982; Ring, 1994; Bonini et al., 1997; Scumacher, 2002" Corti et al.,
2007). Les grabens sont ainsi fréquemment superposés a des failles crustales pré-existantes réactivées selon deux
orientations différentes présentant un angle d'environ 40° (Figure 26). La localisation des dépocentres a l'intersection des
deux réseaux de faille suggére une activité contemporaine des failles, et non une succession de directions d'extension
différentes. Il apparait donc que lors d'un événement de rifting, un systeme de grabens subit simultanément une extension

orthogonale et oblique selon I'orientation des segments de faille réactivés.

Différents types de modeéles analogiques ont été réalisés pour comprendre le role de la direction d'extension dans la
géométrie des grabens (Tron et Brun, 1991; McClay et White, 1995; Clifton et al., 2000; McClay et al., 2002). Ces modeles
dans lesquels une seule direction pré-existante est simulée montrent qu'une extension orthogonale entraine la formation
de grabens linéaires paralléles a 'orientation héritée, alors qu'une extension oblique induit le développement de grabens

en échelon obliques a la structure héritée. Récemment, le role de I'héritage structural a été étudié par l'intégration
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d'anisotropies simulant des failles héritées obliques a la direction d'extension et situées uniquement dans la crolte
supérieure (Bellahsen et Daniel, 2005). Ces expériences révélent que les discontinuités pré-existantes sont réactivées et
gu'elles interagissent avec les grabens en cours de développement. L'interaction entre I'héritage lithosphérique de grande
échelle et I'héritage crustal a également été analysée grace a la présence d'une discontinuité basale, censée représenter
une limite lithosphérique, et de structures pré-existantes dans la partie fragile simulant I'existence de failles crustales
(Corti et al., 2007). Les résultats suggerent que les limites lithosphériques et crustales contrdlent respectivement la

géométrie d'ensemble du systéeme de graben et |'orientation des failles bordieres des grabens.

Figure 26: a- Carte géologique simplifiée de la partie nord du Lac Tanganyika montrant la localisation des dépocentres a l'intersection de
deux réseaux de failles (d'aprés Lezzar et al., 2002). b- Carte isopaque des sédiments éocéne supérieur - oligocéne dans le graben de la
Limagne (modifié d'aprés Morange et al.,, 1971). c- Carte structurale du Viking graben et des régions adjacentes illustrant les deux
réseaux de failles pré-existantes réactivées (d'aprés Feerseth et al., 1997).

Partant du constat que les failles pré-existantes réactivées par un épisode de rifting présentent communément un
angle de 40° et que les accidents lithosphériques contrélent le développement des structures crustales (e.g. Davy et
Cobbold, 1991), nous avons réalisé une série de modeles a I'échelle crustale pour déterminer (i) le réle de fabriques

lithosphériques obliques dans le développement des grabens et des dépocentres, (ii) I'effet des directions d'extension sur

la géométrie de ces structures et (iii) l'interaction entre grabens linéaires et en échelon.

Le comportement fragile-ductile de la cro(ite a été simulé par la superposition d'une couche de silicone et de sable de
Fontainebleau; I'ensemble reposant sur une plague qui représente la limite entre la cro(te et la lithosphére mantellique
(Figure 27a). Dans chaque expérience, la VD est caractérisée par deux segments faisant un angle de 140° (Figure 27b). Cet
angle est subdivisé en deux de part et d'autre de l'intersection entre les segments de VD. Chaque segment est donc défini
par une valeur a. qui correspond a l'angle entre l'intersection et la VD mesuré a partir de l'intersection. De plus, chaque
expérience est caractérisée par une valeur a-VAD qui représente la différence entre les deux valeurs d'a. Cette valeur a-
VAD permet de déterminer l'angle entre la direction d'extension et la bissectrice des deux segments de VD. L'extension est

paralléle a la bissectrice pour a-VAD=0 et s'en éloigne pour des valeurs d' a-VAD croissantes (Figure 26b).
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Figure 27: a- Coupe d'un modeéle bicouche sable-silicone avant extension. L'extension est initiée par le déplacement d'une feuille
plastique dont la limite sépare un domaine se déplagant et un domaine fixe. Il se produit alors une discontinuité de vitesse (VD) qui
simule la rupture de la partie fragile de la lithosphére mantellique. b- Géométrie en carte des différentes feuilles plastiques utilisées
dans les expériences. La VD présente dans chaque modeéle deux orientations différentes. La valeur a correspond a I'angle mesuré a
partir de I'intersection entre la VD et la direction d'extension.

Figure 28: Evolution de la déformation dans le modele avec a-VAD=60°. Un graben linéaire se développe au niveau du segment sub-
orthogonal a I'extension alors que des grabens en échelon se forment le long du segment de VD trés oblique a la direction d'extension.

Dans chaque expérience, les premiers incréments d'extension entrainent la formation de deux grabens paralléles.
Ceux-ci apparaissent le long du segment de VD le moins oblique dans les expériences a a-VAD260° (Figure 28a) et a

I'intersection entre les VD dans les modéles a a-VAD<40°. Ces deux grabens correspondent au couple de grabens
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symétrique/asymétrique des expériences a forte vitesse d'extension décrites dans la section précédente (Figure 29a).
L'amincissement de la silicone est concentré entre ces deux structures (Figure 29b). Un systéeme de grabens en échelon
apparait ensuite de part et d'autre des segments de VD dont I'obliquité par rapport a la direction d'extension est = 20°
(Figure 28b et c). Entre chaque graben se développe une zone d'accommodation caractérisée par des rampes relais et

|'absence de faille décrochante.

Figure 29: Reconstruction 3D de I'expérience a-VAD=0. a- Géométrie 3D révélant la localisation des dépocentres. Echelle de couleur
pour le toit de la couche de sable: du bleu au rouge pour une subsidence croissante. La ligne noire représente la localisation de
I'intersection entre les deux orientations des discontinuités de vitesse. b- Amincissement de la couche de silicone. Rouge, blanc et bleu
correspondent a des quantités d'amincissement faibles, moyennes et fortes. Le plan gris représente le plan de faille majeur du graben
asymétrique.

La subsidence du graben asymétrique, seul graben a se former quelle que soit la vitesse d'extension, a été quantifiée
a partir de coupes sériées effectuées dans chaque modeéle. Lorsque a-VAD>40°, la subsidence est globalement homogéne
le long de chaque segment de VD et maximum dans le graben formé par la VD la moins oblique (Figures 30a). En revanche,
dans les expériences caractérisées par une o-VAD<40°, un dépocentre se développe a l'aplomb de l'intersection entre les
deux VD (Figure 29a). Sa géométrie devient de plus en plus symétrique pour des valeurs a-VAD décroissantes (Figure 30).
L'amincissement de la couche ductile présente une évolution similaire a celle de la subsidence. Il est homogéne le long de

chaque segment de VD si a-VAD=60° et devient maximum au niveau de l'intersection entre les VD pour des valeurs a-VAD

inférieures.

Le role de la direction d'extension dans la formation des grabens a fait I'objet de nombreuses études (Tron et Brun,
1991; McClay et White, 1995; Clifton et al., 2000; McClay et al., 2002). L'approche menée ici se distingue de ces travaux
par l'utilisation simultanée de deux VD obliques qui simule la réactivation de deux fabriques lithosphériques obliques. Nos
résultats expérimentaux suggérent que l'activation conjointe d'accidents lithosphériques joue un réle majeur dans le
développement des grabens et des dépocentres. L'intersection entre ces failles localise la déformation initiale et
consécutivement la formation de dépocentres. Nos modeles révélent également que la géométrie des dépocentres varie
en fonction de la direction d'extension. Appliqué a la nature, ce résultat nous a permis d'interpréter la subsidence continue
au niveau du dépocentre principal du graben du Rhin comme la conséquence d'une direction d'extension WNW-ESE a NW-
SE, constante entre I'Eocéne supérieur et la fin de I'Oligocéne (Figure 31). Nous avons également comparé la déformation

du modeéle a-VAD=40° avec la géométrie des grabens de la partie sud du rift Est Africain, i.e. rifts Tanganyika et Malawi. Le
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début de la subsidence dans la partie centrale du rift Tanganyika, a l'intersection entre deux fabriques précambriennes, et
le développement du rift Malawi sont interprétés comme le résultat d'une extension E-W entrainant la réactivation de

deux fabriques lithosphériques obliques (Michon et Sokoutis, 2005).

Figure 30: Subsidence (lignes fines et noires) et amincissement de la couche de silicone (lignes épaisses et rouges) mesurés en
pourcentage de |'épaisseur initiale, i.e., 1 cm et 2 cm pour les couches de silicone et de sable respectivement. a- Modéle avec o= 40° et
100°. b- Modeéle avec o= 50° et 90°. c- Modele avec a= 60° et 80°. d- Modéle avec a= 70°. Pour chaque expérience, un schéma illustre la
localisation et la forme du dépocentre par rapport a la feuille plastique basale..

Figure 31: Cartes isopaques des sédiments d'age Eocéne supérieur, Rupélien inférieur, Rupélien supérieur et Chattien au niveau du

graben du Rhin (d'aprés Schumacher, 2002) Pour chaque période, les dépocentres et les directions d'extension déduites de nos modeles
sont représentés.
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2.2- Dynamique et évolution des volcans boucliers basaltiques: exemple du Piton
de la Fournaise et du Piton des Neiges

J'ai commencé a étudier les édifices volcaniques en Septembre 2003, lors de mon recrutement en tant que Maitre de
Conférences au sein du laboratoire GéoSciences Réunion de I'Université de la Réunion. Pour aborder au mieux ce virage
thématique, j'ai souhaité appliquer I'approche multi-disciplinaire / multi-échelle que j'avais développée pour I'étude des
rifts. Mon travail s'est focalisé, durant ces premiéres années, sur certains aspects des volcans réunionnais et de leur
évolution. Les résultats les plus significatifs, résumés dans les sections suivantes, ont fait I'objet de 5 publications (Michon

et al., 2007a, 2007b, 2009a, 2009b; Michon et Saint-Ange, 2008; Annexes 9 a 13).

Figure 32: a- Carte de la bathymétrie prédite d'aprés Smith et Sandwell (1997). Coordonnées en degrés. b- Localisation des massifs
volcaniques du Piton des Neiges et du Piton de la Fournaise, et du centre magmatique du volcan des Alizés. C., M. et S. pour les cirques
de Cilaos, Mafate et Salazie. L'étoile blanche indique la position du centre magmatique du Piton de la Fournaise avant sa migration a
I'est vers 60 ka. Coordonnées dans le référentiel Mercator. c- Parties sous-marines et aériennes du Piton de la Fournaise. La bathymétrie
a été acquise lors de la campagne océanographique ERODER. LPB: Planéze du Baril; PdO: Plaine des Osmondes; PdS: Plaine des Sables.
La localisation de I'anomalie gravimétrique liée au corps intrusif du volcan des Alizés est indiquée par la zone hachurée.
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L'lle de La Réunion est la partie émergée d'un volcan bouclier basaltique de 7 km de haut et 220-240 km de diametre
situé sur la bordure sud-est du bassin des Mascareignes. Le magmatisme réunionnais est la manifestation actuelle du point
chaud qui a généré les Trapps du Deccan a la transition Crétacé-Tertiaire (Courtillot et al., 1986) et un chapelet d'iles
orienté N-S dans I'Océan Indien (O'Neill et al., 2003). L'édifice s'est construit sur un bloc de lithosphéere océanique limité a
I'est et a I'ouest par des failles transformantes orientées N30-40 et par une paléo-dorsale orientée N120 au sud (Figure
32a). Le plancher océanique au sud de I'ile est également marqué par plusieurs rides volcaniques paralléles orientées N55-

N65.

En considérant les taux de production magmatique actuels et les ages les plus anciens de la partie émergée (2,08 Ma;
McDougall, 1971), le début du magmatisme réunionnais a été estimé entre 5 et 8 Ma (Gillot et al., 1994; Bonneville, 1990).
L'évolution initiale était concentrée au niveau de deux édifices adjacents (le Piton des Neiges et le volcan des Alizés; Figure
32b; Lénat et al., 2001a). Leur édification s'est accompagnée de déstabilisations de flancs récurrentes qui ont contribué au
démanteélement total et a I'extinction du volcan des Alizés (Lénat et al., 2001a; Bachélery et al., 2003; Oehler et al., 2004,
2008). Vers 0,53 Ma, le Piton de la Fournaise apparu entre les Piton des Neiges et la position ancienne du volcan des Alizés
(Figure 32b). L'édification de ce nouveau volcan, centrée initialement au niveau de l'actuelle Plaine des Sables, a été
contemporaine de |'activité tardive du Piton des Neiges. Vers 60 ka, le centre éruptif du Piton de la Fournaise a migré vers
I'est, i.e. vers sa position actuelle. Il est fort probable que ce déplacement du centre du volcan résulte de bouleversements
volcano-tectoniques majeurs de type glissement de flanc. Depuis 12 ka, date de la derniére éruption du Piton des Neiges
(Deniel et al., 1992), seul le Piton de la Fournaise est actif. Cette activité est concentrée dans la caldera de I'Enclos Fouqué
ou Enclos, effondrée vers 4,5 ka BP (Bachelery, 1981; Abchir et al., 1998), au sein de laquelle elle a entrainé la construction

d'un cone de 400 m de haut (Figures 32c, 33a).

2.2.1- Croissance, déformation co-éruptive et développement des rift zones

Le premier volet de ma recherche sur les édifices volcaniques a porté sur (i) I'origine de la géométrie fortement
pentée du cone actif du Piton de la Fournaise, atypique pour un édifice basaltique effusif, (ii) sa déformation co-éruptive,
i.e. lors des intrusions magmatiques associées aux éruptions et (iii) le développement de rift zones de géométrie
différente. Cette étude a bénéficié de collaborations avec des membres du laboratoire GéoSciences Réunion (Nicolas
Villeneuve, Ludovic Letourneur), du Laboratoire Magmas et Volcans (Valérie Cayol) et de I'Observatoire Volcanologique du

Piton de la Fournaise (Aline Peltier, Thomas Staudacher).

La croissance d'un édifice volcanique résulte de processus endogénes, liés a l'intrusion répétée de filons
magmatiques, et/ou exogenes, par accumulation de produits volcaniques en surface (e.g. Annen et al., 2001). Les modeéles
numériques d'Annen et al. (2001) suggerent que la géométrie pentée du cone sommital du Piton de la Fournaise ne peut
résulter de I'accumulation de coulées de lave. En revanche, elle serait issue d'une forte croissance endogéne liée a
I'intrusion de 10000 dykes épais depuis 4,5 ka et dont seulement 7% aurait induit une éruption. Bien que la géométrie
simulée montre de réelles ressemblances a celle du cébne sommital, les paramétres d'entrée des modeéles sont tres
différents des données naturelles. Les dykes simulés mesurent 3 m d'épaisseur en moyenne, alors que |'épaisseur des
filons du Piton de la Fournaise varie entre 0,3 et 1 m (Fukushima et al., 2005; Peltier et al., 2007). De méme, un faible
pourcentage d'intrusions méne a des éruptions dans les modeles alors que la période actuelle, i.e. depuis 1972, montre
que 92% des intrusions engendrent une éruption.

Nous avons donc mené une étude couplant un travail de terrain, une analyse morpho-structurale, des données GPS
et de la modélisation numérique, pour caractériser au mieux la morphologie du cone, sa nature, sa déformation et sa

dynamique de croissance.
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Le cone actif du Piton de la Fournaise est une structure sub-circulaire d'environ 3,2 km de diametre. Ses flancs
montrent des valeurs de pente différentes entre les parties est et ouest. La moitié occidentale est caractérisée par des
flancs pentés de 15-20°, alors que les valeurs de pente de la moitié orientale varient entre 25 et 35° ( ). Ces
fortes pentes s'organisent en deux zones linéaires orientées N55 au sud-est et N150 au nord-est ( ). Il est
intéressant de noter que la zone de pente orientée N55 est alignée avec de nombreux linéaments paralleles qui ne
correspondent pas a des limites géologiques ( ). Au sommet, le cone est découpé par deux structures
d'effondrement historiquement appelées crateres, alignées selon un axe E-W ( ). A l'ouest, le cratére Bory est
une structure de 100-200 m de diamétre dont I'activité a cessé aprés la mise en place du champ de lave de I'Enclos au
XVIIE™ sigcle (Lénat et al., 2001b). A l'est, le cratére Dolomieu est actuellement une caldera de plus de 300 m de
profondeur formée lors de I'éruption d'avril 2007 et au sein de laquelle se concentre activités fumerolienne et
magmatique. La zone sommitale du cone présente enfin deux parties relativement planes qui correspondent a d'anciennes
structures d'effondrement de type pit crater entierement comblées et recouvertes par de fines coulées de lave (

).

Figure 33: a- Modele Numérique d'Elevation (MNE) du cone actif du Piton de la Fournaise (résolution du MNE: 25m). b- Carte de pente
montrant la géométrie des flancs des parties est et ouest. La ride topographique N120 sur le flanc SE est formée par une succession de
cones volcaniques adventifs. c- Carte de pente calculée a partir du MNE auquel un filtre passe-bas a été appliqué. Les fortes pentes de la
partie orientale s'organisent en deux segments orientés N55 et N150. PP: Pit crater de Petit Plateau; PBPC: Pit crater pré-Bory. d-
Représentation en relief ombré d'un MNE de haute précision (résolution de 7 m) calculé par stéréophotogrammeétrie a partir de photos
aériennes acquises en 1989. Coordonnées UTM WGS84 (zone 40S).

Les parois de la caldera formée en avril 2007 montrent que la structure interne du cone sommital est composée de
trois types d'unités géologiques. Au nord-ouest et au sud, les parois sont entierement ou en partie constituées d'une
superposition de laves massives, épaisses et horizontales. Ces successions laviques étant spatialement corrélées aux
limites des zones morphologiquement planes ( ), elles sont interprétées comme le remplissage des pit craters.

Ces structures mises a part, le cone présente une structuration homogéne avec un cceur, formé de scories rouges,

recouvert par une pile de fines coulées de laves.
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L'analyse des fractures tectoniques de la surface du cone et de la partie adjacente de I'Enclos révele une corrélation
spatiale entre la fracturation, d'une part, et les zones a forte pente et la zone des linéaments N55, d'autre part (Figure 34
a). Ces fractures s'organisent en trois directions principales N20-30, N55-65 et N150-160 (Figure 34b). Contrairement au
faisceau N20-30, les fractures N55-65 et N150-160 dessinent des bandes de déformation situées respectivement au niveau

des linéaments N55 et a I'est immédiat du Dolomieu (Figure 34c).

Figure 34: a- Distribution spatiale des fractures tectoniques au niveau du cone et de la zone adjacente de I'Enclos. b- Diagramme en rose
représentant I'orientation des fractures. c- Répartition des principaux faisceaux de fractures.

L'étude de la déformation co-éruptive nécessite au préalable de définir les zones d'intrusion préférentielles des filons
magmatiques, i.e. les rift zones. Trois types d'éruptions sont reconnus (Peltier et al., 2008): 1- les éruptions sommitales
localisées dans le cratere Dolomieu; 2- les éruptions proximales débutant au sommet ou sur les flancs du cone, et se
propageant ensuite latéralement; 3- les éruptions distales se développant sur le plancher de I'Enclos. Parmi ces trois types,

seules les intrusions associées aux éruptions sommitales et proximales s'injectent dans le cone central.

Il était classiquement admis que ces intrusions magmatiques se propageaient le long de deux rift zones orientées N10
et N170, au nord et au sud du cOne respectivement (e.g. Bachelery, 1981). Les deux orientations avaient été déduites de
I'analyse de la direction des fissures éruptives visibles sur le cone et la partie adjacente de I'Enclos en 1981. Nous avons
déterminé des orientations identiques a partir de lI'analyse de photos aériennes acquises en 2003 (Figure 35; Michon et al.,
2009a). Cependant, nous considérons que la distribution des fissures éruptives ne refléte pas I'orientation des zones
d'intrusion préférentielles du magma. De fait, I'analyse détaillée des fissures éruptives formées lors d'éruptions entre 1998
et 2004 montre clairement que I'orientation des fissures éruptives évolue pour une méme intrusion (Figure 36). Partant du
constat que les fissures associées a une méme intrusion se développent parallelement a la ligne de plus grande pente,
nous avons proposé que l'orientation des fissures était contrélée par le champ de contrainte existant en sub-surface. Dans
un cOne, ce dernier est caractérisé par une contrainte principale maximum o; radiale, paralléle a la ligne de plus grande

pente, et par une contrainte principale minimum o3 concentrique. L'analyse des éruptions proximales pour la période
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1981-2008 montre alors une répartition des intrusions magmatiques organisée en deux rift zones orientées N25-30 et
N120 (Figure 37). Contrairement a la rift zone N25-30 qui s'étend de part et d'autre du cOne actif, la rift zone N120 est

limitée a la partie est du cone uniquement.

Figure 35: Cartographie et orientation des fissures éruptives sur le cone sommital et sur le plancher de I'Enclos. Les faisceaux N10-20 et
N170 représentent la direction supposée des rift zones. L'orientation N70-80 résulte de I'abondance de fissures éruptives parallélement
aux limites du cratére Dolomieu.

Figure 36: Distribution des fissures éruptives et des injections magmatiques pour les éruptions de 1998 a 2004. La trace des dyke pour
les éruptions de Mars 1998 et Aot 2003 correspond a celle modélisée a partir des données de déformation par Battaglia et Bachelery
(2003) et Froger et al. (2004), respectivement. Les autres traces sont déduites a partir de la distribution des fissures éruptives.

Nous avons utilisé la méthode 3D des éléments frontiéres (Cayol et Cornet, 1997) pour modéliser (1) I'impact des
injections magmatiques le long des rift zones N25-30 et N120 sur la gé¢ométrie du cbne, (2) l'interaction entre l'injection
des dykes et la fracturation et (3) les changements de contraintes associés aux intrusions le long des segments nord et sud

de la rift zone N25-30. La procédure utilisée est détaillée dans I'annexe 9 (Michon et al., 2009a).
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Figure 37: Distribution des intrusions magmatiques associées aux éruptions initiées au sommet ou sur les flancs du céne central du Piton
de la Fournaise.

Figure 38: a- Changements de pente associés a l'injection répétée de filons magmatiques le long des rift zones N25-30 et N120. b- Carte
de pente du cOne central suggérant une origine intrusive aux pentes fortes situées sur les flancs est et sud-est du cone. c- Coupe
synthétique illustrant la croissance endogéne du cone lors des injections magmatiques le long des rift zones N25-30 et N120.
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La modélisation révele que l'intrusion répétée de dykes le long des rift zones décrites ci-dessus entraine une
croissance asymétrique du cone. La pente des flancs est et sud-est augmente, alors qu'elle reste presque inchangée a
I'ouest de la rift zone N25-30 (Figure 38a). Seule la zone sommitale située entre le segment nord de la rift zone N25-30 et
la rift zone N120 montre un décroissance de la pente. Il est frappant de constater que la limite entre décroissance de
pente au sommet et augmentation de pente sur le flanc est est spatialement corrélée a la zone de fracture N150 (Figure
38b). Nous interprétons donc l'apparition de ces fractures comme le résultat d'une croissance hétérogéne entre le flanc

est et le sommet (Figure 38c).

Figure 39: Changements des critéres de Coulomb a 1500 m d'altitude lors d'intrusions magmatiques (traits blancs) le long des rift zones
sur des fractures orientées N55.
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Nous avons également étudié l'interaction entre les injections magmatiques répétées et la fracturation N55 par une
analyse des changements des contraintes de Coulomb (AS). Ces derniers sont définit par AS=At-u'Ao (King et al., 1994),
olU At et Ao sont les variations des contraintes cisaillante et normale sur un plan de rupture donné, et u', est le coefficient
de friction apparent incluant I'effet des changements de pression de pores (ici u'=0.4). La rupture le long des plans est
favorisée ou inhibée pour des valeurs de AS positives et négatives, respectivement. Les modéles montrent que l'injection
de dykes le long des différents segments de la rift zone N25-30 et le long de la rift zone N120 favorisent la rupture le long
des plans N55-65 situés a 1 km a I'est du Dolomieu (Figure 39). Si la distribution spatiale des valeurs positives des critéres
de Coulomb plaide en faveur d'une réactivation fréquente de la zone de fracture N55-65 lors des intrusions magmatiques,
I'amplitude des variations semble trop faible pour avoir créer ce réseau de fractures. Nous avons donc proposé que les
fractures préexistaient a I'aplomb du systeme magmatique actuel et qu'elles ont été réactivées par le développement des

rift zones N25-30 et N120 (Michon et al., 2009a; annexe 9).

Finalement, nous avons modélisé la variation des contraintes principales induites par I'injection répétée de dykes le
long des segments nord et sud de la rift zone N25-30. La propagation des dykes est contrdlée par la distribution du champ
de contraintes total ¢, correspondant a O'=Ao+0, ol Ao est le changement de la contrainte d@ a l'intrusion et o est la
contrainte régionale pré-existante. La valeur exacte de la contrainte régionale ne pouvant étre déterminée, nous avons
modélisé uniquement les variations de contraintes liées aux injections. La figure 40a révele que les variations de la
contrainte principale minimum, Ao;, présentent un orientation sub-verticale et parallele a la rift zone, alors que les
variations de la contrainte principale intermédiaire, Ao,, sont sub-horizontales et paralléles a la rift zone. Letourneur et al.
(2008) ayant montré que la contrainte principale maximum régionale était verticale, la contrainte principale minimum
totale 0'; est en toute vraisemblance horizontale et paralléle a la rift zone N25-30. Ainsi, I'injection récurrente de dykes le
long de la rift zone N25-30 encourage les intrusions de dykes N120 et le développement d'une petite rift zone (Figure 40b).
L'absence d'injection a I'est de la rift zone N25-30 s'explique alors par le pendage vers I'est des intrusions le long de cette

rift zone.

Figure 40: a- Variations de contraintes Ao liée aux injections magmatiques successives le long des segments nord et sud de la rift zone
N25-30. Ao, Ao, et Ao, correspondent aux contraintes principales maximum, intermédiaire et minimum, respectivement. b- Schéma
interprétatif expliquant le développement de la petite rift zone N120 par accumulation de contraintes lors des intrusions le long de la rift
zone N25-30.
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2.2.2- Modalités de formation des calderas en contexte basaltique

La zone sommitale de I'immense majorité des volcans basaltiques est marquée par une ou plusieurs calderas.
Contrairement aux calderas siliceuses dont le développement est clairement lié a la vidange d'une chambre magmatique
sous-jacente, les calderas basaltiques semblent présenter trois modes de formation principaux. Elles seraient induites soit
par la vidange d'une chambre magmatique (McDonald, 1965; Geshi et al., 2002), soit par la déformation lente du systéme
hydrothermal (Cecchi et al., 2005; Merle et al., 2006), soit par subsidence du systéme intrusif dense (Walker, 1988). Les
deux dernieres interprétations se fondent principalement sur la différence, fréquente, entre le volume des calderas et

celui des produits volcaniques associés a I'effondrement (e.g., Walker, 1988; Munro et Rowland, 1996).

J'ai entrepris une étude des calderas les mieux préservées du Piton de la Fournaise afin de déterminer leur origine et
les différents processus mis en jeu. Ce travail a été mené en collaboration avec des membres du laboratoire GéoSciences
Réunion (Francky Saint-Ange, Nicolas Villeneuve, Thibault Catry, Patrick Bachelery), de I'Observatoire Volcanologique du
Piton de la Fournaise (Valérie Ferrazzini, Thomas Staudacher), du Laboratoire Magmas et Volcans (Olivier Merle) et de
I'Institut des Sciences de la Terre "Jaume Almera" (Joan Marti). Les résultats suggérent l'existence de deux types
d'effondrement: (1) des calderas indubitablement liées a la vidange d'un réservoir magmatique sous-jacent lors
d'éruptions importantes et (2) des calderas potentiellement induites par la déformation lente de I'ensemble de I'édifice

volcaniques.

2.2.2.1- Les calderas magmatiques

Durant les dernieres décennies, trois volcans basaltiques ont subi un effondrement de leur zone sommitale. En 1968,
7 km® du plancher de la caldera pré-existante du volcan Fernandina (Galapagos) s'effondrent de prés de 300 m aprés une
éruption de tres faible ampleur (Simkin et Howard, 1970). En 2000, une intrusion magmatique latérale de grand volume au
sein de la crolte entraine I'effondrement de la zone sommitale du volcan Miyakejima (Japon; Geshi et al., 2002). Enfin, en
avril 2007, le sommet du Piton de la Fournaise s'effondre de plus de 300 m lors de I'éruption la plus importante de sa

période historique (Michon et al., 2007a).

L'étude détaillée de I'éruption d'avril 2007 et de la caldera associée, puis la comparaison avec la sismicité et la
déformation enregistrées lors des effondrements de Fernandina et de Miyakejima, nous a permis de déterminer (1) une
dynamique d'effondrement commune aux calderas basaltiques, (2 les mécanismes régissant la dynamique d'effondrement

et (3) le style d'effondrement, i.e. cohérent ou non-cohérent, de la colonne de roche au-dessus du réservoir magmatique.

J'ai décidé de ne pas rappeler dans ce mémoire le déroulement précis de I'éruption d'avril 2007, mais de me focaliser
sur les événements importants, la géométrie de la caldera et la déformation mesurée par GPS différentiel. Le lecteur
pourra se référer aux annexes 10 et 11 et aux différentes références citées dans ces articles pour avoir de plus amples

détails quant a I'évolution récente du Piton de la Fournaise.

Avant I'éruption d'avril 2007, le cratére Dolomieu était rempli de coulées de lave accumulées lors des éruptions
sommitales successives (Figure 41a). L'éruption d'avril 2007 débute le 2, soit 3 jours apres une courte phase volcanique
initiale. Le magma est émis de maniere intense dans les parties basses du volcan ou il nourrit de nombreuses coulées de
laves. A partir du 5 avril 11:00 UTM, la zone sommitale montre une déflation exponentielle jusqu'a 20:48, heure du
premier effondrement de la colonne de roche. Cet événement est contemporain d'un brusque mouvement centrifuge de
la bordure du Dolomieu interprété comme la réponse élastique de I'édifice. La déformation de la zone sommitale est
ensuite caractérisée par la succession de 38 cycles d'effondrement durant lesquels le sommet subi une déflation croissante

jusqu'a l'effondrement de la caldera et au rebond élastique de I'édifice. Les premiéres observations de la caldera
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effectuées |'aprés-midi du 6 avril, aprés 16 cycles d'effondrement, indiquent un effondrement du Dolomieu principalement
concentré dans la partie nord et la présence de plateaux au sud et a Il'est ( ). La caldera s'est ensuite élargie

jusqu'au 10 avril pour atteindre les limites pré-existantes du Dolomieu par effondrement des plateaux ( ).

Figure 41: Le cratere Dolomieu le 31 octobre 2006 (a), I'aprés-midi du 6 avril 2007 (b) et le 10 avril 2007 (c).

La géométrie finale de la caldera suggéere un effondrement vertical maximum d'environ 340 m situé dans sa moitié
nord ( ). Au NW, la caldera est limitée par un mur sub-vertical au pied duquel des surfaces polies correspondant
au plan de faille bordier étaient visibles jusqu'a leur destruction par des éboulements successifs ( ). Au sud et a
I'est, les parois de la caldera sont en revanche plus faiblement pentées et formées par le sommet déformé des plateaux

sud et est, basculés et glissés lors des effondrements tardifs ( ).

La bordure extérieure de la caldera a été affectée par une fracturation concentrique en tension dont la densité varie
latéralement. Qu'elle qu'en soit la concentration, les fractures sont limitées a une zone de quelques dizaines de métres de
large en périphérie immédiate de la caldera. Les observations de terrain réveélent une densité importante des fractures
néo-formées le long de la moitié sud et, dans une moindre mesure, le long des parois ouest et nord-ouest. L'effondrement
caldérique a également réactivé des fractures concentriques pré-existantes. La mesure de |'ouverture de ces fractures en
février et mai 2007, i.e. avant et aprés |'effondrement, le long de profils radiaux confirme I'étroitesse de la zone affectée

par les contraintes extensives.

Grace a l'installation en novembre 2005 d'un dense réseau de mesure GPS réparti autour des cratéres Bory et
Dolomieu, nous avons pu caractériser avec précision la déformation de la sommitale associée a I'effondrement. Ce réseau
est constitué de 46 repeéres d'arpentage distribués en 24 radiales et de deux stations GPS références situées en dehors de

I'influence du systeme magmatique (hors de la caldera de I'Enclos) et au sommet.
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Figure 42: a- Géométrie de la caldera d'avril 2007. Notez la variation de géométrie des murs de la caldera. La densité des fractures
concentriques néoformées lors de I'effondrement est représentée par des fleches. Souf: pit crater de Soufriere. b- Vue du mur NW de la
caldera sur lequel des surfaces polies étaient visibles jusqu'a leur destruction totale en mai suite aux éboulements de la partie haute de
la falaise.

Par chance, le réseau avait été mesuré en mars 2007, soit quelques jours avant le début de I'éruption ayant mené a la
formation de la caldera. Deux nouvelles campagnes de mesure, réalisées en mai et novembre 2007, nous ont permis de
déterminer le déplacement des repéres causé par le développement de la caldera et postérieur a |I'effondrement. Pour la
période mars-mai 2007, les données GPS indiquent une grande disparité des déplacements de la zone sommitale aussi
bien en magnitude (entre 10 et 253 cm) que spatialement (Figure 43a). Les valeurs de déplacement sont maximum le long
de la bordure sud de la caldera et diminuent rapidement vers l'est et I'ouest. Le long de chaque radiale, les valeurs de
déplacement décroissent rapidement, indiquant une déformation extensive radiale localisée au niveau de la bordure de la
caldera. Cette déformation déduite des données GPS est en parfait accord avec I'apparition des fractures concentriques en
périphérie immédiate de la bordure caldérique. Les vecteurs déplacement de la composante horizontale montrent tous
une déformation centripéte liée a une source de déflation probablement située a I'aplomb de la zone affectée par les
effondrements initiaux du 5-6 avril (Figure 43b). Déterminer pour chaque repére le rapport entre les composantes
horizontale et verticale du déplacement (H/V) permet de contraindre la géométrie de la source de déformation et sa
profondeur (Dieterich et Decker, 1975). Les rapports H/V calculés pour les déplacements liés a I'effondrement d'avril 2007
sont tous supérieurs a 1 (Figure 43c). Ceci indique une déformation moyenne caractérisée par des déplacements
horizontaux supérieurs aux déplacements verticaux, et par conséquent une contraction horizontale de la zone sommitale.

Ce type de déformation peut s'expliquer par une source de déflation axisymétrique allongée verticalement (Dieterich et
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Decker, 1975) ou par une source de déflation superficielle. Postérieurement a I'effondrement, la bordure de la caldera a
continué un mouvement de déflation centripéete d'ampleur limitée (47 cm maximum) interprété par Augier et al. (2008)

comme la signature d'une décompression progressive du systeme hydrothermal.

Figure 43: Déplacements (cm) de la bordure du Dolomieu liés a la formation de la caldera d'avril 2007 et mesurés par GPS différentiel. a-
Déplacements totaux. b- Vecteurs du déplacement pour la composante horizontale. c- Rapport des déplacements horizontaux et
verticaux pour chaque repére. La partie est, en grisée, a également subie une déformation d'ampleur réduite (quelques centimétres)
lors de I'intrusion magmatique du 30 mars 2007.

La comparaison de la déformation et/ou de la sismicité enregistrées lors des effondrements caldériques des volcans
basaltiques Fernandina, Miyakejima et Piton de la Fournaise met en évidence une dynamique d'effondrement similaire.
Les données inclinométriques montrent que les calderas du Miyakejima et du Piton de la Fournaise résultent de cycles
d'effondrement successifs; chaque cycle étant caractérisé par une déflation progressive de I'édifice suivie d'un abrupt
mouvement centrifuge lors de I'effondrement de la colonne de roche dans la chambre magmatique (Figure 44a). Les
signaux sismiques enregistrés au Piton de la Fournaise et a Fernandina, bien que de nature différente, présentent
également une cyclicité bien marquée, contemporaine dans le cas du Piton de la Fournaise des cycles d'effondrement

(Figure 44b).

Différentes interprétations ont été proposées pour expliquer le caractére répétitif des effondrements menant a la
formation des calderas basaltiques de Fernandina et Miyakejima. D'aprés Simkin et Howard (1970), I'effondrement par a-
coup résulterait d'une augmentation constante de la contrainte le long de failles bordiéres qui serait sporadiquement
dissipée par |'effondrement de la colonne de roche. Filson et al. (1973) considérent qu'une géométrie irréguliére de la base
de la colonne de roche couplée a une vidange magmatique a taux constant est a méme de produire un effondrement
incrémental. Enfin, Kumagai et al. (2001) ont avancé que la colonne de roche au Miyakejima était aspirée épisodiquement

par une vidange magmatique a taux constant.
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Figure 44: a- Données inclinométriques acquises pendant les effondrements caldériques du Miyakejima en 2000 (d'aprés Ukawa et al.,
2000) et du Piton de la Fournaise en avril 2007 (d'aprés Staudacher et al., 2009). b- Sismicité enregistrée lors de la formation des
calderas du Piton de la Fournaise (spectrogramme; Michon et al., 2007a) et de Fernandina en 1968 (magnitude des événements
volcano-tectoniques; Filson et al., 1973). Les données de déformation et de sismicité révelent un processus d'effondrement commun
aux trois volcans, i.e. effondrement incrémental ou par a-coup.

Le comportement similaire des édifices basaltiques lors d'un effondrement caldérique, et ce malgré des différences
évidentes en terme de dynamique d'éruption et de géométrie des structures, indique que la dynamique d'effondrement
est régie par des processus clés, communs aux trois volcans. Nous avons proposé que la présence de failles annulaires pré-

existantes, formées lors d'effondrements sommitaux antérieurs, était un des éléments structural fondamental (Figure

45a). Les modalités de réactivation de ces failles s'effectueraient de la maniére suivante.

Premierement, les calderas basaltiques se forment lors d'injections magmatiques latérales de grand volume depuis
une chambre magmatique située sous le sommet (e.g. McDonald, 1965). La baisse de pression dans cette chambre, liée a
la vidange magmatique, provoque une subsidence centripéte de |'édifice (Figure 45b). Théoriquement, I'effondrement

caldérique se produit lorsque

Ap=4RT, eq. 2
ou Ap correspond a la différence de pression entre la pression descendante pgh exercée par la colonne de roche au-
dessus de la chambre (p, g et h sont respectivement la masse volumique des roches, la gravité et la hauteur de la colonne)

et la pression ascendante liée a la pression magmatique, R est le rapport de forme entre la profondeur de la chambre et

son diameétre et 7, est la valeur critique de la contrainte cisaillante le long de la faille annulaire a partir de laquelle la
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colonne s'effondre (Roche et Druitt, 2001). La contrainte cisaillante critique est, dans ce cas, une valeur constante liée a la

cohésion des matériaux 1y, leur coefficient de friction interne u et la contrainte normale au plan de faille g,
T.=T,+ U0, eq.3

Cependant, la déflation induit sur le plan de faille une augmentation de la contrainte normale o, et I'apparition d'une
contrainte cisaillante 7 opposée au mouvement descendant de la colonne de roche (Figure 45b). La conséquence directe
est I'augmentation de la résistance au cisaillement le long de la faille bordiére. La colonne de roche ne s'effondre donc que
lorsque Ap exceéde cette valeur croissante de la résistance au cisaillement. La relaxation des contraintes liée a
|'effondrement entraine alors un rebond élastique de I'édifice. L'enfoncement de la colonne de roche dans la chambre
magmatique augmentant la pression de cette derniére, I'effondrement s'arréte lorsque Ap devient inférieure a la
résistance au cisaillement du plan de faille (Figure 45c). La vidange constante ou croissante de la chambre magmatique
entretient la déflation de I'édifice et augmente a nouveau la résistance au cisaillement des plans de faille. Un nouvel
effondrement se produira quand Ap aura surpassé la résistance au cisaillement. Ainsi, chaque cycle d'effondrement est
caractérisé par une phase de déflation centripéte que inhibe I'effondrement de la colonne de roche, suivie de
|'effondrement soudain de la colonne. La variation de la durée de chaque cycle au cours d'une méme éruption indique que
d'autres paramétres tels que l'affaiblissement de la résistance au cisaillement interviennent durant la formation d'une

caldera (Michon et al., 2009a).

Figure 45: Représentation schématique du mécanisme d'effondrement des calderas magmatiques en contexte basaltique. a- Stade
initial. L'édifice est affecté par des failles pré-existantes liées a des effondrements précédents. b- Déflation centripéte lors de la
décompression de la chambre magmatique associée a une intrusion magmatique latérale. Malgré la force gravitaire exercée au toit de la
chambre par la colonne de roche sus-jacente, I'effondrement est bloqué par I'augmentation des contraintes normales o, et cisaillante T
le long des plans de faille pré-existants. c- L'effondrement se produit lorsque la différence de pression entre la chambre et la colonne de
roche sus-jacente est supérieure a la résistance au cisaillement le long de la faille. Cet effondrement entraine un rebond élastique de
I'édifice par relaxation des contraintes. Chaque incrément d'effondrement est ensuite caractérisé par la succession des stades b et c.
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La dynamique d'effondrement est donc essentiellement contrainte par la déflation centripéte, la mécanique le long
des plans de faille et la différence de pression Ap. Une dynamique d'effondrement incrémental a également été proposée
pour expliquer la présence d'ignimbrites stratifiées associées a certaines calderas siliceuses (Rosi et al., 1996; Reubi et
Nicholls, 2004). Ceci souléve deux interrogations: Le mécanisme décrit ci-dessus pour le contexte basaltique est-il
extrapolable a I'ensemble des calderas? Si oui, comment expliquer la présence de dépots ignimbritiques continus qui

suggérent un effondrement régulier du toit de la chambre?

Je pense que tant qu'un édifice volcanique est caractérisé par un réservoir magmatique et des failles annulaires pré-
existantes, le mécanisme décrit ci-dessus peut étre appliqué; et ce malgré des différences essentielles en termes de
composition du magma, de dynamique éruptive et de localisation de |'évent, i.e. a I'aplomb de la chambre pour les
éruptions siliceuses et latéral en contexte basaltique. Le comportement incrémental ou continu de I'effondrement pourrait
alors étre principalement lié au taux de vidange magmatique et a la fréquente remontée du magma siliceux le long des
failles annulaires. Un débit magmatique important serait favorable a un effondrement continu car il entretiendrait une
forte différence de pression Ap qui excéderait toujours la résistance au cisaillement le long des failles bordiéeres. L'intrusion
magmatique le long des failles annulaires aurait pour effet de diminuer la résistance au cisaillement des failles et par
conséquent favoriser l'effondrement continu du toit de la chambre, méme pour un taux de vidange magmatique
relativement faible. Il est donc possible que les comportements incrémentaux et continus se succédent au cours d'une

méme éruption.

La modélisation analogique des calderas a permis d'améliorer tres significativement notre connaissance sur la
déformation du toit de la chambre au cours des effondrements (e.g., Marti et al., 1994; Roche et al., 2000, 2001; Acocella,
2007). Les principaux enseignements sont que (1) la géométrie des failles bordieres dépend du rapport de forme R entre la
profondeur de la chambre et son diameétre et que (2) la colonne de roche s'effondre de maniére cohérente (comme un
piston) pour R<1 et de maniere non-cohérente (par effondrement successif de panneaux) pour R>1 (Roche et al., 2000).
Stix et Kobayashi (2008) ont déterminé des valeurs R d'environ 0,3 pour la caldera de Fernandina et entre 1,9 et 3,8 pour
celle de Miyakejima. Au Piton de la Fournaise, la profondeur de la chambre magmatique étant estimée a environ 2 km sous
le sommet pour un diametre proche de 1 km (Peltier et al., 2008), R est proche de 2. D'apreés les résultats de modélisation
analogique, l'effondrement aurait du étre cohérent a Fernandina et non-cohérent au Miyakejima et au Piton de la
Fournaise. Cependant, I'existence d'une dynamique d'effondrement identique aux trois volcans suggére un effondrement
du méme type. Filson et al. (1973) et Kumagai et al. (2001) ont interprété la cyclicité des effondrements de Fernandina et
Miyakejima comme le résultat de la subsidence intermittente d'une colonne homogeéne de type piston. Nous avons adopté
la méme conclusion pour I'effondrement du Dolomieu en avril 2007. La différence entre les modéles analogiques et les cas
naturels réside principalement dans I'existence de failles annulaires pré-existantes qui ne sont pas prises en compte dans
les modeéles. Il me semble donc que la distinction entre effondrements cohérent et non-cohérent a partir du rapport de

forme est caduque pour les volcans ayant déja subi des effondrements caldériques.

2.2.2.2- Déformation lente et effondrements verticaux

Les volcans basaltiques sont découpés par de grandes structures caldériques dont |'origine magmatique ne peut étre
démontrée avec certitude, faute de dépot associé. A cet égard, la structure en U du Piton de la Fournaise, composée
d'ouest en est de I'Enclos, des Grandes Pentes et du Grand Bralé (Figure 32c), fait I'objet d'un intense débat depuis le
début des années 1980. Elle résulterait d'un glissement de flanc unique (Duffield et al., 1982; Labazuy, 1991, 1996; Gillot et
al., 1994; Lénat et al., 2001a), de la coalescence d'au moins trois calderas magmatiques a l'origine de I'Enclos et d'un

glissement de flanc dont la téte serait la zone des Grandes Pentes (Bachélery, 1981) ou d'un glissement de flanc lent qui
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aurait permis un effondrement sommital par déformation du systéme hydrothermal (Merle et Lénat, 2003). Son age

oscillerait entre 4,5 et 10 ka (Bachelery, 1981; Merle et Lénat, 2003).

Plutét que de se focaliser uniquement sur la structure en U, nous avons mené une étude morpho-structurale a
I'échelle de I'édifice afin de déterminer I'évolution du Piton de la Fournaise depuis la formation de la caldera de la Plaine
des Sables, i.e. environ 60 ka, jusqu'a I'Actuel. Nous avons utilisé des Modéles Numériques d'Elevation (MNE) au pas de
12,5 m, 25 m et 50 m calculés a partir du fichier originel a 25 m du MNE de I'Institut Géographique National.
Morphologiquement, les flancs du Piton de la Fournaise sont caractérisés par des pentes de 8-15° a basses altitudes, de
20-35° aux altitudes intermédiaires et de 2-8° au sommet (Figure 46a). Cette distribution d'ensemble ne tient pas compte
des remparts caldériques et de la géométrie du cone sommitale dont I'origine a été discutée en section 2.2.1. Exception
faite des structures sus-nommées, le Piton de la Fournaise présente donc une morphologie tres similaire a celles des

volcans basaltiques Fernandina, Wolf et Cerro Azul (Galapagos; Rowland et Garbeil, 2000).

Figure 46: a- Carte de pente du Piton de la Fournaise montrant les variations de pente importantes le long des flancs du volcan. PFP:
plateau du Piton de Fourche; REP: plateau de la Riviére de I'Est; PCVZ: zone volcanique de la Plaine des Cafres. b- Carte de pente avec la
localisation des zones a forte pente supérieure (USS) et inférieure (LSS) caractérisées par des valeurs de pente de 20-30°. Coordonnées
en Gauss Laborde Réunion.

Radialement, les flancs sud et nord du Piton de la Fournaise montrent une géométrie en escalier basculée vers la mer
avec deux zones a forte pente, supérieure et inférieure, séparant des plateaux a pente faible et réguliere (Figure 47a). Les

variations d'altitude de deux plateaux successifs sont toujours inférieures au niveau de la zone supérieure a forte pente

(USS) qu'au passage de la zone inférieure a forte pente (LSS). Le long de chaque profil, I'USS et la LSS sont respectivement a
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des altitudes de pres de 2000m et entre 1000-1200m ( ). Ainsi, pour chaque flanc, nord et sud, la continuité
cartographique et les similitudes morphologiques suggéerent la présence de deux niveaux de pentes continus ( ).
A l'est, le flanc n'est caractérisé que par une seule zone a forte pente correspondant aux Grandes Pentes. Le changement
d'altitude entre les plateaux situés a I'amont et I'aval de cette zone est trés supérieur a chaque changement d'altitude le
long de I'USS et de la LSS. Cependant, il est proche de la valeur T correspondant a la somme des changements d'altitude
(USS+LSS), qui augmente régulierement d'ouest en est ( ). Il est donc fort légitime de s'interroger sur une
continuité éventuelle entre les zones a forte pente situées sur les flancs sud et nord, et la zone des Grandes Pentes qui est

définie au sein de la structure en U comme le résultat d'un glissement de flanc.

Figure 47: a- Profils topographique radiaux présentant la succession de domaines de pente faible et de forte pente. Le changement
d'altitude entre chaque niveau en pente douce est déterminé. Pas d'exagération verticale. T correspond a la somme des changements
d'altitude pour chaque profil. LSS: zone a forte pente inférieure; USS: zone a forte pente supérieure; REP: plateau de la Riviere de I'Est;
PFP: plateau du Piton de Fourche. b- Profil topographique N-S illustrant la géométrie en bouclier du Piton de la Fournaise et les
différents domaines de pente. Notez I'altitude similaire des zones de pente supérieure et inférieure sur les flancs nord et sud du volcan.
L'analyse morpho-structurale de détail au niveau du rempart sud (Tremblet) de la structure en U permet d'évaluer la
continuité éventuelle des zones a forte pente. Cette partie du flanc est est caractérisée par des structures linéaires
orientées ENE-WSW et NNW-SSE, dont certaines limitent une dépression en V située dans la partie basse des Grandes
Pentes ( ). Cette structure était classiquement interprétée comme la niche d'arrachement d'un

glissement secondaire (Bacheélery, 1981). Cependant, la continuité latérale des structures bordieres et la sismicité

récurrente a lI'aplomb de ces limites (Frédéric Massin, comm pers) suggerent une origine tectonique a cette dépression
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(Michon et Saint-Ange, 2008).

Figure 48: a) Carte de pente en niveau de gris calculée a partir d'un Modéle Numérique d'Elevation (MNE) au pas de 12,5 m illustrant la
morphologie des Grandes Pentes (cf figure 46a pour la localisation). Plusieurs linéaments soulignés par des fleches y sont observés.
Certains limitent une structure en V (VSS) qui est classiquement interprétée comme un glissement de flanc secondaire. b) Carte de pente
montrant les axes de pente forte et les changements de pente importants. c) Carte de pente filtrée (MNE au pas de 50 m avec filtre
passe-bas) révélant les caractéres morphologiques de grande longueur d'onde. Trois domaines de pente A, B et C apparaissent en
continuité de par et d'autre du rempart du Tremblet. Les pentes faibles du Grand Brdlé a proximité de la cote résultent de
I'accumulation de deltas de lave. Coordonnées en UTM WGS84.

La carte de pente révele des variations franches des valeurs de pente dans chacun des domaines situés de part et
d'autre du rempart du Tremblet (Figure 48b). Cependant, les irrégularités de la topographie et de la végétation perturbant
le signal topographique, nous avons calculé une nouvel MNE au pas de 50 m qui a ensuite été filtré afin de visualiser les
informations topographiques de grande longueur d'onde. Ce traitement met en lumiéere I'existence de trois domaines de
pente (A, B et C) dont les limites sont en réelle continuité de part et d'autre du rempart (Figure 48c). Ainsi, I'USS et la LSS

se prolongent dans la structure en U ou elles coalescent pour former les Grandes Pentes. Cette simple observation remet
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en cause les différentes interprétations dans lesquelles les Grandes Pentes sont limitées a la structure en U et liées a sa
formation (Bachelery, 1981; Duffield et al., 1982; Lénat et al., 1989, 2001; Labazuy, 1991, 1996; Gillot et al., 1994; Merle et
Lénat, 2003; Oehler et al., 2004, 2008). Elle souléve également plusieurs problémes: 1- Quelles est I'origine des USS et LSS?

2- Quelle est la relation entre la structure en U et les zones a fortes pentes?

1- Nous avons décrit en détail dans un article publié a Journal of Geophysical Research (Michon et Saint-Ange, 2008;
annexe 12) les différents processus menant a la formation de zones a forte pente dans un volcan basaltique. Trois grandes
familles de processus ont été recensées: les processus constructifs (endogéne et/ou exogéne), les processus destructifs et

les processus liés a la déformation de I'édifice.

Parmi les zones a forte pente du Piton de la Fournaise, deux ont fait I'objet d'un consensus général (Bachélery, 1981; Merle
et Lénat, 2003; Oehler et al., 2004, 2008): les Grandes Pentes et la zone a forte pente correspondant a I'USS du flanc sud
(cf Figure 32c pour la localisation). Cette derniére est considérée comme la trace du prolongement vers l'est de la caldera
de la Plaine des Sables, entierement comblée par des coulées de lave (e.g. Bachélery, 1981). Ce segment de I'USS ayant
une morphologie trés réguliére, les coulées de laves émises depuis la zone centrale, effondrée depuis, devaient étre de
méme longueur et réparties radialement de maniére uniforme pour construire un relief concentrique homogene. Ce type
d'hypotheses est trés peu probable pour le Piton de la Fournaise ou la longueur des coulées varie beaucoup d'une éruption
a l'autre et ou la présence de rift zones concentre la croissance de I'édifice. Nous avons donc proposé une hypothése
alternative pour expliquer le développement de zones concentriques a forte pente. Cette interprétation est basée sur le
résultat de modeéles analogiques qui montrent qu'un édifice volcanique peut se déformer lentement sur un systeme
hydrothermal dont le comportement rhéologique s'apparenterait a celui d'un fluide visqueux (Cecchi et al., 2005). Deux
types de structures peuvent se développer conjointement: des zones concentriques a forte pente et des effondrements
sommitaux. Nous interprétons donc la formation de I'USS et de la LSS comme le résultat d'un étalement gravitaire du Piton

de la Fournaise sur son systeme hydrothermal (Figure 49).

Figure 49: Schéma interprétatif N-S illustrant I'origine des zones supérieures et inférieures a forte pente, USS et LSS, par étalement
gravitaire de |'édifice sur le systéme hydrothermal.

2- Déterminer la relation entre les zones a forte pente et la structure en U impose de déterminer |'age relatif des
structures. L'absence de décalage latéral significatif des domaines de pente situés de part et d'autre du rempart du
Tremblet peut s'expliquer soit par un effondrement vertical de I'ensemble de la structure en U postérieurement au
développement des fortes pentes, soit par la formation des fortes pentes depuis 4,5 a 10 ka, i.e. aprés I'effondrement de la
structure en U. La seconde hypothése est peu probable car elle impliquerait des taux de déformation de plusieurs
centimeétres par an, i.e. du méme ordre de grandeur que la déformation associée au glissement de flanc d'Hilina a Hawaii
ou les déplacements induisent une sismicité importante (e.g. Delaney et al., 1998). Ni la sismicité, ni les déplacements de
I'ensemble du sommet sont enregistrés actuellement. Ainsi, la structure en U se serait formée par effondrement(s)

vertical(aux) dont l'origine est actuellement tres mal contrainte. Plusieurs hypothéses peuvent cependant étre avancées.
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Tout d'abord, un effondrement vertical unique de I'ensemble de la structure en U causé par une méme source me
semble invraisemblable. Ceci nécessiterait, selon les différents modeles de caldera, une chambre magmatique de gros
volume, un corps hydrothermal ou un corps intrusif trés étirés vers |'est. L'existence de telles structures n'est pas
supportée par les données géologiques et géophysiques disponibles. Il est donc probable que le développement de la
structure en U résulte d'une combinaison de processus, comme |'ont déja proposé Bachelery (1981) et Merle et Michon
(2003). Contrairement a ces auteurs, et en tenant compte des données morpho-structurales et géologiques, nous
considérons que le Grand Bralé résulte d'un effondrement vertical. Nous avons envisagé plusieurs sources potentielles a
cet effondrement: (i) caldera par vidange magmatique, (ii) glissement de type slump profondément enraciné, (iii) fluage de
corps intrusif du volcan des Alizés (cf Figure 32c pour sa localisation) par déformation des olivines et (iv) subsidence du
corps intrusif du volcan des Alizés (Michon et Saint-Ange, 2008). Il apparait que I'hypothese de la subsidence du corps
intrusif du volcan des Alizés est la plus compatible avec les données géologiques. Outre la formation progressive du Grand
Bralé, la subsidence du corps intrusif expliquerait la sismicité récurrente entre 3 et 7 km de profondeur sous le flanc est de
I'édifice (Lénat et al., 1989). Elle expliquerait également, par une déformation continue, la présence de coulées de lave
d'origine aériennes jusqu'a 440 m de profondeur comme I'a montré le forage d'exploration géothermique du Grand Br(lé
(Rancon et al., 1989). Enfin, elle induirait des contraintes extensives radiales dans sa périphérie, ce qui favoriserait la

propagation latérale des injections magmatiques le long des rift zones NE et SE (Figure 32c).

La formation de la caldera poly-lobée de I'Enclos est actuellement expliquée par la coalescence de trois calderas
magmatiques (Bachéelery, 1981) ou par le fluage du systéme hydrothermal (Merle et Lénat, 2003). Le développement de
trois calderas adjacentes nécessite la migration latérale de la chambre magmatique apres chaque événement. Un tel
processus a déja été invoqué a Tenerife pour expliquer la formation de trois calderas contiglies (Marti et Gudmundsson,
2000). Cependant, le temps nécessaire a la croissance d'une chambre magmatique est estimé a 200 ka, ce qui est bien
supérieur a ce qui peut étre déterminé pour le Piton de la Fournaise. De fait, étant donné la géométrie du plancher de la
caldera, lI'effondrement le plus ancien serait celui a I'origine du lobe ouest qui est daté a 4,5 ka (Bachelery, 1981). Il est tres
peu probable que trois effondrements de grande ampleur se succédent en un laps de temps aussi court. L'hypothese d'un
effondrement de I'ensemble de I'Enclos par fluage du systéme hydrothermal sous-jacent permet d'expliquer I'absence de
produits magmatiques associés. Cependant, le modele proposé par Merle et Lénat (2003) est confronté a certaines
données géologiques et morpho-structurales. Le Grand Briilé ne résulte pas d'un glissement de flanc. Le Piton de Crac, qui
correspond a un relief isolé en place a I'ENE du cone central (Figure 32c), limite la possibilité de fluage du systéme

hydrothermal sommital vers |'est.

Malgré les commentaires effectués ci-dessus, je pense que chacun des phénomenes, i.e. magmatique et fluage, peut
avoir contribué a la formation ou la réactivation de la caldera. Tout d'abord, nous avons proposé que les zones
concentriques a forte pente (LSS et USS) résulteraient de |'étalement gravitaire de I'édifice sur le systéme hydrothermal
(Figure 49). Les modeles analogiques montrent que ce processus s'accompagne d'un effondrement sommital (Cecchi et al.,
2005). La caldera de I'Enclos pourrait donc, au méme titre que les zones a forte pente, correspondre a une structure
tectonique qui s'integre dans un processus global de déformation de I'édifice. Par ailleurs, les données interférométriques
montrent que la vidange magmatique durant I'éruption d'avril 2007 a entrainé une déformation de I'ensemble de I'Enclos
(Augier et al., 2008). Cette éruption, bien que la plus importante de la période historique (0,12 km?), reste modeste par
rapport a certaines éruptions/intrusions s'étant produites récemment sur d'autres volcans basaltiques (e.g. 1.1 km® au
Miyakejima; Ito et Yoshioka, 2002; 1 km® a Sierra Negra en 1979; Reynolds et al., 1995). Les hypotheses magmatiques et
hydrothermales telles qu'elles sont présentées ici ne pouvant étre exclues, il me semble essentiel de considérer les deux
processus comme ayant participé ensemble a la formation de I'Enclos plutot que de considérer I'un ou l'autre comme la

solution exclusive. Quelles que soient les causes, I'effondrement de I'Enclos s'est produit par une subsidence différentielle
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des trois lobes. Le mouvement différentiel a été accommodé par des failles linéaires pluri-kilométriques tel que I'accident

N65 qui sépare les lobes ouest et sud de I'Enclos (cf Fig 7 dans Michon et Saint-Ange, 2008; annexe 12).

2.2.3- Controle de la structure lithosphérique sur I'évolution magmato-tectonique

J'ai décrit dans les sections précédentes des processus de croissance et de déformation liés a la dynamique des
systemes magmatiques et hydrothermaux. Par exemple, I'injection récurrente de filons magmatiques le long de la rift zone
N25-30 du Piton de la Fournaise entraine a la fois une croissance endogéne asymétrique du cébne central et le
développement d'une seconde rift zone orthogonale a la principale. Ces phénoménes semblent étre propres a cet édifice
et isolés de toute interaction avec le contexte extérieur. Cependant, l'influence des structures crustales dans I'évolution
des volcans basaltiques a été mis en avant au niveau de nombreux volcans basaltiques océaniques tels ceux d'Hawaii, des
fles Australes, de la Société et de Tenerife (e.g., McDonald et Abbott, 1970; Binard et al., 1991; Marinoni et Gudmundsson,
2000). A La Réunion, I'allongement de I'lle selon un axe N120, causé par I'alignement du Piton des Neiges et du Piton de la
Fournaise, et la fracturation N30 du Piton des Neiges sont depuis longtemps considérés comme le résultat d'un contréle
crustal (e.g. Chevallier, 1979). L'étude volcano-structurale entreprise par Chevallier (1979) au niveau du Piton des Neiges
n'avait pas d'équivalence au Piton de la Fournaise. Nous avons donc analysé les structures volcaniques, tectoniques et
géophysiques affectant ce volcan pour ensuite les intégrer aux échelles de lI'lle et de la crolte. Ce travail a été
particulierement motivé par la présence d'une sismicité diffuse distribuée sous I'ensemble de I'édifice réunionnais qui

suggere une déformation active dans des zones exemptes d'activité magmatiques récentes (Figure 50).

Figure 50: Carte de la sismicité entre Mars 1998 - Novembre 2004. Les points noirs représentent les stations sismiques de I'OVPF ayant
permis a la localisation des séismes.

Les structures magmatiques actives du Piton de la Fournaise, décrites dans le détail dans la section 2.2.1.,
s'organisent autour de deux rift zones N25-30 et N120. L'orientation similaire de ces rift zones et des dykes affleurants
dans le rempart de I'Enclos (Figure 51a), dont I'age est antérieur a 4,5 ka, indique une préservation des structures malgré
|'effondrement caldérique. La caldera de I'Enclos est également caractérisée par une zone de failles N55-65 a I'est du cone
central (Figure 33c) et un accident tectonique pluri-kilométrique orienté N65 entre les lobes ouest et sud (cf Figure 7 dans

Michon et Saint-Ange, 2008; Annexe 12). En complément de ces données volcano-structurales, les données géophysiques
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révelent |'existence de zones a fortes vitesses orientées N30 et N120, limitées aux parties internes de I'édifice, i.e. sous le

niveau de la mer, et interprétées comme la trace des rift zones en profondeur (Brenguier et al., 2007).

Hors de I'Enclos, l'identification de structures tectoniques est rendue trés difficile par une dense végétation tropicale
qui recouvre les flancs du volcan et la majeure partie des flancs de vallée. Néanmoins, en combinant I'analyse morpho-
structurale et les données géophysiques disponibles, nous avons proposé l'existence de structures tectoniques pluri-
kilométriques orientées N70-75 (Michon et al., 2007b). Au nord de I'Enclos, cet accident est paralléle et en continuité avec

une structure rémanente du volcan des Alizés sous-jacent (cf Figures 9 et 10 dans Michon et al., 2007b).

Nous avons mené, dans le cadre du travail de these de Ludovic Letourneur, une campagne de mesure systématique
des intrusions du Piton des Neiges. Les données mettent en évidence trois principales directions d'intrusion (N10-30, N120
et N160); les deux premiéeres orientations étant identiques a celles mesurées au Piton de la Fournaise (Figure 51a). Il est
intéressant de constater les variations importantes de répartition spatiale des intrusions associées a chaque faisceau. Les
intrusions N10-30 sont fortement concentrées dans le cirque de Cilaos, celles orientées N120 présentent une assez grande
densité dans la partie occidentale du cirque de Mafate, tandis que les intrusions N160 sont distribuées de maniere
relativement uniforme dans les trois cirques (Figure 51b). A noter tout de méme, une concentration des intrusions N160
dans le Bras de Sainte-Suzanne et la Riviére Saint-Denis (zones difficiles d'accés non échantillonnées durant ce travail;

Figure 51b)

Figure 51: a- Orientation des intrusions dans le Piton des Neiges et du Piton de la Fournaise. b- Localisation des dykes orientés N20,
N120 et N160. BraSSu: Bras de Sainte-Suzanne; RivSD: Riviére Saint-Denis. Coordonnées en km dans le référentiel Gauss Laborde
Réunion.
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La concentration des intrusions N10-30, I'alignement de cones volcaniques sur la bordure ouest du cirque de Cilaos et
la ride topographique située sur le flanc sous-marin au large de la ville de I'Etang Salé sont autant de strutures qui
confirment I'existence d'une rift zone longue et étroite au sud-ouest du Piton de Neiges (Figure 52a; Lénat et al., 2001a).
L'anomalie magnétique inverse au niveau de la ride sous-marine indique une édification antérieure a 700 ka, durant la
phase de construction basaltique du Piton des Neiges (Lénat et al., 2001a). L'activité de la rift zone a ensuite perduré

pendant plusieurs centaines de milliers d'année jusqu'a la phase différenciée du volcan, i.e. post 350 ka.

Figure 52: a- Modele Numérique d'Elevation montrant le relief construit par la rift zone de I'Etang Salé en domaine sous-marin et sa
partie aérienne, ponctuée de cones volcaniques. Ces structures définissent la rift zone de I'Etang Salé orientée N30. b- Carte d'anomalie
magnétique en domaine sous-marin au sud-ouest du Piton des Neiges (d'apres Lénat et al., 2001a). L'anomalie E indique que la ride de
I'Etang Salé date au minimum de 0,7 Ma.

La répartition globale des intrusions associées aux faisceaux N120 et N160 differe clairement de celle du faisceau
N10-30. Bien que la partie ouest du cirque de Mafate et la zone nord-nord-ouest du Piton des Neiges puissent étre le siege
de rift zones N120 et N160, la dispersion des intrusions dans I'ensemble des cirques suggére un controéle structural diffus a
I'échelle du massif. Concernant le faisceau d'intrusions N120, le réle d'un tel contréle structural est renforcé par le
développement d'une zone volcanique large de 8-10 km, entre le Piton des Neiges et la Piton de la Fournaise (Figure 32c).
A I'échelle de I'lle, le magmatisme N120 dessine donc un axe volcanique au sein duquel la concentration des intrusions est
relativement faible (Figure 53). L'activité de cet axe a perduré de maniére continu entre 2 Ma, age des laves les plus
anciennes au niveau du massif de La Montagne (voir Figure 51b pour la localisation), et 29 ka au niveau de la Plaine des

Cafres (MacDougall, 1971), i.e. durant I'édification des volcans réunionnais.

L'age des intrusions N160 reste quant a lui mal contraint. La présence de nombreuses intrusions au sein du massif de
La Montagne suggere un développement précoce de cette rift zone dans ['histoire du Piton des Neiges. Cependant, la

détermination de sa longévité et de son extension latérale nécessite I'acquisition d'un plus grand nombre de données.
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Figure 53: Distribution des principaux axes intrusifs du Piton des Neiges. M, S et C: Cirques de Mafate, Salazie et Cilaos, respectivement.
VA N120: axe volcanique N120.

Les édifices volcaniques réunionnais reposent sur une crolte océanique d'age fini-Crétacé dont les principales
structures correspondent aux failles transformantes et au grain crustal acquis lors de I'accrétion. A I'échelle régionale, ces
structures tectoniques sont respectivement orientées N120 et N30-40 (e.g. Fretzdorff et al., 1998). Cette géométrie se
complexifie significativement autour de La Réunion: seul le domaine situé entre La Réunion, I'lle Maurice et la faille

transformante de Maurice présente une structuration organisée selon une direction N80 (Figure 54).

Figure 54: Anomalies magnétiques crustales autour des iles de la Réunion et de Maurice (d'aprés Lénat et al., 2001a). Les failles
transformantes sont orientées N30-40 et la crolte est caractérisée par un grain crustal N120. La zone entre Maurice, la Réunion et la
faille transformante de Maurice présente une orientation particuliére, N80.

J'ai montré ci-dessus que chaque niveau structural, i.e. (i) le systéme magmatique actif du Piton de la Fournaise, les
massifs (ii) du Piton des Neiges et (iii) du Piton de la Fournaise et (iv) la cro(ite océanique, était caractérisé par des
directions dominantes. Il est généralement difficile de déterminer pour un niveau structural donné si les différentes
structures sont liées a des effets locaux ou a des processus régionaux. Les processus locaux tels que la déformation intra-
édifice, les variations de champ de contraintes induites par les glissements de flanc ou la surpression magmatique

occasionnent le développement de structures limitées a I'édifice volcanique. En revanche, la déformation de grande
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échelle est a méme d'influencer la formation de structures multi-échelles. Dans le cas de La Réunion, l'intégration de
plusieurs échelles révele un parallélisme évident des principaux faisceaux N30-40, N70-80 et N120-130 (Figure 55). Les
faisceaux N30-40 et N120-130 correspondent (1) aux directions d'injection préférentielle au Piton des Neiges et Piton de la
Fournaise, (2) a I'allongement des corps intrusifs dense au Piton des Neiges et entre les deux massifs (Malengreau et al.,
1999), (3) a deux des principaux faisceaux de failles du Piton des Neiges (Chevallier, 1979) et (4) aux orientations régionales
de la crodte. Le faisceau N70-80 est représenté par (1) la troisieme direction principale des failles du Piton des Neiges
(Chevallier, 1979), (2) les structures reconnues sur les flancs nord et sud du Piton de la Fournaise, (3) une forte anomalie
magnétique inverse sous le flanc sous-marin est du Piton de la Fournaise (Lénat et al., 2001a), (4) un horst allongé (de
Voogd et al., 1999) et (5) la fabrique crustale entre La Réunion et la zone transformante de Maurice. Nous avons donc
interprété le parallélisme entre ces différentes structures comme le résultat d'un fort controle structural joué par la crolte
océanique dans I'évolution des volcans réunionnais (Michon et al., 2007b). Dans ce cadre, les orientions secondaires ou

celles observées a un seul niveau structural résulteraient de phénomenes locaux.

Figure 55: a- Distribution des principales structures du Piton de la Fournaise, du Piton des Neiges et de crolte océanique. Les traits
jaunes, rouges et verts correspondent respectivement aux structures orientées N30-40, N120-130 et N70-80. b- Résumé des
orientations principales.

La construction d'un volcan basaltique sur le plancher océanique s'accompagne fréquemment d'une flexure de la
lithosphére, comme celles observées au niveau des édifices d'Hawaii, de Tenerife, du Cap Vert et des Marquises (Watts et

Cochran, 1974; Watts et al., 1980, 1985, 1997; Bodine et al., 1981; Minshull et Charvis, 2001; Ali et al., 2003). Les données

géophysiques acquises autour de La Réunion suggerent une absence de flexure et révelent I'accrétion d'un important sous-
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plaguage en base de crolte sous la partie SW de I'édifice (Charvis et al., 1999; Gallart et al., 1999; de Voogd et al., 1999).
La déformation de la lithosphére lors de la mise en place d'un volcanisme de type point chaud dépend (1) de la taille, i.e. la
charge, de I'édifice, (2) de I'épaisseur élastique de la lithosphére et (3) de I'ampleur du sous-plaguage magmatique et de
I'amincissement de la lithosphére mantellique. La hauteur de I'édifice réunionnais étant du méme ordre de grandeur qu'a
Hawaii, au Cap Vert et a Tenerife, une différence de charge ne peut expliquer I'absence de flexure sous La Réunion par
rapport aux autres édifices. Bien que des erreurs significatives puissent étre faites sur I'épaisseur élastique de la
lithospheére (Minshull et Charvis, 2001), la proximité des valeurs déterminées pour La Réunion (28 km; Bonneville, 1990),
Cap Vert (29 km; Ali et al., 2003), Tenerife (26 km; Watts et al., 1997) et Hawaii (30-35 km; Wessel et Keating, 1994) ne
permet également pas d'expliquer de telles différences de géométrie de la lithosphere. Enfin, les données sismiques
suggérent de réelles différences de volume de sous-plaquage magmatique (Watts et al., 1997). Cependant, I'absence de
corrélation entre I'ampleur de la flexure et du sous-plaquage invalide I'hypothése d'une force ascendante significative liée

au sous-plaquage qui contre-balancerait la subsidence due a la charge.

Nous avons vu lors de I'étude du rift du Massif Central (section 2.1.1.1.) que I'érosion thermique de la base de la
lithosphere est un processus capable de produire une force ascendante importante. La quantité de lithosphere érodée et
de surrection dépendent de la durée de résidence de la lithosphére a l'aplomb de I'anomalie thermique et de la
température de I'anomalie. Il est donc attendu que les déséquilibres isostatiques soient favorisés au niveau des plaques a
faibles vitesses de déplacement, et soient quasiment inexistants pour les plaques se déplagant rapidement (Figure 56). Le
déplacement de I'lle de La Réunion par rapport au point chaud, depuis 2 Ma, a été estimé a moins de 40 km (Charvis et al.,
1999). Dans un tel contexte, nous pensons que I'amincissement thermique de la lithosphére mantellique a pu étre efficace.
Nous avons donc interprété I'absence de flexure lithosphérique au niveau de La Réunion comme le résultat d'une érosion
thermique importante de la base de la lithosphere (Michon et al., 2007b). La flexure importante au niveau des Marquises
et d'Hawaii serait a l'inverse liée a la vitesse de déplacement importante de la plaque Pacifique, qui ne permettrait pas de
développer une érosion thermique suffisante pour contre-balancer la charge de I'édifice. Enfin, la présence d'une flexure
importante sous Tenerife, ou la vitesse de déplacement de la plaque est lente, peut s'expliquer par une anomalie

thermigue moins active que dans les cas classiques de point chaud.

En domaine continental, le mouvement ascendant de la lithosphére entraine la réactivation de failles crustales qui
contrélent le développement du volcanisme (Michon et Merle, 2001; Le Gall et al., 2004). D'une maniére similaire, nous
avons interprété la surrection de la lithosphére sous La Réunion comme le moteur de la réactivation des failles crustales

qui ont ensuite controlé le développement des principales structures volcano-tectoniques.

Figure 56: Impacts de la mise en place d'un panache mantellique sous une lithospheére se déplagant rapidement (a-) ou lentement (b-).
a- Le mouvement rapide de la lithosphére ne permet pas au panache mantellique d'éroder thermiquement la base de la lithosphére. La
charge de I'édifice volcanique entraine alors une flexure de la lithosphére, identique a celle observée a Hawaii. b- A l'inverse, un
déplacement lent de la plaque favorise une érosion thermique efficace de la base de la lithosphére. Ceci induit un déséquilibre
isostatique et un mouvement ascendant de la lithosphére qui est a méme de contrecarrer la subsidence liée a la charge de I'édifice.
Cette évolution peut étre appliquée a La Réunion.
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2.3- Synthese sur les approches multi-échelle et multi-disciplinaire

J'ai, depuis le début de ma these, développé successivement deux axes de recherche: (1) processus de rifting en
domaine continental puis (2) dynamique des édifices volcaniques. La recherche que j'ai mise en ceuvre n'est donc pas
caractérisée par une constance thématique mais par une constance méthodologique articulée autour de trois principes

illustrés par les

1- Etudier les processus géologiques a différentes échelles et intégrer les résultats afin d'élaborer des modéles

géologiques globaux.
2-  Combiner les approches et les outils pour contraindre au mieux chaque systeme géologique.

3- Confronter les données naturelles aux résultats de la modélisation (analogique ou numérique) dans le but de

valider les interprétations.

Figure 57: Représentation synthétique des approches multi-échelle et multi-disciplinaire mises en ceuvre pour I'étude du Rift Ouest
Européen.

L'intérét premier d'une telle démarche est son applicabilité a n'importe quel contexte géologique. Elle permet en
outre d'élaborer des interprétations robustes basées sur les faits géologiques, puis corroborées par des modéles physiques
ou expérimentaux. Je compte donc l'appliquer dans I'avenir a d'autres systémes volcaniques (Galapagos, Karthala, Hawaii)

afin d'expliquer les différences majeures en terme de croissance et de déformation des édifices.
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Figure 58: Echelles étudiées au cours de ce travail sur les relations volcano-structurales des volcans basaltiques réunionnais. En jaune et
rouges sont représentées les structures N30-40 et N120.

Figure 59: Représentation schématique des différents niveaux structuraux étudiés lors de ma recherche sur les processus de rifting.
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Figure 60: Comparaison modéle / nature illustrant (1) la géométrie de la partie nord du Rift du Massif Central a I'échelle crustale et celle
d'une expérience analogique avec deux discontinuités de vitesse basales (extrait de la Figure 24) et (2) la morphologie du céne central
du Piton de la Fournaise et un modéle numérique d'injection de dykes le long des rift zones N25-30 et N120 (extrait de la Figure 38).
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3- Projets en cours et futurs

Durant les prochaines années, je veux organiser ma recherche autour de quatre axes principaux qui me permettront
de poursuivre des travaux déja initiés et d'en engager de nouveaux. Ces projets sont batis sur un réseau de collaboration

solide que je souhaite développer.

1- Dynamique des calderas magmatiques.

Cette thématique est une continuité de ce que j'ai déja entrepris sur la dynamique des calderas (Michon et al., 2007a;
2009b). Nous avons décrit la cyclicité de I'effondrement et proposé une origine mécanique pour I'ensemble des calderas
basaltiques. Cependant, les données de déformation, couplées aux données sismiques, doivent permettre de comprendre
avec plus de finesse le comportement de I'édifice volcanique lors de I'effondrement caldérique. Par exemple, la
réveéle que les premiers cycles d'effondrement, qui sont les plus longs, sont associés a un gonflement de la zone
sommitale. A l'inverse, la seconde phase de l'effondrement est caractérisée par une déflation d'ensemble et une
succession de cycles courts. Les données inclinométriques enregistrées lors de I'effondrement caldérique de Miyakejima
suggérent également une premiére phase d'inflation suivie d'une déflation continue (Ukawa et al., 2000). A Miyakejima,
une troisieme phase caractérisée par une augmentation de la durée des cycles peut étre individualisée. || m'apparait donc

nécessaire de poursuivre une recherche sur les effondrements caldériques qui se déclinera en quatre points:

1 - Etablir une comparaison de détail des données acquises au Piton de la Fournaise et a Miyakejima. Je souhaite pour
cela développée une collaboration avec Nubuo Geshi du Geological Survey of Japan qui travaille sur I'effondrement de la

caldera de Miyakejima.

Figure 61: Signal sismique (en haut) et déformation (inclinométre au milieu et GPS en bas) enregistrés lors de I'effondrement de la
caldera du Dolomieu en Avril 2007 (modifié d'apres Staudacher et al., 2009).

2- Comprendre la relation entre |'effondrement de la colonne de roche, la dynamique de la chambre magmatique et
le flux magmatique. Cette thématique a été abondamment étudiée dans le cadre des calderas siliceuse (e.g Marti et al.,

2000), mais peu ou pas en contexte basaltique.

3- Caractériser et quantifier les parametres physiques (e.g. géométrie des failles bordiéres, pression magmatique,
géométrie du filon "d'évacuation”, géométrie de I'édifice, amplitude de la déflation ..) contrélant la dynamique des

effondrements en domaine basaltique.
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4- Comparer le comportement des calderas basaltiques et des calderas siliceuses.

2- Réle du contexte géodynamique dans I'évolution des volcans basaltiques.

Ce second axe de recherche s'appuie sur deux projets différents qui permettront d'étudier |'évolution des édifices
volcaniques en domaine intra-plaque (La Réunion), en contexte convergent (Stromboli et Vulcano) et domaine extensif

(Kerguelen).

- Je co-dirige avec Claudia Romagnoli (Université de Bologne) la thése de Thibault Catry financée par le
programme VINCI dont I'objectif est de déterminer le réle du contexte géodynamique dans |'évolution des volcans
Stromboli, Vulcano et de La Réunion. Ce travail vise a caractériser les parameétres externes et internes influant la
construction et la déformation des édifices volcaniques. Le projet s'appuie sur un important jeu de données
bathymétriques, d'imagerie et de sismique acquises récemment autour de La Réunion, de Stromboli et de Vulcano

lors de plusieurs campagnes océanographiques.

- L'évolution du volcanisme et l'interaction volcanisme - tectonique a Kerguelen sont les deux objectifs
principaux du projet DyLiOKer coordonné par Bertrand Moine (Laboratoire Magmas et Volcans, Université Jean
Monnet; financement Institut Paul Emile Victor). Dans le cadre de ce projet, je vais participer en Décembre 2009 -
Février 2010 a une mission de terrain a Kerguelen afin de caractériser la déformation que j'aurai été étudiée au
préalable par télédétection (imagerie SPOT et Modeles Numériques d'Elevation). Ce travail s'effectuera en
collaboration avec Nicolas Villeneuve (IRD, La Réunion) et Benjamin van Wyk de Vries (Laboratoire Magmas et

Volcans, Université Blaise Pascal).

3- Distribution et géométrie des injections magmatiques dans les volcans basaltiques: Implications sur la
stabilité des édifices.

Les volcans basaltiques sont caractérisés par des rift zones le long desquelles se propagent les injections
magmatiques latérales (e.g. Walker, 1999). Ces intrusions et l'augmentation de pression de pores associée ont
fréquemment été proposées comme moteur des déstabilisations de flanc de grands volumes (MacGuire et al., 1990;
Elsworth et Voight, 1995; Iverson, 1995; Hurlimann et al., 2000). Dans ces différents travaux, la déstabilisation du flanc

nécessite un plan de glissement pré-existant a pendage externe.

Au Piton des Neiges, l'intense érosion a incisé le volcan sur plusieurs milliers de metres, laissant a I'affleurement de
maniere exceptionnelle, le systéeme intrusif interne du volcan. Structuralement, deux types d'intrusions peuvent étre
distinguées: 1- des filons sub-verticaux répartis de maniére plus ou moins homogéne dans I'édifice (cf ), 2- des
niveaux sub-horizontaux a trés forte concentration d'intrusions situés a des interfaces lithologiques ( ). Ce second

groupe est mal connu dans les volcans actif car situé en profondeur.

Nous avons initié, avec Vincent Famin (Maitre de Conférences au Laboratoire GéoSciences Réunion), une étude
structurale au niveau du cirque de Salazie ou la pile de sills s'est injectée entre un massif de gabbro et un dépot
d'avalanche de débris, dans un plan de détachement qui a enregistré une intense déformation ductile puis cassante (

). Les différents critéres de déformation suggérent une déformation initiale continue, suivie d'une déstabilisation de
flanc de grande ampleur a l'origine des dépdts d'avalanche de débris. Les données montrent que les sills qui se sont
ensuite injectés dans le plan de glissement ont favorisé une déformation continue de I'édifice. Ce travail révéele le role
fondamental que peuvent jouer les intrusions sub-horizontales dans la stabilité des édifices volcaniques (Famin et Michon,

in prep).
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Il est nécessaire de poursuivre nos investigations de détail dans les autres cirques du Piton des Neiges ou affleurent
des piles de sills similaires (Figure 63a). Cette étude structurale se fait conjointement a une analyse pétrologique et
géochimique afin de déterminer l'impact des grandes déstabilisations dans la dynamique du systéeme éruptif. Pour cela

nous souhaitons travailler en collaboration avec Benoit Villemant de I'Institut de Physique du Globe de Paris.

Appliqués aux autres volcans basaltiques, ce mécanisme permettrait de comprendre I'abondance des déstabilisations
de flancs qui sont souvent mal expliquées par les modeles mécaniques actuels. L'injection répétée de sills pourrait étre a
I'origine d'une partie de la déformation du flanc sud du Kilauea qui enregistre un glissement dont les vitesses varient en

relation avec l'activité magmatique (Delaney et Denlinger, 1999).

Figure 63: Agencement des injections magmatiques au Piton des Neiges. Ce volcan basaltique présente une abondance de sills
principalement organisés en pile sub-horizontales. a- Affleurement d'environ 150 m de haut dans la partie ouest du cirque de Cilaos. b-
Falaise de 100-120 m dans la zone amont du cirque de Salazie montrant deux générations d'intrusions. La pile de sills inclinée est
recoupée par des sills horizontaux. c- Pile de sills dans une zone d'intense déformation située au toit d'une chambre magmatique dans le
cirque de Salazie.

4- Evolution du Piton de la Fournaise.

J'ai commencé a étudier I'évolution du Piton de la Fournaise immédiatement aprés mon recrutement a |'Université de

La Réunion. J'ai pour cela bénéficié d'un soutien financier en 2004 via le BQR de |'Université de La Réunion. Nous avons
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également obtenus plusieurs financements annuels et pluri-annuels de la part du Conseil Régional de La Réunion (cf liste
des projets dans le curriculum vitae synthétique - section 5). Ce travail a abouti a plusieurs publications sur ['histoire
récente du Piton de la Fournaise, i.e. de 60 ka a I'Actuel (Michon et al., 2007b; Michon et Saint-Ange, 2008; Michon et al.,
2009b).

La délégation CNRS d'Olivier Merle au Laboratoire GéoSciences Réunion du ler septembre 2007 et 31 ao(t 2008 a
permis d'initier une réévaluation de |'histoire ancienne du Piton de la Fournaise. Cette étude qui s'inscrit dans le projet
ANR Volcarisk s'est faite en collaboration avec Patrick Bachélery et Philippe Mairine (chercheur associé au Laboratoire
GéoSciences Réunion). Plusieurs problématiques ont été abordées: 1- La reconnaissance des calderas anciennes; 2- Les

événements ou périodes de démantelement du volcan; 3- La migration des centres éruptifs.

Parallelement a ce travail, nous avons entrepris au niveau de la Plaine des Sables et de I'Enclos une étude de terrain
couplée a une campagne de tomographie de résistivité électrique (collaboration avec Eric Delcher, Laboratoire
GéoSciences Réunion). Nous avons confirmé I'hypothése d'une caldera intermédiaire enfouie sous la Plaine des Sables
(Bachelery, 1981; Lénat et al., 2000) et précisé son tracé dans la partie centrale (Figure 64). Les continuités nord et sud de

cette caldera étant encore mal contraintes, nous projetons une seconde campagne géophysique pour I'année 2009.

Figure 64: Tracé de la caldera intermédiaire dont la limite est imagée par tomographie de résistivité électrique.

Notre connaissance du Piton de la Fournaise bénéficiera prochainement de forages carottés situés a I'est du Piton
Chisny. Cette opération est menée par le Conseil Régional de La Réunion qui souhaite explorer le potentiel géothermique
de cette partie du volcan. L'Agence Nationale de la Recherche finance un projet coordonné par Jean-Francois Lénat
(Laboratoire Magmas et Volcans) dont les objectifs sont de fédérer une recherche multi-disciplinaire autour du forage et

de valoriser les données. J'ai proposé dans ce cadre un échantillonnage des formations affleurant dans les remparts situés
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a proximité de la Plaine des Sables. Intégrés aux données de forage, les logs permettront de déterminer la continuité

latérale des ensembles géologiques et d'établir une géométrie 3D de cette partie ancienne du Piton de la Fournaise.
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4- Production scientifique

4.1- Revues nationales et internationales a comités de lecture
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(16)
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(18)

(19)

Merle, O., L. Michon, G. Camus, A. Goér de (1998) L'extension oligocéne sur la transversale septentrionale du rift du
Massif Central. Bull. Soc. Géol. Fr., 169, 615-626.

Michon, L., O. Merle (2000) Crustal structures of the Rhinegraben and the Massif Central grabens: an experimental
approach. Tectonics, 19, 896-904.

Michon, L., O. Merle (2001) The evolution of the Massif Central Rift: Spatio-temporal distribution of the volcanism.
Bull. Soc. Géol. Fr., 172, 2, 69-80.

Merle, O., L. Michon (2001) The formation of the West European Rift: A new model as exemplified by the Massif
Central area. Bull. Soc. Géol. Fr., 172, 2, 81-89.

Michon, L. (2003) Role of the Alpine belt in the Cenozoic lithospheric deformation of Europe:
sedimentologic/stratigraphic/tectonic synthesis, Géologie de la France, 1, 115-119.

Michon, L., O. Merle (2003) Mode of lithospheric extension: conceptual models from analogue modeling. Tectonics,
22,4,1028, doi:10.1029/2002TC001435.

Michon, L., R.T. van Balen, O. Merle, H. Pagnier (2003) The Cenozoic evolution of the Roer Valley rift system
integrated at a European scale. Tectonophysics, 367, 101-126.

Miallier, D., L. Michon, J. Evin, T. Pilleyre, S. Sanzelle, G. Vernet (2004) Volcans de la Chaine des Puys (Massif
Central, France) : point sur la chronologie Vasset-Kilian-Pariou-Chopine. C. R. Géosciences, 336,13345-1353.

Michon, L., D. Sokoutis (2005). Interaction between the structural inheritance and the stress field during graben and
depocentre formation: new insights from an experimental approach. Tectonophysics, 409, 125-146.

Michon, L., O. Merle (2005) Discussion on "Evolution of the European Cenozoic Rift System: interaction of the
Alpine and Pyrenean orogens with their foreland lithosphere, Tectonophysics, 401, 251-256.

Michon, L., R.T. van Balen (2005) Characterization and quantification of active faulting in the Roer Valley Rift system
based on high precision Digital Elevation Models. Quaternary Sci. Rev., 24, 457-474.

Worum, G., L. Michon (2005) Continuous, syn-sedimentary basin inversion induced by the alpine compression: The
Paleogene inversion of the West Netherlands Basin integrated into a NW European scale. J. Geol. Soc., London,
162, 73-85.

Worum, G., L. Michon, R.T. van Balen, J.D. van Wees, S. Cloetingh, H. Pagnier (2005) Comparison and modelling of
the present-day fault activity in the West Netherlands Basin and Roer Valley Rift System (southern Netherlands) in
light of their pre-Neogene evolution. Quaternary Sci. Rev., 24, 475-490.

Cloetingh, S., T. Cornu, P.A. Ziegler, F. Beekman and Environmental Tectonics (ENTEC) Working Group (K.
Ustaszewski, S.M. Schmid, P. Dézes, R, Hinsch, K, Decker, G. Lopes Gardozo, M. Granet, G. Bertrand, J. Behrmann,
R. van Balen, L. Michon, H. Pagnier, S. Rozsa, B. Heck, M. Tesauro, H.G. Kahle, T. Dewez, S. Carretier, T. Winter, N.
Hardebol, G. Bada, B. Dost, T. van Eck) (2006). Neotectonics and intraplate continental topography of the
northern Alpine Foreland. Earth-Science Rev., 74, 127-196.

Michon, L., T. Staudacher, V. Ferrazzini, P Bachelery, and J. Marti (2007), April 2007 collapse of Piton de la
Fournaise: A new example of caldera formation, Geophys. Res. Lett., 34, L21301, doi:10.1029/2007GL031248.

Michon, L., F. Saint-Ange, P. Bachelery, N. Villeneuve, and T. Staudacher (2007), Role of the structural inheritance of
the oceanic lithosphere in the magmato-tectonic evolution of Piton de la Fournaise volcano (La Réunion Island), J.
Geophys. Res., 112, B04205, doi:10.1029/2006JB004598.

Michon, L., F. Saint-Ange (2008), Morphology of Piton de la Fournaise basaltic shield volcano (La Réunion Island):
Characterization and implication in the volcano evolution, J. Geophys. Res., 113, B03203,
doi:10.1029/2005JB8004118.

Merle, O., L. Michon, P. Bachelery. (2008), Caldera rim collapse: a hidden volcanic hazard, J. Volcanol. Geotherm.
Res., 177, 525-530. doi:10.1016/j.jvolgeores.2008.06.011

Michon L., N. Villeneuve, Th. Catry, O. Merle (2009), How summit calderas collapse on basaltic volcanoes: new
insights from the April 2007 caldera collapse of Piton de la Fournaise volcano. J. Volcanol. Geotherm. Res., special
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issue: Piton de La Fournaise, doi: 10.1016/j.jvolgeores.2008.11.003.

(20) Michon L., V. Cayol, L. Letourneur, A. Peltier, N. Villeneuve, T. Staudacher (2009), Edifice growth, deformation and
rift zone development in basaltic setting: insights from Piton de la Fournaise shield volcano (Réunion Island, Indian
Ocean). J. Volcanol. Geotherm. Res., special issue: Piton de La Fournaise, doi: 10.1016/j.jvolgeores.2008.11.002.

(21) Letourneur L., L. Michon, A. Gudmundsson. The origin of sill level at Piton des Neiges Volcano (Réunion Island):
Field evidence and numerical modelling. J. Volcanol. Geotherm. Res., accepté avec révisions majeures.

Bilan des publications entre 1998 et 2009:

Revue Nombre d'articles Nombre d'articles en 1%
auteur

Bulletin de la Société Géologique de France (IF=0,75) 3 1
Comptes Rendus Géoscience (IF=0,880) 1 0
Earth-Science Reviews (IF=4,310) 1 0
Géologie de la France 1 1
Geophysical Research Letters (IF=2,744) 1 1
Journal of Geophysical Research (IF=2,953) 2 2
Journal of the Geological Society of London (IF=2,304) 1 0
Journal of Volcanology and Geothermal Research 4 2
(IF=1,742)

Quaternary Science Review (IF=4,11) 2 1
Tectonics (IF=2,398) 2 2
Tectonophysics (IF=1,729) 3 3
Total (Impact Factor moyen=2,392) 21 13
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4.2- Congres nationaux et internationaux

18 présentations orales et 5 posters depuis 1998.

4.3- Diffusion grand public

Michon, L., O. Merle (1999) Le rift de la Limagne. Doc. BRGM., 291, 115-130.

Merle, O., L. Michon (2001) Interprétation tectonique du rift du Massif Central. Géologues, 130/131, 92-94.

Cloetingh, S., P. Ziegler, T. Cornu, K. Ustaszewski, S. Schmid, P. Dezes, R. Hinsch, K. Decker, G. Lopes-Cardoso, M. Graner, G.
Bertrand, J. Behrmann, L. Michon, H. Pagnier, J.D. van Wees, S. Rozsa, B. Heck, M. Mayer, J. Verdun, H.G. Kahle, U.
Fracassi, T. Winter, E. Burov (2003) Investigating Environmental Tectonics in the Northern Alpine Foreland of Europe.
EOS, 84(36), 356-357.

Merle, O., L. Michon (2006) Massif Central: une volcanisme venu des Alpes? Eruption, 11, 31-37.

71



5- Curriculum Vitae synthétique

Laurent MICHON Maitre de Conférences
Célibataire, 3 enfants Université de la Réunion
Né le 27 Février 1974 Section CNU 36
Nationalité francaise Classe normale

Expériences professionnelles

«* Depuis 2005: Membre de I'Institut de Physique du Globe de Paris, UMR 7154, Equipe Géologie des systémes
volcaniques.

¢ Depuis 2003: Maitre de conférences au sein du Laboratoire GéoSciences Réunion de I'Université de la Réunion

¢ 2001-2003: Post-doctorat au TNO-NITG dans le cadre du projet européen ENTEC (ENvironmental TECtonics)
coordonné par Sierd Cloetingh (VU Amsterdam).

+* 2000-2001: Attaché Temporaire d'Enseignement et de Recherche a I'Université Blaise Pascal (Clermont-Ferrand) au
sein du Laboratoire Magmas et Volcans

%+ 1997-2000: Moniteur a I'Université Blaise Pascal (Clermont-Ferrand) au sein du Laboratoire Magmas et Volcans

Cursus universitaire

«+» 2000: Doctorat d'Université (Sciences de la Terre: spécialité tectonique) soutenue a I'Université Blaise Pascal
(Clermont-Ferrand) le 6 Octobre 2000, Mention Tres Honorable avec Félicitations.

«» 1997: Diplome d'Etudes Approfondies: Processus magmatiques et métamorphiques, Volcanologie. Université
Blaise Pascal. Mention Bien.

% 1996: Maitrise de Sciences de la Terre. Université Blaise Pascal. Mention Assez Bien.
+*» 1995: Licence de Sciences de la Terre. Université Sciences et Technique de Nantes.

%+ 1994: DEUG de Sciences de la Terre. Université Sciences et Technique de Nantes.

Direction et participation a projets scientifiques

%+ Partenaire du projet ANR "Volcarisk" dédié a la reconnaissance des risques volcaniques associés au Piton de la
Fournaise. Coordination Olivier Merle (Laboratoire Magmas et Volcans, Université Blaise Pascal)

¢ Partenaire du projet ANR "Forage Piton de la Fournaise" pour la valorisation du forage d'exploration géothermique
du Piton de la Fournaise. Coordination Jean-Francgois Lénat (Laboratoire Magmas et Volcans, Université Blaise Pascal)

«»+ Partenaire du projet IPEV "DyLioKer" ayant pour but de comprendre les relations volcano-tectoniques dans un
contexte de plateau basaltique. Coordination Bertrand Moin (Laboratoire Magmas et Volcans, Université Jean Monnet)

«»* Partenaire du projet 3F dédié a I'étude de la circulation et au réle des fluides au sein d'une faille active: la faille de
Nojima (Japon). Financement INSU. Coordination Vincent Famin (Laboratoire GéoSciences Réunion).

+* Responsable du projet "Le risque volcanique au Piton de la Fournaise: source et profondeur des éruptions hors-
Enclos" financé par le conseil régional de La Réunion.

«» Partenaire du projet "Retrouver les grandes déstabilisations du Piton des Neiges pour comprendre celles du Piton
de la Fournaise" financé par le conseil régional de La Réunion.

%+ Partenaire du projet pluri-annuel "Reavolc: Recherche autour du volcan de La Réunion" financé par le conseil
régional de la Réunion. Coordination Patrick Bachelery et Gilles Lajoie (Université de La Réunion).

«» Partenaire du projet PPF "SURVOLtOI 1" qui fédére la recherche en télédétection et analyse spatiale a I'Université
de la Réunion, en partenariat avec I'IRD. Coordination Anthony Finizola (Laboratoire GéoSciences Réunion)
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** Responsable du projet PPF "SURVOLtOI 2" qui fédére la recherche en télédétection et analyse spatiale a
I'Université de la Réunion, en partenariat avec I'IRD.

Encadrement et co-direction d'étudiant (M2 et théese)

Depuis mon recrutement en Septembre 2003, j'ai encadré 3 étudiants de M2 Recherche et je suis actuellement co-
directeur d'une thése en co-tutelle Université de La Réunion - Université de Bologne (lItalie).

+* Ludovic Letourneur (2005; M2 Recherche Magmas et Volcans, Clermont-Ferrand): Etude des relations tectonique-
volcanisme dans la dynamique du Piton de la Fournaise, Il de la Réunion.

Pourcentage d'encadrement: 100%

¢ Thibault Catry (2007; M2 Recherche Magmas et Volcans, La Réunion): Dynamique et impact des événements de
type pit-craters au Piton de la Fournaise

Pourcentage d'encadrement: 50%
Depuis Février 2008: These en co-tutelle financée par le programme VINCI de I'Université Franco-Italienne.
Pourcentage d'encadrement: 50%

«+ Julia Eychenne (2008; M2 Recherche Géosciences et Ressources, INPL Nancy): Origine et conséquences de la
déformation interne du Piton des Neiges, lle de La Réunion

Pourcentage d'encadrement: 50%

Ludovic Letourneur a ensuite continué en these a Géttingen sous la direction d'Agus Gundmundsson (soutenance en juillet 2008). Julia
Eychenne commence une these au Laboratoire Magmas et Volcans sous la direction d'Alain Gourgaud et Jean-Luc Le Pennec.

Participation a jury de M2 et thése

¢ Etant donné la co-habilitation du M2 Recherche Magmas et Volcans entre I'Université Blaise Pascal, I'Université
Jean Monnet et I'Université de La Réunion, j'ai été membre permanent du jury de M2 Recherche Magmas et Volcans en
juin 2007.

% Membre du jury de thése de Delphine Debeuf (Université de La Réunion) en qualité d'examinateur en 2004.

Animation de réseaux et autres responsabilités collectives

< Membre élu du Conseil de la Faculté des Sciences et Technologie de I'Université de La Réunion depuis le 1
septembre 2007.

er

% Membre de la commission disciplinaire des Sciences de la Terre de I'Université de La Réunion.
¢ Président de jury de concours interne pour un poste d'Adjoint-Technique en 2007.

%+ Co-éditeur, avec Thomas Staudacher, d'un volume spécial de Journal of Volcanological and Geothermal Research
sur le Piton de la Fournaise. Publication prévue en 2009.

Enseignement et responsabilités associées

%+ Le Département d'enseignement des Sciences de la Terre gére sa formation Sciences de la Terre et de
I'Atmosphére (STA) et participe activement a la formation Sciences de la Vie et de la Terre dont |'objectif principal est de
préparer aux métiers de l'enseignement. Une part importante de mon enseignement est mutualisé entre ces deux
formations afin de limiter notre charge horaire, qui est déja excédentaire (cf les volumes horaires réalisés ces trois
derniéres années). Je suis responsable des Unités d'Enseignement de Tectonique - Géodynamique, de Magmas et
Métamorphisme, de Géologie Régionale, de Géologie de terrain. J'enseigne également dans des Unités d'Enseignement
spécifiques a notre parcours LMD (Licence STA et Master Géosphére): Modélisation des processus géologiques, stage de
terrain et Volcanologie - édifices et risques volcaniques.

73




2005-2006: 219 h eq. TD (CM: 41%; TD: 13%; TP: 46%)
2006-2007: 216 h eq. TD (CM: 51%; TD: 24%; TP: 25%)
2007-2008: 234 h eq. TD (CM: 43%; TD: 37%; TP: 20%)

La répartition Cours Magistraux, Travaux Dirigés et Travaux Pratiques évolue peut d'une année a l'autre. J'attache une
grande importance a réaliser les cours théoriques, les TD et les TP. Pédagogiquement, ceci permet d'établir une
progression réguliére au cours du semestre et d'illustrer concretement en TP et TD les concepts abordés en cours.

«»» Coordination et co-rédaction, avec Thierry Portafaix (Département d'enseignement de Physique), de la maquette
de la licence Sciences de la Terre et de I'Atmosphére.

% Responsable pédagogique des 2°™ et 3°™ années de Licence Sciences de la Terre et de I'Atmosphére.

¢ Directeur-adjoint du Département d'enseignement des Sciences de la Terre de I'Université de La Réunion depuis
2004.
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The evolution of the Massif Central rift :
spatio-temporal distribution of the volcanism

LAURENT MICHON! and OLIVIER MERLE!
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Abstract. — The Massif Central area is the largest magmatic province of the West-European Rift system.The spa-
tial-temporal distribution of Tertiary-Quaternary volcanism in the Massif Central, France, shows that three magmatic
phases can be defined, each of them characterized by different volumes and different locations. The first event, termed
the pre-rift magmatic event, is very scarce and restricted to the north of the Massif Central. It is suggested that this
could result from lithospheric bending of the European lithosphere ahead of the incipient Alpine chain during the Pa-
leocene. The second event, termed the rifi-related magmatic event, is located in the north of the Massif Central only
and is spatially connected with zones of high crustal thinning (i.e. the Limagne graben). It immediately follows Oligo-
cene graben formation and associated sedimentation, and is represented by more than 200 scattered monogenic edifi-
ces. This second event can be attributed to partial melting as a consequence of lithospheric thinning that affected the
north of the Massif Central during the rifting event. The lack of volcanism in the south during the same period of time
is probably related to the very slight lithospheric thinning during the Oligocene. The third event, termed the major
magmatic event, started first in the south in the upper Miocene at about 15 Ma, well after the end of the sedimentation.
It is unrelated to any extensional event. This major magmatic event reached the north of the Massif Central at about 3.5
Ma, following a pause in volcanism of about 6 Ma after the rift-related magmatic event. These two episodes of the ma-
jor magmatic event are spatially and temporally associated with the two main periods of uplift, suggesting a common
origin for volcanism and uplift processes. The major magmatic event can be attributed to late thermal erosion of the
base of the lithosphere above a mantle diapir, as suggested by seismic tomography data. This general magmatic evolu-
tion drawn from data at the Massif Central scale may apply to the Eger graben as well, as the three magmatic events
described in this study (pre-rift magmatic event, rifting event and post-Miocene volcanic event) are also reported in the
literature. This suggests that a single cause should explain the formation of the entire western European rift surroun-
ding the Alpine mountain belt.

Evolution du rift du Massif central :
distribution spatio-temporelle du volcanisme

Mots clés. — Massif Central, Cénozoique, Rifting, MNT, Volcanisme, Tectonique.

Résumé. — Le rift Ouest-européen correspond a un épisode d’extension lithosphérique qui s’est produit de I’Eocéne su-
périeur jusqu’au Mioceéne inférieur. La direction d’extension est globalement perpendiculaire au front de la chaine al-
pine et s’exprime, d’est en ouest, par la formation du graben de I’Eger, du graben du Rhin et des fossés d’effondrement
du Massif central. Le Massif central est la plus importante province magmatique liée a cet épisode de rifting. Le volca-
nisme de cette province peut étre séparé en trois épisodes successifs. 1. Episode de magmatisme pré-rift. Cet épisode
correspond a 15 localités répertoriées presque exclusivement dans le nord du Massif central et datées du Paléocéne a la
fin de I"Eoceéne. 2. Episode de magmatisme syn-rifi. La sédimentation oligocéne s’est effectuée a un niveau proche de
celui de la mer et pratiquement sans manifestation volcanique. A I’échelle du rift (i.e. de la Bresse & la Limagne), I’ex-
tension symétrique de I’Eocéne supérieur a I’Oligocéne moyen est devenue asymétrique a partir de 1’Oligocéne supé-
rieur. L'épisode de magmatisme a débuté a 1’Oligocéne supérieur et s’est principalement développé au Miocéne
inférieur, pendant une quinzaine de millions d’années. Il est spatialement 1ié aux zones d’amincissement crustal maxi-
mal (fossé de la Limagne) et est absent de la partie sud du Massif central ot les récentes données géophysiques mon-
trent que I’amincissement crustal est négligeable. 3. Episode de magmatisme majeur. Cet épisode a démarré au sud du
Massif central preés de 15 Ma d’années aprés la fin de la sédimentation oligocéne. C’est 1’épisode majeur avec le déve-
loppement des grandes provinces magmatiques du Cantal, du Velay ou de I’Aubrac. Une reprise plus tardive du volca-
nisme se produit dans la partie nord du Massif central, prés de 6 Ma aprés la fin de 1’épisode précédent dit syn-rift.
Dans son ensemble, cet épisode majeur est caractérisé par deux pics d’activité: de 9 a 6,5 Ma uniquement au sud du
Massif central, puis de 3,5 4 0,5 Ma tant au nord qu’au sud du Massif central.

L’analyse du MNT permet de montrer que le nord du Massif central présente un champ de structures dominé par des
failles nord-sud. Il s’agit de failles d’dge varisque réactivées en faille normale pendant I’extension et la création des
fossés d’effondrement. L’étude des profils d’équilibre des riviéres au passage de certaines failles ainsi que 1’dge des
coulées de lave actuellement en position de reliefs inversés montrent que le soulévement dans cette partie nord a débu-
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t¢ il y a environ 3 Ma et se poursuit actuellement. Au sud, le MNT révele un champ de failles dominant orienté
NI135°E, souligné en particulier par des alignements volcaniques tels I’Aubrac, le Velay ou le Deves. Cette direction
majeure a été acquise pendant le soulévement de la partie sud qui a débuté il y a environ 10 Ma, bien avant le souléve-
ment plus récent de la partie nord. Ce soulévement s’est ralenti entre 5,5 Ma et 3-3,5 Ma pour redevenir trés actif de-
puis cette période jusqu’a I’actuel, comme dans la partie nord.

L’épisode magmatique pré-rift, extrémement limité en volume, est attribué a une flexure de la lithosphére européenne
au moment des premiéres compressions alpines pendant le Paléocéne. Cette flexure de la lithosphére est encore appa-
rente a I’échelle de la France grace aux données de géophysique ou de géomorphologie dans le Massif central et le
Morvan. L’épisode magmatique syn-rift, restreint au nord du Massif central, est clairement associé¢ aux zones d’amin-
cissement crustal maximal résultant principalement de I’extension asymétrique E-W oligocéne supérieur & miocéne in-
férieur. Cet amincissement lithosphérique permet d’expliquer, par décompression du manteau, le faible taux de fusion
particlle nécessaire pour rendre compte du volcanisme, localisé au nord, de 1’Oligocéne supérieur au Miocéne infé-
rieur. L'orientation N-S dominante observée sur le MNT est un héritage de cette période d’extension E-W o les failles
sub-méridiennes d’age varisque ont été réactivées. L'épisode magmatique majeur est caractérisé par deux pics d’activi-
té qui sont synchrones des deux périodes de soulevement maximal : au sud vers 10-5,5 Ma, puis au nord et au sud a
partir de 3-3,5 Ma. Au sud, la radiographie de la croiite et de la limite lithosphéere-asthénosphére obtenue par sismique
classique et tomographie sismique montre que le manteau lithosphérique a subi un trés fort amincissement tandis que
I’épaisseur de la croiite est quasi-normale. L’anomalie thermique définie sous la lithosphére dans cette partie sud té-
moigne alors d’une érosion thermique de la base de la lithosphére, responsable du soulévement isostatique et du pre-
mier pic d’activité magmatique. Un second épisode d’érosion thermique a la base de la lithosphere, plus diffus mais
réparti du nord au sud, expliquerait la seconde période de souléevement isostatique ainsi que le second pic d’activité
magmatique enregistrés au nord et au sud a partir de 3,5 Ma.

(fig.

1 and 2). Volcanism started 65 Ma ago in the

The West-European plate was affected by a rifting episode
from the upper Eocene to the early Miocene (Priabonian to
Burdigalian) [Ziegler, 1992; Bois, 1993]. Extension is
roughly perpendicular to the Alpine front and generated a
graben system, which includes, from east to west, three
main segments : the Eger graben of the Czech Republic, the
Rhinegraben of Germany and the French Massif Central
grabens. These three segments are characterised by the oc-
currence of a typical intraplate alkaline volcanism either
within the grabens or along their margins [Wilson and
Downes, 1991].

The Massif Central area is the largest magmatic pro-
vince of the West-European Rift system. The origin of the
magmatism is still a matter of debate [Wilson and Downes,
1991]. The presence of a hot spot below the Massif Central
has long been advocated [Brousse, 1974]. Different hypo-
theses such as the upwelling of numerous associated mantle
diapirs [Nicolas et al., 1987] or a large aborted mantle
plume located at depth and common to the entire western
part of the European plate [Hoernle er al., 1995; Granet et
al., 1995] have been proposed. It has also been suggested
that the magmatism could result from a mantle
destabilization induced by the Alpine collision [Sobolev et
al., 1997].

In these previous studies, the link between extension
and magmatism was not clearly established. The aim of this
paper is to provide an interpretation of the spatio-temporal
distribution of the volcanism by integrating recent geologi-
cal, geophysical and geochemical data from the Massif
Central. This makes it possible to unravel the different ki-
nematic history between the northern and the southern part
of the Massif Central during the Tertiary.

DISTRIBUTION OF THE VOLCANISM

The Massif Central Cenozoic volcanism is spread out from
the Drevin in the north to the Escandorgue area in the south
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Paleocene and the most recent eruptions can be dated from
the Holocene [Bellon et al., 1974; Brousse, 1974; Vincent
et al., 1977, Maury and Varet, 1980; Mergoil et Boivin,
1993; Nehlig et al., 1999]. The classification into different
magmatic provinces has been attempted [Goér de Herve
and Mergoil, 1971; Brousse, 1974 ; Maury and Varet, 1980
: Mergoil and Boivin, 1993]. These studies clearly show
that each magmatic province is characterised by some well
defined periods of activity and that two main volcanic
phases can be distinguished during the Cenozoic: the
pre-rift and the post-rift volcanic phases.

This distinction in two periods can be significantly im-
proved and refined by compiling the different ages of the
volcanic provinces, which are geographically listed from
north to south (fig. 1). Such a classification allows the dis-
tinction of three main volcanic phases.

Pre-rift magmatic event

From the early Paleocene up to the end of the Eocene, a
scarce and scattered volcanism, consisting of less than 15
necks and volcanoes, occurred in the northern part of the
Massif Central. Only one magmatic manifestation is re-
ported from the southern part (fig 2a). In the Charollais
area, 7 volcanoes have been recognised dated from 64.5 to
36.7 Ma with K/Ar method [Bellon er al., 1974]. Near
Menat, several outcrops of basalt around a maar have been
dated from the Paleocene at around 60 Ma with the K/Ar
method [Vincent er al., 1977], a result consistent with
paleontological data [Kedves, 1967; Russel, 1967]. In the
Forez, the pre-rift magmatic activity is restricted to a single
volcano, which erupted 62 Ma ago [Lenoir et al., 2000].
Here, the lava has a melilitite composition and corresponds
to the most under-saturated magma type recorded in the
Massif Central [Hernandez, 1976]. Along the borders of the
Limagne graben, near Vichy and Servant, two volcanoes
(45.8 and 44 Ma) display inverted reliefs (Mont Péroux and
the Champonier dyke) [Brousse and Lefevre, 1990]. The
only pre-rift volcanic manifestation described in the south-
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FIG. 1. — A) Spatio-temporal distribution of the volcanism in the Massif Central area: the rifting event include both the sedimentation/extensional period

and the scattered volcanism recorded in the north. Note the lack of volcanism after the sedimentation period in the south. For explanation see the text
Established from radiometric data [Bellon ef al., 1974; Vincent er al.. 1977; Baubron ef al., 1978; Cantagrel and Boivin, 1978; Bellon and Hernandez,
1979; Maury and Varet, 1980; Baubron and Demange, 1982; Cantagrel and Baubron, 1983; Gastaud ef al., 1983; Chantepie, 1990; Goér et al., 1991b;
Mergoil and Boivin, 1993; Rochette ef al., 1993; Cheguer, 1996; Nehlig er al., 1999]. B) Synthetic representation of volcanism in the Massif Central.
Boxes 1 and 2 represent the two peaks of activity during the major magmatic event.

FIG. 1. = A) Répartition spatio-temporelle du volcanisme : |'épisode de rifting inclut les périodes d’extension et de sédimentation, et la phase de volca-
nisme dispersé dans la partie nord. Noter I'absence de voleanisme aprés la période de sédimentation dans la moitié sud. [D'aprés les travaux de Bellon
etal., 1974; Vincent et al., 1977; Baubron et al., 1978; Cantagrel and Boivin, 1978, Bellon and Hernandez, 1979; Maury and Varet, 1980; Baubron and
Demange, 1982; Cantagrel and Baubron, 1983; Gastaud et al., 1983; Chantepie, 1990; Goér et al., 1991a; Mergoil and Boivin, 1993; Rochette et al.,
1993; Cheguer, 1996; Nehlig et al., 1999]. B} Représentation synthétique du volcanisme du Massif central. Les caissons | et 2 représentent les deux pics

d'activité durant la phase majeure de volcanisme.

ern part of the Massif Central is a basanitic neck in the
Tassiéres hamlet near Séverac le Chéteau (57 Ma) [Baubron
et al., 1978].

The above ages were obtained in the 1970s and the
1980s by the K/Ar method. New datings using the
4OAr/*? Ar method, carried out in the Massif Central, clearly
shows that previously published ages based on the K/Ar
method must be interpreted with care. For example, the
Marcoux melilitite, which has been previously dated at 49.8
Ma with the K/Ar method [Bellon and Hernandez, 1979],
has given an age of about 62 Ma using the “’Ar/’Ar
method [Lenoir ef al., 2000]. However, these data confirm
the time span of the pre-rift magmatism from Paleocene to
Upper Eocene. The lavas of the pre-rift volcanism are
highly under-saturated (alkali basalt to melilitite), which
strongly suggests small degrees of partial melting (< 5%)
of a COz- and H20O-rich mantle source [Edgar, 1987; Wil-
son ef al., 1995].

Rifting magmatic event

From the upper Eocene to the end of the lower Miocene, the
Massif Central was affected by east-west extension, which
led to the formation of numerous grabens [Bergerat, 1985;

Bles et al., 1989; Lacombe et al., 1993; Merle et al., 1998].
In the northern part of the Massif Central, the three most
important grabens are N-S oriented. From east to west,
they are the Bresse graben, the Roanne-Montbrison graben
and the Limagne graben [fig. 1 in Merle et al., 1998]. As
shown from an experimental study, the geometry of the sys-
tem can be explained as resulting from symmetric exten-
sion during the upper Eocene and middle Oligocene [Merle
et al., 1998; Michon and Merle, 2000]. In the upper
Oligocene and to a lesser extent in the lower Miocene, sub-
sidence remained very active as indicated by the sedimenta-
tion rate in the western Limagne graben while there was a
lull in Roanne-Montbrison and Bresse grabens [Merle er
al., 1998; Hugueney et al., 1999]. In the south, the main
sedimentary basins are Le Puy, Saint Flour and Aurillac
basins but these are much less developed than in the north-
ern part. The distinction between well defined N-S grabens
in the north and small and non-oriented basins in the south
is reinforced by recent geophysical data [Zeyen ef al.,
1997].

The Moho depth, together with thick sequences of
Oligocene syn-rift sediments (up to 3000 m in the Limagne
graben) [Morange et al., 1971], clearly reveal high crustal
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FIG. 2. — Schematic maps showing the spatial distribution of the Massif
Central volcanism. A , B and C represent the three different volcanic
events. In C, the N110°E elliptical area corresponds to the zone affected by
the first peak of volcanism.

FIG. 2. — Cartes schématiques de la distribution spatiale du volcanisme du
Massif central. A, B et C représentent les trois épisodes volcaniques. En C,
lellipse orientée N110'E représente la zone couverte par le premier pic de
Vo !('fﬁ'l’ isme.

thinning in the northern part of the Massif Central [fig 11 in
Zeyen ef al., 1997]. The Moho is at 26 km depth in the west
[Zeyen et al., 1997] and 29.5 km in the east [Bergerat et al.,
1990], indicating a thinning of the crust to 23.3 km and
28 km below the Limagne and Bresse grabens, respectively.
This yields 25% crustal thinning beneath the Limagne
graben and 10% below the Bresse [Merle ef al., 1998]. Ac-
cording to the sedimentation history, most of the 25%
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crustal thinning in the Limagne graben can be considered to
have occurred in the upper Oligocene and to a lesser extent
in the lower Miocene.

In the southern part of the Massif Central, the Moho is
flat-lying at a depth of about 28 km. The average topo-
graphic elevation of the WVariscan basement is about
1000 m. This suggests slight crustal thinning during the
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rifting event. This is correlated with the low thickness of
the Eo-Oligocene sediments, which never exceeds a few
hundred meters.

These data reveal a strikingly different tectonic evolu-
tion between a northern part of the Massif Central where
significant crustal thinning has occurred and the southern
part where the rifting was limited. Despite the occurrence
of a few volcanic minerals in some upper Rupelian sedi-
ments [Devineau, 1996], the rifting event is mainly charac-
terised by the lack of volcanic activity during sedimentation
both in the north and the south of the Massif Central.

The "rift-related magmatic event" started in the late
Oligocene at a time when sedimentation was on the decline.
It lasted about 15 Ma up to the end of the lower Miocene.

Peperitic deposits interbedded in the upper Oligocene sedi-

ments [Hourriére et al., 1998] prove that this scattered mag-
matic event is coeval with the asymmetric phase of rifting.
The volcanism is located in the northern part of the Massif
Central only and is totally unknown in the southern part
(fig. 1). Moreover, it is restricted to the western area of the
northern part, which indicates that it is spatially connected
with the area of high crustal thinning, that is the Limagne
graben.

More than 200 monogenic scattered volcanoes erupted
during this period mainly within the Limagne graben (s./.)
or the Forez areas (fig. 2b). Two volcanic manifestations
only have been reported far away from the graben areas
near the Variscan Sillon Houiller fault (fig 2b). The
magmatism is mainly characterised by alkaline basaltic to
nephelinitic lavas (85% of the total volume) and the only
magmas exhibiting a differentiation trend are located in the
Comté area, in the heart of the Limagne graben [Tricot,
1975] (fig. 2b). Recent **Ar/*?Ar dating from this area indi-
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cate volcanic activity between 20 and 22 Ma with a climax
at about 21 Ma [Cheguer, 1996].

Major magmatic event

The beginning of the major magmatic event is not coeval in
the southern and northern parts of the Massif Central. It
started in the south, in areas that lack any volcanism before
that period, except the Paleocene Tassiéres neck (fig 1 and
2a). Eruptions took place from the upper Miocene, at least
15 Ma after the end of the sedimentation. In the north, the
major magmatic event started after a gap of about 6 Ma in
the upper Miocene. The volume of erupted magma during
this period is much larger than during any previous mag-
matic events, and is estimated from 1000 to 1500 km’.
As revealed by the estimation of volumes erupted dur-
ing this period, the major magmatic event was characterised
by two peaks of activity (fig. 1b). The first peak can be
dated from 9 to 6 Ma and is associated with the building of
the largest magmatic provinces of the Massif Central
(Cantal, Aubrac, Velay, Causses and Coirons), following a
N120°E/N140°E average trend (Cantal (85 % of the trachy-
andesitic stratovolcano ages between 9-6 Ma), Aubrac
(8,7-6 Ma), South Velay (83% of the ages between
9-6 Ma), Causses (9.2-5.8 Ma) and Coirons (7.9-6.2 Ma))
[Baubron and Demange, 1982; Mergoil and Boivin, 1993;
Féraud and Campredon, 1983; Fréour, 1998] (fig 2¢). This
huge volume of volcanic activity is restricted to a N110°E
oriented elliptical area in the south (fig. 2c¢) where the
Oligocene crustal thinning was negligible (<< 5 %). There
is a very good correlation between the location and orienta-
tion of these large magmatic provinces in the field and the
mantle thermal anomaly beneath as deduced by seismic
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FIG. 3. — A) Structural setting of the northern and the southern parts of the Massif Central. In black, elevation higher than 1000 m. Prominent orienta-
tions are N135°E in the south and N-8 in the north. B) Schematic map presenting the orientation of the Eo-Oligocene crustal thinning in the north (1) and
the thermal anomaly orientation in the south (2). Lithosphere asthenosphere boundary (LAB) topography given in kilometres [from Sobolever al.,

1997].

FI1G. 3. — A) Cadre structural des parties nord et sud du Massif Central. En noir sont représentées les altitudes supérieures a 1000 m. Les orientations
dominantes de la moitié sud sont NI35'E et la partie nord est marquée par des directions N-S. B) Carte schématique présentant l'orientation de I’amin-
cissement crustal éo-oligocéne dans le nord (1) et 'orientation de 'anomalie thermique dans le sud (2) Limite lithosphére-asthénosphére (LAB) en kilo-

métres [d'aprés Sobolev et al., 1997].
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tomographic studies [Granet ef al., 1995; Sobolev et al.,
1997] (fig. 3).

In contrast to the first peak, the second peak of volca-
nism occurred both in the north and the south of the Massif
Central. From 3.5 Ma to 0.5 Ma, it led both to the building
of new provinces such as Escandorgue, Monts Dore and
Deveés, and the reactivation of old magmatic provinces
(Limagne, Causses, Velay and Sioule). The spatial distribu-
tion of this second peak is more elongated in the
north-south direction (from the Chaine des Puys to the
Escandorgue) than the first peak but has a quite similar
east-west width. The main volcanic provinces formed dur-
ing this period are the Monts Dore and Sancy
stratovolcanoes and the Devés basaltic shield. The other
provinces are characterised by limited monogenic activity
(Escandorgue, Velay) during which relatively small vo-
lumes of lava were erupted. Following this second peak, the
last eruptions in the Massif Central occurred from the upper
Pleistocene to the present-day in the Chaine des Puys, the
Cézallier and in the Ardéche area (Bas Vivarais) [Goer ef
al., 1991a; Rochette er al., 1993].

Erupted magmas are sub-alkaline (basalt to rhyolite) or
alkaline (basanite to phonolite) intraplate lavas. The geo-
chemical and Sr-Nd-Pb isotopic compositions of the most
primitive mafic magmas from the Cantal stratovolcano can
be modelled by mixing partial melts of: (i) an
asthenospheric component with isotopic composition be-
tween depleted mantle and high p (HIMU) endmembers for
which there is no need to invoke the existence of a deep
mantle plume and (ii) a lithospheric component derived
from the old Variscan lithosphere [Wilson and Downes,
1991].

TIMING OF UPLIFT

Marine to laguno-lacustrine Eo-Oligocene sediments can
be seen at elevations of several hundred metres (up to 1000
m), which clearly indicates post-Oligocene uplift of the
whole area. In the studied zone, this uplift post-dates that
of the southern margin of the Massif Central in the
Cévennes area [Rey, 1973]. It occurred from the Upper
Miocene (about 10 Ma) with a maximum of regional dom-
ing from the Upper Pliocene (3.5 Ma) [Derruau, 1971; Le
Griel, 1988].

In the south, it has been shown that the uplift in the
Velay, Margeride and southern Forez started in the Upper
Miocene, 10 Ma ago, and led to the formation of the main
trend of topography observed nowadays [Etienne, 1970; Le
Griel, 1988; Goér de Herve and Etienne, 1991; Defive and
Cantagrel, 1998]. From 5.5 to 3-3.5 Ma, the superimposi-
tion of the volcanic formations in the Allagnon valley and
in the Velay area suggests that uplift was limited [Goér de
Herve and Etienne, 1991; Augendre, 1997]. Following this
period, doming became again very active and led to impor-
tant inverted relief of volcanic formations (e.g. the
Cézallier eastern border, the Allagnon and Allier valley and
the Escandorgue).

In the north, some very clear fault traces and the study
of river entrenchment, together with the cross-cutting rela-
tionships with well-dated Cenozoic volcanic formations,
demonstrates that the main uplift of the northern part of the
Massif Central postdates 3-3.5 Ma. Firstly, departures from
equilibrium profiles, as in the Forez area (fig. 4), at the
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crossing of fault traces along streams running in the same
lithology cannot be ascribed to the Oligocene sedimenta-
tion period but demonstrates very recent differential uplift.
Secondly, from the Lower Miocene to the Upper Pliocene,
this uplift was slight or even inactive as lava flows from
that period of time are now found superposed, which indi-
cates that they flowed out within the same paleo-valleys. The
occurrence of several Pliocene volcanic formations several
hundred metres above the present day watercourses clearly
shows a strong excavation of the rivers since 3-3.5 Ma.

PRESENT-DAY STRUCTURAL TRENDS

Using a Digital Elevation Model (DEM with a 50 m resolu-
tion step), it can be shown that the northern Massif Central
displays a N-S oriented fault pattern whereas the southern
part displays a N135°E oriented fault pattern (fig. 3a). Both
directions result from older Variscan tectonics, as shown by
structural studies in other areas of the Massif Central that
lack any imprint of the rifting episode [Feybesse, 1981].

Although the prominant directions of the major faults
in the north are commonly N-S or near N-S, some oblique
orientations are reported either in the Limagne graben or
within the Hercynian basement area on the edge of the
graben. In the Combrailles area (NW of Clermont-Ferrand),
uplift is indicated by a downthrow of more than one hun-
dred metres of Variscan basement through reactivation of
well defined Variscan faults such as the Sillon Houiller or
through the reactivation of some previously undescribed
oblique networks such as the Morge faulted zone (N55°E)
(fig 5). The Morge faulted zone is one of the most seismic
areas of the Massif Central [Dorel ef al., 1995] possibly re-
sulting from residual or continuing activity of the uplift
process.

In the south, the DEM analysis reveals a prominant
N135°E oriented fault pattern underlined by several volca-
nic alignments (Aubrac, Devés and Velay), the elliptic
shape of the Cantal stratovolcano and the trend of the
Margeride horst (fig. 3a). A single N045°E direction can
also be defined east of the Velay, a common Variscan direc-
tion in this area.

DISCUSSION

The pre-rift volcanism is present throughout the entire
West-European Rift system and is arranged roughly parallel
to the Alpine front (fig. 6). It is scarce and characterised by
a few tens of outcrops of primary magmas ranging from al-
kali basalt to very undersaturated lavas such as the
melilitites of Marcoux, Essey-la-Cote, Grand Valtin and
Bohemia [Wilson ef al., 1995]. This volcanism started dur-
ing the late Cretaceous and mainly occurred in the
Paleocene and Eocene. At the European scale, this period
(i.e. around the Cretaceous-Tertiary transition) corresponds
to the early Alpine compression and to the peak of the
high-pressure metamorphism in the Sesia zone [see Merle
and Michon, 2001].

The buckling of the lithosphere as a response to com-
pression was recently studied by numerical modelling
[Cloetingh ef al., 1999]. For a 300 Ma lithosphere, that is
the inferred age of the European Variscan lithosphere, re-
sults show that the buckling can be preserved during several
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tens of million years. They are also in good agreement with
geological studies at the scale of the Massif Central. Grav-
ity data show the existence of crustal ridges which have
been attributed to lithospheric buckling at about 60 Ma as a
result of early Alpine compression [Lefort and Argawal,
1996]. Southeast of the Paris Basin, the doming is concen-
tric around the Alpine belt and reveals a curved uplifted
zone, which goes from the north of the Massif Central to
the south of the Rhine graben [Lefort and Agarwal, 1996,
Fig 10]. We believe significant that this concentric ridge
around the Alpine belt corresponds to the location of the
pre-rift volcanism. As an attempt to interpret this pre-rift
volcanism, whose spatial distribution is not related to the
main Limagne and Rhine grabens but with a large-scale
crustal undulation, we propose that it may result from a low
to very low degrees of mantle melting induced by
lithospheric doming and adiabatic decompression during
the early Alpine compressive event. The activity of the
pre-rift volcanism up to the Eocene could be explained by
the preservation of the lithospheric buckling. This hypothe-

sis is reinforced by geomorphological studies which show a
general uplift of the Massif Central and Morvan area at the
same period [Le Griel, 1988; Wyns, 1999].

The rifting volcanic event, which is contemporaneous
with the upper Oligocene-lower Miocene rift sedimenta-
tion, occurred in the west of the northern part of the Massif
Central. This magmatic phase is clearly related in space
and time to the asymmetric rifting episode, which induced
significant crustal thinning in the west, mostly below the
Limagne graben [Merle er al., 1998]. Assuming that high
crustal thinning results from the stretching of the whole
lithosphere, the scattered volcanic activity recorded from
the upper Oligocene to lower Miocene may be induced by
low degrees of mantle melting (< 10%) due to mantle de-
compression during extension. This interpretation is rein-
forced by the lack of volcanism in the southern part where
very slight crustal thinning occurred during the Oligocene.
The scattered volcanic event is then interpreted as a conse-
quence of the rifting episode in the northern part of the
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FIG. 5. — Digital Elevation Model (DEM) of the Combrailles area. The Sillon houiller and the Morge faults bound a horst on which the Monts Dore and

Chaine des Puys volcanic provinces were built up.

FIG. 5. — Modéle numérique de terrain (MNT) de la région des Combrailles.

Le Sillon houiller et la faille de la Morge bordent un horst sur lequel se sont

construites les provinces volcaniques des monts Dores et de la chaine des Puys.
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FIG. 6. — Distribution du volcanisme pré-rift en Europe de I'Ouest mon-
trant I'arrangement concentrique autour de la chaine alpine.
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Massif Central. In this area, the main structures which
formed during this rifting event are N-S oriented, mostly
perpendicular to the extension direction [Bergerat, 1985],
and the present structure is probably inherited from that pe-
riod.

After a lack of volcanism both in the northern and
southern parts, voluminous magmatic activity started at 14
Ma and 5.5 Ma ago in the southern and northern parts, res-
pectively. This major volcanic event is characterised by a
more or less continuous activity up to the present-day and
can be divided into two volcanic peaks. These two peaks are
spatially and temporally associated with the two main peri-
ods of uplift, suggesting a common origin for volcanism
and uplift processes.

In the south, it is probably significant to consider the
parallelism between the trend of major faults, the long axis
of the two principal magmatic provinces (Cantal and
Deveés-Velay) and the thermal anomaly orientation (fig 3).
The elongated thermal anomaly just below the Cantal and
Deveés-Velay volcanic provinces suggests that the major
volcanic event was induced by this significant
asthenospheric upwelling south of the main rifting area. In
contrast with lithospheric mantle thinning deduced from the
seismic tomography, slight crustal thinning in the same area
indicates that upwelling of the lithosphere/ asthenosphere
boundary does not result from Eo-Oligocene extension but
is probably due to a late process of thermo-mechanical ero-
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sion along the lithosphere base. Such a thermal erosion at
the lithosphere base would have caused (i) the major mag-
matic event and (ii) the uplift of the volcanic area as a re-
sult of isostatic adjustment.

The occurrence of two peaks of magmatism and uplift
could be attributed to two episodes of thermal erosion at the
base of the lithosphere spaced by about 5 Ma. The first epi-
sode, from 9 Ma to 6 Ma, was restricted to the southern part
of the Massif Central whereas the second one, from 3.5 to
0.5 Ma, was less pronounced, but more widespread : from
the Chaine des Puys in the north to the Escandorgue in the
south.

This general magmatic evolution drawn from data at
the Massif Central scale may apply to the Eger graben as
well, as the three magmatic events described in this study
(pre-rift magmatic event, rifting event and post-Miocene
volcanic event) are also reported in the literature [Bellon
and Kopecky, 1977; Dudek and Elias, 1984] (fig 7). This
suggests that a single cause should explain the formation of
the entire western European rift surrounding the Alpine
mountain belt.

CONCLUSIONS

This study on the spatio-temporal distribution of volcanism
in the Massif Central makes it possible to propose three
successive magmatic events during the Tertiary evolution of
the Massif Central.

1. Pre-rift magmatic event. — This volcanic phase is ex-
tremely small, but common to the entire West-European
Rift system [Bellon and Kopecky, 1977; Vincent et al.,
1977; Lippolt, 1983; Brousse and Lefevre, 1990]. The pa-
rallelism between the pre-rift volcanic belt and the Alpine
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front could be explained by a flexure of the lithosphere dur-
ing early Alpine late Cretaceous-Paleocene compression.

2. Rifting magmatic event. — From the Priabonian up to
the end of the early Miocene, three main N-S grabens were
initiated in the northern part of the Massif Central. In the
upper Oligocene, extension remained active in the west
only, leading to a significant crustal thinning below the
western Limagne graben (up to 25%). This lithospheric
stretching induced a scattered late Oligocene-lower Mio-
cene volcanic phase located from the Roanne-Montbrison
graben in the east to the Sillon Houiller in the west. In the
south, a very slight crustal thinning occurred during the
Oligocene rifting period. It is considered that this thinning
was not large enough to trigger volcanism, as it occurred in
the north during the lower Miocene.

3. Major magmatic event. — This volcanic episode, which
started 14 Ma ago in the south and 5.5 Ma ago in the North,
is characterised by two peaks of volcanism (9-6 and 3.5-0.5
Ma). Timing and structural features of the major magmatic
event indicate that it is unrelated to Eo-Oligocene
extensional processes. The first peak of this major mag-
matic event, which occurred in the south of the Massif Cen-
tral only, is coeval with an episode of uplift and is
attributed to a thermal erosion along the base of the litho-
sphere. The second peak, which is also coeval with an epi-
sode of uplift, would be induced by a similar process, but
below a larger area, from north to south, than for the first
peak.
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FIG. 7. — Comparative Tertiary evolution of the Massif Central and of the Eger graben. In the Massif Central, data from the northern and southern part are
gathered in the same diagram and the major magmatic event is schematically represented by the two peaks of activity (1 and 2). Note the strong similari-
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mon regional factors.

FIG. 7. — Comparaison de 'évolution tertiaire du Massif central et du graben de I'Eger. Dans le Massif central, les données des parties sud et nord sont
rassemblées en un tableau unique et la phase majeure de volcanisme est représentée par les deux pics de magmatisme (1 et 2). Noter les fortes similitu-
des d'évolution entre ces deux segments du rift Ouest-européen, séparés par plusieurs centaines de kilométres.
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The formation of the West European rift :
A new model as exemplified by the Massif Central area

OLIVIER MERLE! and LAURENT MICHON!

Key words. — Massif Central, Alps, West European Rift, Tectonic, Volcanism, Cenozoic.

Abstract. — In this paper, we use mainly field data from the Massif Central area, which have been presented in a com-
panion paper [Michon and Merle, 2001], to discuss the origin and the evolution of the West European Rift system. It is
shown that the tectonic event in the Tertiary is two-stage. The overall geological evolution reveal a tectonic paradoxe
as the first stage strongly suggests passive rifting, whereas the second stage displays the first stage of active rifting. In
the north, crustal thinning, graben formation and sedimentation at sea level without volcanism during the Lower Oligo-
cene, followed by scattered volcanism in a thinned area during Upper Oligocene and Lower Miocene, represent the
classical evolution of a rift resulting from extensional stresses within the lithosphere (i.e. passive rifting). In the south,
thinning of the lithospheric mantle associated with doming and volcanism in the Upper Miocene, together with the
lack of crustal thinning, may be easily interpreted in terms of the first stage of active rifting due to the ascent of a
mantle plume. This active rifting process would have been inhibited before stretching of the crust, as asthenospheric
rise associated with uplift and volcanism are the only tectonic events observed. The diachronism of these two events is
emphasized by two clearly distinct orientations of crustal thinning in the north and mantle lithospheric thinning in the
south. To understand this tectonic paradox, a new model is discussed taking into account the Tertiary evolution of the
Alpine chain. It is shown that the formation of a deep lithospheric root may have important mechanical consequences
on the adjacent lithosphere. The downward gravitational force acting on the descending slab may induce coeval exten-
sion in the surrounding lithosphere. This could trigger graben formation and laguno-marine sedimentation at sea level
followed by volcanism as expected for passive rifting. Concurrently, the descending lithospheric flow induces a flow
pattern in the asthenosphere which can bring up hot mantle to the base of the adjacent lithosphere. Slow thermal ero-
sion of the base of the lithosphere may lead to a late-stage volcanism and uplift as expected for active rifting.

La formation du rift Quest-européen : un nouveau modéle tectonique

Mots-clés. — Massif Central, Alpes, Rift Ouest-européen, Tectonique, Volcanisme, Cénozoique.

Résumé. — La synthése des données géologique montre une évolution tout a fait différente entre le nord et le sud du
Massif central. Le nord du Massif central est principalement caractérisé a 1’Oligocéne par un fort amincissement crus-
tal, la formation de fossé d’effondrement au niveau de la mer avec une sédimentation épaisse (jusqu’a 3000 m) sans
volcanisme, suivie de la fin de I’Oligocéne supérieur au Miocéne inférieur d’un volcanisme localisé dans les zones de
plus fort amincissement crustal. Cette évolution est typique d’un rift de type passif. Au sud, I’évolution tectonique est
caractérisée au Miocéne supérieur par un trés fort amincissement de la lithosphére mantellique sans amincissement
crustal, un soulévement et une importante phase magmatique. Cette évolution est cohérente avec celle attendue lors
des premiers stades d’un rift de type actif. Le diachronisme de ces deux événements est souligné par I’orientation N-S
de ’amincissement crustal au nord et I’orientation N135°E de I"amincissement de la lithosphére mantellique au sud.
Le modéle proposé pour expliquer ce paradoxe part de I"hypothése que cette évolution procéde d’une cause unique, qui
se trouve dans la formation de la chaine alpine immédiatement plus a 1’est. La chaine alpine est spatialement et tempo-
rellement connectée au Rift Ouest-européen. Celui-ci comprend, d’est en ouest, le graben de I’Eger, le graben du Rhin
et les fossés d’effondrement du Massif central, I’ensemble du systéme de grabens étant disposés concentriquement au-
tour du front alpin. La déformation dans les Alpes démarre a I’Eocéne comme en témoigne les données géochronologi-
ques récentes sur le métamorphisme de haute pression dans les zones les plus internes de la chaine. La progression
vers I"ouest des déformations est attestée par les données stratigraphiques qui montrent que le chevauchement du
Briangonnais sur la zone dauphinoise date du début de I’Oligocéne. La formation de ce chevauchement crustal majeur
de la chaine alpine est ainsi contemporaine de la formation des grabens et de la sédimentation dans le Massif central.

Deux questions se posent : la formation d’une chaine de montagne peut-elle générer dans la lithosphére adjacente un
épisode d’extension? les modalités de cette extension peuvent-elles se dérouler en deux étapes successives, la pre-
miére ayant les caractéristiques d’un rift passif et la seconde les caractéristiques d’un rift actif? Pendant la collision
continentale, le découplage de la croiite et du manteau entraine la formation d’une profonde racine constituée de man-
teau lithosphérique. Des simulations numériques ont montré que la force gravitaire de cette racine lourde, plus dense
que I’asthénosphere environnante, engendrait une compression dans la crolite sus-jacente et de |’extension dans la
crolite adjacente. Un tel systéme est a méme de dépasser la résistance en extension de la lithosphére adjacente et de
provoquer un épisode de rifting qui présentera les caractéristiques d’un rift de type passif. La création de la racine li-
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thosphérique s’accompagne également d’un autre processus. Lorsque la racine lithosphérique se forme, elle prend la
place de I’asthénosphére et provoque son déplacement latéral. Ceci induit un flux asthénosphérique, ascendant au ni-
veau de la lithosphére adjacente, qui contrebalance le mouvement descendant lié a la racine. La cellule ainsi créée
ameéne de I’asthénosphére chaude 4 la base de la lithosphére adjacente. Si le processus connait une ampleur suffisante,
pendant une durée de temps de plusieurs millions d’années, une érosion thermique de la base de la lithosphére adja-
cente se produit, conduisant a un soulévement isostatique et une phase de volcanisme, d’une maniére tout a fait sem-
blable a ce qui est observé dans le cas d’un rift actif. La création de la racine lithosphérique d’une chaine de montagne
peut produire ainsi deux effets dans la lithosphére adjacente : une extension lithosphérique et une érosion thermique a
la base de la lithosphére. Ces deux effets ne sont pas synchrones et le second est différé dans le temps. Dés que la ra-
cine lithosphérique commence a se former, la force verticale agissant sur cette racine peut engendrer I’extension dans
la lithosphére adjacente. En revanche, I’érosion thermique est un phénoméne tardif qui nécessite (i) que la racine at-
teigne une certaine profondeur pour engendrer un flux asthénosphérique conséquent et (ii) un temps relativement long
pour réaliser une érosion thermique significative. Le paradoxe tectonique enregistré dans le Massif central peut étre ré-
solu en considérant la formation de la profonde racine alpine. D’une fagon tout & fait semblable a 1’évolution en deux
temps découlant du modéle proposé, le Massif central est d’abord affecté par un rifting de type passif suivi quelques

millions d’années plus tard par les premiers stades d’un rift de type actif.

INTRODUCTION

The formation of the West European rift remains a subject
of great debate. As a continental rift, its origin may be at-
tributed to two different tectonic processes. The first hy-
pothesis involves continental rifting, which would be
entirely governed by lithosphere extension. Such rifts,
which are termed passive rifts, result from extensional fail-
ure of the continental lithosphere, where the main cause is
to be found in far-field stresses generated at plate bound-
aries. The second hypothesis refers to a continental rift ini-
tiated above a mantle plume or diapir. This second type,
usually termed active rifting, is associated with thermal
thinning of the base of the lithosphere due to heat advection
at the lithosphere-asthenosphere boundary (LAB).

The initial stages of these two different types of rift are
thought to be significantly different, which allows distinc-
tion in the field [Park, 1988]. Plume-generated rifts are as-
sociated with crustal doming and abundant volcanism in
their initial stages. Graben formation and sedimentation oc-
curs later, when the doming reaches a critical level to initi-
ate extensional faulting within the crust. In contrast,
far-field stress-generated rifts start with graben formation
and sedimentation close to sea level and develop doming
and volcanism at a later stage.

In this paper, we use mainly field data from the Massif
central area, which have been presented in a companion pa-
per [Michon and Merle, 2001], to discuss the origin and the
evolution of the West European Rift system. As exempli-
fied by the evolution of the Massif Central rift, we show
that this extension is closely related to the formation of the
Alps. A new tectonic model is proposed which takes into
account the role of the deep lithospheric root created during
mountain building processes in the deformation of the sur-
rounding lithosphere.

THE TECTONIC PARADOX OF THE MASSIF
CENTRAL

In this study, we do not deal with the very sparse volcanic
manifestations which occurred in the Paleocene at around
60-65 Ma [Vincent et al., 1977]. We believe that this rare
pre-rift volcanism may be attributed to the flexure of the
lithosphere associated with the first compressions recorded
in the Alps [see the discussion in Michon and Merle, 2001],
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as testified by the oldest radiometric data at about 65 Ma in
the Sesia Austro-Alpine unit [Froitzheim et al., 1996;
Rubatto et al., 1999] and geophysical data about the buck-
ling of the French lithosphere during the Paleocene [i.e.
Lefort and Agarwal, 1996].

Synthesis of the main geological data reveals a strik-
ingly different structural evolution between the northern
and the southern parts of the Massif Central. It is useful to
summarize these differences as they reveal the fundamental
constraints that must be taken into account before propos-
ing a general tectonic model.

The northern part of the Massif Central is characterized
by the following structural features :

1) grabens are well developed and display a clear
north-south orientation. Sedimentation rates have been high
with up to 3500 m in the Limagne graben;

2) upper Eocene and Oligocene sedimentation occurred
close to sea level, as demonstrated by repeated marine in-
cursions [Giraud, 1902; Gorin, 1974; Chauve et al., 1980;
Rat, 1984; Briot and Poidevin, 1998; Bodergat et al., 1999];

3) crustal thinning is locally important, up to 25% in
the Limagne graben [Merle ef al., 1998]. It is spatially con-
nected with the main grabens, and is especially visible be-
low the Limagne and the Bresse grabens [e.g. Bergerat er
al., 1990; Truffert er al., 1990; Zeyen et al., 1997];

4) there is a linear relationship between the thickness of
Oligocene sediments in the grabens and the amount of
crustal thinning, showing that crustal thinning took place in
the Oligocene and was achieved when the sedimentation
stopped [Fig. 6 in Merle ef al., 1998];

5) the sedimentation period lacked accompanying vol-
canism. Volcanism started by the end of the sedimentation
and was mainly developed in the lower Miocene;

6) this scattered volcanism occurred in the west, espe-
cially in the Limagne graben, that is in the zone of highest
crustal thinning [Fig. 2 in Michon and Merle, 2001];

7) a second magmatic event started after a gap of about
6 Ma in the upper Miocene. This second magmatic event is
also restricted to the west, but mainly occurred in an area
where geophysical data have revealed no crustal thinning
[Zeyen et al., 1997] (e.g. The Chaine des Puys, The Mont
Dore, The Sioule, etc). It is coeval with regional doming
[Michon and Merle, 2001].
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The southern part of the Massif Central is characterized
by the following structural features :

1) basins are not preferentially oriented or bounded by
a N135°E oriented horst zone. Upper Eocene-Oligocene se-
dimentation is never as thick as in the north, with a maxi-
mum thickness of a few hundred meters;

2) sedimentation mainly occurred at sea
[Dangeard, 1933; Rey, 1973; Turland ef al., 1994].

3) the Moho is flat-lying at a depth of about 28 km
[Zeyen et al., 1997]. According to the average elevation at
about 1000 m of the Variscan basement, the crust is about
29 km thick and crustal thinning is considered to be negli-
gible;

4) the lithospheric mantle is strongly thinned, up to
65 %, along a direction which is nearly perpendicular to the
orientation of crustal thinning recorded in the north [Granet
et al., 1995 a and b; Sobolev et al., 1996] [Fig. 3 in Michon
and Merle, 2001];

5) volcanism started in the upper Miocene more than 10
Ma after the end of the main phase of sedimentation
[Michon and Merle, 2001]. It is associated with huge vo-
lumes of magma and is undisputably the major volcanic
phase in the Massif Central;

6) doming of the area is shown to be coeval with this
major magmatic event [e.g. Le Griel, 1988; Goér de Herve
and Etienne, 1991; Defive and Cantagrel, 1998].

When comparing the north and the south of the Massif
Central, these data reveal a tectonic paradox. The
Oligocene and lower Miocene history in the north of the
Massif Central presents all the characteristics of passive
rifting whereas the upper Miocene to present-day history in
the south strongly suggests active rifting (fig.1).

In the north, crustal thinning, graben formation and
sedimentation at sea level without volcanism during the
Lower Oligocene, followed by scattered volcanism in a
thinned area during Upper Oligocene and Lower Miocene,
represent the classical evolution of a rift resulting from
extensional stresses within the lithosphere.

In the south, thinning of the lithospheric mantle associ-
ated with doming and volcanism in the Upper Miocene, to-
gether with the lack of crustal thinning, may be easily
interpreted in terms of the first stage of active rifting due to
the ascent of a mantle plume. This active rifting process
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would have been inhibited before stretching of the crust, as
asthenospheric rise associated with uplift and volcanism
are the only tectonic events observed. The diachronism of
these two events is emphasized by two clearly distinct ori-
entations of crustal thinning in the north and mantle
lithospheric thinning in the south.

The negligible crustal thinning in the south explains
well the lack of volcanism following the Upper Eocene-
Oligocene sedimentation period. This merely indicates that
the Oligocene passive rifting event recorded in the north
has weakly affected the south, and that the lithospheric
stretching was not strong enough at that time to induce par-
tial melting in the mantle. In the same way, the late second
magmatic event is recorded in the north in a non-thinned
crustal area, after an interruption of volcanism for several
millions years. This suggests that the southern active rifting
phase has propagated to the north in the very late Tertiary.

According to this interpretation, we face the following
dilemna. It could be considered that these two rifting events
result from two different processes which are completely
unrelated. However, two superimposed unrelated rifting
events in the Tertiary would be a surprising coincidence, all
the more because the same tectonic evolution is recorded
far away from the Massif Central area in the Eger graben of
the Czech Republic [Michon and Merle, 2001]. Another al-
ternative would be to consider that the whole Tertiary his-
tory of the Massif Central area and the Eger graben result
from a single cause at the scale of western Europe. We dis-
cuss this hypothesis in the following section.

THE ALPS AS A SINGLE CAUSE

Several models have been proposed to explain the forma-
tion of the West European rift [e.g. Bergerat, 1985; Bles er
al., 1989; Ziegler, 1992; Lacombe et al., 1993]. Among
them, the compression associated with the late stages of the
Pyrenean orogeny has been advocated as a source for
far-field stresses capable of reactivating the Permo-Carbon-
iferous fracture systems. In such an hypothesis, the forma-
tion of the Eger graben in the Bohemian Massif (fig. 2), far
away from the Pyrenees, which reveals a tectonic evolution
surprisingly similar to that of the Massif Central [Michon
and Merle, 2001], is poorly understood.

4 ~
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NORTH] sedimentation [ Scatteredvolcanism ] Volcanism [EESES
¥ at sea level S s vt Lo
SOUTH No volcanism
: a2 Active Riftin
Passive Rifting Event g
Event
\_ 27,
F1G. 1. — Summary of main geological data that allow us to propose a two-fold evolution of the rifting process during the Tertiary. Sedimentation at sea

level followed by scattered volcanism fits with a passive rifting event, whereas the major phase of volcanism associated with uplift fits with an active rif-

ting event (explanation in the text).

FIG. 1. — Résumé des principales données géologiques permettant de proposer une double évolution du processus de rifting au cours du Tertiaire. Au
nord, la sédimentation au niveau de la mer, suivie d'un volcanisme dispersé s accorde avec un modéle de rift passif. En revanche, au sud, la phase ma-
Jeure de volcanisme associée a une surrection s'accorde avec une évolution de type rift actif (c.f. explication dans le texte).
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FIG. 2. — Simplified geological map showing the close spatial relationship between the Alps and the West European Rift system. Most structural features
of the rifts, including the Massif Central area, the Rhinegraben, the Swabian Jura and the Eger Graben are concentric around the Alpine chain.
FIG. 2. — Carte géologique simplifiée montrant 1'étroite relation spatiale entre les Alpes et le rift Ouest-européen. Les principaux segments du rift (le
Massif central, le graben du Rhin, le Jura souabe et le graben. de I'Eger) sont disposés concentriguement autour de la chaine alpine.

In a search of a single cause at the scale of plate tecto-

nics which can explain not only the Oligocene rifting but
also the following asthenospheric rise and related
magmatism, it is clear that the Alps should be considered as
the best candidate because this mountain chain is tempo-
rally and spatially connected with the entire West European
Rift system (fig. 2).

The West European Rift system displays a series of
grabens or volcanic manifestations which roughly surround
the Alpine chain. From east to west, these include the Eger
graben, the Swabian Jura, the Rhine graben and the Massif
Central (fig. 2). To the south of the Massif Central, the
present-day structure of grabens and the volcanism are re-
lated to the opening of a marginal basin during the counter-
clockwise rotation of the Corso-Sardinia micro-plate
[Channell and Mareschal, 1989; Carminati ef al., 1998;
Seranne, 1999], an event which overprinted the earlier sedi-
mentary basins due to the West European rift stricto sensu.
This rifting event results from a completely different plate
kinematic history than that of the West European Rift sys-
tem and is best referred to as the North-West Mediterranean
Rift [Seranne and Merle, 1999].

In the West European Rift system, incipient basins can
be dated from the Priabonian (late Eocene) as this period
corresponds to the beginning of the sedimentation in the
Massif Central, the Rhine graben and the Eger graben. The
major episode of graben formation occurred during the
Oligocene. Deposition lasted until the end of the
Oligocene. In a few areas, some residual basins of small ex-
tent reveal ongoing sedimentation during the Aquitanian
[Gerbe et al., 1998; Hugueney et al., 1999].

The beginning of the major phase of deformation in the
Alps can be dated from stratigraphic records. During the
Eocene, a large paleogeographical domain including the
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Briangonnais and the sub-Briangonnais zones of the Alps
corresponded to a zone of widespread deep marine sedi-
mentation [e.g. Kerchove, 1980]. This so-called Nummulit-
ic sedimentation ended in the late Eocene with olistostrome
formations, immediately followed by nappe emplacement.
Most olistostromes in the sub-Briangonnais and Briangonnais
zones can be dated from the Priabonian [e.g. Kerckhove,
1969; Bravard et al., 1981; Kerckhove and Pairis, 1986;
Barféty et al., 1992].

The formation of the Frontal Penninic thrust is usually
considered to occur at the beginning of the Oligocene
[Tricart, 1986]. According to this major event, a sedimenta-
tion of «Red Molasse» took place in the Dauphinois zone
during the Oligocene [Kerckhove, 1980]. These molassic
sediments result from the erosion of the high relief formed
at that time in the internal domain.

Geochronological records are still a matter of contro-
versy in the Alps. Recent data seem to indicate that HP
metamorphism in the most internal zones, with the excep-
tion of the Austro-Alpine Sezia zone, occurred in the range
from 50 to 30 Ma [e.g. Monié and Philippot, 1989; Tilton et
al., 1991; Bowtel et al., 1994; Duchéne et al.,, 1997,
Rubatto et al., 1998]. Despite the uncertainties linked to
geochronological methods, these ages from the most inter-
nal zones, together with the migration of crustal deforma-
tion from east to west, fit quite well with the late-
Eocene/early Oligocene deformation recorded at the bound-
ary between the internal and the external domain (i.e. Fron-
tal Penninic thrust). From these data, it can be concluded
that the major deformation in the Alps started in the middle
Eocene in the most internal units and reached the boundary
with the external domain in the end of the Priabonian or the
beginning of the Rupelian.
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The beginning of crustal thinning and graben formation
recorded in the north of the Massif Central and the Rhine
graben appears to be coeval with crustal thickening and ma-
jor crustal wedge overthrusting in the western Alps. What
must be explained is the juxtaposition of two lithospheric
domains, which exhibit at the same time extension and
compression. The questions are the following : can the for-
mation of a mountain chain generate extension in the sur-
rounding lithosphere? Can the deformation in the
surrounding lithosphere be two-phase and mimic first a
passive rifting and then an active rifting?

THE ROLE OF THE LITHOSPHERIC ROOT

To answer these questions, the deformation associated
with the collision of two lithospheric plates must be consid-
ered in its entirety. In most mountain chains, the deforma-
tion in the crust and the mantle lithosphere is decoupled
along a major shear zone located at the interface between
the lower crust and the mantle. Such a process, which was
first proposed for the Himalayan chain [Mattauer, 1986],
leads to the formation of both an upper stack of crustal
wedges and a lower mantle lithospheric root. The depth of
this lithospheric root is linked to the amount of shortening
following the continental collision.

The formation of a mantle lithospheric root has impor-
tant mechanical consequences. It has been known for a long
time that the mantle lithosphere is denser that the
asthenosphere. This difference in densities is the key pa-
rameter which explains the sinking of oceanic lithosphere
in subduction zones. It is responsible for the downward
body force usually referred to as the trench pull [e.g.
Turcotte and Schubert, 1982].

In the same way, the mantle root in continental colli-
sion is denser than the surrounding asthenosphere. It fol-
lows that this slab exerts on the whole collisional system a
downward gravitational body force. This downward body
force is usually considered as sufficient to maintain the
convergent belt in a state of compression even after conver-
gence has ceased [Fleitout and Froidevaux, 1982].

Numerical simulations have been conducted to study
the effect and the deformation associated with this major
vertical body force [e.g. Fleitout, 1984; Channell and
Mareschal, 1989]. It has been shown that a mantle
lithospheric root is pulled down into the asthenosphere ge-
nerating a zone of crustal compression flanked by zones of
crustal extension. These numerical models explain the com-
pression in the collision zone and contemporaneous exten-
sion in adjacent areas [Mc Kenzie, 1978; Fleitout and
Froidevaux, 1982; Channell and Mareschal, 1989]. Signifi-
cant extensional deformation may be expected as the
extensional strength of the lithosphere as a whole is conside-
rably less than its compressive strength [Kusznir and Park,
1986]. The extension should occurr in a way similar to that
expected for passive rifting.

As an interesting result of the numerical simulation, the
deformation in the adjacent lithosphere is dependant of the
asymmetry of the lithospheric thickening [Channell and
Mareschal, 1989]. Asymmetric lithospheric thickening
leads to enhanced extension in the adjacent lithosphere but
on one flank only of the collision zone, the other flank
beeing almost devoided of extensional stresses (fig. 3).
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FIG. 3. — Schematic representation of the role of the lithospheric root in
triggering rifting in the adjacent lithosphere [after Channel and Mareschal,
1989]. The downward gravitational force of the dense root induces exten-
sion (1) in the adjacent lithosphere and is responsible for a deformation
event which resembles passive rifting. The mantle flow due to the sinking
of the root brings hot asthenosphere to the base of the adjacent lithos-
phere. This induces thermal erosion (2) leading to a deformation event
which resembles active rifting (2).

FIG. 3. — Représentation schématique du role de la racine lithosphérique
dans la création d'un épisode de rifting dans la lithosphére adjacente
[d aprés Channel and Mareschal, 1989]. La force gravitaire de la racine
lithesphérique dense induit de |'extension (1) dans la lithosphére adja-
cente et est responsable de 'épisode de déformation de type rift passif. Le
Sflux asthénosphérique di a l'enfoncement de la racine lithosphérique en-
traine du matériel mantellique chaud a la base de la lithosphére adja-
cente. Ceci induit une érosion thermique (2) et un épisode de déformation
de type rift actif (2).

THE ASTHENOSPHERIC FLOW

Another process follows from the formation of the mantle
lithospheric root. Its consequence on adjacent lithosphere
has not been fully studied yet but is clearly apparent in nu-
merical simulations. When sinking into the asthenosphere,
the mantle lithospheric root replaces the asthenosphere and
expells it away from the root. This induces an
asthenospheric flow.

The general flow pattern from numerical modelling
clearly shows that downward movement of the mantle
lithospheric root is counterbalanced by upward motion of
the asthenosphere below the adjacent lithosphere [Channell
and Mareschal, 1989] (fig. 3). Considering that the litho-
sphere is sufficiently cool to behave rigidly, the flow pat-
tern is restricted within the asthenosphere, which exhibits a
fluid-like behavior on geologic time scales.

This process brings upward to the base of the litho-
sphere some asthenospheric mantle, which is hotter than
the temperature usually considered to define the lower
boundary of the lithosphere, that is about 1300°C. If such a
process takes place over a sufficient time span, thinning of
the lithospheric mantle by thermal erosion may occur, lead-
ing to volcanism and uplift by isostatic adjustment, in a
way similar to active rifting (fig. 3).

Again, when the lithospheric thickening is asymmetric,
the resulting flow pattern is also strongly asymmetric and
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the ascent of the asthenosphere occurs on one flank of the
collision zone only, as shown by numerical simulations
[Channel and Mareschal, 1989] (fig. 3).

THE MODEL

It has been shown that the formation of a mountain chain
may have important mechanical consequences in the sur-
rounding lithosphere [Fleitout, 1984; Channel and
Mareschal, 1989]. Two different processes may result from
the creation of a lithospheric root : lithospheric extension
and thermal erosion along the base of the lithosphere.

It is doubtful that these two processes are simultaneous.
Once the process of the formation of the lithospheric root is
on the way, a downward gravitational body force acts on
the descending slab. This induces immediate extensional
stresses in the adjacent lithosphere, which may eventually
overcome its strength and produce whole-lithosphere fail-
ure.

By contrast, thermal erosion of the adjacent lithosphere
should be a late process for two different reasons. Firstly,
the lithospheric root must reach a certain depth to induce
significant asthenospheric flow. As shown from numerical
modelling [Channell and Mareschal, 1989], the amplitude
of this flow is directly proportional to the volume of the
asthenosphere replaced by mantle lithosphere. Secondly, as
a thermal effect, it needs time for the hot asthenosphere
brought up to the base of the lithosphere to induce thermal
erosion. As a result, the passive rifting recorded in the adja-
cent lithosphere should predate the active rifting due to the
asthenospheric flow.

We propose to solve the tectonic paradox described in
the Massif Central area by taking into account the mechani-
cal decoupling between the crust and the mantle during the
formation of the Alpine chain. In the Alps, such a process
certainly occurred as demonstrated by geophysical data
which reveal a deep mantle lithospheric root over 220 km
thick [e.g. Panza and Mueller, 1979; Spakman, 1986;
Mueller and Panza, 1986; Babuska et al., 1990]. This corres-
ponds to the Alpine "verschluckungszone" defined by
Laubscher in 1971. The root is in marked contrast with the
LAB depth of about 90-100 km to the west of the Sillon
Houiller, a stable domain since the Hercynian orogeny
which was not-affected by the rifting event [Lucazeau ef
al., 1984; Sobolev et al., 1996].

As expected in the process under consideration, the rift-
ing event in the Massif Central resulting from the formation
of the Alps is two-fold. It initially resembles passive rifting
and is followed a few millions years later by a second stage
which mimics the first stage of an active rifting.

According to geochronological data on high pressure
terranes in the Alps, crustal thickening started in the middle
Eocene. It appears that the lithospheric root could have
been deep enough to generate extension at the time when
the Frontal Penninic thrust developped (i.e. end of
Priabonian or beginning of Rupelian). Then, the time avail-
able to create a significant lithospheric root capable of gen-
erating extension in the adjacent lithosphere would be
about 20 Ma, from the middle Eocene to the end of the
Eocene. The resulting effect in the Massif Central area is
the formation of grabens at sea level which lack volcanism
(fig. 4a). Stretching of the lithosphere took place over
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10 Ma until the end of the Oligocene. From the upper
Oligocene, decompression partial melting occurred in the
zones of greatest lithospheric thinning (i.e. below the
Limagne graben). This scattered volcanism lasted about
15 Ma up to the Upper Miocene. We consider that this first
event of passive rifting ends in the Upper Miocene with the
end of volcanic activity.

The flow pattern in the asthenosphere due to the cre-
ation of the lithospheric root in the Alps induces thermal
erosion along the base of the adjacent lithosphere in the
south of the Massif Central about 15 Ma after the end of the
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I voleanism | T
u -

Wast East
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FPT rrut

: Limagne geaben
Roanne-Montbrison 300w
! grabens 1

syl A
\ J
/ )

Major ALPS
magmatic
West svent i East

FI1G. 4. — The two-fold evolution of the rifting event in the Massif Central
area as explained by the deep lithospheric root of the Alps. A) The forma-
tion of the lithospheric root in Eocene-Oligocene time has induced exten-
sion in the Massif Central, which started by sedimentation at sea level
followed by scattered volcanism in the late Oligocene and lower Miocene.
At that time, the root is supposed to be deeper and steeper than nowadays
as it is coeval with subduction of crustal slices (UHP and HP metamor-
phism), which were exhumed later and outcrop now at the surface. Ther-
mal erosion of this root may also be assumed since the Oligocene B) The
formation of the lithospheric root has induced a mantle flow, which resul-
ted in thermal erosion at the base of the lithosphere trigerring volcanism
and uplift of the whole area from the Upper Miocene to the present-day
(further explanation in the text).

FIG. 4.— Double évolution de ['épisode de rifting dans le Massif central
liée a la création de la profonde racine lithosphérique des Alpes. A) La

Sformation de la racine lithosphérique a I'Eo-Oligocéne a induit de I'exten-

sion dans le Massif central, qui s’est d'abord manifestée par une sédimen-
tation au niveau de la mer, puis par une phase de volcanisme dispersé a
I"Oligocéne supérieur et au Miocéne inférieur. A cette époque, la racine
était probablement plus profonde qu'actuellement et était associée a une
subduction crustale, comme le montre le métamorphisme de ultra-haute
pression dans les unités crustales les plus internes de la chaine. B) La for-
mation de la racine lithosphérique a induit un flux asthénosphérigue sous
le Massif central qui a pour effet une érosion thermique de la lithosphére
et le développement de la phase volcanique majeure contemporaine d’une
surrection du Miocéne supérieur a ’actuel (cf explications dans le texte).
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sedimentation period. This thermal erosion was accompa-
nied by intense volcanism and uplift of the whole area
(fig. 4b). This second event of active rifting propagated to
the north of the Massif Central generating a renewal of vol-
canism after an interruption of about 6 Ma. As expected,
this second phase of volcanism in the north is unrelated to
previous zones of crustal stretching and mainly occurred in
zones of normal crustal thickness (fig. 4b).

The question arises as to why the active rifting event
started earlier in the south than in the north of the Massif
Central and was significantly less developed in the north.
Furthermore, to generate the second stage of magmatism, it
is necessary to produce a thermal anomaly in the upper
mantle of about 200°C [Granet ef al., 1995b; Sobolev et al.,
1996]. This requires that the lithospheric root triggers an
upwelling from a deep thermal boundary layer in the upper
mantle. We feel that the answer to these questions needs
further studies of the flow pattern associated with the sink-
ing of a lithospheric root. Such an understanding of the
deep processes involved during the creation of a
lithospheric root might be achieved by the means of numer-
ical and analogue modelling.

It has been stressed in a companion paper [Michon and
Merle, 2001] that the sedimentary and magmatic evolution
of the Eger graben is surprinsingly similar to that recorded
in the Massif Central. This is hardly a coincidence. When
looking at a map of the depth of the lithospheric root in the
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Alps (fig. 5), it appears that the Alpine root is strongly non-
linear. This may explain the three major segments of the
West European rift, which are linked by large scale trans-
form zones (i.e. The Rhin-Sadne and Franconie transform
zones). Likewise, reactivation of Variscan faults may ex-
plain the slight deviation of these grabens from perfect par-
allelism around the Alpine belt.

CONCLUDING REMARKS

From our study of the Massif Central area, we conclude
that the West European Rift system may result from the co-
eval formation of the deep lithospheric root in the Alpine
chain. Such a process would induce a two-stage rifting
event in the adjacent lithosphere, as shown in the Massif
Central area and the Eger graben. The first stage resembles
passive rifting whereas the second stage mimics the begin-
ning of an active rifting. This hypothesis explains most data
gathered from the north and the south of the Massif Central
area. Further studies on the deep structure of the Rhine
graben and the Eger graben should show if the similar tem-
poral evolution of graben formation, sedimentation and vol-
canism recorded in these areas can be attributed to the same
overall tectonic process.

Acknowledgments. — The authors want to thank Olivier Lacombe,
Jean-Christophe Maurin and Marjorie Wilson for their critical reviews.
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FIG. 5. — Depth to the thermal lithosphere-asthenosphere boundary beneath the Alps showing the localisation of the deep lithospheric root with respect b
the three main segments of the West European Rift (depth of the lithosphere-asthenosphere boundary after Babuska er al. [1990]).

FIG. 5. — Carte de la profondeur du LAB dans les Alpes montrant la position de la profonde racine lithosphérique par rapport aux trois segments princi-
paux du Rift Ouest-européen (profondeur de la racine lithosphérigue d'aprés Babuska et al. [1990]).
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Abstract

The Roer valley rift system (RVRS) is located in the northern prolongation of the upper Rhine Graben. During the Cenozoic, the
evolution of the RVRS was influenced by two different rift systems situated in the North and in the South (the North Sea rift system
and the West European rift system, respectively). During the last decades, moderate seismicity revealed the continuous activity of
the graben border faults (the Peel Boundary fault zone -PBFZ- and the Feldbiss fault zone-FFZ-). We use a high precision digital
elevation model (DEM) to characterize and quantify the present-day deformation along these faults. The fault pattern shows
similarity to a strike-slip structure. However, analysis of the DEM reveals that the Recent to Quaternary formations and landforms
affected by the fault activity are only vertically offset. This suggests a pure normal faulting mode for the main border faults and a
direction of extension perpendicular to the graben (i.e., NE-SW). Quantification of the offset dated markers allows the
determination of the displacement rates along the fault segments. In the southeastern part of the RVRS, the vertical displacement
rates inferred for the FFZ and the southeastern PBFZ range between 55 and 65 mm/ky and around 65mm/ky, respectively. In
contrast, the displacement rates determined for the northwestern segment of the PBFZ are around 200 mm/ky. We explain these
differences between the northwestern and southeastern parts of the RVRS by the large-scale geometry of the graben, the RVRS
being symmetric in the south-east and asymmetric (half-graben) in the north-west. The deformation is accommodated by two border
faults (FFZ and the south-eastern part of the PBFZ) in the south-east and by only one fault in the north-west (the north-western
segment of the PBFZ). In addition, the thickness of the Neogene main depocentre in the northwestern half of the RVRS indicates a
larger amount of extension in this part of the graben than in the south-east. The combination of the graben geometry and the
amount of extension can explain the differences in the displacement rate.
© 2004 Elsevier Ltd. All rights reserved.

1. Introduction

In the past decades, the occurrence of two major
earthquakes in the Roer valley rift system (RVRS)
(Roermond in 1992, M, = 5,8 and Aachen in 2002,
My = 4,9) demonstrated that this rift system is one of
the most active European rift structures. Studies of the
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recent deformation associated with the fault activity
indicate that this seismicity is part of a deformation
process which extends at the graben scale (e.g., Van den
Berg, 1994; Camelbeeck and Meghraoui, 1998; Hout-
gast and Van Balen, 2000). It is generally accepted that
the present-day dynamics of the RVRS is induced by the
Alpine collision (e.g., Ziegler, 1990). The resulting
deformation has mainly been interpreted as dominated
by a NW-SE strike slip motion, where the RVRS
corresponds to a pull-apart graben (Kooi et al., 1991;
Van den Berg, 1994). In such a model, the graben border
faults are expected to be strike-slip faults, as proposed
by Van den Berg (1994). However, this interpretation is
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in disagreement with the present-day local stress field
(NE-SW pure extension) inferred from earthquake focal
mechanisms (Plenefish and Bonjer, 1997). To clarify this
debate, we focus our study on the present-day deforma-
tion along the main fault zones of the RVRS. We use a
high precision digital elevation models (DEM) in order
to characterize the active faults, to quantify the
deformation and to determine the origin of the
present-day dynamics.

The DEMs are located on the most active faults of the
RVRS where the denser and stronger seismic activity
was recorded (i.e., the peel boundary fault zone -PBFZ-
and the Feldbiss fault zone —-FFZ-) (Houtgast and Van
Balen, 2000). Two of the DEMs are situated on the
northwestern and southeastern segments of the PBFZ;
the third area is located on the FFZ.

The goal of this article is (1) to determine precisely the
geometry of the active faults, and (2) to quantify the
vertical and/or lateral offsets related to the fault activity
and the displacement rates along the faults of the
RVRS. We integrate our results at a crustal scale in
order to understand the strong variations of the
displacement rates between the southeastern and north-
western parts of the RVRS.

2. Geological setting

To the north of the upper Rhine graben, the RVRS
corresponds with the northern segment of the West
European Rift (Ziegler, 1988; Michon et al., 2003)
(Fig. 1). The Cenozoic RVRS developed upon the

pre-existing basins of Carboniferous (Campine foreland
basin) and Mesozoic (rift) age. It is structurally related
closely to the Mesozoic basin. During the Mesozoic, the
area was characterized by several periods of subsidence
and inversion, which have reactivated the Variscan
faults (Ziegler, 1990; Zijerveld et al., 1992; Winstanley,
1993; Geluk et al., 1994). During the Cenozoic, the
RVRS was affected by two periods of inversion named
the Laramide phase (early Paleocene) and the Pyrenean
phase (late Eocene-carly Oligocene) and by continuous
subsidence since the beginning of the Oligocene (Geluk
et al., 1994; Michon et al.,, 2003). The subsidence
analysis combined with the study of 2D seismic lines
allows the distinction of two successive periods of
subsidence. During the Oligocene, an ESE-WNW
extension has induced a local subsidence in the south-
eastern part of the RVG, leading to the development of
narrow depocentres (Michon et al., 2003). In contrast,
during the Miocene-Quaternary evolution, the subsi-
dence has mainly affected the northwestern part of
the graben with the formation of a large depocentre. The
shape of the depocentre and the geometry of the
Miocene faults were recently interpreted as the result
of a NE-SW extension (Michon et al., 2003).

The RVRS is part of the lower Rhine embayment.
From south-west to north-east, it consists of the
Campine Block, the Roer valley graben (RVG) and
the Peel Block (Fig. 1). The graben, which is 20 km wide
and 130km long, was controlled by the multi-stage
activity of several major fault zones (PBFZ, Veldhoven
fault zone, Rijen fault zone and FFZ) of Mesozoic or
probably of older age. The PBFZ is a NW-SE oriented

Fig. 1. Location map of the Roer valley rift system (RVRS) within the West European platform. (a) The RVRS corresponds to the northern segment
of the West European rift, which was mainly formed during the Oligocene-Early Miocene period. During the Mesozoic and the Early Tertiary, the
RVRS was the southern end of the North Sea rift system. (b) Tectonic map of the RVRS and the Lower Rhine Embayment. The Roer Valley graben
is bounded in the North by the PBFZ, and in the South by the FFZ, the RFZ and the Veldhoven fault zone (VFZ).
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Fig. 2. Synthetic cross sections based on seismic data perpendicular to the RVRS located in the northwestern (a) and the southeastern (b) parts of the

graben.

100 km long narrow deformation zone composed of the
peel boundary fault and several secondary faults. In the
southeastern part of the RVRS, the FFZ corresponds to
the southwestern limit of the graben. This fault zone is
80km long and is mainly composed of the Feldbiss
fault, the Geleen fault and the Heerlerheide fault.
Synthetic cross sections deduced from 2D seismic lines
reveal that the geometry of the graben changes between
the northern and southern parts (Fig. 2). In the north,
the RVG is an asymmetric graben (half-graben)
bounded by a major fault in the northeast (i.e., the
PBFZ). The thickness of the tertiary sediments progres-
sively decreases towards the southwest and is slightly
affected by small secondary faults (i.e. the Rijen fault).
In contrast, in its southern part, the RVG is a symmetric
graben (full-graben) limited by two important faults
located on each side. In this part, the offsets at the
PBFZ (~1000 m) and the FFZ (~600 m) are of the same
order of magnitude.

Several studies based on geomorphological and DEM
analysis allowed the determination of the Quaternary
faults in the RVRS (e.g., Van den Berg et al., 1994;
Houtgast and Van Balen, 2000). Analysis of gradient
maps (i.e., slope maps) inferred from DEMs with a

100 m step highlighted the occurrence of three main
fault orientations (NW-SE, NE-SW and N-S). On the
peel block and on the southern border of the RVG, the
NW-SE lineaments prevail whereas the central part of
the RVG is characterized by the predominance of the
NE-SW orientation (Van den Berg et al., 1994). Such a
fault pattern has been interpreted as the result of a
present-day strike-slip motion of the RVRS where the
PBZF and the FFZ play the role of the main strike slip
faults (Van den Berg, 1994). Nevertheless, Houtgast
et al. (2002) have recently shown that the FFZ was
characterized by a normal faulting mode during the
quaternary. To solve these antagonist interpretations,
we analyze a high precision DEM in order to quantify
the vertical and lateral displacement along the PBFZ
and the FFZ.

3. Methodology
3.1. DEM analysis

Our study aims to analyze the present-day deforma-
tion of the surface along the RVG border faults (i.e., the
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PBFZ and the FFZ). Three different areas were selected
taking into account the importance of the fault trace in
the field, the location of several trenches dug during
previous studies (Van den Berg et al., 2002; Houtgast
et al., 2003) and the seismicity recorded since the
beginning of the XXth century (Fig. 3). In Limburg
(southern part of the Netherlands), the tectonic activity
of the FFZ was intensively studied by shallow well
analysis, trenching and mapping of the Meuse terraces
(Van den Berg, 1989; Van Balen et al., 2000; Houtgast
et al., 2002). We have also studied this zone with the
DEM in order to compare our results to those obtained
with different approaches. On the PBFZ we have
selected the two most seismic active zones, which are
the Uden area in the northwestern part of the RVG and
the Roermond area in the south-east, as demonstrated
by the occurrence of two large earthquakes during the
XXth century: the Roermond earthquake (M| = 5.8) in
1992 and the Uden earthquake (M| = 5.5) in 1932.
The data on which the DEMs are based were obtained
by laser altimetry (Rijkswaterstaat, 2000). The original
data density is at least one data point per 16 m?, with the
exception of heavily forested areas where the density is
half. The original data have been partly corrected for
outliers, vegetation and buildings, except for urbanized
areas. As the filtering has been made by different private
companies, the quality of the data may vary. The DEM
is constructed from the filtered data by interpolation to
a Sm x 5m grid by inverse-squared distance weighting,
with a footprint of 8 m. By comparison of the laser
altimetry-derived data to reference points the precision
in the horizontal plane is calculated to be less than

30 cm. For the 5Sm x 5m DEM the standard error in the
estimated heights is 16 cm (68% of the data has an error
less than 16 cm).

In the different areas, the surface deformation was
measured from the DEM. For each fault, we determined
several parallel topographic profiles distributed perpen-
dicular to the fault trace. The location of each profile
was selected by taking into account the influence of
human activity, vegetation and erosion and sedimenta-
tion, and the offset values were corrected for these
parameters. Because a fault scarp is continuously
smoothed by erosion, the length of our profiles taken
is large enough (between 600 and 4000 m; average length
around 1200m) to prevent this problem. The offset
value is determined from the difference between the
average elevations of the footwall and the hangingwall
(Fig 4). The comparison of offset values determined
from the DEM with those obtained from shallow well
analysis (Houtgast et al., 2002) and trenching (Van den
Berg et al., 2002; Houtgast et al., this issue) reveals
nearly similar results, which allows a validation of our
method.

We use two types of stable geological markers to
determine the fault motion along the FFZ and the PBFZ:
eolian dunes and Paleo-Meuse terrace boundaries. The
eolian dunes and the fluvial terraces are mainly composed
of sand, which is a material that well records passively
vertical and horizontal deformations as shown in
analogue experiments (e.g., Davy and Cobbold, 1991).
Deformation was studied with young (eolian dunes
—11.5ky-) and old (paleo-Meuse terraces-several 100Kky)
formations in order to cover a larger time scale.

Uden area
400000
'% Peel Boundary
fault zone
C.7L
Y,
Q
/A Roermond
area
350000 Feldbiss /
fault zone
Sittard area
100000 150000 200000 250000

Fig. 3. Location of the three areas covered by the Sm step digital elevation models. The background map corresponds to the distribution of the

recent seismicity recorded by Dutch Seismological Institute (KNMI).
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Fig. 4. Example of several SW—NE trending topographic profiles used to determine the offset between the foot-wall and the hanging-wall on both
sides of the FFZ. Offsets created by the PBFZ activity were determined with the same methodology.

3.2. Age of the formations

The geomorphological and sedimentological evolu-
tion during the most recent geological history (Saalian
to Holocene) of the southeastern part of the Nether-
lands is important to date the fault movements, and, to
some extent, to interpret the fault scarps. Terraces
formed by the Meuse river characterize the landscapes
near Sittard and Roermond. These terraces are well
dated, especially the younger ones, which are used
in our work. The terrace sequence is a consequence of
the long-term uplift of the area (Van den Berg, 1989;
Van Balen et al., 2000), but they are also faulted. The
displacement of the terraces can be used to determine

fault displacement rates and fault pattern (Houtgast
et al., 2002). Periglacial eolian processes have deposited
a blanket of fine sand and loess everywhere in the
study area during the Weichselian Pleniglacial, except
on the Lateglacial to Holocene terraces near the Meuse.
This blanket has probably leveled the fault-related
morphology of pre-Weichselian age. During the late
Pleniglacial and the Lateglacial, dunes were formed in
the Uden and Roermond areas. In the Sittard area, the
eolian deposits are too fine grained (loess) for dune
formation. Near Roermond these dunes are faulted.
More detailed information on the geomorphology and
sedimentology will be given in the discussion of different
areas.
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4. Results
4.1. Geometry of the active faults

The DEM analysis reveals surface escarpments along
the graben border faults, which are not single faults but
correspond to active fault zones composed of parallel
faults.

In the Sittard area (Fig. 5), the Geleen and Feldbiss
faults were already recognized as forming an overstepping
fault system (Houtgast et al.,, 2002). The shaded relief
image indicates that the Geleen fault corresponds to
several adjacent and kilometric-long segments of faults
whereas the Feldbiss fault is a unique and linear fault
(Fig. 5). As indicated by well analysis (Houtgast et al.,
2002), the Geleen fault progressively disappears toward the
South-East where its displacement is taken over by the
Feldbiss fault. The DEM also allows the determination of
the surface deformation generated by the Heerlerheide
fault zone in the Late Saalian deposits (i.e., 130ka). This
fault zone is bounded in the South and the North by two
main normal faults of which the southern limit corre-
sponds to the main fault visible in seismic cross-sections.
Between these two faults, the differential deformation is
accommodated by a 150-200m wide micro-graben. It is

worth noting that the complex geometry of the Heerler-
heide fault zone is directly controlled by a Carboniferous
fault system, which consists in this area of two parallel
faults coincident with the limit of the present-day
deformed area. In the northwestern part of the study
area, the recent activity of the FFZ cannot be recognized
in the young Meuse terraces (3 and 11ka). According to
the displacement rates determined by Houtgast et al.
(2002) for the Feldbiss and Geleen faults (24 and 28 mm/
ky, respectively), the surface displacements associated with
the Feldbiss and Geleen faults are about 0.3m in the
Geistingen terrace (11ka). The anthropogenic activity, the
orientation of the Paleo-Meuse meanders and the standard
error of the DEM probably not allow the detection of such
small surface deformations linked to fault activity. The
fault orientation inferred from the DEM indicates a very
constant trend around N130-140 for the FFZ (Fig. 6a).
In the Roermond area, the surface deformation
generated by the PBFZ activity is visible along a
20 km-long segment (Fig. 7). Contrary to the FFZ in
the Sittard area, the PBFZ corresponds here to a unique
fault with a clear trace on the DEM except between
Neer and Roermond where the Meuse River crosscuts
the PBFZ. This trace has different orientations depend-
ing on the area. In the southern part, the PBFZ presents
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Fig. 5. Geometry of the FFZ in the Sittard area. The shaded relief map is characterized by an artificial illumination from the SW. NW-SE lineaments
corresponds to the FFZ trace while SW-NE lineaments results from paleo-Meuse terrace boundaries as revealed by Houtgast et al., 2002.
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a N145-150 average orientation. The second main the general NW-SE orientation of the PBFZ results in
orientation (N125-130) is represented east of Roermond the Roermond area from the combination of two main
and in the northwestern part of the studied area. Thus, fault trends (N125-130 and N145-150) (Fig. 6b).
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In the northwestern part of the RVRS, the PBFZ
geometry is more complex with the development of two
~14 km-long parallel faults: the peel boundary fault in
the West and the 2nd peel boundary fault in the east
(Fig. 8). From the south-east, these faults present long
and linear traces that are from south to north westward
shifted by two N110-120 fault segments of about 2 km.
In the north, the scarp of the 2nd peel boundary
progressively dies out whereas the deformation due to
the peel boundary fault is still visible in the northwestern
corner of the study area (Fig. 8). In the southern part of
the studied area, the peel boundary fault scarp decreases
south of Uden. Nevertheless, combination of the
elevation map and the shaded relief image indicates

that the fault continues with smaller offsets. Analysis of
the fault orientation reveals the occurrence of three
directions of faults: N110-120, N135-140 and N155-160
(Fig. 6¢). The first trend (i.e., N110-120) corresponds to
the direction of the oblique faults, which control the
lateral shift of the peel boundary fault and the 2nd peel
boundary fault north of Uden. The two other directions
represent the local changes of the PBFZ orientations.

4.2. Characterization of fault motion

Using passive geological markers such as stable eolian
dunes and Paleo-Meuse terrace boundaries, we deter-
mined precisely the fault motion along the FFZ and the

Fig. 8. Geometry of the northern segment of the PBFZ in the Uden area. The shaded relief map is characterized by an artificial illumination from the
NE. Small arrows indicate the location of the escarpments associated with the fault activity.
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PBFZ. In the Sittard area, the lack of lateral offset and
the important vertical deformation (i.e., up to 7.2m) of
the Paleo-Meuse terrace limits where they crosscut the
FFZ suggests that the faults representing this trend are
pure normal faults since at least 330ky (i.e., age of
the older Meuse terrace boundary in the studied area)
(Fig. 9a). East of Roermond, the vertical displacement
of recent geological formations, like eolian dunes and
meander scroll bars, without any lateral component
indicates that the southeastern part of the PBFZ is
characterized by pure normal faulting since 12.9ky (i.e.,
age of the scroll bars) (Fig. 9b). West of Roermond, a

similar fault motion is determined as the limit of the
Late Pleniglacial terrace present a vertical offset of
about 1 m with no lateral displacement (Fig. 9¢). Like in
the Roermond area, passive markers of the deformation
(i.e., eolian dunes) in the Uden area indicate that the
PBFZ is characterized by a normal faulting mode in its
northwestern part (Fig. 9d).

4.3. Quantification and age of the deformation

The use of a high precision DEM allows determina-
tion of the escarpments associated with the fault

Fig. 9. Deformation of the eolian dunes and paleo-Meuse terraces induced by tectonic activity (see the black arrows for fault location). (a) In the
Sittard area, the terrace boundaries (black lines) present a vertical displacement without any lateral offset. Increasing elevations are represented by
black, gray, green, blue, yellow and red colors. (b) East of Roermond, the PBFZ activity deforms an eolian dune in the vertical plane only, proving
the pure normal mode of deformation of the PBFZ. (c) West of Roermond, the vertical deformation of the Late Pleniglacial terrace limit and the
eolian dunes confirms this fault motion for the southeastern part of the PBFZ (same color scale than A). (d) In the Uden area, the PBFZ, which is
composed by two parallel faults offsets the eolian dunes only vertically proving that the PBFZ is a pure normal fault (same color scale than A).
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activity. Knowing the age of the Paleo-Meuse terraces
upper part (i.e., when the river abandoned the terrace)
and the age of eolian dune formation, which are affected
by the tectonic activity, we have deduced displacement
rates along the FFZ and the PBFZ.

4.3.1. Sittard area

In this part of the RVRS, the FFZ is crossed by the
Meuse river. Uplift of the area South of the FFZ
caused the Meuse river to incise during the Pliocene and
the Quaternary, and as a consequence, a flight of
terraces was formed (e.g. Van den Berg, 1989; Van Balen
et al., 2000; Houtgast et al., 2002). The terrace deposits
are often covered by eolian deposits, mainly sandy
loess (Miicher, 1986). The terrace deposits are underlain
by tertiary Breda or Kiezelooliet formations, which
consist of fine to coarse sands (Felder et al., 1989).
Due to northwestward tilting, terrace remnants are
preserved mainly on the east bank of the Meuse river
valley. The Meuse terraces in South Limburg have
been the subject of many studies and have been
extensively described (for an overview see Houtgast
et al., 2002). Five terrace levels can be discriminated in
the study area.

The oldest terrace in the study area is the Caberg-1
terrace (Fig. 10a). By interpolation and by correlation to
the 8'80 curve of ODP 667 the age of this terrace is
estimated at 420ka (Van den Berg, 1989; Houtgast et
al., 2002). Similarly, the next younger terrace, Caberg-2,
is estimated at 330 ka. The Caberg-3 terrace is dated by
thermoluminescence and paleontological remains at
250+20ka (Huxtable and Aitken, 1985; Van Kolfscho-
ten et al., 1993). By correlation to the 8'0 curve of
ODP 667, the Eisden—Lanklaar terrace is estimated to
be 130ka (Van den Berg, 1989; Houtgast et al., 2002).
An important stratigraphic characteristic of the next
younger terrace, the Geistingen terrace, is the complete
absence of eolian coversands. Consequently, this terrace
was formed during or after the last period of coversand
deposition, i.e. during or after the Younger Dryas
period (Paulissen, 1973), estimated at 11.5cal (calibra-
ted) ka BP (10ka Q).

In the Sittard area, 14 topographic profiles perpendi-
cular to the Geleen and Feldbiss faults are used
to determine the offsets related to fault displacements
(Fig. 10a). On the Geleen fault, the escarpment reaches a
maximum value of 7.4m in the central part of the fault
(i.e., on the Caberg-3 terrace). From this location, the
surface deformation decreases progressively toward the
south-east and abruptly toward the north-west down to
4.1 m (Fig. 10a). In more detail, the surface deformation
created by the fault activity for each terrace is maximum
in its northwestern part and decreases progressively
toward the south-east. The deformation along the
Feldbiss fault has been determined from 7 topographic
profiles distributed on terraces dating between 130 and

420ky. These profiles show (1) a general step-like
increase of the offsets from the youngest to oldest
terraces and (2) a slight increase of the surface
deformation toward the south-east for each terrace
(Fig. 10b). Topographic profiles CSF7 and CSF8 show
again an increase of the displacement linked to the
Feldbiss fault. However, in this part of the Sittard area,
the surface of the Caberg-1 terrace is covered by a thick
loess deposit, forming a ridge (see Fig. 8 in Houtgast et
al., 2002). The surface topography then corresponds to
the accumulation of the deformation associated to the
Feldbiss fault activity and the preexisting topography of
the Caberg-1 terrace.

Considering the offsets determined from the DEM
analysis and the age of the Paleo-Meuse terraces, we
calculated displacement rates along the Geleen and the
Feldbiss faults (Fig. 10b). As previously demonstrated
by analyses of borehole data by Houtgast et al. (2002),
the displacement rate along the Geleen fault decreases
toward the south-east. In the northwestern end of the
visible Geleen fault, the displacement rate is around
33mm/ky and it decreases progressively down to
14.5mm/ky in its south-eastern extremity. It is impor-
tant to note that the values obtained from the
offset at the base of the terrace (Houtgast et al., 2002)
and from the surface deformation are nearly similar.
Consequently, the deformation observed at the surface
mainly results from tectonic activity and was hardly
affected by differential erosion and sedimentation
between the footwall and the hangingwall. Contrary to
the Geleen fault, the Feldbiss fault presents an increase
of the displacement rate toward the south-east. On
the Eisden—Lanklaar terrace, the displacement rate
inferred from the offset of 3.8 m is 29.2mm/ky. The
rate progressively increases up to 39 mm/ky determined
for a displacement of 12.9m affecting the Caberg-2
terrace. The offset values deduced for topographic
profiles CSF7 and CSF8 being partly wrong (see
discussion in the previous paragraph), we do not
incorporate the displacement rates for these profiles in
our study. Although the general tendency observed for
the variation of the displacement rate along the
Feldbiss fault is similar for the present study and that
of Houtgast et al. (2002), the exact values of the
displacement rates are different: Eisden-Lanklaar
19 mm/ky, Caberg-3 26 mm/ky and Caberg-2 31 mm/
ky. However, results of a recent study of a trench across
the Feldbiss fault showed that the offset value at the
Caberg-3 terrace obtained by Houtgast et al. (2002)
from an analyses of borehole data were underestimated
by about 50% (10 m instead of 6 m; Houtgast et al., this
issue).

4.3.2. Roermond area
In this study area the Meuse river crosses the PBFZ.
During the late Saalian to Holocene time interval the
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Fig. 10. (a) Location and age of the paleo-Meuse terraces in the Sittard area (after Houtgast et al., 2002). Dashed lines represent the limits of the
paleo-Meuse terraces. The topographic profiles used in the present study are represented by black linear segment named CSG for the Geleen fault
and CSF for the Feldbiss fault. (b) Evolution of the escarpment (thin lines) and the displacement rate (thick lines) along the Geleen and Feldbiss
faults. The same vertical scale and different units are used for the displacement rates and the offset. Profiles CSF7 and CSF8 (thick dashed lines) are
not integrated in the study as the escarpment is disturbed by the development of a valley and by an important loess deposit.
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Meuse river formed an incised valley in this study area
(Zonneveld, 1974; Van den Berg, 1989) with terraces
which can be correlated southward to the Sittard area
(see above) and northward, across the peel block, to the
border of the Rhine-Meuse delta (Zonneveld, 1974;
Huisink, 2000). The terraces are covered by eolian
sandsheet deposits. The most characteristic terrace in
the study area has a ridge and swale morphology, which
was formed by a meandering river (Paleo Meuse).
Similar river terrace fragments have been documented
further downstream (e.g. Huisink, 2000), and dated at
an Allerod age (12.9calkaBP, 11.0 "*Cka). The next

lower terrace is characterized by a relatively straight,
braided river channel pattern. This terrace is also
documented further downstream and dated at a
Younger Dryas age (11.5calkaBP, 10.0 '*Cka). The
terrace gradients resulting from the downstream corre-
lation are in line with the present-day river gradient,
confirming the correlations. On the south-eastern side of
the Meuse valley, the Allered terrace is cut in to an older
terrace of either Pleniglacial (Zuidam, 1980) or late
Saalian (Zonneveld, 1974) age (Fig. 11a). A late Saalian
interpretation is supported by the vertical position of a
river terrace on the other side of the Meuse valley, to the

Fig. 11. Age and deformation of the Quaternary formations used in the Roermond area for the determination of the displacement rates on the
eastern (a) and western (b) sides of the Meuse river valley. For each topographic profile the name and the offset value are indicated. Gray and blue
colors and yellow and red colors correspond to low and high elevation, respectively.
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west of Roermond (Fig. 11b), which is of Pleniglacial
age according to Van den Berg et al. (2002). This terrace
is in a morphological lower position than the terrace
level under consideration, but higher than the Allered
level. A Pleniglacial age, on the other hand, is consistent
with the local geology. Eolian dunes of Younger Dryas
age are located on top of the terrace (Fig. 11a). The
dunes are displaced by the PBFZ. Drilling into the
dunes revealed that floodplain loam deposits are
preserved in between the base of the dune and the
eolian top of the underlying terrace, with an equal
thickness on both sides of the fault. Given their distance
of less than 200m to the Allerod channel and their
stratigraphic position, the most likely age for these
loams is Allered. This interpretation favors a Plenigla-
cial age of the terrace deposits underlying the loam. In
any case, the late Pleniglacial sand sheet deposits on top
of the terrace will have partly or completely leveled the
fault scarp morphology, which is confirmed by the
similar thickness of the loam (post-dating the eolian
sand sheets) on both sides of the fault.

Analysis of the fault segment located on both sides of
the Meuse river allows determination of the offsets
induced by a fault activity (Fig. 11). East of Roermond
(i.e., on the eastern side of the Meuse river valley),
the offsets determined from the topographic profiles
CSPS4, CSPS5 and CSPS6 at the top of the Allered
terrace vary between 0.7 and Im (average value of
0.85m) (Fig. 11a). Considering the age of the terrace,
this suggests an average displacement rate of 66 mm/Ky.
East of the Allered terrace, the offsets range between
I m (CSPS3) and 1.6m (CSPS1) at the top of the Late
Saalian or Pleniglacial terrace. The high values deduced
South-East of the eolian dune can result either from a
larger tectonic activity in the southeastern part of the
study area or from a remnant offset which was not
completely leveled during the emplacement of the
sandsheet. Assuming that the sandsheet, covering the
terrace dates from the late Pleniglacial, we obtain
displacement rates ranging from 69 to 111 mm/ky.
Finally, the Younger Dryas eolian dune affected by
the fault activity has an offset of 0.9m at its base and
0.8m at the top (offset estimated from the envelope
curve), which indicates a displacement rate of 70 mm/Ky.
On the western side of the Meuse river valley, the offsets
inferred from the topographic profiles at the top
ofthe Pleniglacial terrace vary between 0.9 and 1.2m
(Fig. 11b). A similar value (0.9—1 m) was observed in a
trench dug at the same location as the topographic
profile CSPS7 (Van den Berg et al., 2002). According to
our values, the average displacement rate is around
65mm/ky for this segment of the PBFZ; the high
displacement rates obtained from the topographic
profiles CSPS1 and CSPS2 do not represent a larger
tectonic activity but probably results from a remnant
offset before the deposition of the sandsheet.

4.3.3. Uden area

Tectonically, the Uden area is situated at the north-
eastern rim of the RVRS. The Roer valley graben is
situated to the southwest of the fault scarps, the peel
block is to the northeast. As a result, the subsurface
geological build-up is quite different in terms of the
completeness and thickness of the Cenozoic deposits
(Van den Toorn, 1967; Bisschops, 1973; Van Balen
et al., 2000). During the early Pleistocene the RVG was
a depocentre for the Meuse as well as the Rhine river.
However, during the early Middle Pleistocene the Rhine
took abruptly a more northward directed course,
whereas the Meuse changed its course gradually north-
wards, leaving deposits on the peel block. After the
Meuse left the area, local fluvial and eolian deposits
were formed. Thus, the shallow geology of this area
consists of middle Pleistocene Meuse deposits (Veghel
formation; younging in a northeastward direction)
overlain by eolian and local fluvial deposits of late
Pleistocene age (Elsterian up to Weichselian in age),
which in turn is locally overlain by Holocene peat. The
largest landform in the Uden area is a wide flat area of
late Pleniglacial sand sheet deposits, which formed in
response to permafrost degradation (Rijks Geologische
Dienst, 1983). The age of these sheet deposits is
16-14.4calka BP (14-12.5 '*C Ka; Kasse, 1999). On
this planation surface eolian ridges (ER) and eolian
dunes (ED) of late Belling to Younger Dryas/early
Holocene age (14.4-10.5calkaBP; 12.59.0 '*Cka;
Kasse, 1997; 1999) were formed by remobilization of
the sand (Fig. 12). The dunes and ridges were
reactivated during the middle ages as a result of farming
activities. Some of them are still active at present, as
evidenced by a lack of soil on top of them. The uplifted
peel block is dissected by gullies (Fig. 12). The formation
of the gullies is related to permafrost conditions,
inducing enhanced surface runoff and, as a result,
overdeepened fluvial valleys. They are, in origin, slightly
older than the late Pleniglacial sand sheet deposits.
Remnants of a small river valley are present West of the
city of Uden. The valley has enhanced the size of the
escarpment by fluvial incision into the late Pleniglacial
eolian planation surface along the fault trace. The
former river course was blocked by the formation of the
dunes (ED) and ridges (ER); the river now takes a more
westward course. Therefore the age of the valley is also
late Pleniglacial. In the northeastern corner of the study
area a small patch of the late Pleniglacial terrace (LPG)
of the Meuse river is indicated (Fig. 12).

The PBFZ is represented by two parallel faults, which
have induced the formation of parallel fault scarps
(Figs. 8 and 12). Although the offset located at the fault
escarpment can be easily determined, the amount of
displacement due to tectonic activity is hard to assess.
The human activity and the fluvial erosion along the
scarp have potentially disturbed the original fault scarp.
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Fig. 12. Age and deformation of the Quaternary formations along peel
boundary fault and the 2nd peel boundary fault in the Uden area. Blue
and yellow colors correspond to low and high elevation, respectively.

For the peel boundary fault, the topographic offsets
range between 1.9 and 7m, with the lowest values in the
northern part of the fault and the highest values West of
Uden (Fig. 12). Given the occurrence of fluvial erosion
and the development of gullies in the southern segment
of the peel boundary fault, we consider that the offset
values are not constrained enough to determine dis-
placement rates. In contrast, the northern segment (i.e.,
North to the last gully) was preserved from important
erosion, and the offsets (between 1.9 and 3.3 m) are most
likely related to fault activity. In this part, the
displacement rates range between 132 and 229 mm/ky
with an average value around 184 mm/ky.

The offsets determined along the 2nd peel boundary
fault vary between 1.7 and 4.4m (Fig. 12). Two of the
nine topographic profiles give peculiar offset values. In
the northern part, the location of the northern
topographic profile in a gully can explain the relatively
small offset (1.7m; leveled by erosion). In the central
part, the second offset value (2.6 m) may result from the
presence of an eolian dune on the hanging-wall (Fig. 12),
leading to an underestimation of the real offset. Besides

these two wvalues, the topographic profiles show a
homogeneous deformation along the fault with an
average offset of about 4m. If we assume that this
deformation is post late Pleniglacial, the average
displacement rate is higher along this fault than along
the peel boundary fault. However, it is very likely that
the 4m offset partly corresponds to a remnant offset
(i.e. older than late Pleniglacial). The emplacement of
the late Pleniglacial sandsheet from the West has
induced a differential coverage in the RVG and the
peel block, controlled by the morphology. Conse-
quently, we propose that the peel boundary fault scarp
was leveled during the late Pleniglacial, whereas the
scarp of the 2nd peel boundary fault was only
smoothened. The displacement rates inferred from the
offset values then correspond to an overestimation,
which cannot be quantified.

5. Discussion

From the geometry of the active faults, Van den Berg
et al. (1994, 2002) and Camelbeeck and Meghraoui
(1998) have proposed a strike slip motion along the
border faults of the RVRS. Van den Berg et al. (2002)
consider the PBFZ as a left lateral strike slip fault zone
and the FFZ as characterized by a right lateral motion.
In contrast, Camelbeeck and Meghraoui (1998) interpret
the en echelon pattern of the FFZ as the result of left
lateral extension. These interpretations are in disagree-
ment and they do not fit with the NE-SW direction of
extension deduced from the analysis of earthquake focal
mechanisms (Plenefish and Bonjer, 1997).

Although the DEM analysis reveals a fault geometry
compatible with a strike slip motion of the major faults,
the vertical displacement of passive markers like eolian
dunes and the limit of fluvial terraces indicates a pure
normal faulting mode for the late Quaternary period,
related to a NE-SW extension. This apparent paradox
can be solved taking into account the role of the
structural inheritance in the location and the geometry
of the active faults. It has been recently shown that the
orientation of the active faults during the Mesozoic and
the Cenozoic periods was identical whatever the paleo-
stress field (i.e., Triassic extension, Late Cretaceous N—S
compression, Miocene NE-SW extension) (Michon
et al., 2003). The age of the structural inheritance is at
least Carboniferous and most likely Caledonian (Thorne
and Watts, 1989; Houtgast et al., 2002). As these
geological events were characterized by the development
of large NW-SE strike slip faults (i.e., the Peel Boundary
fault and the Feldbiss fault), the fault pattern, which
is reactivated in normal faulting mode during the
Quaternary is similar to a strike slip fault pattern.

In the different areas, the orientation of the active
fault slightly differs (Fig. 6). In the Sittard area, the
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faults are grouped in a single N130-135 oriented
trend, whereas in the Uden area, three distinct direc-
tions are distinguished (i.e., N110-120, N135-140 and
N155-165). Integration of the geometry of the Miocene
faults makes it possible to explain this difference. For
the Miocene period, the border faults of the south-
eastern part of the RVRS are characterized by a
constant NW-SE direction (Fig. 13). In contrast, the
PBFZ in the North-West is composed of the peel
boundary fault itself and by N110-120 oriented oblique
faults, which have partly controlled the graben sub-
sidence during the Miocene (Michon et al., 2003). The
coeval activity of the different fault trends during the
Miocene and the Quaternary suggests (1) that
the Miocene structural inheritance has controlled the
development of the Quaternary faults and (2) there was
a similar stress field for the Miocene and Quaternary
periods. The superposition of the Miocene and
Pleistocene  depocentres  strongly supports  this
interpretation. Finally, one can note in our study the
lack of the NE-SW trend determined by Van den Berg
et al. (1994) and Houtgast and Van Balen (2000) from a
100m step DEM. The lack of such an orientation is
confirmed by inspection of seismic lines, which show
that the Mesozoic and Cenozoic sedimentation is
never affected by NE-SW faults. Apparently, the
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NE-SW lineaments represent other
features, like eolian ridges.

The use of high precision DEM has allowed deter-
mination of displacement rates along the PBFZ and the
FFZ. In the Sittard area, the global displacement rate
for the FFZ (i.e., the Geelen fault and the Feldbiss fault)
shows small-scale lateral variations ranging from
50mm/ky in the SE (the Caberg-2 terrace) up to
62.2mm/ky in the NW (the Eisden—Lanklaar terrace).
Such a variation, which was already recognized by
Houtgast et al. (2002), suggests a slightly nonlinear
deformation along the FFZ since 330 ka. In the northern
prolongation of the FFZ, Camelbeeck and Meghraoui
(1998) have determined a displacement rate of the same
order of magnitude (80440 mm/ky), which indicates a
large-scale constant deformation of the FFZ. In the
Roermond area, our study has shown a similar constant
deformation along the PBFZ with an average displace-
ment rate of about 65mm/ky. This displacement rate
drastically increases in the northern segment of the
PBFZ (Uden area) where it reaches an average value of
184 mm/ky. We have already shown in a previous
section that fluvial erosion in the Uden area could
have disturbed the scarp geometry and in consequence
the determination of the displacement rate. However,
two independent studies based on the reconstructed

geomorphic

420000 4

Rijen fault
400000+

- 51°30

Veldhoven
fault

\

380000+

360000

E -
110-120
5-140

55-165

o)
:/
/:
Q ‘
<

~

125-130

T T T
100000 120000 140000

340000- N

320000 L
160000

E
)\}45_150
NS
\
\
\
N

N130-135

5°30

T + T
180000 200000 220000

Fig. 13. Comparison of the geometry of the Miocene faults of the RVRS and the orientation of the Quaternary faults determined in the studied areas

from the DEM analysis.



472 L. Michon, R.T. Van Balen | Quaternary Science Reviews 24 (2005) 457474

Holocene paleogroundwater levels along the Rhine and
Meuse rivers (north of the Uden area; Stouthamer and
Berendsen, 2000) and the distribution of a fluvial unit
containing pumices from the Laacher See eruption
(11063 BP; Verbraeck, 1990) have revealed similar
displacement rates of the PBFZ (between 130 and
300 mm/ky, and 181 mm/ky, respectively). In addition, a
recent study by Cohen et al. (2003) of the deformation
of the top of the late Pleniglacial terrace by one of the
faults of the PBFZ, probably the 2nd peel boundary
fault, gave a time-averaged displacement rate of 60 mm/
ky. Consequently, the high displacement rate values
obtained from the DEM analysis are real and they
represent a strong increase of the deformation along the
northern segment of the PBFZ.

We propose to explain these displacement rate
differences by taking into account the large-scale
geometry of the RVRS. First the RVRS has a different
geometry in the northwestern and southeastern parts
(Fig. 2). In the south-cast, the graben is nearly symmetric
and the deformation is accommodated by two main
border faults (the PBFZ and the FFZ). The structural
profile determined from seismic sections shows that the
PBFZ was more active (i.e., larger offset of the base of
the Miocene formation) than the FFZ since the beginning
of the Miocene. For the Quaternary period, we also
demonstrate that the PBFZ is around 20-30% more
active than the FFZ. In the north-west, this geometry
changes. The RVRS is from a structural point of view an
asymmetric graben bounded by only one major fault, the
PBFZ, which accommodates the main deformation. With
a similar amount of extension, the displacement rate

along the northern segment of the PBFZ (around
184 mm/ky) should roughly correspond to the sum of
the displacement rates along the PBFZ and the FFZ in
the southeastern part (around 120 mm/ky). The differ-
ence suggests that another mechanism occurred.

The distribution of the Neogene sediments shows the
development of a main Neogene depocentre in the
northwestern part of the RVRS with the accumulation
of 1200m of sediments (Fig. 14). During the same
period, the subsidence was 33% less active in the
southeastern part with the deposition of around 800 m
of sediments. During the Quaternary, the evolution
continued with the superposition of the Miocene and
Quaternary depocentres (Houtgast and Van Balen,
2000). Assuming that the development of the depocentre
is linked to a larger amount of extension in the
northwestern part than in the southeastern half, the
deformation accommodated by border faults should be
more important in the north-west than in the south-east.
The difference between the displacement rates deter-
mined for the northwestern and southeastern parts is
around 35% (184 mm/ky in the north-west and 120 mm/
ky in the south-east). The nearly similar values for the
difference of the subsidence and for the displacement
rate difference suggest that the subsidence in the RVRS
is mainly fault-controlled. The same conclusion was
made by Houtgast and Van Balen (2000) based on
analyses of the bore-hole record in the RVRS. Thus, the
different displacement rates determined for each studied
area can be explained by the contribution of the large
scale-geometry and a differential extension between the
northwestern and southeastern parts of the RVRS.

N
(]
420000 -
400000 A %, -
S, \
O
<09
380000 -
500
360000 % . -
N
( . d € y
T T xlk T T @t\ /( -
100000 120000 140000 160000 180000 200000 220000

Fig. 14. Thickness map of the Neogene sedimentation showing the location of the main depocentre. The numbers indicate the thickness of Neogene
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6. Conclusion

The active faulting of the RVRS was studied with a
high precision DEM. We show that the use of such a
DEM is essential to determine and quantify the
neotectonics of the province. The geometry of the active
faults, which is compatible with strike-slip motion,
results from the interaction between the present-day
stress field and the Paleozoic and Mesozoic structural
inheritance. The vertical displacement, which affects the
Quaternary geological formation along the FFZ and the
PBFZ reveals that the border faults of the RVRS are
characterized by a pure normal faulting mode without
significant lateral motion. In consequence, we claim that
the present-day stress field is responsible for a NE-SW
extension (perpendicular to the graben). This direction
of extension is similar to the one obtained from the
analysis of the earthquake focal mechanisms (Plenefisch
and Bonjer, 1997). In the graben, the superimposition of
the Miocene and Quaternary depocentres suggests that
this stress field was constant since the beginning of the
Miocene. At a regional scale, the RVRS Miocene to
present-day stress field could be explained by the left-
lateral motion of the upper Rhine graben induced by a
general NW main compression direction associated with
the collision between the African and Eurasian plates
(Fig. 16 in Michon et al., 2003).

The displacement rate values determined along the
FFZ and the PBFZ show that the northwestern part of
the RVRS is significantly more active than the south-
eastern part. The difference may result from the
combination of a differential amount of extension
between the northwestern and southeastern parts
and a different large-scale geometry of the graben
in the North-West (half-graben) and the South-East
(full-graben).
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Abstract

The Roer Valley Rift System (RVRS) is located between the West European rift and the North Sea rift system. During the
Cenozoic, the RVRS was characterized by several periods of subsidence and inversion, which are linked to the evolution of the
adjacent rift systems. Combination of subsidence analysis and results from the analysis of thickness distributions and fault
systems allows the determination of the Cenozoic evolution and quantification of the subsidence. During the Early Paleocene,
the RVRS was inverted (Laramide phase). The backstripping method shows that the RVRS was subsequently mainly affected
by two periods of subsidence, during the Late Paleocene and the Oligocene—Quaternary time intervals, separated by an
inversion phase during the Late Eocene. During the Oligocene and Miocene periods, the thickness of the sediments and the
distribution of the active faults reveal a radical rotation of the direction of extension by about 70—80° (counter clockwise).
Integration of these results at a European scale indicates that the Late Paleocene subsidence was related to the evolution of the
North Sea basins, whereas the Oligocene—Quaternary subsidence is connected to the West European rift evolution. The
distribution of the inverted provinces also shows that the Early Paleocene inversion (Laramide phase) has affected the whole
European crust, whereas the Late Eocene inversion was restricted to the southern North Sea basins and the Channel area.
Finally, comparison of these deformations in the European crust with the evolution of the Alpine chain suggests that the
formation of the Alps has controlled the evolution of the European crust since the beginning of the Cenozoic.
© 2003 Elsevier Science B.V. All rights reserved.
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1. Introduction

North of the Upper Rhine Graben (URG), the Roer
Valley Rift System (RVRS) corresponds to the north-
ern segment of the European Cenozoic rift system
described by Ziegler (1988) (Fig. 1a). The Cenozoic
RVRS developed upon pre-existing basins of Carbon-

* Corresponding author. Fax: +31-30-256-46-05.
E-mail address: 1.michon@hnitg.tno.nl (L. Michon).

iferous (Campine foreland basin) and Mesozoic (rift)
age. It is structurally closely related to the Mesozoic
basin. During the Mesozoic, the area was character-
ized by several periods of subsidence and inversion,
which have reactivated the Variscan structural trends
(Ziegler, 1990; Zijerveld et al., 1992; Winstanley,
1993; Geluk et al., 1994). During the Cenozoic, the
RVRS was affected by two periods of inversion
named the Laramide phase (Earliest Tertiary) and
the Pyrenean phase (Late Eocene—Early Oligocene)
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Fig. 1. (a) Location map of the Roer Valley rift system (RVRS) in northwestern Europe. (b) Tectonic features of the Lower Rhine Embayment
and the RVRS. The insert corresponds to the studied area covered by the seismic interpretation. (c¢) Location map of the deep wells used for the
subsidence analysis and the additional wells. The background image is a seismic interpretation of the thickness of the Tertiary sediments. See

Appendix A for the name of the wells.

and by continuous subsidence since the beginning of
the Oligocene (Geluk et al., 1994; Houtgast and Van
Balen, 2000). Preserved Late Oligocene—Early Mio-
cene marine sediments on the Rhenish Massif dem-
onstrate that the Roer Valley Graben (RVG) was
connected to the URG (Murawski et al., 1983; Sis-
singh, 1998), indicating a common evolution during at
least this period. A close relationship between these
two grabens is also suggested by the distribution of
the earthquake focal mechanisms in the northern part
of the URG and the RVG which indicate a present-day
NE-SW extension in both areas (Plenefisch and
Bonjer, 1997).

Structurally, the RVRS is part of the Lower Rhine
Embayment and consists from southwest to northeast
of the Campine Block, the RVG and the Peel Block
(Fig. 1b). The graben, which is 20 km wide and 130
km long, has been controlled by the multi-stage
activity of several major fault zones (Peel Boundary

fault zone, Veldhoven fault zone, Rijen fault zone and
Feldbiss fault zone) of Mesozoic or (probably) older
age. The different activity of these fault zones has
induced the formation of a present-day asymmetric
structure with the main offsets located along the Peel
Boundary fault zone.

The aim of this paper is to determine precisely the
Cenozoic evolution of the RVG and the paleo-stress
fields that have caused the reactivation of this struc-
ture. This study is based (1) on subsidence analysis
inferred from deep wells situated in the graben and on
its shoulders and (2) on inspection of maps (depth of
base Late Cretaceous, base Tertiary and base Miocene
sedimentation) resulting from mainly 2D and 3D
seismic interpretation. The combination of these two
approaches allows the quantification of the tectonic
subsidence and determination of fault activity during
the different Cenozoic time periods. For each period
of sedimentation (or erosion), the characteristics of
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subsidence and the paleo-stress field can be deduced.
Nevertheless, the density of seismic lines is not high
enough to allow observation of small-scale tectonic
structures (e.g., en echelon folds), which could pro-
vide additional information on the paleo-stress field.
Comparison with the Cenozoic evolution of the sur-
rounding rift systems (i.e., European Cenozoic rift
system and the southern North Sea rift) allows to
integrate the RVG evolution at a European scale. Our
results are partly in agreement with the paleo-stress
field orientations inferred from microtectonic data
(e.g., Villemin and Bergerat, 1987). We discuss in a
later section the potential origin of the differences
found for the Late Eocene and Oligocene periods.

Subsidence analysis determines the tectonic sub-
sidence apart from the total subsidence by applying the
backstripping method (e.g., Van Hinte, 1978; Zijerveld
et al., 1992). The other components of evolution are,
for example, isostasy and compaction. The subsidence
analysis is based on the analysis of 16 deep wells
distributed in the graben and on its shoulders (Fig. 1c
and Appendix A). Six of these wells have already been
studied by Zijerveld et al. (1992). However, the large
time frame studied in their work (250 Ma) does not
provide detailed information concerning the Cenozoic
evolution of the RVRS. In this paper, the tectonic
subsidence of the Cenozoic time interval is studied
in more detail and it is supplemented by the results for
10 additional wells, in order to determine the subsi-
dence distribution and to assess the development of
depocentres through time.

Although subsidence analysis provides fundamen-
tal information concerning the quantification of tec-
tonic subsidence, the spatial distribution is poorly
constrained. To close this gap of information, we have
studied 25 additional deep wells for which the strati-
graphic data are not detailed enough for backstripping
analyses, but can still help to define the dynamics of
each block and the tectonic activity for each period
(Late Cretaceous—Early Paleocene, Late Paleocene,
Early Oligocene, Late Oligocene and Miocene—Qua-
ternary). Thus, altogether 41 wells are used to con-
strain the spatio-temporal distribution of the subsi-
dence during the Cenozoic.

The Netherlands Institute of Applied Geoscience
TNO-National Geological Survey has recently pub-
lished the map sheets XIII and XIV of the Geological
Atlas of the Subsurface of the Netherlands (NITG-

TNO, 2001). These maps, which represent the depth
and the thickness of several horizons, have been
inferred from 2D and 3D seismic interpretation. For
the Cenozoic period, maps corresponding to the “base
Tertiary” (base Late Paleocene) and base Miocene
(Breda Formation) horizons were created, allowing
the thicknesses of the Paleogene and Neogene sedi-
ments to be determined. An additional map corre-
sponding to the thickness of the Chalk deposits (Late
Cretaceous—Early Paleocene) has been used in the
present study in order to determine the deformation
caused by the Laramide phase in the beginning of the
Cenozoic.

2. Geological setting and fault system

The RVRS is the southwestern part of the Lower
Rhine Embayment. Located in Belgium, Germany
and the Netherlands, it consists of, from southwest
to northeast, the Campine Block, the Roer Valley
Graben and the Peel Block (the Campine and Peel
Blocks corresponding to the RVG shoulders). The
southeastern end of the RVRS is formed by the Erft
Block, which is not in the prolongation of the RVG
but shifted towards the northeast (Fig. 1b). In the
northwest, the West Netherlands Basin is the contin-
uation of the Mesozoic RVRS. The transition area
between these two Mesozoic structures is character-
ized by a sedimentation and a fault pattern which has
similarities with both grabens.

During the Mesozoic, the RVRS was affected by
several periods of subsidence. Between the Late
Permian and Early Triassic, the RVRS was character-
ized by thermal subsidence and minor fault activity as
attested by a thick homogeneous sedimentation in the
RVG, on the Peel Block and on the Campine Block
(Zijerveld et al., 1992; Winstanley, 1993). Contrary to
this period, the Late Jurassic—Early Cretaceous evo-
lution corresponds to a major rifting event during
which the RVG has strongly subsided, and the Peel
and Campine Blocks were uplifted (Zijerveld et al.,
1992; Geluk et al., 1994). Subsidence was controlled
by the reactivation of the main Variscan faults in a
normal faulting mode (the Peel Boundary fault zone,
the Rijen fault zone and the Veldhoven fault zone).
Most of the sediments deposited during this period
have been later eroded during the first Late Creta-
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ceous inversion event (Winstanley, 1993). A second
phase of inversion, characterized by two pulses,
occurred during the latest Late Cretaceous and the
earliest Tertiary, contemporaneous with a general
transgression. In the RVRS, the erosion or the lack
of sedimentation of Chalk (Cenomanian—Danian)
deposits renders the distinction between these two
pulses of inversion impossible. The resulting sedi-
mentation is characterized by a very thin sediment
deposit in the RVG and an important subsidence of
the Peel Block (Gras and Geluk, 1999).

At a regional scale, the RVRS is characterized by a
NW -—SE orientation which is regarded as parallel to the
main Variscan inheritance (e.g., Ziegler, 1990; Geluk et
al., 1994). This general trend can be specified by the
analysis of detailed fault maps for the Triassic, Late
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Cretaceous and Miocene periods which provide essen-
tial information concerning (1) the role of the inher-
itance in the RVRS and (2) the distinction of two
different structural domains. Fault distribution deter-
mined from the Triassic, Late Cretaceous and Miocene
active faults reveals that most of the Triassic structures
were reactivated during the Late Cretaceous and Mio-
cene evolutions, whatever the type of deformation
(inversion, thermal subsidence and rifting) (Fig. 2).
Comparison of the rose diagrams of fault strikes
inferred for different time periods shows only minor
differences. Their similarity can be explained by reac-
tivation of the inherited fault orientations, despite dif-
ferent stress fields responsible for the faulting activity.

The fault orientations also indicate the existence of
two distinct structural domains separated by the cen-

Miocene faults
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Fig. 2. Distribution of the active faults during the Triassic, Late Cretaceous and Miocene periods. The rose diagram representation is based on
fault frequency and allows determination of the most important fault trends. See text for explanation.
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tral axis of the RVG. The southwestern border is
characterized by a main structural orientation of
N160—165, whereas in the northeastern border (i.e.,
the Peel Boundary fault zone and the Peel Block) the
N135-145 orientation widely prevails (Fig. 2). To the
west, the West Netherlands Basin (Racero-Baena and
Drake, 1996) is characterized by a similar fault
orientation style as the southwestern part of the
RVRS, and the Noord—Holland Platform has similar
fault orientations as the northeastern part of the RVRS
(Fig. 3). Thus, the boundary between these two fault
orientation domains continues along the Zandvoort
Ridge, the [Jmuiden High and the Indefatigable Fault
Zone into the Southern North Sea basin, and seems to
represent a fundamental fault zone separating two
crustal domains. At the RVRS scale, the development
of the two different fault trends cannot be explained
by different stress fields but rather by different
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structural orientations in the basement, which have
been inherited from at least the Variscan evolution
(the age of the original orientation being poorly
constrained).

From this complex structural framework, the dif-
ferent stress fields related to the Cenozoic periods
have induced the reactivation of specific fault orien-
tations according to the direction of compression or
extension. The analysis of the active faults and their
displacement mode during each Cenozoic period then
allows determination of the paleo-stress fields.

3. Subsidence analysis
Subsidence analysis requires specification of the

thickness, the age, the lithology, the porosity/depth
curve and the depositional water depth for each unit.

Fig. 3. Simplified structural map of the southern part of the North Sea rift system (after Van Balen et al., 2002).
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In the RVRS, the stratigraphy has been derived from
the Stratigraphic Nomenclature of the Netherlands
(Nederlandse Aardolie Maatschappij BV and Rijks
Geologische Dienst, 1980). We have used standard
exponential curves for the porosity —depth relationship
corrections taking into account the different litholo-
gies for each wells (e.g., Sclater and Christie, 1980).
Paleobathymetry may have a strong influence on the
backstripping results. Nevertheless, the RVRS was
located on the peripheral margin of the North Sea
basin and the paleogeographic interpretations suggest
that paleobathymetry never exceeded 50—100 m
(Zagwijn, 1989). Geohistory evolutions determined
for different paleobathymetric values reveal that pale-

obathymetric variations do not significantly influence
the calculated tectonic subsidence (<10%). The sub-
sidence analysis thus allows quantification of the
tectonic subsidence and the tectonic subsidence rates
(TSR) for each period of sedimentation.

Subsidence analysis has been carried out for 16
wells located in the Roer Valley Graben and the Peel
Block (Fig. 1c). Calculated tectonic subsidence curves
show a Cenozoic evolution marked by two periods of
subsidence (Late Paleocene and Oligocene—Quater-
nary) separated by a hiatus during the Eocene time,
resulting from a period of erosion during the Late
Eocene (Fig. 4). This Late Eocene event was charac-
terized by an uplift which cannot be quantified with
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Fig. 4. Calculated tectonic subsidence for wells located in the Roer Valley Graben and the Peel Block. The Late Paleocene and Oligocene—
Quaternary periods of subsidence are separated by an inversion phase, which is related to the Pyrenean phase during the Late Eocene.
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the available data. Models from apatite-fission track
analyses indicate that the uplift in the western part of
the RVRS varies between 200 and 600 m. (Van Balen
et al., 2002). A second minor hiatus is visible for four
wells located on the Peel Block during the start of the
Pliocene. Although this hiatus could be interpreted in
terms of tectonic inversion (uplift and erosion), it can
be considered as the result of a lack of sedimentation
related to the Late Miocene marine regression.

The first phase of subsidence (Late Paleocene) was
characterized by the widespread sedimentation of the
Landen Formation in the RVG and on the Peel Block
(see below). For this period, tectonic subsidence rates
indicate a different evolution between the southeastern
part of the RVG, and the Peel Block and the north-
western part of the RVG. From southeast to northwest,
the tectonic subsidence rates in the RVG decrease
from 38-47 to 20-22 mm/ky. This feature could
suggest a tectonic activity mainly concentrated in
the southeastern part of the graben. However, it has
been shown that the West Netherlands Basin, which
corresponds to the northwest continuation of the
RVG, was strongly inverted during the early Tertiary
phase creating an important relief (Van Balen et al.,
2000). The persistence of this relief during the first
stage of the Late Paleocene evolution may explain the
weak thickness of the Landen formation in the north-
western part of the RVG. In that case, the TSR low

a)
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values in the northwestern part likely represent an
underestimation of the real tectonic subsidence. In
contrast, the difference between the tectonic subsi-
dence rates inferred from the wells located on the
southeastern part of the Peel Block (21-25 mm/ky)
and those located in the graben (38—47 mm/ky)
clearly suggests a tectonic activity with a fault-con-
trolled tectonic subsidence mainly restricted to the
graben.

The second period of subsidence began in the
Early Oligocene and is still active during the Quater-
nary. After the Late Eocene inversion, the RVG and
the Peel Block started to subside with similar tectonic
subsidence rates (18—19 mm/ky), inducing the depo-
sition of the Rupel formation. This common evolution
stopped at the beginning of the Late Oligocene, when
the tectonic subsidence decreased in the northwestern
part of the RVG and the Peel Block (TSR around 10
mm/ky), whereas it strongly accelerated in the south-
eastern part of the graben (TSR between 20 and 34
mm/ky). The Late Oligocene period was then charac-
terized by a concentration of the deformation mainly
located in the northeastern side of the southeastern
part of the RVG, where the maximum TSR values are
recorded. After the regressive phase at the Oligo-
cene—Miocene transition, the evolution of the north-
western and the southeastern parts became similar
with a constant TSR around 19 mm/ky. This Miocene
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Fig. 5. (a) NW-SE cross section established from eight wells located into the RVG. The development of the Late Oligocene and the Miocene—
Quaternary depocentres is suggested by the amount of tectonic subsidence along the cross section. (b) Location of the wells used for the cross
section. As.: Asten-1 and Asten-2; H.: Heeswijk; M.: Molenbeersel; N.: Nederweert; V.: Veldhoven; Wa.: Waalwijk; W.: Werkendam.
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subsidence was also characterized by the development
of a large depocentre in the northwestern part, indicat-
ing a northwestward migration of the depocentre
between the Late Oligocene and the Miocene (Fig.
5). On the Peel Block, the tectonic subsidence
decreases drastically (TSR<5 mm/ky) suggesting a
change in the general evolution of the RVRS with a
subsidence restricted to the graben. As it has been
already observed (Zijerveld et al., 1992), tectonic
subsidence curves reveal an increase of the TSR in
the RVG (+40%) at the Miocene—Pliocene transition.
Thus, since the Pliocene, the subsidence led to the
deposition of a 300-400 m thick Plio-Quaternary
sedimentation outside the depocentre and more than
500 m of sediments within the depocentre.

During the Quaternary, the subsidence rate has
rapidly changed (Houtgast and Van Balen, 2000)
and the subsidence rates determined for this period
are between three and four times higher than the TSR
deduced for the Plio-Quaternary evolution. One
explanation could be that the TSR inferred for geo-
logical times (i.e., several m.y.) correspond to an
average of the real tectonic subsidence which is
probably characterized by short periods of strong
subsidence and periods of quiescence. An alternative
explanation could be found in the comparison of the
amount of tectonic and total subsidence during a
rifting event. Assuming that the accommodation space
related to the extension was continuously filled by
sediments in the RVRS, the comparison of the tec-
tonic subsidence and the thickness of the sediments
(i.e., total subsidence) inferred for the northwestern
and southeastern parts of the RVG shows a time-
dependent increasing difference between the tectonic

Northwestern part

and total subsidence (Fig. 6). The resulting total
subsidence rates deduced for the Quaternary are
between three and four times higher than the TSR.
In consequence, the rapid subsidence of the RVG (88
mm/ky) determined by Houtgast and Van Balen
(2000) could be explained by 25% of tectonic sub-
sidence and 75% of compaction and isostatic process.
For example, delayed compaction of Miocene clays
due to slow dewatering could contribute to Quaternary
subsidence (Houtgast and Van Balen, 2000). The
general trend of tectonic subsidence during Quater-
nary is characterized by a gradual decrease and a
sudden increase during the last 250 ky.

4. Plan view tectonic evolution

In this section, we combine information provided
by the thickness maps for the Late Cretaceous—Early
Paleocene, Paleogene and Neogene periods, with the
thickness of the sediments observed in 41 wells at
different periods (Late Cretaceous—Early Paleocene,
Late Paleocene, Eocene, Early Oligocene, Late Oli-
gocene and Miocene—Quaternary). This approach
allows us to determine for each period the fault
activity and to characterize the distribution of the
vertical displacements (i.e., uplift or subsidence).
Additional inspection of seismic lines crossing the
main border faults reveals that the amount of short-
ening and extension never exceeded 1-2 km for each
period.

For the Late Cretaceous—Early Paleocene period, it
is generally assumed that the RVG was affected by
compression related to the Late Cretaceous and early
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Fig. 6. Comparison of the total subsidence rate and tectonic subsidence rate for the northwestern and southeastern parts of the RVG. See text for

explanation.
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Tertiary phases which have induced graben inversion
and reactivation of Mesozoic normal faults in a
reverse faulting mode (e.g., Ziegler, 1988; Geluk et
al., 1994). The distribution of the Late Cretaceous
Chalk formation confirms this evolution and clearly
shows contrasted thicknesses with a minor thickness
of sediments in the RVG and a strong subsidence on
its shoulders (Figs. 7a and 8). The uplift is restricted to
the graben and has been controlled by the main border
faults as it is shown by seismic (Fig. 8). It is note-
worthy that these faults present two oblique orienta-
tions (WNW—-ESE and NW-SE) that are hardly
consistent with a compression perpendicular to the
graben. Despite the lack of evidence for important
strike slip displacement along the NW—SE trending
faults, we interpret the Late Cretaceous—Early Paleo-
cene final geometry as the result of a transpressional
context with the greatest principal horizontal stress
(o1) between NE—SW and N-S, comparable to the
nearby West Netherlands Basin (Racero-Baena and
Drake, 1996; Van Balen et al., 2000).

Subsidence analysis for the Late Paleocene period
suggests (1) a global subsidence in the studied area
(RVG, Peel Block and Venlo Block) (Fig. 7b) and (2)
a small fault activity between the Peel Block and the
RVG (i.e., the Peel Boundary fault zone). Quantifica-
tion of the tectonic subsidence provides an estimate
for minor vertical displacements along the Peel Boun-
dary fault zone ranging between 50 and 70 m during
this period. It is unlikely that the Late Paleocene
subsidence of the Lower Rhine Embayment has
resulted from a rifting event generated by far field
stresses, because during a rifting process subsidence is
generally controlled by a substantial fault activity and
is restricted to a graben area. In contrast, it has been
proposed that the elastic response of the lithosphere
after a period of compression is able to induce sub-
sidence of the inverted area (de Lugt et al., 2003).
Then, the slight subsidence (<100 m) developed after
a main compressive phase might result from a stress
relaxation and a lithospheric sagging.

Most of the information concerning the Eocene
evolution has been partially destroyed by a strong

erosion event during the Late Eocene. This erosion
phase is related to the uplift of the whole area during
the Pyrenean phase (Ziegler, 1988; Geluk et al.,
1994). Well data indicate a progressive decrease of
the thickness of the Dongen formation (Eocene)
towards the east (Fig. 7c). This thinning could result
from (1) a less active subsidence in the eastern part of
the RVRS and/or (2) a doming of the central part of
the Lower Rhine Embayment (i.e., eastern part of the
RVRS).

The Early Oligocene marked the onset of the
rifting phase in the RVRS. The thickness of the
sediments combined with subsidence analysis indi-
cates that the Early Oligocene was affected by a
general subsidence with a maximum of vertical dis-
placement in the central part of the Lower Rhine
Embayment (Fig. 7d). Similar sediment thicknesses
on the Peel Block and the RVG suggest a minor or no
fault activity of the Peel Boundary fault zone during
this period. In consequence, the origin of Lower
Rhine Embayment subsidence is uncertain. Similarly
to the Late Paleocene evolution, the Early Oligocene
subsidence could result form the elastic response of
the lithosphere after the Late Eocene doming. An
alternative and additional explanation could be that
a slight extension phase has affected the Lower Rhine
Embayment during this period.

During the Late Oligocene period, the tectonic
subsidence increased in the southeastern part of the
RVG with the development of narrow depocentres
close to the Peel Boundary fault zone, whereas it
decreased in the northwestern half of the RVG and the
Peel Block. Well data reveal that the Peel Boundary
fault zone was active in its southeastern part only,
with vertical offsets ranging between 250 and 300 m.
Secondary fault activity along the Peel Boundary fault
zone antithetic faults has also controlled the develop-
ment of the depocentres (Fig. 7e). Such an evolution
demonstrates a concentration of the deformation with
a significant fault activity bounding the graben. The
fault orientation, with a maximum trend around
N140-145 and a secondary trend at N130, suggests
again that the inherited structure were reactivated

Fig. 7. Cenozoic evolution of the RVRS. (a) Early Paleocene inversion. (b) Late Paleocene subsidence. (c) Late Eocene doming. (d) Early
Oligocene subsidence. (¢) Late Oligocene concentrated subsidence due to WNW —ESE rifting. (f) Miocene—Quaternary rifting resulting from a
NE-SW extension. For the Late Paleocene, Late Eocene, Early Oligocene and Late Oligocene periods, the background image corresponds to
the thickness of the Paleogene sedimentation. The thickness information for each period is provided by the well data.
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Fig. 7 (continued).
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during this period. Because the geological inheritance
is always reactivated during the evolution of the
RVRS, the determination of the paleo-stress field is
uncertain. Nevertheless, we interpret the narrow
deformation as the result of a WNW—ESE oblique
extension which has only affected the southeastern
part of the graben.

After the regressive phase at the Oligocene—Mio-
cene boundary and a short stop in the sedimentation
during the Aquitanian (Verbeek et al., 2002), defor-
mation was extended to the northwestern part of the
RVG where a main depocentre developed (Fig. 7f).
Seismic data show the development of onlap and
downlap (Fig. 8b), which are interpreted in terms of
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Fig. 8. Seismic lines and structural profiles perpendicular to the Peel Boundary (a) and the Veldhoven (b) faults. The contrasted thickness of the
Late Cretaceous and Neogene sediments demonstrate that the graben border faults were active during each in reverse and normal faulting mode,
respectively.
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sea-level variations and an increase of the subsidence
during the Burdigalian (Verbeek et al., 2002). A
similar increase of the subsidence occurred contem-
poraneously in the northern part of the URG (Sis-
singh, 1998). Contrary to the Late Oligocene evolu-
tion, the oblique orientation was strongly reactivated
especially along the Veldhoven fault zone. The result-
ing distribution is characterized by two main trends:
the N145-160 trend corresponding to the general
orientation of the graben, and the N110—120 oblique
orientation. It is noteworthy that the offsets resulting
from the N110-120 and N145-160 faults in the
northwestern part of the Peel Boundary fault zone
are similar. This indicates a direction of extension
corresponding to the bissectrix of these two orienta-
tions (i.e., NE-SW). Extension has also induced the
formation of two depocentres: a main depocentre in
the northwestern part of the RVG and a minor one in
the southeastern part. The western limit of the main
depocentre is parallel to the N150 trend represented
by the Feldbiss fault zone. In the south, the depocentre
boundary is superimposed on the Jurassic Veldhoven
fault zone. Seismic profiles which cross-cut this
Mesozoic fault show that the southeastern prolonga-
tion of the Miocene Veldhoven fault zone controls the
deformation, inducing a flexure of the Miocene sedi-
ments. To sum up, the Miocene subsidence of the
RVG was controlled by two oblique orientations
(N145-160 and N110—120). The orientation of the
active faults and the development of the main depo-
centre at the intersection of two oblique main faults
can be interpreted as the result of a NE—SW exten-
sion. In addition, the superimposition of the Miocene
and Pleistocene depocentres (Houtgast and Van Balen,
2000) suggests a continuous extension with the same
stress field. Analysis of the earthquake focal mecha-
nism data also shows that the RVRS is affected by a
present-day NE—SW extension related to a nearly
vertical greatest principal stress (o7) (Plenefisch and
Bonjer, 1997).

5. Discussion and conclusions

One aim of our study is to integrate the evolution
of the RVRS at the European scale. Nevertheless, it is
beyond the scope of this paper to describe in detail the
evolution of the different provinces and grabens of the

North Sea and West European rift (WER), which have
been extensively studied during the past decades (e.g.,
Ziegler, 1988, 1992a,b; Merle et al., 1998; Sissingh,
1998; Michon, 2001). The southern limit of the
considered area corresponds to the southern part of
the Massif Central. South of this province (south-
eastern France), the extension related to the formation
the WER has only induced a very weak subsidence
(Hippolyte et al., 1993), whereas the area was mainly
affected by the strong extension generated by the
rotation of the Corsica—Sardinia block since the Late
Oligocene (e.g., Seranne, 1999). In the north, the
studied area is limited to the southern part of the
North Sea where the deformation was influenced by
both the rifting stage linked to the Atlantic rifting and
the compressive stress generated by the Europe—
Africa collision (Ziegler, 1990). In our restricted area,
we distinguish six successive periods during the
Cenozoic evolution with analogy with the periods
determined in the RVRS (only the distinction for the
Eocene and Oligocene periods present minor differ-
ences).

5.1. Early Paleocene

The Early Paleocene evolution of the RVRS was
characterized by graben inversion and the reactivation
of the Mesozoic faults in a reverse faulting mode (Fig.
7a). The southern North Sea basins (the West Nether-
lands Basin, the Broad Fourteens Basin, the Sole Pit
Basin and the southern part of the Central graben)
were also affected by an inversion phase regarded as
the result of a main N—S compression (Ziegler,
1992a; Oudmayer and De Jager, 1993; Brun and
Nalpas, 1996; Van Balen et al., 2000; de Lugt et al.,
2003). During this period, a Late Cretaceous—Paleo-
cene late-rifting stage linked to the Faroe—Norwe-
gian—Greenland Sea rift system induced extension in
the northern and central North Sea (Ziegler, 1992a)
(Fig. 9). South of the RVRS, evidences of doming and
graben inversion (Meyer et al., 1983; Malkovsky,
1987; Le Griel, 1988; Lefort and Agarwal, 1996;
Roure and Coletta, 1996; Peterek et al., 1997; Bar-
barand et al., 2002) suggest that the deformation was
induced by a N—S compression, like in the southern
North Sea. At the European scale, this compression is
contemporaneous with the closure of the oceanic
Piemont (Ziegler and Roure, 1996) and the Eo-Alpine
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Fig. 9. Early Paleocene inversion associated to the N—S collision between Europe and Africa (Laramide phase). White arrows: direction of

compression. Black arrows: direction of extension.

compressive phase (Michon and Merle, 2001). Con-
sequently, the synchronicity of the beginning of the
continental collision events and the inversion phases
could suggest that during the first step of a continent—
continent collision the stress is directly propagated in
the adjacent plate.

5.2. Late Paleocene
For the Late Paleocene period, the lack of precise

information, mainly due to the continental paleogeog-
raphy of western Europe, renders a determination of

Late Paleocene deformation south to the RVRS diffi-
cult. In the RVRS, our study shows that this period
was characterized by subsidence and minor fault
activity (Fig. 7b). In the North Sea basins, this
evolution is similar (Ziegler, 1992a; Oudmayer and
De Jager, 1993; de Lugt et al., 2003) and it has been
attributed to the continuous late-rifting process in the
northern Atlantic (Ziegler, 1992a) or a lithospheric
relaxation after the Early Paleocene inversion (de Lugt
et al., 2003). During this period, the RVRS then
corresponded to the southern end of the North Sea
rift system (Fig. 10).
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Fig. 10. Late Paleocene subsidence of the southern North Sea basins generated by lithosphere relaxation after the Laramide inversion (de Lugt et
al., 2003) and/or by a late-rifting stage related to the rifting in North Atlantic between Greenland and the Fareoe Islands (Ziegler, 1992a,b).

5.3. Early Eocene

The Early Eocene sedimentation was probably
partly eroded in the RVRS during the Late Eocene
doming. In the southern North Sea, subsidence has
induced an important sedimentation with minor fault
activity (de Lugt et al., 2003), suggesting a thermal
subsidence after the late-rifting stage or continued
sagging due to stress relaxation, which ended at the
end of the Paleocene (Ziegler, 1992a). In southwestern
Europe, in the larger WER area, two sediment facies
are attributed to the Early Eocene period: the Side-
rolithic formation and the Lutetian continental sedi-
mentation (e.g., Rat, 1974; Sissingh, 1998). The
Siderolithic formation, which results from the in-situ
erosion of the outcropping rock has a widespread
distribution from the Upper Rhine Graben area up to
the Massif Central (Sissingh, 1998; Michon, 2001).
The Lutetian continental sedimentation outcrops in
the northern Upper Rhine Graben and the Massif
Central or outside the grabens (Fig. 11). This spatial
distribution suggests that the Lutetian sedimentation
did not result from a period of subsidence linked to

the Late Eocene—Oligocene rifting phase but rather
from the development of local lakes in a peneplain
domain. To sum up, these data suggest that the Early
Eocene period corresponds to a tectonically quiet
period in the North Sea and the WER.

5.4. Late Eocene

Compared to the Early Eocene evolution, the Late
Eocene period was characterized by intensive and
opposite deformation in the southern North Sea and
the WER. The southern North Sea basins were
affected by a second phase of inversion, whereas
this period corresponds to the onset of the rifting
event in the WER (Fig. 12). In the southern North
Sea and the Channel area, reactivation of the Meso-
zoic and Cenozoic faults in a reverse faulting mode
(Oudmayer and De Jager, 1993; Van Balen et al.,
2000; de Lugt et al., 2003) has been interpreted as
resulting from a nearly N—S compression related to
the Pyrenees formation (Ziegler, 1990). In contrast,
the Late Eocene sedimentation in the Massif Central
graben (Merle et al., 1998), the central part of the
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Fig. 11. Early Eocene evolution characterized by a thermal subsidence in the southern North Sea and a continental sedimentation in the Alpine
foreland. ? represents a lack of data concerning this period in the Bohemian Massif.

URG (Sissingh, 1998; Schumacher, 2002) and the
Eger graben (Chlupac et al., 1984) proves that the
WER was affected by extension during this period.
Based only on microtectonic data obtained in the
Variscan basement and the Triassic—Jurassic forma-
tions, Villemin and Bergerat (1987) proposed that
this early period of extension resulted from a N—S
compression. Nevertheless, in the main grabens of
the WER, the fault orientation and the shape of the
depocentres allow precise characterization of the
paleo-stress field, which has caused the graben devel-
opment. In the Limagne graben and the URG where

the subsidence was controlled by the reactivation of
oblique Variscan faults (Michon, 2001; Schumacher,
2002), the location of the depocentres at the inter-
section of the main faults and their crescent shape
suggest an E—W extension for the Limagne graben
(i.e., the Massif Central rift) and an ESE-WNW/
SE—NW extension in the URG. These directions of
extension are confirmed by recent analogue experi-
ments, which show that (1) the shape of the depo-
centres is directly controlled by the stress-field and
(2) crescent shape depocentres are only created with
direction of extension corresponding to the bissectrix
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Fig. 12. Late Eocene inversion phase in the southern North Sea basins and the Channel area (Pyrenean phase) related to the collision between
Europe and Africa. This inversion is coeval with the onset of the rifting in the West European rift.

of the oblique faults (Michon and Sokoutis, in prep).
As the age of the deformation is poorly constrained
by the microtectonic approach, we propose that the
N-S compression deduced by Villemin and Bergerat
(1987) is more likely related to the Early Paleocene
main compression than to the Late Eocene event,
which has induced uplift and inversion in the south-
ern North Sea basins and the Channel only.

In the Eger graben, Variscan faults were also
reactivated (Malkovsky, 1987). The maximum thick-
ness of the sediments along the main N60E fault
(Malkovsky, 1987) suggests that this fault has con-
trolled the subsidence by a normal faulting mode

resulting from a nearly N—S extension. Consequently,
in the WER, the direction of extension inferred from
strongly constrained data suggest a clockwise rotation
of the direction of extension towards the east (Michon,
2001) (Fig. 12).

5.5. Oligocene

According to microtectonic studies (e.g., Villemin
and Bergerat, 1987), the Oligocene is marked by
changes in the stress field with a general E-W
extension during the Rupelian and a NE-SW com-
pression during the Chattian. However, the super-
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position and the similar shape of the Late Eocene and
Oligocene (Rupelian and Chattian) main depocentres
in the Massif Central grabens and the central part of
URG suggest a constant direction of extension during
the Late Eocene and the Oligocene. At a European
scale, the Oligocene evolution corresponds to a prop-
agation of the extension related to the WER towards
the north and a stop of the inversion phase in the
southern North Sea basins (Fig. 13). North to the
URG, the RVRS subsidence resumed in the Early
Oligocene and accelerated in the Late Oligocene (Fig.
7d,e). In the northeastern part of the Paris Basin, the
deformation linked to the extension was also recog-

nized and the average direction of extension was
NW-SE (Coulon, 1992). In the southern North Sea,
the Oligocene corresponds to a phase of subsidence
due to thermal relaxation of the lithosphere and
sedimentary load, without or with minor fault activity
(Ziegler, 1990; Oudmayer and De Jager, 1993; de
Lugt et al., 2003). Contrary to this quiescent evolu-
tion, the Channel area and the northern end of the
Paris basin were affected by inversion especially
during the Late Oligocene and the Early Miocene
(Lake and Karner, 1987; Ziegler, 1990).

Two main mechanisms were proposed to explain
the formation of the WER. The development of the
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WER during the Late Eocene—Oligocene could result
from the combined effect of the N—S Alpine com-
pression and the opening of the northern Atlantic
(e.g., Tapponnier, 1977). In the alternative model, the
WER was induced by successive phases of compres-
sion and extension initiated by far field stresses (e.g.,
Bergerat, 1985; Ziegler, 1992b). In both models, only
the western part of the WER is considered (i.e., the
Massif Central grabens and the Rhine graben) and
the Oligocene direction of extension is supposed to
be E-W at a European scale. However, geological
data indicate that the direction of extension was not
E—W at a European scale but perpendicular to the
direction of shortening in the Alpine mountain chain
(see Fig. 2a in Lickorish et al., 2002) (Fig. 14).
Assuming that the global stress field was character-
ized by a N—S compression caused by the collision
between African and European plates, the formation

of the WER with a N—S extension in the Bohemian
massif is hard to explain.

We propose herein a working hypothesis in which
the role of the stress field generated by the formation
of the Alpine mountain chain is taken into account. It
is worth to note that the Late Eocene—Oligocene
period corresponds to a phase of strong deformation
in the Alpine chain with the formation of the eclogitic
rocks (i.e., HP metamorphism) (Monié and Philippot,
1989; Tilton et al., 1991; Duchéne et al., 1997).
Kinematic data show that the directions of crustal
displacement were E-W in the western Alps, NW—
SE in western Switzerland and probably N—S in the
central Alps during this period (Lickorish et al.,
2002). It seems reasonable to assume that the direc-
tion of crustal displacement was similar to and mainly
controlled by the direction of continental subduction.
Then, the Eocene—Oligocene period was likely
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Fig. 14. Schematic representation of the Late Eocene—Oligocene rifting in the WER. Geological data show that the direction of extension is E—
W in the Massif Central and presents a clockwise rotation towards the East (nearly N—S in the Eger Graben). See text for explanation.
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marked by the development of a N—S deep litho-
spheric root in the western Alps and a E—W litho-
spheric root in the central Alps, similar to the present-
day geometry of the Alpine lithospheric root (Babuska
et al., 1990). It has been shown that the formation of a
deep lithospheric root can produce a downward grav-
itational force, which may induce extension in the
adjacent lithosphere (Fleitout, 1984). In such a model,
the direction of extension is perpendicular to the
lithospheric root. In consequence, we speculate that

the formation of the Alpine lithospheric root during
the Eocene—Oligocene period could have induced the
formation of the WER, as already proposed by Merle
and Michon (2001). This model, where a “local”
effect (i.e., the downward gravitational stress due to
the formation of the lithospheric root) causes the
formation of the WER, does not contradict the overall
N-S compression, which has induced inversion in the
southern North Sea and the Channel. The magnitude
of stress generated by each process would have

Miocene-Quaternary
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Fig. 15. Miocene—Quaternary evolution of western Europe. In the RVRS, the URG and the Eger graben, the fault orientation and the shape of
the depocentres indicate a rotation of the direction of extension at the Oligocene—Miocene transition. A slight inversion and a thermal
subsidence characterized the evolution of the Channel area and the North Sea basins, respectively.
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controlled the location of the areas affected by com-
pression or extension.

5.6. Miocene—Quaternary

The RVRS, the Eger graben and the URG sub-
sided more or less continuously during the Oligo-
cene—Quaternary evolution. However, the Oligo-
cene—Miocene transition was marked by a radical
change in the European geodynamics. In the RVRS,
the northwestward migration of the depocentre and
the orientation of the most active faults indicate a
counter clockwise rotation of 70—80° of the direc-
tion of extension (i.e., NE—SW extension) (Fig. 15).
A similar rotation has been described for the north-
ern part of the URG where new depocentres devel-
oped (Meier and Eisbacher, 1991; Schumacher,
2002). These new depocentres are interpreted in
terms of pull-apart basins resulting from sinistral
strike slip faulting (Illies, 1981). In the Eger graben,
the depocentre shapes in the Cheb sub-basin, which
are different for the Late Oligocene—Earliest Mio-
cene and Miocene—Pliocene periods (Spicakova et
al., 2000), suggest a change of the stress field
around the Oligocene—Miocene transition and an
identical stress field for the Middle Miocene and
Late Pliocene periods. In the Massif Central, the
Miocene—Quaternary evolution was characterized by
a strong uplift of the whole area, which makes a
determination of the regional stress field in this
province difficult. Preservation of Miocene sedi-
ments below lava flows shows that the complete
Miocene sedimentation was very thin and restricted
to elongated narrow lakes parallel to the grabens
(Hugueney et al., 1999). In the Bresse graben,
although sedimentation developed during the Mio-
cene—Quaternary evolution, a westward propagation
of the Alpine flexural basin was proposed to explain
this subsidence (Merle et al., 1998). Finally, the
displacement along the Rhine—Sadne transfer zone,
which was a left lateral fault zone during the Late
Eocene and the Oligocene, has changed at the
Oligocene—Miocene transition and became right lat-
eral (Laubscher, 2001).

In the north, the southern North Sea basins con-
tinued to subside during this period. Seismic data
reveals that minor fault activity has affected the Neo-
gene sediments (Brun and Nalpas, 1996; Van Balen et

al., 2000), suggesting a continuous thermal subsi-
dence. Nevertheless, the acceleration of the subsi-
dence from the Pliocene could be explained by an
accentuation of the thermal subsidence by a NW—-SE
in-plane force (Van Balen et al., 1998). Whatever the
origin of this subsidence increase, geological and
geophysical data clearly show that the tectonic activ-
ity related to the evolution of the WER stops in the
northern end of the RVRS (Fig. 1). In the Channel
area, inversion was maximum during Early Miocene
but is still ongoing during the Quaternary (Ziegler,
1990).

Geological and geophysical data indicate that the
present-day stress field in western Europe is charac-
terized by a NW—SE to NNW-SSE maximum com-
pressive stress (Miller et al.,, 1992; Plenefisch and
Bonjer, 1997). Analysis of the earthquake focal
mechanism data in the UGR and the RVRS shows
that this maximum compressive stress induces left
lateral displacement in the southern and central URG,
whereas it causes NE—SW extension in the northern
end of the URG and in the RVRS (Plenefisch and
Bonjer, 1997).

In consequence, we interpret the general evolution
of western Europe during the Miocene—Quaternary
period as the result of the NW—SE collision between
Europe and Africa (Fig. 16). In this model, the URG
and the RVRS concentrate the main deformation.
Due to the NW-SE compression, the URG is reac-
tivated as a strike slip structure, which induced rifting
in its northern ending and in the RVRS. This leads to
the individualization of two crustal domains. Al-
though the NE—SW relative motion of these crustal
domains is assessable, the lack of precise and reliable
geodetic data does not allow determination of the
absolute motion of each domain. One can speculate
that the Baltic shield, situated east of the northeastern
domain, probably prevents the northeastern motion of
this block. Consequently, the southwestern crustal
domain was forced to migrate toward the southwest.
The subsidence in the North Sea basins could result
from the northward prolongation of a diffuse exten-
sion.

One fundamental feature is the change of the
global deformation of the European lithosphere at
the Oligocene—Miocene transition. Assuming that
the Late Eocene—Oligocene extension was induced
by the formation of a deep Alpine lithospheric root,
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we propose that the Alpine chain was proned to a slab
break-off at the Oligocene—Miocene transition. Such
a slab break-off was already invoked by Von Blanck-
enburg and Davies (1995) to explain the development
of the Tertiary magmatism in the central and eastern
Alps between 42 and 25 Ma. However, they dated it at
around 40 Ma. In the western Alps, geological data
not show either magmatism or a radical change in the
Alpine kinematics at this time. In contrast, the Oligo-
cene—Miocene transition (25 Ma) corresponds to the
beginning of thrusting of the external crystalline
massifs and the reactivation of the Briangonnais front
in normal faulting mode (Tricart et al., 2001). Then,
we consider that the coeval change in the Alpine chain
and western Europe could result from a slab detach-
ment below the western Alps. This slab break-off at
the Oligocene—Miocene transition could explain the
stop of the Late Eocene—Oligocene extension and the

development of the NW-SE maximum compres-
sional stress, which controls the European deforma-
tion since the beginning of the Miocene.
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ROvVD: Dienst der Rijksopsporing van Delfstoffen.

Number Name Date Total
depth
(m)

1 Werkendam-1 1958 2275 Zijerveld et al.
(WED-01) (1992)

2 Waalwijk-1 1987 3802 NITG-TNO (2001)
(WWK-01)

3 Oisterwijk-1 1967 2496  Zijerveld et al.
(OIW-01) (1992)

4 St-Michielsgestel-1 1969 3338  Zijerveld et al.
(SMG-01) (1992)

5 Heeswijk-1 1992 2544 Clyde Petroleum
(HSW-01)

6 Keldonk-1 1992 2330 Clyde Petroleum
(KDK-01)

7 Veldhoven-1 1967 2124  Zijerveld et al.
(VEH-01) (1992)

8 Asten-1 1967 2664 Zijerveld et al.
(AST-01) (1992)

9 Asten-2 1992 1673 NITG-TNO (2001)
(AST-02)

10 Nederweert-1 1965 2943  Zijerveld et al.
(NDW-01) (1992)

11 Molenbeersel-198 1988 1773  Demyttenaere and

Laga (1988)

12 Oploo-16 1913 1150 Zijerveld et al.
(OPL-16) (1992)

13 America-11 1910 1201 Zijerveld et al.
(ACA-11) (1992)

14 Neer-71 1953 1293 DSM Energie
(NER-71)

15 Elmpt-77 1958 1215 DSM Energie
(EPT-77)

16 Melick- 1955 524 NITG-TNO (2001)
Herkenbosch-70
(MHB-70)

17 Arcen-1 1987 888 Rijks Geologische
(ARC-01) Dienst

18 Beesel-72 1954 1234 DSM Energie
(BEE-72)

19 Belfeld-14 1911 1202  Zijerveld et al.
(BFD-74) (1992)

20 Broekzijde-1 1989 2703 Clyde Petroleum
(BKZ-01)

21 Cornelishof-4 1905 679 ROvVD
(CNH-04)

22 Dongen-1 1997 1542 Zijerveld et al.
(DON-01) (1992)

23 Dorothea-1 1907 309 Krusch and

Waunstorf (1907)

Appendix A (continued)

Number Name Date Total
depth
(m)
24 Emmerich-1 1962 1449 Elberskirch and
Wolburg (1962)

25 Helden-75 1955 1353 NITG-TNO (2001)
(HDN-75)

26 Helenaveen-7 1907 1155 ROvD
(HEL-07)

27 Hilvarenbeek-1 1995 2621 Clyde Petroleum
(HVB-01)

28 Kerkwijk-1 1988 3281 NITG-TNO (2001)
(KWK-01)

29 Liessel-22 1915 1332 Zijerveld et al.
(LIE-22) (1992)

30 Loon op Zand-1 1953 3062 Zijerveld et al.
(LOZ-01) (1992)

31 Maasbommel-2 1966 1278 Zijerveld et al.
(MSB-02) (1992)

32 Maasniel-74 1955 1367 DSM Energie
(MAN-74)

33 Nijmegen- 1968 1277  Zijerveld et al.
Valburg-1 (1992)
(NVG-01)

34 Reuver-76 1956 1105 DSM Energie
(RVR-76)

35 Rijsbergen-1 1970 4645 NITG-TNO (2001)
(RSB-01)

36 Sanadome-1 1994 759
(SNM-499)

37 Steelhoven-1 1987 2798 NITG-TNO (2001)
(STH-01)

38 Strijen-1 1964 2779  American Overseas
(STR-01) Petroluem

39 Vlodrop-1 1906 790 ROvVD
(VDP-01)

40 Waspik-1 1959 2600 Zijerveld et al.
(WAP-01) (1992)

41 Almerk-1 1970 2370 Zijerveld et al.
(ALM-01) (1992)
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Abstract Two of the most important segments of the west
European Rift, the Rhinegraben and the Massif Central grabens,
show in plan and in cross section a very different crustal
structure. The Rhinegraben and the Massif Ceniral grabens are
roughly parallel and formed in the same time interval (i.c.,
Priabonian/Oligocene). The Rhinegraben in the north is a single
half graben of ~35 km wide that resulted from the activity of a
major detachment fault running from the surface to a MOHO
discontinuity at depth. The Massif Central in the south is
composed of two lateral half grabens, similar to the Rhinegraben,
and a near-symmetric central graben. The opposing detachment
faults of the two lateral half grabens reveal a striking mirror
symmetry on either side of the symmetric central graben.
Experiments have been conducted to explain mechanically this
contrasted structural evolution in the same rift system. It is shown
that this difference may be attributed to (1) the number of
ruptures in the brittle part of the mantle lithosphere and (2)
variations in the extension rate. A single rupture in the brittle
mantle lithosphere results in either a single half graben or a pair
of half and symmetric grabens in low and high extension rate
experiments, respectively. Two ruptures in the brittle mantle
lithosphere result in two half grabens in low rate experiments.
The number of grabens is dependent upon the distance between
the two ruptures in the briitle mantle lithosphere in high extension
rate experiments and may vary from 2 to 4. Estimation of the
extension rate in the Rhinegraben and the Massif Central matches
experimental results and shows that the strength ratio between
lower and brittle crust is the key parameter in determining the
graben geometry.

1. Introduction

Understanding of the geometry of sedimentary basins
associated with rifting processes in the continental lithosphere has
made great progress over the past 10 years [e.g., Allemand and
Brun, 1991; Buck, 1991; Benes and Davy, 1996; Scholz and
Contreras, 1998]. Despite this progress, the process of graben
initiation is still controversial. Because reflection seismic studies
clearly show that some extensional structures are asymmetric at
the graben scale as revealed for the Rhinegraben [Brun et al.,
1991], the Malawi rift [Rosendhal et al., 1992), or the Basin and
Range province [Allimendinger et al, 1983}, it is widely
considered that the passive rifting may be induced by a
lithospheric asymmetric simple shear {Wernicke, 1985; Brun and
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and the Massif Central

Beslier, 1996]. However, several authors also propose that the
initial stage of a passive margin evolution may be explained by a
pure shear evolution at lithospheric scale [Keen and Dehler
1993].

The aim of this paper is to determine, using scaled models,
graben geometry during continental passive rifting. According to
many authors [e.g., Buck, 1991; Davy and Cobbold, 1991; Burg
et al., 1994; Allemand and Brun. 1991], we assume that the
continental lithosphere is characterized by a four-layer strength
profile with two brittle high strength layers (the upper crust and
the upper mantle lithosphere) and two ductile layers (the lower
crust and the lower mantle lithosphere). As a result of such a
lithospheric strength profile, it has been shown that crustal
deformation is largely controlled by ruptures within the brittle
mantle lithosphere [Beslier, 1991; Brun and Beslier, 1996).

In the present paper, we examine at crustal scale the graben
geometry resulting from the failure of the brittle mantle
lithosphere. As known from geomechanics, the strength of a
viscous material is dependant on the strain rate, so that the rate of
extension is supposed to be of paramount importance in the
graben geometry. We study the influence of different parameters
such as the variation of the strength ratio between the upper and
the lower crust or the number of ruptures in the underlying
mantle.

Experimental results explain mechanically why a single
rupture in the brittle mantle may induce the formation of either a
unique asymmetric graben or two parallel, symmetric and
asymmetric, grabens. Our model also emphasizes the importance
of the rate of extension upon the graben geometry in the crust.
Finally, the experimental models may explain the differences
depicted in the west European Rift between the Massif Central
grabens and the Rhinegraben geometries.

il

2. Experimental Background

2.1. Scaling

Analogue modeling of crustal deformation is similar to nature
if experimental models and natural systems are characterized by a
similar  distribution of stresses, densities, and rheologies
[Hubbert, 1937]. The continental lithosphere with a normal
thermal gradient is considered as a four-layer model for which the
deformation is initiated from the failure of the brittle mantle
[Beslier, 1991]. As a mantle lithospheric rupture occurs, the
resulting crustal structure is highly dependent on the mechanical
coupling between the brittle and ductile part of the crust. This
brittle/ductile coupling can be estimated from the strength ratio
between the upper and lower crust {Allemand, 1990; Beslier,
1991; Benes and Davy, 1996, Brun, 1999]. We use this strength
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ratio to achieve similarities between nature and experiments. This
ratio is a dimensionless number that must be of the same order of
magnitude in model and nature.

SB SB
e T M
(SD LMC! [SD ]Nalurc

The strength Sp of a brittle material corresponds to the
deviatoric stress 0;-03 (where o) and 03 are the maximum and
minimum principal stresses, respectively), which increases
linearly with depth h and fluctuates as a function of the density p,
the angle of friction ¢, the gravity acceleration g, and the
cohesion Ty ((2)-(4)). It follows for a divergent tectonic regime

o, =atboy;=pgh. )
a=21,b . 3)
b:1+S—Tn¢7. 4)

1—sing

In the upper crust the average denmsity p, is ~2700 kg m*
(continental crust with an overall granitic composition), the
cohesion is ~107 Pa, and the angle of friction is close to 30°.
These natural values make it possible to determine the strength Sg
of the brittle upper part of the crust. In experiments where
cohesionless material is used the strength of the upper brittle part
simplifies to

2
SB=0l—03=—3—pghA o)

In the lower ductile layer the strength Sp is dependant on the
viscosity g and the strain rate £ which may be calculated from
the ratio between the extension rate V and the thickness of the
ductile layer hp.

v
S, =pu—. 6
D llhD (6)

Then, the strength ratio may be estimated both in nature and
experiments. In experiments it simplifies to

Su_24P8h o
Sp ue

In our experiments the brittle upper crust is made of sand,
which is a cohesionless material [Davison et al., 1993} with a
density p,, of ~1400 kg m™. The length scale ratio is 10°%, so that
1 ¢cm in the model represents 10 km in nature. The angle of
friction ¢, being a dimensionless number, must be similar in
nature and experiments (9Pgne=30° and $naue=30°). We use a
silicone with a viscosity um=3x104 Pa s to simulate a lower crust
with a viscosity of ~ p,,=102' Pas.

The experiments are an attempt to understand the mechanisms
of crustal deformation in an overall slight extension of a few tens
kilometers (10/30 km) within a time interval of ~10 million years.
The strain rate in nature ranges from 10" 10 1078 5. In order to
achieve in experiments a strength ratio similar to that inferred in
nature (a few tens to a few hundred) the extension rate in
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experiments varies from 0.15 to 1.4 cm ', which yields a
strength ratio in experiments ranging from 4.5 to 130.

2.2. Apparatus

The experimental model is 50 cm long and 3 cm thick and is
made of a brittle upper part and a ductile lower part. The brittle
upper part is composed of alternating horizontal sand layers of
different colors used as passive markers. The ductile lower part is
a homogeneous pink silicone in most experiments. However, we
have also used vertically and horizontally stratified silicone in
order to determine the internal strain in the ductile level,
following an experimental procedure already proposed and
explained in detail by some authors [Dixon. 1974; Merle, 1982;
Brun and Merle, 1985; Allemand, 1990]. The basal plate of the
mode} simulates the boundary between the crust and the brttle
mantle. As in the experiments of Basile and Brun [1999] the
rupture within the brittle mantle, which is considered to govern
crustal deformation, is achieved by a velocity discontinuity (VD)
long the basal plate (Figure 1). In the end of the experiment the
brittle material is wetted, and serial cross sections, perpendicular
to the strike of the grabens, make it possible to analyze the
geometry and the internal strain recorded in the model.

We have conducted two sets of experiments, which differ in
the VD number. The first set was carried out with a single VD
(one-velocity discontinuity model). The model is limited by a
motionless wall on one side and by a mobile rim that is pulled out
with the mean of a screw jack on the other side (Figure 2a). A
plastic sheet underlying half of the model is attached to the
mobile rim. The limit of the plastic sheet, which is underneath the
silicone and parallel to the mobile rim, induces a VD in the
middle central part of the model during motion. The second set of
experiments was carried out with two VD (two-velocity

a) NATURE
G,—0;3
\ Upper
15 km - — -
) N Lower
Ductile crust ~ crust

30 km 4

Brittle mantle
lithosphere

Depth

b) MODEL

Brittle layer

<=

1.5cm

Ductile layer Silicone

T

Plastic sheet

3.0cm

Depth

Figure 1. Strength profile in (a) nature and (b) experiments. The
velocity discontinuity resulting from failure within the brittle
mantle in nature is modeled in experiments by the rim of a mobile
plastic sheet at the base of the model.
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by 2 VD apparatus

Computer
and motor

Figure 2. Experimental devices for (a) one-velocity discontinuity models and (b) two-velocity discontinuities

models.

discontinuity model). The former motionless wall is replaced by a
mobile rim to which is attached a second plastic sheet (Figure
2b). During each experiment the velocity of each mobile rim is
achieved by a step by step motor controlled by a computer.

3. One-Velocity Discontinuity Model

The goal of these experiments is to study the geometry and the
deformation mechanisms associated with the activity of a single
VD. The strength ratio is dependent upon both the extension rate
and the ratio of thickness between the briitle and the ductile part
of the model. We have conducted several experiments with the
same amount of extension and the same thickness ratio in order to
determine the role of the extension rate on the graben geometry.
Then, varying the velocity of the mobile wall makes the strength
ratio to change from 4.5 to 130 and the role of the extension rate
in the graben geomeiry needs to be determined.

3.1. Influence of the Strength Ratio

In experiments with a strength ratio <65-70 the extension
initiates two linear and parallel grabens: a near-symmetric one
located above the motionless part of the model and an

A)
Silicone &
5 cm VD
B)
Silicone &
VD
Figure 3. Two cross sections in one-velocity discontinuity

experiments for (a) low strength ratio and (b) high strength ratio.
The constant C, is defined as the width of the symmetric graben,
and C, is defined as the final distance between the center of the
symmetric graben and the master fault of the half graben.

asymmetric one located above the movable plastic sheet. The
latter half graben presents a well-pronounced asymmetry with a
major detachment fault facing the symmetric graben (Figure 3a).
This overall geometry does not differ when varying the strength
ratio from 4.5 to 65-70. Experiments with identical strength ratios
allow one to define two constants C, and C,. The constant C, is
the width of the symmetric graben. For instance, C, is ~2 cm for
a strength ratio of ~25. The constant C; is the distance between
the center of the symmetric graben and the master detachment
fault of the asymmetric graben. C, is ~8 cm for a strength ratio of
25. However, the constant Cj, slightly increases with time owing
to the displacement of the half graben onto the movable plastic
sheet. The constant C,, is also related to the strength ratio as it
may increase (up to 1 cm) when increasing this ratio.

In experiments with a strength ratio >70 the extension
generates a unique and asymmetric graben on the movable part
(Figure 3b). On map view this half graben is linear and parallel to
the rims of the model. In cross section the half graben is very
similar to that observed in low strength ratio experiments, having
the same width and the same orientation for the detachment fault.
This result indicates that a high strength ratio prevents the
formation of the symmetric companion graben observed in low
strength ratio experiments.

3.2. Internal Strain in the Ductile Lower Part

In some experiments, along strike, half of the silicone is
stratified vertically, the second half is stratified
horizontally. The width and the thickness of the vertical and
horizontal layers are identical, so that a deformed grid is obtained
by superposition of two cross sections in the horizontally and
vertically stratified halves of the model after deformation (a
complete description of this experimental procedure is given by
Brun and Merle, [1985)). This allows one to fully define the
strain pattern within the ductile lower part of the model during
extension.

In experiments with a strength ratio equal to 24, cross sections
reveal that the strain (1) can be slightly different along strike in
the same experiment, (2) is due to major low-angle high-strain
zones dipping ~25°-30°, and (3) is mainly localized between the
two grabens (Figure 4). Cross sections allow two sets of nearly
symmetric high-strain zones to be determined. First, two high-
strain zones are arranged in a more or less pronounced mirror

whereas
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Figure 4. Cross sections in one-velocity discontinuity experiments showing the final shape of (a) initially vertical
markers and (b) shear magnitudes in the lower ductile layer.-

symmetry on both sides of the velocity discontinuity. The two
high-strain zones intersect at depth between the initial (VD) and
final position (VD) of the velocity discontinuity. The high-strain
zone associated with the detachment fault of the half graben
affects the entire thickness of the silicone layer in all
experiments. Shear measurements 7y reveal that the highest strain
values are recorded along it (Figure 4b). It is also well worth
noting that the brittle block in between the two grabens is slightly
tilted according to the activity of the main detachment fault of the
half graben. Second, two high-strain zones are localized below
the symmetric graben on either side of its central axis and are
restricted to the very upper part of the silicone layer.

This strain analysis shows that the prominent feature of the
deformation in such an extensional process is the detachment
fault of the half graben along which very high strain is recorded
in the lower ductile part. We argue that extension with high
strength ratio, which inhibits the formation of the symmetric
graben, would be mainly characterized by a single major high
strain-zone running from the bottom of the brittle fault in the sand
to the velocity discontinuity at depth.

4. Two-Velocity Discontinuities Model

In experiments with a low strength ratio (<65-70) the overall
geometry can be understood as a function of the initial distance
between the two velocity discontinuities (Figure 5). As the initial
distance between the two velocity discontinuities is superior to 6
cm (for a strength ratio equal to 18), each VD induces the
formation of a pair of grabens in a way similar to that described
for a low strength ratio in one-VD experiments (Figure 5a).
Increasing the initial distance between the iwo VD makes the
distance between the two pairs of graben (i.e., the central horst)
increase.

In experiments with an initial distance equal to 51 cm,
extension leads to the formation of three grabens only: two lateral
half grabens and a central symmetric one (Figure 5b). The
distance between this unique central graben and the two other
lateral half grabens is identical to the distance between each pair

< 2Cb
—
— TRy

10 em

Q)
VD VD

Figure 5. Schematic representation of extensional structures in
two-velocity discontinuities and low strength ratio experiments.
When the starting distance between the two VD is large, each VD
initiates a pair of half graben/symmetric graben as in one-VD low
strength ratio experiments (Figure 5a). A larger starting distance
between the two VD merely increases the width of the central
horst between the two pairs of grabens linked to each VD. When
the starting distance between the two VD is reduced, a single
symmetric graben is shared by the two half grabens as the
distance between those two is not enough to create two
symmetric grabens (Figure 5b). When the two VD are touching
or are very close, the distance between the two border faults
becomes too short for creating a symmetric graben, and the two
half grabens are separated by a central horst (Figure 5c).
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Figure 6. Strength ratio versus brittle/ductile thickness ratio for
five different extension rates: 2, 4, 6, 8, and 10 10" m s (see
text for explanation).

of associated grabens (i.e., constant Cp) in previous experiments.
We propose that the distance between the two half grabens being
too small for two symmetric grabens to form, a single central
graben develops and is shared by the two lateral half grabens.

Finally, with an initial distance inferior to 4 cm the system is
restricted to the formation of the two lateral half grabens. The
distance between the half grabens is smaller than the constant C,,
which probably prevents the formation of any symmetric graben
in between (Figure 5¢).

In experiments with a high strength ratio (>70) the extension
always induces the formation of two half grabens, whatever the
initial distance between the two velocity discontinuities. This
result is consistent with high strength ratio one-VD experiments.

5. Discussion

It is interesting to analyze the influence of the thickness of the
brittle upper part of the crust on the strength ratio. Computations
show that the strength ratio reachs a maximum for a thickness
ratio of 1, decreasing to zero as the thickness ratio tends both to
zero and infinity (Figure 6). At high extension rate the thickness
ratio has no effect on the number of grabens, and extension leads
to the formation of two, symmetric and asymmetric, grabens. In
contrast, at low extension rate a thickness ratio in the range from
0.2 to S may induce the formation of a single half graben (Figure
6).

In nature the thickness ratio may fluctuate from 0.5 to 2
according to the geothermal gradient within the crust at the time
of the deformation. Considering these two end-members, Figure 7
shows that the strength ratio is more sensitive to changes in
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extension rate than to variations in thickness ratio. No matter
what the thickness ratio is, an extension rate higher or lower than
~6x10"" m s™' leads to the formation of a single half graben or of
a pair of grabens, respectively (Figure 7). We conclude that the
extension rate is the main parameter controlling the graben
geometry in nature.

As the strength ratio is <65-70 (i.e., relatively high extension
rate), the initial stage of the deformation in one-VD experiments
is associated with the formation of two symmetric high-strain
zones in the silicone layer. In the brittle layer these high-strain
zones lead to the formation of two grabens. As the extension
increases, the graben located on the mobile part becomes
asymmetric, whereas the other remains symmetric. The shear
zone related to the symmetric graben becomes less and less active
whereas, high shear strain is recorded along the major shear zone
related to the half graben. These results can be uscfuﬂy compared
with the experiments of Brun and Beslier {1996, Figure 4b] at
lithospheric scale where the symmetric graben becomes
progressively inactive with time and where the deformation is
concentrated in the asymmetric one. The one-VD experiments
with a strength ratio >65-70 (i.e., relatively low extension rate)
show that the extension induces from the beginning a major high-
strain zone. which leads to the formation of a single half graben
in the brittle layer.

These experiments make it possible to assess in nature the role
of the distance between the rupture zones in the brittle mantle
with respect to the extension rate. In two-VD experiments with a
strength ratio >65-70 (i.e,, low extension rate) the extension
always leads to the formation of two asymmetric grabens. This
shows that the overall geometry at low extension rate is not
controlled by the initial distance between the VD and that each
rupture in the brittle mantle generates an half graben in the
overlying crust. However, low strength ratio experiments (i.e.,
high extension rate) reveal that the geometry and the number of
graben are controlled by the initial distance between the two VD
(Figure 8).

300
Se/Sp

250

200

Massif Central
rift
o "
o [} 10 20
5.25-6 10-11 Extension rate
(10 ms)

Figure 7. Strength ratio versus extension rate for three different
brittle/ductile thickness ratios. The Rhinegraben plots in the
single half graben field, whereas the Massif Central plots in the
two grabens field.
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Figure 8. Table showing the number of grabens with respect to
the number of velocity discontinuities and the extension rate.
Here d (cm) is the initial distance between two velocity
discontinuities.

According to the length ratio, an initial distance between the
two mantle lithospheric ruptures >60 km, that is, for a distance
between the two lateral detachment faults >160 km (2 Cp), should
generate two pairs of grabens in  nature, each
symmetric/asymmetric pair being induced by the rupture in the
underlying brittle mantle. The width of the two symmetric central
grabens would be ~20 km. In contrast, as the initial distance
between the two ruptures is <40 km, that is, where the distance
between the two lateral detachment faults is <2 Cp, only two half
grabens should form because the distance between them is not
large enough for the symmetric graben to be initiated. Finally,
between these two end-members a particular case may be defined
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for which a central graben of 20 km width is shared by the two
latera) half grabens. This geometry would occur where the two
lithospheric ruptures are 50+10 km apart.

6. A Natural Example: The West European Rift

The west European Cenozoic rift is composed of three
principal segments whos¢ orientation is roughly parallel to the
alpine front: the Eger graben in the east and the Rhinegraben and
the Massif Central grabens in the west (Figure 9) [Ziegler, 1994].
Numerous seismic profiles [e.g., Morange et al., 1971; Bergerat
etal., 1990; Brun et al., 1991; Zeyen et al., 1997] together with
well-established geological data have unraveled the tectonic
history and helped to visualize the crustal structure for the
Rhinegraben and the Massif Central grabens.

6.1. Rhinegraben

The Rhinegraben is a 3540 km wide and 300 km long linear
structure which is NNE-SSW oriented and results from a near E-
W extension. Geophysical data clearly show that the graben
presents an asymmetry which is reversed from north to south.
North to the Lalaye-Lubine-Baden-Baden Variscan fault the
graben is bounded in the east by a west dipping major fault.
South to the Variscan fault the main fault is east dipping, and the
thickest sediment deposit is localized in the western part (Figure
10a). The Rhinegraben results from a lithospheric extension
which started 40 myr ago. Between 40 and 30 Ma the evolution
of the northern and southern parts was identical with a
sedimentation at sea level [Sissingh, 1998] and similar subsidence
rates [Villemin et al, 1986]. From the end of the Oligocene the
evolution of the southern and northern parts differed. In the south
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Figure 9. Geological map of the three main segments (Massif Central, Rhine, and Eger) of the west European Rift.
Also shown is the location of the E-W cross section of the Massif Central (white arrow) and the three geophysical
profiles including the ECORS profile in the Rhinegraben (dashed lines).
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Figure 10. (a) The graben geometry of the southern part of the Rhinegraben as deduced from the ECORS profile
shown on Figure 9 {modified after Brun et al., 1992]. (b) Cross section in one-VD high strength ratio experiments.
The half graben is bounded by a detachment fault from the surface to the velocity discontinuity at depth.

the subsidence drastically decreased, while it has continued to
present in the northern part. The thickness of sediments and the
crustal thinning is therefore larger in the northern than in the
southern part. The sedimentation at sea level and the lack of
volcanism during the rifting episode are considered as strong
arguments to interpret the Rhinegraben in terms of passive rather
than active rifting [e.g., Park, 1988; Ruppel, 1995].

The upper crustal stretching in the northern part deduced from
the sedimentary fill is estimated between 5 and 7 km. Assuming a
preservation of the volume of the crust, a total extension value of
~17 km can be estimated [Brun et al., 1992). This crustal
stretching in the northern part results, on one hand, from the
extension linked to the west European rift (between 40 and 30
Ma) and, on the other hand, from the Plio-Quaternary extension.
This latter extensional episode is closely connected with the
recent evolution of the Rhur and the southem North Sea graben
(Zijerveld et al., 1992; Kooi et al., 1992]. In order to determine
the stretching of the crust induced by the west European rift
episode only, it is better to use the stretching value obtained in
the southern part (12 km) [Bois, 1993].

The extension rate deduced for the 10 Myr Oligocene rifting
episode in the southern part is close to 3.8x10"" m s, From
seismic profiles the brittle/ductile thickness ratio is ~2 [Brun et
al., 1992]. Equations (2)-(6) allow one to calculate a strength
ratio of ~88 for the southern Rhinegraben at that time. The
strength ratio and the extension rate for the Rhinegraben are
shown in the Figure 7. The corresponding point plots in the single
half graben field.

As predicted by our experiments, the Rhinegraben geometry
presents strong similarities with the half graben obtained in the
high strength ratio one-VD experiments (Figure 10b). In nature
and experiments the graben is bounded by a main detachment
fault, and the maximum of subsidence is situated at the footstep
of this fault. In experiments, many conjugate faults are created
which migrate toward the graben center. In nature the first faults
to be formed would be the external faults, whereas internal faults
are late. We speculate that the ecast-dipping detachment fault
remains active while many tilted blocs were formed eastward.

Experiments strongly suggest that each part of the
Rhinegraben (southern and northemn parts) results from a single
rupture within the brittle mantle lithosphere. The Lalaye-Lubine-
Baden-Baden fault is then interpreted as a transfer fault which
linked the two ruptures in the brittle mantle.

6.2. The Massif Central Grabens

The Massif Central area, which is the most important segment
of the west European Cenozoic rift, has been recently
reinterpreted [Merle et al., 1998]. The Eo-Oligocene graben
structure is 180 km wide, composed of two lateral half grabens
(the Limagne graben in the west and the Bresse graben in the
east) and one near-symmetric, 20 km wide, central graben (the
Roanne-Montbrison graben) (Figure 11a). The overall structure
along an east-west cross section is bounded by the two opposing
detachment faults of Limagne and Bresse lateral grabens and
reveals a striking mirror symmetry on either side of the central
part of the Roanne-Montbrison graben.
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Figure 11. (a) The graben geometry of the Massif Central, which corresponds to a mirror symmetry on either side
of an axis passing through the center of the central symmetric graben. The overall geometry results from upper
Eocene/lower Oligocene extension. The necking of the crust revealed by seismic studies below the Limagne graben
is thought to result from a late extensional stage in the upper Oligocene (see text). GL, Limagne graben; GRM,
Roanne-Montbrison graben; GB, Bresse graben. (b) Cross section from a two-VD low strength ratio with an initial
distance of ~5 cm between the two VD showing a similar overall symmetry. According to length scale ratio, the 20
km wide central graben in nature fits the 2 cm wide central graben in experiments.

The Massif Central grabens result from an east-west extension
which lasted 10 Ma in the Oligocene time and during which each
graben was filled by several hundred or thousand meters of
During and middle Oligocene, marine
incursions show that the sedimentation occurred at sea level in
the Limagne and Bresse grabens [Giraud, 1902; Rat, 1984;
Bodergat et al., 1999], while fluvio-lacustrian sedimentation only
was recorded in the central graben of Roanne-Montbrison {Ech-
Cherif El Kettani, 1996]. In the upper Oligocene this overall
symmetry came to an halt. Persistence of marine incursions and
sedimentation in the Limagne graben together with a lull in
sediment deposits in the Roanne-Montbrison and Bresse grabens
suggests that the extension became asymmetric at the scale of the
whole system. During this period, crustal thinning only occurred
in the western Limagne graben. This is clearly visible on
geophysical profiles where crustal thinning reaches 25% in the
Limagne graben whereas, it does not exceed 11% in other
grabens.

We argue that the extensional process in the upper Oligocene
differs from that recorded in the lower and middle Oligocene,
during which the mirror symmetry of the grabens system were
initiated. The more pronounced crustal and lithospheric thinning
due to the upper Oligocene extension along the western part of
the system is confirmed by the occurrence, from the end of the
Oligocene and during lower Miocene, of a scattered volcanic
phase mainly located within the Limagne graben and totally
missing to the east of the Roanne-Montbrison graben (Figure
11a). As in the Rhinegraben the sedimentation at sea level, which
lacks volcanic activity and was followed by a scattered volcanic

sediments. lower

phase in the thinned area, may be interpreted in terms of passive
nifting evolution [Merle et al., 1998].

The stretching value in the upper crust may be estimated from
master fault geometries to be inferior to 10-15 km. As in the
Rhinegraben this value is smaller than that deduced from
geophysical data, which is close to 25-30 km. Again, this
discrepancy can be explained by ductile flow in the lower crust
during extension. Equations (2)-(4) and (6) aliow an estimation of
the strength ratio which ranges from 39 to 47. In contrast with the
Rhinegraben, the corresponding point plots in the two grabens
field on Figure 7. This strongly suggests that the whole geometry
of the massif central grabens may be interpreted in terms of two-
VD experiments.

Accordingly, the Massif Central grabens could result from two
ruptures in the brittle mantle underlying the ductile crust. Low
strength ratio would have induced the near-symmetric central
graben, which is shared by the two lateral half grabens in a way
similar to our experiments (Figure 5b). From the length ratio used
in experiments it may be inferred that these two ruptures in the
underlying brittle mantle are spaced by ~50 km (Figure 11b).
Reactivation of former variscan faults could explain the distance
between the two border faults (Bresse and Limagne detachment
faults), which 1s slightly superior to that observed in experiments.

7. Conclusions

The main
summarized as follows.
1. As already proposed by some authors [e.g., Allemand, 1990;

results of this experimental study may be
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Beslier, 1991; Benes and Davy, 1996), crustal-scale experiments
show that the strength ratio is the key parameter which controls
the geometry of the graben in rifting processes. In one-VD
experiments a strength ratio value of ~65-70 (i.e., yield strength
ratio) separates two deformation fields. Lower and higher
strength ratio values induce either a pair of grabens or a single
asymmetric graben, respectively. In two-VD experiments the
extension leads to the formation of two asymmetric grabens as
the strength ratio is higher than the yield strength ratio. For a
strength ratio lower than the yield value the geometry and the
number of grabens is a function of the initial distance between the
two VD (Figure 5 and 8).

2. Variations of the thickness ratio between the brittle and
ductile part of the crust have little influence on the strength ratio
value, which is extremely sensitive to extension rate variations.
The extension rate during extension is therefore a parameter of

MICHON AND MERLE: CRUSTAL STRUCTURE OF THE RHINEGRABEN

paramount importance in the understanding of the graben
geometry.

3. Analogue modeling allows interpretation of the difference
in the graben geometry observed in the Rhine and Massif Central
areas. It may be inferred that the overall geometry results from
(1) the number of ruptures within the brittle mantle lithosphere
and (2) the difference in the extension rate. Two relatively close
ruptures in the underlying brittle lithosphere as well as a high
extension rate explain that three grabens formed in the Massif
Central, whereas a unique rupture in the lithosphere and a low
extension rate explain that a single half graben formed in the
Rhine area.
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[1] Comparison of analogue experiments at crustal
and lithospheric scale provides essential information
concerning the mode of deformation during
lithospheric extension. This study shows that during
extension, lithospheric deformation is controlled by the
development of shear zones in the ductile parts. At
lithospheric scale, the global deformation is initiated by
the rupture of the brittle mantle lithosphere. This failure
generates the formation of conjugate and opposite
shear zones in the lower crust and the ductile mantle
lithosphere. The analysis of the internal strain of the
ductile layers suggests that the two opposite shear
zones located below the asymmetric graben in the
lower crust and the ductile mantle lithosphere prevail.
Experiments show that from a similar initial stage, the
relative predominance of these shear zones originates
two different modes of deformation. If the crustal shear
zone prevails, a major detachment-like structure
crosscuts the whole lithosphere and controls its
thinning. In this model named the simple shear mode,
the resulting geometry shows that crustal and
lithospheric thinning are laterally shifted. If the
mantle shear zone predominates, the lithospheric
thinning is induced by the coeval activity of the two
main shear zones. This process called the necking
mode leads to the vertical superposition of crustal and
mantle lithospheric thinning. Applied to natural
laboratories (West European rift, Red Sea rift and
North Atlantic), this conceptual model allows a
plausible explanation of the different geometries and
evolutions described in these provinces. The North
Atlantic and the Red Sea rift systems may result from a
simple shear mode, whereas the necking mode may
explain part of the evolution of the West European
rift especially in the Massif Central and the Eger
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1. Introduction

[2] The asymmetric feature of continental rifts has been
clearly demonstrated during the past decades, whatever the
origin of rifting (i.e., passive or active rifting) [e.g., Mart
and Hall, 1984; Bosworth, 1985; Brun et al., 1992;
Rosendahl et al., 1992]. Although a single passive margin
presents an asymmetric geometry, conjugate and opposite
margins like in the northern Atlantic (the Canadian and
Iberian margins) mostly reveal a symmetric shape at the
lithospheric scale [Lister et al., 1991; Brun and Beslier,
1996]. Contrary to McKenzie [1978] and Wernicke [1981,
1985], who have respectively advocated pure shear and
simple shear to interpret lithospheric deformations,
Cochran and Martinez [1988)], Lister et al. [1991] and
Kusznir and Ziegler [1992] have assumed a combination
of both simple and pure shear to explain these different
geometries. According to these authors, crustal deforma-
tion may be controlled by low angle detachment faulting,
and thinning of the mantle lithosphere may result from
pure shear. Such models have been improved by Beslier
[1991] and Brun and Beslier [1996] to explain the
occurrence of shear zones in the mantle lithosphere [Gir-
ardeau et al., 1988; Vissers et al., 1995]. These authors
have proposed that mantle lithospheric thinning could
result from a necking of the lithosphere, generated by
opposite and conjugate shear zones (Figure 5 of Brun and
Beslier [1996]).

[3] In the present paper, we first summarize the main
characteristics of several continental rifts and passive mar-
gins in order to show the different geometries resulting
from extension. We have selected a number of structures
which formed in different geodynamical contexts during the
Mesozoic or the Cenozoic: the West European rift, the
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Figure 1. Synthetic geological map of the West European rift showing the Massif Central rift, the Rhine

graben and the Eger graben. (a) Crustal cross section of the southern part of the Rhine graben showing the
asymmetry of the graben (modified after Brun et al. [1992]). The master fault bounds the graben in the
west and is probably connected to the Moho by a shear zone in the lower crust. (b) Crustal geometry of
the Massif Central rift. The mirror symmetry revealed by the graben geometry and the Moho inflexions
below the Forez and the Monts du Lyonnais results from symmetric extension between Priabonian and
middle Oligocene. The development of the syn-rift volcanism in the western part of the rift and the Moho
inflexion below the Limagne master fault are interpreted as the consequence of an asymmetric extension

during upper Oligocene and lower Miocene.

North Atlantic passive margins and the Red Sea rift.
According to the age of the continental lithosphere in each
province, we assume that the vertical strength profile
corresponds to a 4-layer model with two brittle high
strength levels (the upper crust and the upper mantle
lithosphere) and two ductile layers (the lower crust and
the lower mantle lithosphere). In such a context, it has been
suggested that the lithospheric deformation is initiated and
controlled by failure of the brittle mantle lithosphere [Brun
and Beslier, 1996].

[4] As the aim of this paper is to determine the process
leading to continental rifts at lithospheric scale, we com-
pare scaled analogue experiments at crustal scale [Michon
and Merle, 2000] and lithospheric scale [Brun and Beslier,
1996]. In the 4-layer model, which represents the litho-
spheric strength profile, strain analysis of the ductile
layers makes possible to define two main shear zones,
which control the deformation and the thinning of the
models after the boudinage of the brittle mantle litho-
sphere. This study shows that the simple shear mode and
the necking of the lithosphere result from a similar initial
evolution. Finally, we propose a model that can explain
the various evolutions and geometries observed in the

West European rift, the North Atlantic passive margin and
the Red Sea rift.

2. Natural Laboratories
2.1. West European Rift

[s] The West European rift is composed of three prov-
inces extending from the Bohemian Massif in the east,
through the Rhenish Province in the central part, to the
Massif Central in the west (Figure 1). In all provinces,
extension started contemporaneously 40 m.y. ago and led to
the formation of a set of grabens and a syn-rift volcanic
activity [Michon, 2001]. The global evolution with exten-
sion and sedimentation near sea level, closely followed in
the Massif Central and the Eger graben (Bohemian Massif)
by a volcanic activity, is interpreted in terms of passive
rifting evolution [Bois, 1993; Merle et al., 1998].

[6] In the Rhenish Province, the Rhine graben is a linear
structure which results from W/WNW-E/ESE extension.
Geophysical data clearly show that the Rhine graben is a
single asymmetric graben of 35-40 km wide, which is
associated with strong crustal thinning [Brun et al., 1992].
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In the north, the half graben is bounded in the east by a west
dipping major fault. South to the Lalaye-Lubine-Baden-
Baden Variscan fault, the asymmetry is reversed and the
graben is limited in the west by an east dipping master fault
(Figure la). The distribution of the depocenters close to
these master faults reveals that the faults have controlled the
subsidence [Doebl and Olbrecht, 1974; Villemin et al.,
1986]. From the Priabonian to the end of the middle
Oligocene, a similar subsidence rate [Villemin et al., 1986]
and sedimentation at sea level [Sissingh, 1998] characterize
the northern and southern parts suggesting that the amount
of extension was identical at the graben scale. From the Late
Oligocene, subsidence drastically decreased in the southern
part whereas it was ongoing in the northern segment up to
Middle Miocene. After an interruption of sedimentation
during the Late Miocene, the northern Rhine graben was
reactivated at the beginning of the Pliocene [Sissingh,
1998]. Subsidence was still active in the Pleistocene in
the northern part and restarted in the southern part [Schu-
macher, 2002]. Whereas the Eocene-Oligocene rifting is
clearly related to the extension of the West European rift,
this latter extensional episode is closely associated with the
recent evolution of the Roer Valley graben and the southern
North Sea [Kooi et al., 1991; Zijerveld et al., 1992]. The
twofold evolution of the northern part of the Rhine graben
has resulted in a thicker pile of sediments and stronger
crustal thinning than in the southern part. In the northern
part of the Rhine graben, the stretching value deduced from
the geometry of the faults in the upper crust is estimated to
be in the range from 5 to 7 km. Assuming preservation of
the volume of the crust, a total extension value of about 17
km can be deduced [Brun et al., 1992]. In the southern part,
the extension value estimated from preservation of the
volume of the crust is about 12 km [Bois, 1993]. As it
has been shown that the northern segment was affected by
two distinct periods of extension, the extension value
resulting from the West European rift episode only is
probably about 12 km. Thus the extension rate deduced
from the 10 m.y. Priabonian-Middle Oligocene rifting
episode is close to 1.2 mm/yr.

[7] The Massif Central rift, which is the most important
segment of the West European rift, has been recently
reinterpreted [Merle et al., 1998; Michon, 2001]. The
Variscan basement is affected by a north-south 180 km
wide rift composed by Eo-Oligocene grabens. Along an
east-west cross section, the rift is characterized by two
lateral and opposite half grabens (the Limagne graben in the
west and the Bresse graben in the east) and a central and
near-symmetric graben (the Roanne-Montbrison graben)
(Figure 1b). Geophysical data show that the structure is
bounded by the two opposite detachment faults of the
Limagne and Bresse half grabens which might be
connected at depth to the Moho discontinuity [Michon,
2001]. This overall geometry reveals a strikingly mirror
symmetry on both sides of the central part of the Roanne-
Montbrison graben (Figure 1b). The east-west cross section
also shows asymmetrical features at the scale of the rift.
The Moho inflexion below the Limagne half graben and the
occurrence of a magmatic activity restricted in the western
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part of the rift correspond to geological characteristics
which are hardly compatible with a purely symmetric
evolution. The explanation can be found in the sedimentary
record [Merle et al., 1998]. Similar deposits in the Limagne
and Bresse half grabens from the Late Eocene to the Early
Oligocene together with sedimentation at sea level [Giraud,
1902; Rat, 1974; Bodergat et al., 1999] suggest a symmet-
ric extension during this period. However, in the Late
Oligocene, persistence of marine incursions in the Limagne
half graben and the lack of marine incursion and the lull in
sediment deposits in the Bresse graben show that the
overall symmetrical evolution came to a halt. During this
period, crustal thinning occurred in the western Limagne
graben. This is clearly established from geophysical profiles
where crustal thinning reaches 25% in the Limagne graben
whereas it does not exceed 13% in the Bresse graben. The
asymmetric extension during the Late Oligocene is con-
firmed by the occurrence of a scattered magmatic activity in
the Limagne half graben. Then, we interpret the mirror
symmetry as resulting from the Late Eocene-Middle Oli-
gocene symmetric extension whereas the Late Oligocene-
Early Miocene evolution corresponds to an asymmetric
extension located in the western part of the rift only. The
stretching value deduced from master fault geometries in
the upper crust is inferior to 10—15 km. However, as in the
Rhine graben, this value is more than two times lower than
the value estimated from geophysical data, which is close to
25-30 km [Bois, 1993]. Again, this discrepancy may be
explained by ductile flow in the lower crust. The extension
rate estimated for the Massif Central rift ranges from 2.5 to
3 mm/yr.

[8] In the Bohemian Massif, the evolution and the
geometry of the Eger graben are still poorly constrained.
This graben is 40—45 km wide, trending N60°E, and is
bounded in the north by a main normal fault (the Krusné
Hory fault), which gives to the whole structure a global
asymmetry. The Priabonian age of the oldest sediments
related to the extension [Chlupac et al., 1984] indicates
that the graben formation was coeval with the formation of
the Massif Central rift and the Rhine graben. The thickness
of the Late Oligocene-Middle Miocene sediments never
exceeds 500—600 m and the depocenter are located close
to the Krusné Hory fault suggesting (1) a small amount of
extension and (2) a major role of this master fault in the
graben evolution. From the Middle Oligocene (i.e., 10 m.y.
ago after the onset of the extension) and up to the Middle
Miocene, a syn-rift volcanic activity was located within the
graben leading to the formation of large magmatic provinces
[Ulrych et al., 2000]. Despite the few amount of data, the
formation of a single asymmetric graben and the develop-
ment of a syn-rift volcanic phase within the extensional area
correspond to geological information of primary impor-
tance, which can be help to determine the evolution and
the deformation of the whole lithosphere.

2.2. North Atlantic Passive Margins

[9] The understanding of the North Atlantic passive
margins has been largely improved by the discovery of a
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Figure 2. Reconstruction of the North Atlantic passive margin before oceanization (after Tankard and
Welsink [1987]). In this cross section, only structures resulting from the main period of extension are
represented (see text for explanation). 1: Galicia bank. 2: Interior Basin. JAB: Jeanne d’Arc Basin. FC:

Flemish Cap. DGM: Deep Galicia Margin.

mantle ridge close to the ocean-continent transition zone
in the Galicia passive margin [Boillot et al., 1980]. At
the latitude of Iberia, geophysical and tectonic studies
have allowed to reconstruct the initial geometry of the rift
before oceanization taking into account both Galicia and
East Canadian margins (Figure 2) [Tankard and Welsink,
1987]. Seismic data show that the East Canadian margin is
composed from west to east of a nearly symmetric graben
(the Jeanne d’Arc basin) and a horst (the Flemish cap). The
subsidence analysis of the Jeanne d’Arc basin reveals a
main period of quick subsidence during the Late Barremian
(around 120 Ma) [Driscoll et al., 1995]. In the east, the
Iberian margin can be divided in two different parts: the
Interior Basins (Interior and Porto basins) and the Deep
Galicia margin. The Interior Basins correspond to symmet-
ric grabens of the proximal part of the margin which were
active from the very beginning of the extension (i.e.,
Valanginian) [Manatschal and Bernoulli, 1999]. In contrast,
the Deep Galicia margin is composed of eastward tilted
blocks which yield a strongly asymmetric structure. The age
of the syn-rift sediments (Hauterivian to Aptian) suggests
that the extension has shifted from the Interior Basins to the
Deep Galicia margin during rifting [Manatschal and Ber-
noulli, 1999]. Stretching values have been deduced for the
whole period of rifting (300—350 km) [Keen and Dehler,
1993]. However, the multiphase extension in the North
Atlantic leading to continental breakup as well as the
previous extension in the Interior Basin [Manatschal and
Bernoulli, 1999] make it difficult the estimation of the
stretching value related to the main phase of rifting (Hau-
terivian to Albian).

[10] One of the main characteristics of the Galicia
passive margin is the presence of a prominent seismic
reflector, the so-called S reflector. In the Deep Galicia
margin, the S reflector is located at the base of the tilted
blocks and its dip evoluates from westward dipping in the
east to a slightly eastward dipping close to the mantle
ridge [Boillot et al., 1980, 1988; Mauffret and Montadert,
1987]. In this area, the S reflector directly overlies the
mantle ridge and seems to have merged into seafloor.
Whereas the S reflector is mainly interpreted as a top-to-
the-ocean low-angle detachment structure which was
responsible for mantle exhumation during rifting [e.g.,
Beslier et al., 1990; Reston et al., 1996; Manatschal and
Bernoulli, 1999], the origin and the age of a second
opposite shear zone (top-to-the-continent) in the mantle
peridotite is still a matter of controversy. Boillot et al.
[1995] and Brun and Beslier [1996] have proposed to
explain the mantle exhumation by the development of two
nearly synchronous and opposite shear zones in both
the lower crust and the mantle lithosphere leading to the
necking of the lithosphere. According to this model, the S
reflector and the mantle shear zone could correspond to
the detachment structures in the lower crust and the
mantle, respectively. However, using *°Ar/*’Ar ages [Fér-
aud et al., 1988], Manatschal and Bernoulli [1999] have
shown that the tectonic activity of the mantle shear zone is
slightly older than the crustal one and have proposed that
both mantle and crustal structures result from two different
stages in continental extension. Whatever the exact chro-
nology of these two detachment faults, the evolution of
the syn-rift subsidence in both East Canadian and Galicia
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Figure 3. Geological map of the Red Sea area showing the
distribution of the syn-rift volcanism on the Arabian
microplate only.

opposite margins suggests that (1) maximal crustal thin-
ning was superimposed on the two graben areas (Jeanne
d’Arc basin and Deep Galicia margin) and that (2) mantle
lithospheric thinning took place in the eastern part of the
rift (i.e., east to the Flemish Cap) (Figure 12 of Keen and
Dehler [1993]).

2.3. Red Sea Rift

[11] The Red Sea rift is a 1700 km length NNW-SSE
oriented narrow rift which is located north to the Afar area
(Figure 3). During the last decades, this rift was the
subject of two main controversies. On one hand, the
debate focuses on the origin of the extension (i.e., passive
rifting versus active rifting) and the relation with the Afar
plume [Courtillot, 1980; Dixon et al., 1989; Bohannon et
al., 1989]. Recently, Menzies et al. [1997] have proposed
that the extension in the northern Red Sea results from the
northward propagation of the southern Red Sea, which is
linked to the Afar plume. In their model, an active rifting
origin is clearly advocated for the southern Red Sea,
whereas the evolution of the northern segment can be
interpreted in terms of passive rifting. On the other hand,
assuming that the Red Sea rift results from a passive
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rifting evolution, two opposite modes of extension have
been proposed to explain the main geological and geo-
physical features of the area. Wernicke [1985] has referred
to the development of a low-angle detachment structure
(i.e., simple shear mode) to induce volcanism and uplift in
the eastern border of the rift only (in the Saudi Arabian
microplate). In contrast, Buck et al. [1988] have advocated
a pure shear mode with an initial 110 km wide rifting area
becoming narrower with time (20 km wide) to explain the
present-day high and narrow heat flow in the central Red
Sea. It is well worth noting that the simple shear mode is
based on Eo-Miocene geological features, whereas present-
day data are used to define the pure shear model. Conse-
quently, these two modes of extension are deduced from
different periods: the simple shear mode for an initial
continental extension and the pure shear mode for a nearly
oceanization stage.

[12] As the southern part of the Red Sea rift presents
strong interactions with the Afar plume, we will summa-
rize the main Oligo-Miocene geological features of the
northern Red Sea in order to constrain the evolution of the
rifting. Although the onset of the extension is not well
established, Bohanonn et al. [1989] have suggested a
normal faulting activity with sedimentation close to sea
level from 23 to 29 Ma, with an increased extension rate
around 25 Ma. During this period a first phase of
volcanism started in the Arabian margin only. The age
of the onset of magmatism is poorly constrained. K/Ar
ages mainly obtained in the 1970s and 1980s suggest the
occurrence of volcanism around 30-32 Ma (i.e., before
extension) [Brown et al., 1984]. However, several com-
bined K/Ar and *°Ar/*°Ar data have often shown strikingly
differences between ages obtained with both methods
suggesting that ages based on the K/Ar method must be
handled with care [Baker et al., 1996; Rittmann and
Lippolt, 1998]. The oldest lava flows dated from the
“OAr°Ar method in Saudi Arabia indicate an onset of
the volcanic activity coeval with the beginning of the
extension (27-28 Ma) [Chazot et al., 1998]. After a lull
of volcanism during several millions years, the Arabian
margin was again affected by an intense magmatic phase
coeval with a main period of continental rifting between
21-24 Ma [Chazot et al., 1998]. This magmatism led to
the formation of a 1000 km length dyke swarm parallel to
the newly formed continental rift. Finally, from the Early
Miocene (ca. 20 Ma), the Arabian margin was uplifted
causing the present-day topographic asymmetry on either
side of the Red Sea [Bohannon et al., 1989]. According to
many authors [e.g., Wernicke, 1985; Bohannon et al.,
1989], we consider that this general evolution of the
period of continental rifting (i.e., rifting at sea level,
volcanism and uplift) can be interpreted in terms of
passive rifting. The overall geometry resulting from this
Oligo-Miocene event reveals a strong asymmetry of the
spatial distribution of magmatism and uplift restricted to
the Arabian microplate. Likewise, this asymmetry can be
readily seen in the seafloor topography of the Northern
Red Sea (Figure 5 of Cochran and Martinez [1988]). The
bathymetry decreases abruptly between the western shore
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Figure 4. Strength profile (a) for a continental lithosphere
with a normal thermal gradient and (b) in experiments. Sand
is used to simulate the brittle parts of the lithosphere and
silicone putty mimics the behavior of the lower crust and the
ductile mantle lithosphere.

and the central axis of the Red Sea, whereas it gradually
increases from the axial zone up to the eastern border.
Contrary to the Oligo-Miocene asymmetric features, the
present-day heat flow and seismicity distribution reveals a
symmetric geometry [Cochran and Martinez, 1988; Dixon
et al., 1989], which could indicate a change in the rifting
evolution.

[13] Although the extension rate of the northern Red Sea
is fairly well estimated from the Late Miocene to the
present-day (lcm/yr) [Cochran and Martinez, 1988], the
stretching values and the extension rate are not known for
the pre-Late Miocene period. Assuming that most of the
extension has occurred in the past 12—14 Ma [Le Pichon
and Gaulier, 1988], the extension rate may have been very
slow during the initial period of rifting.

3. Analogue Experiments
of Continental Extension
[14] Inthis part, we compare analogue experiments already

published and carried out at crustal [Michon and Merle, 2000]
and lithospheric scale [Brun and Beslier, 1996]. These

3.1. Experimental Background

[15] The analogue models can be compared to the
natural systems if the distribution of stresses, densities
and rheologies are similar in nature and experiments
[Hubbert, 1937]. In the areas presented in the first
sections of this paper, the lithosphere is assumed to have
a normal thermal gradient before the rifting event. It is
generally accepted [e.g., Ranalli and Murphy, 1987; Buck,
1991; Davy and Cobbold, 1991; Fernandez and Ranalli,
1997; Burov and Poliakov, 2001] that with such a thermal
gradient (Moho-temperature less than 500°-600°C), the
strength profile of the lithosphere before the rifting pro-
cess is characterized from top to bottom by a brittle upper
crust, a ductile lower crust, a brittle mantle lithosphere
and a ductile mantle lithosphere (Figure 4a). The rheo-
logical structure of the lithosphere being highly dependent
on the thermal gradient and the strain rate, this theoretical
4-layer strength profile can change during the thinning of
the lithosphere with a shift of the brittle-ductile transition in
the crust and the mantle lithosphere [Davy and Cobbold,
1991]. Experiments at lithospheric scale have been carried
out with a 4-layer brittle-ductile model whereas experi-
ments at crustal scale correspond to the upper part of the
strength profile only (Figure 4b). In both experiments, the
ductile and brittle behaviors of the lithosphere were simu-
lated by silicone putty and sand layers, respectively. Al-
though the behavior of the lithospheric ductile levels is
characterized by a power law rheology, Davy and Cobbold
[1991] have shown that the use of the silicone putty is a
good approximation to simulate the lithospheric ductile
parts.

[16] Numerical approaches show that the thermal regime
of the lithosphere could play a major role on the mode of
deformation during a rifting event [e.g., Buck, 1991; Burov
and Poliakov, 2001]. The influence of the temperature

Table 1. Geometric and Mechanical Variables in Nature and Experiments at Crustal and Lithospheric Scale

Experiments
Variable Definition Nature Crustal Scale Lithospheric Scale Dimensions

husL thickness of the upper crust (UBL) 15-18 x 10° 1.5 x 1072 12-1.4 x 102 m
hupt thickness of the lower crust (UDL) 12-15 x 10° 1.5 x 1072 0.5-0.6 x 1072 m
H. thickness of the crust (UBL + UDL) 30-35 x 10° 3 x 1072 1.7-2 x 1072 m
Hyy thickness of the mantle lithosphere (LBL + LDL) 70-90 x 10° - 23-28 x 1072 m
PuBL density of the upper crust (UBL) 2700 1400 1400 kg/m?
pUDL density of the lower crust (UDL) 2800 1350 1100—-1214 kg/m’
PLBL density of the brittle mantle lithosphere (LBL) 3300 - 1400 kg/m?
PLDL density of the ductile mantle lithosphere (LDL) 3300 - 1305 kg/m?

o angle of internal friction 30° 30° 30°

m viscosity 1 x 10%! 3 x 10* 1.3-2.1 x 10* Pa.s

70 cohesion 2 % 10° 1 1 Pa

€ strain rate 5x 107" 1.8 x 10°* 23 x 10 %23 x 10°° s

g gravity acceleration 10 10 10 m/s’
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Table 2. II Dimensionless Numbers in Nature and Experiments

Experiments

Dimensionless
Parameter Definition Nature Crustal Scale Lithospheric Scale

11, UBL/UDL thickness 1-1.5 1 23-3
Iy, crust/mantle lithosphere thickness 0.4 - 0.6—-0.85
11, angle of internal friction 30 30 30
115 UBL/UDL density 0.96 1.04 1.12-1.27
JIES LBL/LDL density 1 - 1.07
114 gravitational/viscous stresses 81 37.5 4-34.5
IIs inertial/viscous stresses 3% 10724 29 x 107! 5.6 x 107°-1.57 x 107!
Il failure resistance/viscous stresses 31.75 15.16 2.1-16.08
11, gravitational stress/cohesion 202.5 210 168—-196

cannot be included directly in the analogue experiments.
Nevertheless, in the experiments, a change of the thickness
ratio between the brittle and ductile layers (i.e., thick upper
crust and thin lower crust or thin upper crust and thick lower
crust) is able to simulate different initial geotherms from an
old and cold lithosphere up to a young and hot lithosphere.
In addition, Michon and Merle [2000] have shown that the
initial thermal regime of the lithosphere is a parameter that
has a minor influence on the crustal deformation. Then, we
consider that for the study of the first stage of a rifting
process, analogue approach can be used to study the mode
of deformation of the lithosphere.

[17] To guarantee similarity in nature and experiments,
we define several variables related to the geometry and
the properties of the materials (Table 1). The geometry of
the different parts of the lithosphere is characterized by the
thickness of the Upper Brittle Layer Aypp (i.e., the upper
crust in nature), the Upper Ductile Layer Aypy (i.e., the
lower crust), the whole crust H- and the mantle lithosphere
H,;;. Materials property variables are the density of the
Upper Brittle Layer pygr, of the Upper Ductile Layer pypy,
of the Lower Brittle Layer p; g;. and of the Lower Ductile
Layer p;pr. The viscosity p of the ductile layer, and the
internal angle of friction ® and the cohesion T, of the brittle
levels are also variables related to the materials properties.
The relation between the deformation and the time corre-
sponds to the strain rate €. Finally, the only force is the
gravity acceleration g.

[18] According to the Buckingham-II theorem, there are
10 variables minus 3 dimensions equal to 7 independent
dimensionless numbers (Table 2) that need to maintain the
same value in nature and experiments. Of these, two
dimensionless parameters correspond to the geometric ratios
of the system:
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[19] In equation (1), Aypy, and Aypy represent the thick-
ness of the Upper Brittle Layer UBL (i.e., the brittle upper

crust in nature) and the Upper Ductile Layer UDL of the
system (i.e., the ductile lower crust), respectively. The
second dimensionless parameter I1;, is only used to scale
the lithospheric experiments and corresponds to the thick-
ness ratio between the crustal H- and mantle lithospheric
Hyyp levels.

[20] The third dimensionless number can be defined as
the frictional angle of the brittle material:

sz@'

Two other dimensionless parameters must be related to the
density ratio of the different layers.

(3)

PuBL
= (4)
H3 PupL
PLBL
— Bt (5)
H3b PLpL

[21] II3 defines the density ratio between the UBL and
the UDL, whereas Il5, allows to scale the density of the
Lower Brittle Layers LBL and Lower Ductile Layers LDL
in the experiments at lithospheric scale only.

[22] Knowing that gravity is balanced in the brittle
materials by stresses that resist failure and in the ductile
levels by inertial and viscous stresses, we define three other
dimensionless parameters, which correspond to ratios of
these stresses:

I, = e ©)
4 e
H o 8ph%/BL (7)
T
_ 2tan $pghypL
HéfT—i-tanCD. (8)

[23] Equations (6), (7) and (8) represent respectively
ratios between the gravitational stress and the viscous stress,
the inertial stress and the viscous stress (i.e., the Reynolds
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Figure 5. Experimental setup used in analogue experiments at (a) crustal and (b) lithospheric scale.
Apparatus at lithospheric scale after Brun and Beslier [1996].

number) and the failure resistance stress and the viscous
stress (see Merle and Borgia [1996] for details).

[24] Finally, the last dimensionless parameter corre-
sponds to the ratio of gravitational stress to cohesion:

H _ pghusL
7 To

Results of equations (1), (1b), (3) and (3b) clearly show
the similarity between nature and the experiments at both
scales for the geometry and the density of the materials
(Table 2). The angle of internal friction is the same for the
sand and natural rocks (30°). Considering an average
strain rate in nature (5 x 10> s7') and a viscosity of
the lower crust of ~p = 10*! Pa s, I, and I, impose a
strain rate in the experiments around 10~ *~107° s~'. The
very small value of IIs in nature (3.1 x 102*) shows that
the inertial forces are negligible with respect to the viscous
forces. In the experiments, such a low value cannot be
reached even using materials with high viscosity and low
density. Nevertheless, in experiments the low values of Il
(5.6 x 1077=1.57 x 10~ '") suggest that the inertial forces
have also a minor importance with respect to the viscous
forces. Thus this number may receive no further consid-
eration. The last dimensionless parameter II; is partly
derived from the cohesion of the materials. The cohesion
of intact and massive rock is considered to be ~10’ Pa
[Jaeger and Cook, 1971]. However, it is widely accepted
that the cohesion could decrease of 1 or 2 orders of
magnitude for fractured rocks [e.g., Merle et al., 2001].
In nature, the continental crust is generally affected by
numerous faults resulting from different tectonic events
(e.g. the Variscan continental crust in Europe). Then, it is
reasonable to consider that the cohesion of the crust at a
large scale is closer to 10° Pa than 107 Pa (Table 1). The
resulting II; is similar in nature and in experiments at
crustal and lithospheric scale (Table 2).

[25] This scaling approach finally shows that (1) experi-
ments carried out by independent studies [Beslier, 1991;
Brun, 1999; Michon and Merle, 2000] can be compared and
(2) the results and interpretation can be applied to natural
laboratories.

©)

[26] It has been proposed that the deformation in a
lithosphere is initiated by failure in the brittle mantle
lithosphere [Allemand et al., 1989; Brun and Beslier,
1996]. In numerical modeling, such a failure is usually
simulated by a preexisting weak zone in the lithosphere
[e.g., Huismans and Beaumont, 2002]. In the analogue
experiments, the rupture in the brittle mantle lithosphere
was initiated by a velocity discontinuity (VD), which was
forced by the border of a moving plastic sheet (Figure 5). As
in the numerical approach, the VD concentrates the defor-
mation and controls the development of the structures. At
crustal scale, the VD was located at the base of the system
(i.e., below the silicone layer corresponding to the lower
crust), whereas it was situated on the vertical lateral bound-
aries of the apparatus in the experiments at lithospheric
scale (Figure 5). Contrary to the analogue modeling at
lithospheric scale, Michon and Merle [2000] have carried
out experiments with one but also two VDs in order to
determine the role of the number of ruptures upon crustal
deformation. In experiments with one VD, the use of a
vertically stratified silicone has allowed the analysis of the
internal strain within the ductile layers and the determina-
tion of the highest strain zones (i.c., the shear zones).

3.2. Summary of Previous Studies

[27] Analogue experiments of continental rifting have
been conducted during the last decade at crustal [Michon
and Merle, 2000] and lithospheric scale [Beslier, 1991;
Brun and Beslier, 1996; Chemenda et al., 2002]. These
studies have shown that major parameters control the mode
of deformation and the strain during a rifting process: the
extension rate and the development of shear zone in the
mantle lithosphere and the crust. We summarize herein
the main observations.

[28] Experiments with one VD and various extension
rates show in both studies the occurrence of two deforma-
tion styles distinguished by the number of grabens. Low
extension rate leads to the formation of a single half-graben
on the movable part (Figure 6a). At both crustal and
lithospheric scales, this asymmetric graben is bounded by
a master fault in the brittle upper part, which is rooted along
a slight silicone upwelling. In contrast, high extension rate
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Figure 6. Comparison between experiments carried out at crustal and lithospheric scale. (a) At low
extension rate the extension induces the formation of a single asymmetric graben on the movable part. (b)
In contrast, a high extension rate leads to the creation of two grabens: a near-symmetric graben in the
motionless part and an asymmetric graben in the movable part. Experiments at lithospheric scale after

Beslier [1991].

generates simultaneously the formation of two parallel and
linear grabens separated by a horst: a half graben on the
movable part and a near-symmetric graben on the motion-
less part (Figure 6b). At lithospheric scale, it is worth noting
that the maximum value of thinning of the analogue crustal
layers is located in the central part of the asymmetric
graben, whereas the analogue layers of the mantle litho-
sphere are mostly thinned below the border of the horst. The
difference observed between the geometry of the near-
symmetric and asymmetric grabens in crustal and litho-
spheric experiments is likely to result from the uplift of the
UBL due the activity of the detachment fault and the
resulting isostatic adjustment in lithospheric experiments.
Whatever the extension rate, the deformation of the UBL
seems to be directly linked at lithospheric scale to the
rupture of the LBL or at crustal scale to the velocity
discontinuity. These results indicate that a low extension
rate prevents the formation of the symmetric companion
graben observed in high extension rate experiments.

[29] Using a vertically stratified silicone, the internal
strain of the ductile layers has also been studied at litho-
spheric scale in high extension rate experiments [Brun and
Beslier, 1996]. According to these authors, extension indu-
ces the formation of two conjugate shear zones in each
ductile part of the models (i.e., the LDL and the UDL),
which control the thinning of the whole lithospheric model
(see Figure 5 of Brun and Beslier [1996]). They have
proposed that the mode of lithospheric extension corre-
sponds to a necking of the lithosphere that can lead to
mantle exhumation just before oceanization [Brun and
Beslier, 1996]. It is interesting to note that Chemenda et
al. [2002] have also determined the occurrence of litho-

spheric shear zones controlling the thinning of the models.
Nevertheless, their experiments show that for an evoluate
stage of extension only one lithospheric shear zone prevails
mimicking the simple shear mode proposed by Wernicke
[1981, 1985] (see Figure 5 of Chemenda et al. [2002]).
Such a result is in disagreement with the necking model

a)

b)

Figure 7. Internal strain of the silicone layers in high
extension rate experiments deduced from the final geometry
of the vertical markers in the silicone layers. Colors from
light to dark blue indicate variations in strain intensity for
the top-to-the-left shear zone whereas the yellow to red
colors indicate strain intensity for the top-to-the-right shear
zone (see text for explanation). See color version of this
figure at back of this issue.
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Figure 8. Cross section of an experiment at lithospheric
scale characterized by a high extension rate and a nearly
similar amount of extension (see text for explanation)
(modified after Brun and Beslier [1996]).

proposed by Brum and Beslier [1996] where shear zone
activity is coeval on both sides of the rift up to the formation
of the ocean lithosphere.

3.3. New Results From the Comparison
of Analogue Experiments at Crustal
and Lithospheric Scale

[30] To solve the apparently different deformation at
lithospheric scale, we compare the internal strain in the
experiments at crustal and lithospheric scales.

[31] High extension rate experiments at crustal scale
reveal that a VD always creates two conjugate shear zones
in the ductile level, which are clearly related to the grabens
in the UBL (see Figure 4 of Michon and Merle [2000]).
Shear measurements also indicate that the top-to-the-left
shear zone associated with the half graben always prevails
with respect to the other one (Figure 7a). In contrast, the
opposite shear zone, which is related to the near-symmetric
graben is much less important and its activity decreases
during extension.

[32] Using the same analytical approach in experiments at
high extension rate, we have determined the internal strain
of the silicone layers at lithospheric scale (Figure 7b). This
clearly shows the occurrence of a continuous shear zone
associated with the asymmetric graben which crosscuts the
whole model down to the LDL. Such a shear zone is
strikingly similar to the one observed in the experiments
of Chemenda et al. [2002]. Very high shear strain is
recorded in the UDL whereas strain is lower in the LDL.
This major shear zone corresponds to a top-to-the-left low-
angle detachment structure which controls the upwelling of
the LBL. To this respect, it is interesting to note that the
asymmetric shape of the glucose solution (i.e., the analogue
asthenosphere) suggests that the detachment fault controls
the thinning of the whole model. It is also possible to define
two top-to-the-right shear zones that can be traced out in the
UDL and the LDL (Figure 7a). Shear measurements
deduced from the distortion of the initially vertical markers
indicate that the highest shear strain along the shear zones
are located below the asymmetric graben, that is in the UDL
for the top-to the-left shear zone and in the LDL for the top-
to-the-right shear zone. In a way similar to crustal scale
experiments, the deformation concentrates along the major
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detachment fault and the activity of the top-to-the-right
shear zone in the UDL progressively decreases as it is
suggested by the preservation of the initial geometry of the
nearly symmetric graben.

[33] A second experiment at high extension rate (Figure 4a
of Brun and Beslier [1996]) shows a different geometry at
lithospheric scale. This model, conducted at an identical
extension rate that the previous experiment (i.e., 5 cm/h), has
been stopped at a slightly higher amount of extension (3.8 cm
instead of 3.2 cm for the first experiment). The lack of
vertically stratified silicone in the model does not allow the
internal strain to be defined. Nevertheless, the geometry of
the LBL with its uplift toward the nearly symmetric graben
suggests that the deformation is controlled by the top-to-the-
right shear zone located in the LDL (Figure 8). Crustal
deformation is characterized by the development of a
strongly asymmetric graben due to a top-to-the-left main
shear zone in the UDL similar to the main shear zone
observed in previous experiments. This top-to-the-left shear
zone was passively deformed when the top-to-the-right shear
zone became prominent (Figure 8). Thus, the total thinning
of the model (i.e., mantle levels and crustal layers) is
controlled by two conjugate and opposite main shear zones.

[34] In experiments at low extension rate, the internal
strain of the silicone layers has not been studied in details.
Nevertheless, the similar location and shape of the thinning
of the silicone layer in crustal scale experiments also
suggests the occurrence of two conjugate shear zones
(Figure 9). We speculate that the top-to-the right shear zone
in low rate experiments is not strong enough to induce the
formation of a nearly symmetric graben in the UBL.

[35] All experiments suggest that a VD creates two
opposite and conjugate shear zones in the ductile layers
whatever the extension rate. This result is in agreement with
purely brittle models in which a VD always leads to the

Figure 9. Comparison of the final geometry of the silicone
layer in experiment at crustal scale with (a) high and (b) low
extension rate. The similar shape of the thinning of the
silicone layer suggests the occurrence of two conjugate
shear zones in the experiments whatever the extension rate.
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Figure 10. Synthetic evolution of the lithospheric deformation during continental rifting at high
extension rates. During the initial stage of rifting, the extension induces (1) the development of conjugate
shear zones in the ductile layers and (2) the formation of two incipient grabens. The evoluate stage is
characterized by the predominance of two opposite shear zones located on the same vertical section. The
crustal shear zone lead to the development of the asymmetric graben. When the brittle mantle lithosphere
is broken out, the system can display two different mode of extension. In the necking model, the crustal
shear zones control the crustal thinning and the mantle shear zone located below the asymmetric graben
leads to the deformation of the mantle lithosphere. In the simple shear mode, the thinning and the
deformation of the whole lithosphere is controlled by the shear zone associated with the asymmetric
graben. V represents the potential location of the volcanism.

formation of two conjugate normal faults [e.g., Faugere et
al., 1986], and with the models of Chemenda et al. [2002]
where the lithosphere is modeled by an elasto-plastic
material. It also shows that the role of the top-to-the-right
shear zone increases as a function of the extension rate.

[36] To sum up, analysis of the internal strain in the
silicone layers shows (1) the development of two conjugate
shear zones in each ductile level (i.e., the UDL and LDL)
and (2) that the two shear zones located below the asym-
metric graben predominate. Deformation of the mantle
lithosphere levels in a final stage (i.e., after the boudinage
of the LBL) is controlled by the shear zone located either in
the UDL (Figure 7) or in the LDL (Figure 8).

4. Interpretation and Discussion

4.1. Modes of Lithospheric Extension During
Continental Rifting

[37] Although analogue models at crustal and lithospheric
scale have been carried out using different apparatus, the
experimental results show striking similarities, proving that
modeled deformation is indicative of a common tectonic
process. As it has already been suggested [Beslier, 1991],
we interpret the final geometry of crustal layers as resulting
from the rupture of the brittle mantle.

[38] In high extension rate experiments, this rupture indu-
ces at the initial stage of extension a mirror symmetric

deformation characterized by conjugate shear zones on both
sides of the brittle mantle lithosphere (i.e., in the lower crust
and the mantle ductile lithosphere) (Figure 10a). During this
stage, the shear zones in the lower crust are responsible for the
creation of two incipient grabens in the upper crust. This
mode of extension mimics a pure shear deformation. With
increasing amount of extension, this symmetric evolution
stops. The activity of two shear zones is enhanced and they
become prominent with respect to the two others. They are
located on the same vertical section, one in the UDL and the
other in the LDL (Figure 10b). The shear zone, which prevails
in the UDL, induces the formation of an asymmetric graben
(Figure 10b). In nature, this evolution is thought to originate
the formation of an asymmetric graben (i.e. a half-graben)
associated with a master normal fault in the upper brittle crust.

[39] Experiments at lithospheric scale show two different
final geometries for a nearly similar amount of extension
[Brun and Beslier, 1996]. These experiments reveal that
during a later stage, the boudinage of the brittle mantle
lithosphere leads to two contrasting evolutions resulting
from the relative role of the main shear zones located in
the lower crust and the ductile mantle lithosphere. If the
UDL shear zone associated with the asymmetric graben
prevails with respect to the mantle shear zone, boudinage of
the brittle mantle lithosphere induces the formation of a
master shear zone (i.e., a low-angle detachment structure),
which crosscuts and controls the thinning of the whole
lithosphere (Figure 10c left). In contrast, when the top-to-
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Synthetic evolution of the lithospheric deformation during continental rifting at low

extension rates. During the initial stage of rifting, the extension induces (1) the development of conjugate
shear zones in the ductile layers and (2) the formation of one incipient grabens. The evoluate stage is
characterized by the predominance of two opposite shear zones located on the same vertical section. The
crustal shear zone lead to the development of the asymmetric graben. When the brittle mantle lithosphere
is broken out, the system can display two different mode of extension. In the necking model, the crustal
shear zones control the crustal thinning and the mantle shear zone located below the asymmetric graben
leads to the deformation of the mantle lithosphere. In the simple shear mode, the thinning and the
deformation of the whole lithosphere is controlled by the shear zone associated with the asymmetric
graben. V represents the potential location of the volcanism.

the-right shear zone located in the ductile mantle lithosphere
is connected with the UDL shear zone associated with the
nearly symmetric graben, the thinning of the lithosphere
mainly results from the coeval activity of the two opposite
and main shear zones (Figure 10c right). Thus, starting from
a similar geometry before the boudinage of the brittle
mantle lithosphere, extension can induce two different
modes of extension: a simple shear mode which presents
real similarities with the model proposed by Wernicke
[1985], or a necking of the lithosphere as it has been
described by Brun and Beslier [1996].

[40] In low extension rate experiments, it is assumed that
during the initial stage, rupture of the brittle mantle litho-
sphere induces the formation of two conjugate shear zones
in each ductile layer. However, experiments show that only
one UDL shear zone is strong enough to initiate a graben in
the upper crust. The resulting geometry defined by the set of
shear zones corresponds to a mirror symmetry on both
sides of the brittle mantle lithosphere (Figure 11a). As in
the high extension rate evolution, subsequent deformation
is controlled by the two main and opposite shear zones
located in the ductile mantle lithosphere and the lower crust
(Figure 11b). If the shear zone associated with the asym-
metric graben prevails with respect to the mantle shear zone,
a single low-angle detachment structure crosscuts the whole
lithosphere when the brittle mantle lithosphere is broken
out. The mode of extension then corresponds to a simple

shear mode and the maximum thinning of the crustal layers
and the mantle lithospheric levels are not located on the
same vertical line (Figure 1lc left). If the shear zone of
the ductile mantle lithosphere controls the deformation, the
thinning of the different layers is vertically superposed,
corresponding to the necking mode of extension (Figure 11c
right).

[41] In experiments at lithospheric scale, the sand layer
which represents the LBL is an isotope level without any
previous fault and the difference of magnitude between the
main shear zones can explain the different evolutions
toward a simple shear or a necking mode. In nature, the
previous history of a tectonic province can control the
formation of structures at lithospheric scale. For example,
an inherited structure in the brittle mantle lithosphere can be
reactivated during continental extension and its geometry
might favor the necking model or the simple shear mode.

[42] To sum up, the extension rate is a key parameter
which controls the geometry of crustal deformation [Michon
and Merle, 2000]. At low extension rate, extension induces
the formation of a single asymmetric graben, whereas
extension leads to the formation of two grabens at high
extension rate. At lithospheric scale, deformation is mainly
controlled by two opposite and main shear zones located
below the asymmetric graben in the lower crust and the
ductile mantle lithosphere. The thinning mode (i.e., simple
shear or necking) is determined by the relative magnitude of
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Figure 12. Table showing the interpretation of the
different provinces studied in this paper.

these two main shear zones, which may be due to the
reactivation of inherited structures in the lithosphere. In
both models, the thinning of the lithosphere may induce a
volcanic activity by adiabatic decompression of the mantle.
Volcanism should occur into the asymmetric graben with
the necking mode and across the rift shoulder facing the
master fault in the simple shear mode. These differences in
the continental rift evolution can be considered as evidences
which make possible to decipher the mode which has
occurred in nature.

4.2. Application to Natural Examples

[43] In the first part of this paper, the review of the main
geological features characterizing some continental rift has
shown different evolutions which can exist in nature. We
now apply our model to the natural laboratories in order to
interpret their evolution.

4.2.1. Crustal Geometry

[44] At crustal scale, the Eger graben, the Red Sea rift and
the Rhine graben correspond to single asymmetric grabens
whereas major extensional structures created before ocean-
ization in the North Atlantic passive margins (the Deep
Galicia margin and the East Canadian margin) can be
described as a pair of two companion grabens. We argue
that these two types of basic structures result from a
difference in the extension rate as already proposed by
Michon and Merle [2000] for the Rhine graben and the
Massif Central rift. This suggests that in the Eger graben
and the Red Sea rift where the extension rate during the
early stage of rifting is unknown, the extension rate was
probably lower than in the North Atlantic passive margins
(Figure 12). Using the relation between the strength ratio
and the extension rate [Michon and Merle, 2000], an
extension rate lower than 2 mm/yr can be proposed for
the Eger graben and the first period of extension in the Red
Sea rift. Likewise, an extension rate higher than 2 mm/yr
may have induced the formation of the Deep Galicia margin
and the Jeanne d’Arc basin.

[45] In the different areas (Eger graben, Red Sea rift and
North Atlantic passive margins), the occurrence of one or
two grabens also indicates that the crustal deformation was
caused by a single rupture in the brittle mantle lithosphere.
The Massif Central rift geometry could be explained by (1)
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the occurrence of two simultaneous ruptures of the brittle
mantle lithosphere initially spaced by around 50 km and (2)
a high extension rate [Michon and Merle, 2000].

4.2.2. Mode of Extension

[46] In the Red Sea rift and the North Atlantic passive
margins, geological data plead for a simple shear mode with
the development of a main low-angle detachment structure.
In the North Atlantic passive margins, such a mode of
extension allows to explain (1) the predominance of the
reflector S (the crustal shear zone) upon the mantle shear
zone and (2) the lack of mantle lithospheric thinning below
the Jeanne d’Arc basin as it has been shown by Keen and
Dehler [1993]. Thus, the extension was mainly controlled
by a single detachment structure connected with the Deep
Galicia margin, which may have caused the exhumation of
the lithospheric mantle before oceanization. In such a
process, shifting of the extension from the Interior Basin
toward the Deep Galicia margin suggests that the deforma-
tion narrows during lithospheric extension.

[47] Following Wernicke [1985], we consider that the
asymmetric geological features resulting from the Late
Oligocene-Early Miocene evolution in the Red Sea rift
can be interpreted as the consequence of the activity of a
single low-angle detachment structure. In contrast, the
present-day data suggest that the mode of lithospheric
extension which is interpreted as the result of a pure shear
mode [Buck et al., 1988] has changed. This indicates that
the mode of extension during continental rifting probably
evoluates toward a mode of extension where the pure shear
deformation prevails during oceanization. At lithospheric
scale, the nearly symmetric shape of opposite passive
margins could therefore result from a change in the mode
of extension after the onset of oceanization.

[48] Assuming that the magmatic activity appears above
the zone of maximum lithospheric thinning, the occurrence
of a syn-rift volcanic phase located within the graben areas
in the Eger graben and the Massif Central rift cannot be
explained by a simple shear mode for which the maximum
of lithospheric thinning is located outside the graben. An
alternative explanation is that the crust is affected by a
single detachment structure, whereas the mantle lithosphere
is thinned in pure shear mode (Figure 3d of Lister et al.
[1991]). However, in this model, the mantle lithosphere is
considered as purely ductile and the resulting strength
profile does not correspond to the strength profile of a
lithosphere with a normal thermal gradient [Davy and
Cobbold, 1991]. In addition, experiments show that once
the lithosphere is characterized by a brittle mantle layer, the
rupture of this brittle part induces the development of shear
zones in both the lower crust and the ductile mantle
lithosphere. This is why we believe that the Eger graben
and the Late Oligocene-Early Miocene evolution of the
Massif Central rift result from lithospheric necking. In these
provinces, necking of the lithosphere has induced a crustal
thinning in the asymmetric graben and the development of
a syn-rift volcanism into the graben. In the Eger graben,
data at crustal scale suggest small stretching values, whereas
the occurrence of the volcanic phase indicates a strong
mantle lithospheric thinning. Such a paradox can be
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explained by decoupling the crustal and mantle lithospheric
deformations along the Moho mechanical discontinuity
[Fleitout, 1984].

[49] Although the Rhine Graben likely results from a low
extension rate [Michon and Merle, 2000], the mode of
lithospheric extension cannot be surely constrained with
available geological data as both lithospheric necking and
simple shear mode can generate a single asymmetric graben.
We can only speculate that the reflectors visible below the
Moho and in the continuity of the major fault [Brun et al.,
1992] could represent a part of a continuous detachment-
like structure, which crosscuts the whole lithosphere as in
the simple shear mode.

[50] These conceptual models, based on analogue experi-
ments, indicate that the extension rate and the mode of
extension are the main parameters, which control the
geometry of the continental rifts and passive margins.
Recent numerical experiments suggest that rheological
softening at lithospheric scale can also act on the symmetry
of lithospheric extension, and has a complex interaction
with the rate of extension [Huismans and Beaumont, 2002].
Also, even if our models can explain the main character-
istics of several continental rifts, the role of the rheological
distribution at lithospheric scale and sub-surface processes
(i.e., erosion and syn-rift sedimentation) should be consid-
ered as potential parameters which can influence the geom-
etry of deformation during continental rifting, as it has been
proposed by Burov and Cloetingh [1997] and Burov and
Poliakov [2001] for post-rift evolution.

5. Conclusions

[s1] This study first shows that two independent sets of
analogue experiments carried out at crustal [Michon and
Merle, 2000] and lithospheric scale [Beslier, 1991; Brun
and Beslier, 1996] can be compared if the models were
initially properly scaled.
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[52] As it has already been proposed [Michon and Merle,
2000], the extension rate plays a major role on the crustal
deformation. Narrow rifts (single half-grabens) are formed
with low extension rates whereas wider rift (two grabens)
results from larger extension rate. According to Michon and
Merle [2000], the development of more than two individual
grabens (e.g., the Massif Central rift) results from several
ruptures in the brittle mantle lithosphere.

[53] This study based on analogue experiments also
shows an identical initial rifting stage characterized by
two main shear zones, located below the asymmetric graben
in the lower crust and the ductile mantle lithosphere. With
increasing extension, these two main shear zones may
produce a simple shear mode which shows similarities with
the model proposed by Wernicke [1981, 1985], or a litho-
spheric necking as described by Brun and Beslier [1996].
These results allow an interpretation of the evolution of the
Rhine graben, the Eger graben, the Massif Central rift, the
Red Sea rift and the North Atlantic passive margins. In
addition, these results could be applied to the North Sea rift
where several mantle lithospheric shear zones have been
identified by seismic studies [Reston, 1993].

[s4] Finally, this study suggests an evolution of the mode
of deformation during extension. The continental rifting is
mainly characterized by a simple shear deformation that
induces asymmetric structure in the crust. In contrast, pure
shear deformation probably prevails during oceanization,
explaining the global symmetry of conjugate passive mar-
gins superimposed to the asymmetry of the crustal defor-
mation inherited from the continental rift stage.
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a)

b)

Figure 7. Internal strain of the silicone layers in high extension rate experiments deduced from the final
geometry of the vertical markers in the silicone layers. Colors from light to dark blue indicate variations
in strain intensity for the top-to-the-left shear zone whereas the yellow to red colors indicate strain
intensity for the top-to-the-right shear zone (see text for explanation).
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Abstract

Analysis of structural rift architecture shows that the graben formation is commonly controlled by the contemporaneous
activity of two fault trends with an angular obliquity of approximately 40°. Inspection of the crustal basement and
geophysical data reveals that these faults are parallel to inherited oblique crustal and lithospheric discrete fabrics, which
are reactivated during the extension event. We conducted experiments at crustal scale to determine the role of the coeval
reactivation of such oblique inherited fabrics in the graben and depocentre development. Experimentally the oblique inherited
lithospheric faults were simulated by a basal discrete velocity discontinuity (VD) characterised by two different angles (o)
with respect to the extension direction at the intersection of the VDs. Our models show that besides the extension direction
which induces the formation of linear or independent en-echelon grabens, the intersection of the two oblique VD segments
controls the location of the depocentre and concentrates subsidence. For different stretching direction values, the depocentre
geometry varies from strongly asymmetric to symmetric when the stretching direction corresponds to the bisecting line of the
two VD segments. Applied to the Upper Rhine graben (central segment of the West European rift), our models allow
interpretation of the development of the Late Eocene—Oligocene depocentres at the intersection of two main oblique inherited
structures, as the result of a constant NW-SE extension direction. Concerning the southern East African rift, the graben
geometries and the evolution of the subsidence during the Mio-Pliocene period may be explained by the reactivation of two
main Pan-African inherited shear zones with an E-W direction of extension.
© 2005 Elsevier B.V. All rights reserved.

Keywords: Analogue modelling; Extension; Depocentre; Rhinegraben; Tanganyika

1. Introduction

The major role of geological inheritance on graben
formation has been recognised in many rifts for the past
decades (e.g., Illies, 1981; Ring, 1994; Bonini et al.,
1997; Schumacher, 2002). Graben faults are often super-
imposed on pre-existing crustal structures as in the Pan-

* Corresponding author. Tel.: +262 262 93 82 04.
E-mail address: laurent.michon@univ-reunion.fr (L. Michon).

0040-1951/% - see front matter © 2005 Elsevier B.V. All rights reserved.
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African mountain belts of East Africa (McConnell, 1972;
Ring, 1994; Lezzar et al., 2002), the Variscan main faults
of the West European rift (Schumacher, 2002; Michon et
al., 2003), and the Caledonian paleo-rifts and suture
zones of the North Sea rift (Ferseth et al., 1997; Rey et
al., 1997). In the northern Lake Tanganyika rift, initial
subsidence was controlled by reactivated Pan-African
faults and the orientation of the two main fault trends
which is parallel to the Pan-African belts (Lezzar et al.,
2002) (Fig. 1a). In Cenozoic rifts of the French Massif
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Fig. 1. (a) Simplified geological map of the northern segment of the Lake Tanganyika rift showing the location of the initial depocentres at the
intersection of two main fault trends (after Lezzar et al., 2002). (b) Isopach map of the Late Eocene—Oligocene sediments in the Limagne graben
(French segment of the West European rift). The maximum sedimentation appears at the intersection of the Aigueperse and Limagne faults
(modified after Morange et al., 1971). (c) Structural map of the Viking graben and surrounding area showing the two main fault trends resulting
from the reactivation of pre-existing faults (after Faerseth et al., 1997).
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Central (main segment of the West European rift), ex-
tension has reactivated the Variscan faults and the depo-
centre formed at the intersection of two main faults
(Michon, 2001) (Fig. 1b). In the North Sea, the Caledo-
nian inheritance played a major role on the development
of the Viking graben and the Meore basin (Ferseth et al.,
1997) (Fig. 1c¢). In the Ethiopian rift, the occurrence of
the two directions of faults was interpreted in terms of
multistage rifting with two different extension directions
(Bonini et al., 1997). However, the development of
depocentres at the intersection of the two faults suggest,
in many cases, a coeval fault history (Ferseth et al.,
1997; Lezzar et al., 2002; Schumacher, 2002; Michon
et al., 2003).

Although these provinces were affected by distinct
pre-extension histories with successive compression
phases that developed several trends of crustal faults,
they present a striking similarity, common to other rift
systems: extension has reactivated only two main crust-
al fault trends with an angular difference of around 40°
(Table 1). The geological origin of such an angle value
is hard to explain. Indeed, the two 40° oblique trends do
not correspond to the two fault orientations that affect
the basement in the different areas. It also does not
correspond to the theoretical value of around 60° be-
tween two conjugated fault trends formed during a
compressive event. When successive deformation
events occur the previously formed faults are reacti-
vated as long as the stress field slightly differ from the
previous ones. This reactivation prevents the formation
of any new main fault in angle domains close to the

inherited fault. So, we consider that the 40° value
corresponds to the minimum angle value between two
main non-coeval fault zones.

The role of orthogonal and oblique extension has
already been studied experimentally using brittle—
ductile (Tron and Brun, 1991) or purely brittle mod-
els (McClay and White, 1995; McClay et al., 2002),
and mainly linear discontinuities. The main result is
that oblique extension leads to the formation of en-
echelon grabens and intra-rift sub-basins, whereas
linear grabens develop with orthogonal extension.
Furthermore Bellahsen and Daniel (2005) recently
show with brittle—ductile models that crustal perva-
sive and discrete fabrics, oblique to the stretching
direction entails the development of grabens present-
ing two oblique directions. Although crustal inheri-
tance plays a role in the graben geometry (Morley,
1999; Bellahsen and Daniel, 2005), it is widely
accepted that lithospheric faults (i.e., discrete litho-
spheric structures) strongly control the development
of structures in the crust (e.g., Davy and Cobbold,
1991; Brun and Beslier, 1996). As extension usually
leads to reactivation of preexisting intersecting litho-
spheric fabrics, brittle—ductile experiments were car-
ried out at crustal scale in which the intersecting
lithospheric inheritance is simulated by a basal ve-
locity discontinuity presenting two different orienta-
tions. Such a set up enables us to determine (1) the
role of oblique lithospheric fabrics in the develop-
ment of a graben and its related depocentres, (2) the
effect of extension direction on the graben and depo-

Table 1

Obliquity of the main fault trends in several rift systems

Area Main fault orientation Angular Reference

difference

Northern Lake Tanganyika rift, EAR Graben border fault (NO) and the 45° Lezzar et al., 2002
“Rusizian” faults (N130-140)

Ethiopian rift, EAR Graben border faults (N10 and N45) 35° Bonini et al., 1997

Upper Rhine graben, WER Graben border fault (N20) and 35° Schumacher, 2002
the LB transfer fault (N55)

Limagne graben, WER Graben border fault (NO) and 40° Michon, 2001
the Aigueperse fault (N40)

Roer Valley rift system, WER Feldbiss (N150) and Veldhoven 40° Michon et al., 2003
(N110) faults

Gulf of Lion, NW Mediterranean rift Nimes fault (N55) and N20 35° Seranne, 1999
main orientation

Viking graben, North Sea Graben border fault (N5) and 45° Ferseth et al.,, 1997
N50 main orientation

Rio Grande rift, USA The graben border fault (NO) and 45° Baldridge et al., 1995

the Tijeras fault zone (N45)
Average angular difference 40°

LBF: Lalaye—Lubine—Baden Baden transfer fault. EAR: East African Rift, WER: West European Rift.
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centre geometry, and (3) the interaction between
linear and en-echelon grabens.

2. Experimental background
2.1. Scaling

Small-scale crustal models are similar to natural sys-
tem if the distribution of stresses, densities and rheolo-
gies are equivalent in nature and in experiments
(Hubbert, 1937; Ramberg, 1981). It is widely accepted
that a continental lithosphere with a normal thermal
gradient is characterised by a 4-layer strength profile
with two brittle layers (the upper crust and the brittle
mantle lithosphere) and two ductile levels (the lower
crust and the ductile mantle lithosphere) (e.g., Davy
and Cobbold, 1991) (Fig. 2a). Analogue experiments
suggest that during a rifting episode, the crustal defor-
mation is initiated by a failure in the brittle mantle
lithosphere (Allemand, 1990; Brun and Beslier, 1996).
During the process of rifting crustal deformation is con-
trolled by the coupling between the upper and lower
crust (Allemand, 1990; Brun, 1999), and rate of exten-
sion (Michon and Merle, 2000). To take into account the
role of this coupling, Michon and Merle (2000) have
developed a scaling approach defining a strength ratio
between the brittle (Sg) and ductile (Sp) layers. Similar
scaling method is used in the present work to facilitate
the comparison between our results and those obtained
with a linear and continuous discontinuity at the base of
the system (Michon and Merle, 2000).

b) MODEL

Crustal scale

a) NATURE

0,-03

Thickness
{cm)

Depth Silicone

Basal plate

lithosphere

Fig. 2. Strength profile (a) for a continental lithosphere with a normal
thermal gradient and (b) in experiments. Sand is used to simulate the
brittle parts of the lithosphere while silicone putty mimics the behav-
iour of the lower crust and the ductile mantle lithosphere.

The strength ratio being a dimensionless number, it
must be of the same order of magnitude in model and
nature (Eq. (1)):

5 s (55)
Sy (2) . m
(S D / Model Sp Nature

In brittle materials, the strength Sy is defined as the
differential stress ¢, —0o3; g, and o3 corresponding to
the maximum and minimum principal stresses, respec-
tively. g, can be expressed as a linear function of depth
hg (with gravity acceleration g and density p), or g3
(with @ and b parameters depending of the angle of
friction ¢ and the cohesion 7¢) (Egs. (2)—(4))

o1 = a+ basy = pghg, (2)
where,
a = 210Vb, 3)

_ 1 +sing
1 —sing’

In a rifting context with vertical o, the strength of
the brittle crust is then expressed as (Eq. (5))

pghs — a)

b 4)

; (5)

Sg = 0y —GsnghB—(
In experiments where a cohesionless material is
used, Eq. (5) simplifies to (Eq. (6)):

2
SB =01 — 03 = g pghB (6)

The strength Sp of the ductile layer depends on
the viscosity p of the material and the strain rate &,
which corresponds to the ratio between the exten-
sion rate 7 and the thickness of the ductile layer
h[).

So = pé = iy (7)
D

In nature, the upper crust has an average density p of
2700 kg m™ >, a cohesion 7, of 10’ Pa and a angle of
friction ¢ between 30-32°. We used Fontainebleau dry
quartz sand to simulate the upper crust (Fig. 2b). This
material is a cohesionless material with a density p of
1600 kg m™ >, and an angle of friction ¢ around 30—
35°. In the model, a silicone putty with a viscosity u of
3% 10* Pa s represented a lower crust with a viscosity
of 10?' Pa s. Considering the strain rate in nature
(107" s7 1), an extension rate of 2 cm h™' has been
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imposed in the experiments in order to obtain strength
ratios of the same order of magnitude in nature and the
models (56 and 13, respectively). As a consequence, the
results of the experiments can be applied to natural
systems. According to a geometrical scaling factor of
10° (length in nature/model), 1 cm in the model repre-
sents 10 km in nature. We conducted all the experi-
ments with a large amount of extension (between 5 and
6 cm) to favour a better visualisation of the deforma-
tion. In nature such amounts of extension (50 to 60 km)
correspond to extension values between those of conti-
nental rifts (e.g., 30 km in the French Massif Central
grabens — Bois, 1993 — and 17 km in the Rhinegraben
— Brun et al., 1992) and passive margins (e.g., several
100 km in the Galicia—Newfoundland passive margins
— Manatschal et al., 2001).

2.2. Apparatus

Modelling was performed at the ISES Tectonic
Laboratory of the Vrije Universiteit of Amsterdam

(The Netherlands). To simulate the reactivation of
discrete lithospheric structures, we conducted brit-
tle—ductile experiments composed of a basal layer
of silicone and a brittle cover consisting of three
horizontal stratified sand layers (Fig. 3a). The system
lies on a basal plate, which simulates the boundary
between the crust and the mantle lithosphere. As in
the experiments of Basile and Brun (1999) and
Michon and Merle (2000), the rupture within the
brittle mantle, which is considered to govern crustal
deformation, was achieved by a velocity discontinu-
ity (VD). The VD corresponds to the limit of a
plastic sheet, which is attached to the mobile wall
and located underneath the silicone layer. In all
experiments, the VD is characterised by two oblique
orientations differing by 40° (Fig. 3b).

As many authors (Tron and Brun, 1991; McClay and
White, 1995; Clifton and Schlische, 2001; McClay et al.,
2002), we used the angle o between the VD and the
extension direction to define the experiments and to
allow comparison of our results with those obtained in

Fig. 3. (a) Model cross-section before extension. The deformation is initiated by the limit of the basal plastic sheet, which induces a velocity
discontinuity (VD) during extension. (b) Plan view geometry of the basal plastic sheet on which the silicone layer is emplaced. See text for the
definition of o. The arrows indicate the extension direction. The strike-slip motion associated with the lateral edges of the plastic sheet is also

reported.
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previous works. However, in each experiment o« was
measured from the intersection of the two VD segments
allowing distinction between the VD segments charac-
terized by identical absolute «-values (i.e., 70° and 110°,
and 80° and 100°) (Fig. 3b). An o-value difference
between the two VD segments («-VAD) was also defined
to discuss the role of the geometry of the VD segment
intersection in the location of the subsidence. The experi-
ments were carried out with five distinct geometries in
which two a-values were applied simultaneously (Fig.
3b). The motion of the basal plastic sheet led extension
along the VD segments and strike-slip motion along the
plastic sheet lateral borders. During the experimental
run, the main grabens were infilled with sand to simulate
sedimentation. Surface photographs were taken at regu-
lar intervals to analyse the initiation and propagation of
the deformation. At the end of each experiment, the sand
is soaked in water, and serial cross-sections were made
parallel to the extension direction. For experiment 5, we
reconstructed the 3D geometry of the model with
GOCAD®, in order to visualise the deformation and to
understand its relationship to the strain within the sili-
cone layer.

3. Results
3.1. Evolution of the deformation

3.1.1. Initial stages of deformation

In all experiments, the first increments of extension
(i.e.,~1 cm) is characterised by the development of 2
cm wide parallel grabens located on each side of the
VD (Fig. 4). Of these two structures, the graben located
above the mobile basal plate is separated from the
second graben by a 4.0-4.5 cm wide horst. Fig. 4
shows that this general deformation changes in each
experiment. In experiments with an «-value difference
(«VAD) between the two VD segments equal or greater
than 40° (Fig. 4a, b, c), grabens and faults form simul-
taneously along the VD, which presents the greatest o-
value (i.e., 90°, 100° and 110°). In these models, the
geometry of the graben located on the mobile part
varies from an en-echelon graben with «=110° (Fig.
4a), to a purely linear structure with «=90° and 100°
(Fig. 4b, c). These variations in graben geometry situ-
ated on the mobile part, slightly contrast with the
geometry of the graben located on the fixed part,
which is always linear. For a «VAD of less than 40°
(Fig. 4d, e), the initial fault pattern is different during
the first stages of deformation being restricted to the
central part of the model, around the intersection of the
two VD directions. With coeval a-values (i.e., «=70°

and «-VAD=0°), the grabens are centred above the
intersection of the two oblique VDs (Fig. 4e), while
they are slightly shifted along the VD with highest «-
value when o differs (Fig. 4d).

3.1.2. Propagation of the deformation

Fig. 5 shows the evolution of the deformation with
increasing amount of extension for three different mod-
els. Surface views reveal that the incipient faults which
developed during the first increment of extension (1)
propagate laterally along the VD segments charac-
terised by the highest a-values (i.e., 80°, 90° and
100°) and (2) control the formation of two parallel
and linear main grabens. Then, when extension exceeds
2 cm, en-echelon grabens start to develop along the
oblique VD segments (i.c., x-values ranging from 40°
to 60°). The geometry of these grabens varies as a
function of o: increase of the graben number and
obliquity with low o-values (Fig. 5b). Experiments
show that the en-echelon grabens are linked by accom-
modation zones rather than transfer zones as suggested
by the lack of strike-slip fault between each graben
(Fig. 5).

Note that the formation of the en-echelon grabens
is associated with strike-slip deformation along the
model lateral borders. The simultaneous development
of the grabens and the strike-slip zones, and the lack
of deformation between these two structures (Fig. 5)
suggests that the strike-slip motion along the lateral
borders do not induce the formation of the grabens
but accommodates the extension on the borders.

3.1.3. Final stage deformation

In the domains with nearly orthogonal extension
(i.e., o-value ranging from 80° to 110°) (Fig. 6A, B,
C and D), the two main grabens are linear and
bounded by parallel to sub-parallel faults. In the
domains characterized by «=70°, the geometry of
the grabens is linear at the rift scale with en-echelon
intra-rift sub-grabens (Fig. 6E). With strong oblique
extension (o between 30° and 60°), the formation of
en-echelon grabens is limited by border faults, which
are roughly parallel to the extension direction (Fig.
6A, B, C and D). Considering the system of grabens
located on the fixed plate, it is interesting to note
that the distance between each en-echelon grabens
and their obliquity increases for low o-values. This
suggests that with oblique extension the fault have a
limited lateral prolongation and the deformation is
accommodated by the creation of new grabens. In
contrast, with orthogonal extension, lateral fault pro-
longation is favoured and the size of the graben
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Fig. 4. Overhead views of the initial stage of surface deformation after ~1 cm of extension. (a) «=30° and 110°. (b) =40 and 100°. (c) «=50" and
90°. (d) «=60° and 80°. (e) «=70°. The dashed lines on the pictures represent the location of the basal plastic sheet.

increases laterally. The development of en-echelon observed by Tron and Brun (1991) with a single
grabens with high oblique extension (x=30° to VD orientation and a strong oblique extension
50°) is in agreement with the deformation style (2=45° and 30°), where the main border faults and
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Fig. 5 (continued).

the intra-rift grabens are nearly perpendicular to the
direction of extension. In contrast, it differs from the
deformation obtained by McClay et al. (2002) in
purely brittle models in which the graben border
faults always remains parallel to the VD and the
intra-rift basins are perpendicular to the extension
direction.

3.2. Characteristics of the subsidence
3.2.1. Cross-section deformation analysis

In cross-section, the deformation varies as a function
of o (Fig. 7). With high a-values (70°<x<90°), the

system geometry is characterized by an asymmetric
graben above the movable plastic sheet and a symmet-
ric graben on the fixed part. The half-graben presents a
pseudo-roll-over geometry, indicating a flattening of the
graben master fault with depth mimicking a kinked
planar or a nearly listric detachment. Due to the asym-
metric thinning of the silicone, the initial horst located
between the two main grabens evolves as a tilted and
homogeneous block. Although the surface deformation
reveals the development of several other faults and
grabens during the experiments, the concentration of
the subsidence remains into the two main grabens (Fig.
8a) and the strongest thinning of the silicone layer
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Fig. 6. Overhead views of the final stage deformation. (A) =110 and 30°. (B) «=100° and 40°. (C) 2=90° and 50°. (D) «=80" and 60°. (E)
o=70°. The dashed lines on the pictures represent the location of the basal plastic sheet. Thick lines designate the faults controlling the main graben
formation (grey).

between the two grabens (Fig. 8b), confirms that a basal Merle, 2000). The faults of minor importance might
VD induced the development of two main grabens at result from edge effects and/or secondary flow of the
high extension rates (i.e., >1.4 cm/h) (Michon and silicone layer during the VD displacement. Michon and
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Fig. 7. Cross-sections in the models for different a-values showing the development of two main grabens when «<60° and several grabens with
o>70°. With high «-values the progressive decrease of the area affected by the silicone thinning (with a similar amount of extension) suggests an
increase of the strike slip component in the silicone layer. See cross-section location on Fig. 6.

Merle (2000) also shown that with low extension rate,
only the asymmetric graben located on the movable part
remains.

In the present study, our analysis of the subsidence
in the asymmetric graben is therefore relevant as it is
the only graben that always develops whatever the
extension rate.

With a-values lower than 70°, the overall system
geometry changes. The predominance of the two main
grabens disappears and the deformation is distributed
across the whole model (Fig. 7). Although the struc-
tures related to the VD are poorly visible in the brittle
part of the model, cross-sections illustrate that the
thinning of the silicone layer associated with the VD
remains. We explain the decrease of the thinned silicone
width for low a-values by a progressive predominance
of the strike-slip component into the silicone layer
when high oblique extension is applied.

3.2.2. Location and geometry of the depocentres
Analysis of the maximum amount of subsidence in
each cross-section allows definition of the shape and
the location of the depocentres. For low and high -
values, the amount of subsidence is determined in the
main graben associated with the thinning of the silicone
layer (i.e., the asymmetric graben for high «-values).
Fig. 9 shows that the characteristics of the depocentres
depend on the direction of extension with respect to
fabrics. When the aVAD between the two VDs is
greater than 40° (Fig. 9a), the subsidence is almost
homogeneous along each segment and is maximum in
the graben related to the VD with the highest a-value
(x=100°). In contrast, when the o VAD is lower than
40°, the subsidence is maximum above the intersection
of the two VDs, inducing the development of a depo-
centre (Fig. 9b, ¢ and d). For decreasing « VAD (from
40° to 0°), subsidence values become progressively
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Fig. 8. 3D reconstruction of the experiment with =70 (Fig. 6E). (a) 3D geometry of the model showing the location of both the depocentre and
the silicone thinning. For the top of the sand layer, red to blue colours are used to show the increasing amount of subsidence. The black line
indicates the location of the intersection between the two orientations. The black arrow shows the direction of extension. (b) Thinning of the silicone
layer. Red, white and blue colours correspond to low, medium and high amount of thinning, respectively. The grey plane represents the fault plane
of the major fault linked to the half-graben. The white arrow indicates the direction of extension.

symmetric and centred above the VD intersection, cre-
ating a crescent shape depocentre for « VAD=0°.

Fig. 9 also illustrates the thinning of the silicone
layer for each cross-section. The comparison of the
subsidence and the thinning of the silicone values for
different «VAD provide information, which are note-
worthy. When «VAD equals 60° (Fig. 9a), both
subsidence and thinning of the silicone layer are
nearly constant along each VD segment (around
75-80% for =100° and 25-35% for «=40°). The
constant thinning of the silicone layer along the VD
segments remains when oVAD=40° (Fig. 9b),
whereas the subsidence is concentrated above the
intersection of the two VDs. Finally, when «VAD
is lower than 40° (Fig. 9c and d), the thinning of the
silicone layer is slightly greater at the intersection of
the two VD segments than along them (i.e., around
15-20% of additional thinning), and the amount of
subsidence significantly changes between the inter-
section and the VD segments (i.e., 40 to 50% higher
subsidence in the central part of the depocentre than
in its borders). These different observations suggests
that the development of the depocentre is not only

controlled by the thinning of the silicone, but also by
the location of the intersection of the two VD seg-
ments when aVAD is lower or equals to 40°. This
interpretation is confirmed by the location of the
initial deformation and subsidence (Fig. 4). Finally,
our study reveals that the depocentres are not prone
to migration with increasing amount of extension.
Therefore, the displacement of the depocentre loca-
tion most likely results from a change of the exten-
sion rate and/or the direction of extension.

4. Discussion

Oblique rifting was already studied during the last
decade using different type of extension (symmetric vs.
asymmetric), different experimental apparatuses, differ-
ent rheological stratifications and a linear VD s.L. (i.e.,
mobile or fixed edge of a basal plate, or rubber sheet)
(Tron and Brun, 1991; McClay and White, 1995; Clif-
ton et al., 2000; McClay et al., 2002).

We carried out analogue experiments with asymmet-
ric extension to analyse (1) the role of oblique exten-
sion and (2) the effect of the coeval activity of two
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Fig. 9. Subsidence (thin lines) and thinning of the silicone layer (thick dashed lines) measured in percent of the initial thickness (i.e., 1 cm for the
silicone layer and 2 cm for the sand layer) on cross-sections form experiments with o =40° and 100° (a), «=50° and 90° (b), «=60°" and 80° (c), and
o=70° (d). For each experiment, small cartoons illustrate the location of the depocentre with respect to the basal plastic sheet.

oblique inherited lithospheric faults in the graben and
depocentre formation.

4.1. Comparison of the experimental procedures

We first focus our discussion on the effect of the
type of extension (i.e., symmetric vs. asymmetric) and
the different experimental procedures in the deforma-
tion of purely brittle and brittle—ductile models in order
to estimate the a priori difference of deformation related
to both the apparatus and the type of extension.

4.1.1. Experiments with brittle materials only

Two main procedures are usually used to simulate
rifting processes in the upper crust. Extension is in-
duced by either the limit of a basal plastic sheet lying
on a fixed platform (e.g., Faugere et al., 1986), or by a
central basal rubber sheet (BRS) linked to one or two
movable parts (McClay and White, 1995; McClay et
al., 2002). The first procedure with a discrete VD
allows simulation of discrete crustal fabric while in
the second procedure the BRS mimics a basal detach-
ment (McClay and White, 1995).

With asymmetric orthogonal extension (i.e., mov-
ing only one part), a discrete mobile or fixed VD
entails the formation of an asymmetric graben with a
permanent master fault and several conjugate normal

faults (Faugere et al., 1986; Allemand and Brun,
1991) (Fig. 10a). With a symmetric orthogonal exten-
sion imposed by two discrete VDs, the deformation
pattern depends on the initial distance between the
VDs. If the initial distance is large enough to prevent
any interaction between the half-grabens related to
each VD, two opposite half-grabens form, bounding
a central horst above the fixed central part. This global
geometry (i.e., two lateral half-grabens and a central
horst) is nearly similar to the one obtained with a 10
cm wide BRS where two asymmetric grabens separat-
ed by a central horst are created (McClay et al., 2002)
(Fig. 10b). The development of an asymmetric graben
above each limit of the BRS suggests that the latter(s)
correspond to two discrete VDs.

Experiments with oblique extension show that
whatever the approach is (i.e., BSR or discrete VD
above a fixed basal plate), extension always entails the
formation of linear rift, parallel to the VD (Higgins
and Harris, 1997; McClay et al., 2002) (Fig. 11a). The
main difference is that in the BRS approach the model
central part, which lies above the BRS is affected by
several normal faults roughly perpendicular to the
extension direction while no deformation occurs
above the fixed central part with the discrete VD
approach. Thus, in experiments with brittle material
and a BRS, the rift orientation is imposed by the VD
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Fig. 10. Comparison of the structures obtained with different experimental procedures and orthogonal extension. (a) Experiment with brittle material
only and a discrete mobile VD (after Faugere et al., 1986). (b) Experiment with brittle material only and a basal rubber sheet (after McClay et al.,
2002). (c) Brittle ductile experiment with a discrete mobile VD (after Michon and Merle, 2003). See text for discussion.

orientation and only the intra-rift fault and intra-gra-
ben orientation depend on the extension direction. The
use of a BRS subsequently allows a partial decoupling
between the deformation controlled by the VDs (i.e.,
parallel to the VDs) and the deformation related to the
stretching of the rubber sheet (i.e., perpendicular to
extension).

4.1.2. Experiments with brittle—ductile materials
Instead of using a BRS to allow a decoupling in the
model, several studies performed experiments with a
basal silicone layer and simulated rifting processes at
crustal scale (e.g., Allemand and Brun, 1991; Tron and
Brun, 1991; Bonini et al., 1997; Michon and Merle,
2000). Michon and Merle (2000) have shown that
asymmetric orthogonal extension due to a basal discrete
VD leads to the development of one or two grabens,
depending on the extension rate. With symmetric or-
thogonal extension (i.e., 2 discrete VDs), the overall
geometry depends on both the extension rate and the
initial distance between the VDs. The 2, 3 or 4 grabens
that are prone to form are connected to the VDs by
shear zones within the ductile layer (Fig. 10c). Thus, in
a way similar to models with brittle materials, symmet-

ric extension induces a multiplication of the structures
and subsequently complexifies the rift geometry.
Experiments with oblique extension clearly demon-
strate that the silicone layer allows a decoupling of the
deformation between the VDs and the upper brittle layer
(Tron and Brun, 1991; Bonini et al., 1997; Higgins and
Harris, 1997). Our models with two oblique basal VDs
suggest that this decoupling is partial as the rift system
shape mimics the geometry of the VD (Fig. 6).
Comparison of an experiment performed by
McClay and White (1995) with «=60°, with the
geometry of the symmetric graben developed in our
model with «=70° reveals striking similarities in
terms of fault orientation and depocentre location
(Fig. 11). Despite the use of different experimental
procedures in both models, (1) the depocentre and
sub-graben formation is caused by intra-rift normal
faults with an orientation sub-orthogonal to the
stretching direction, and (2) the depocentres are lat-
erally shifted and linked by accommodation zones,
which form topographic highs. The similarity be-
tween the structures obtained by McClay and
White (1995) and in the present work is kept for
high o-values (=60°) and stops for low a-values
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Fig. 11. Comparison of fault pattern in experiments carried out with (a) a linear basal rubber sheet, a brittle material and «=60° (after McClay and
White, 1995), and (b) coeval oblique VDs (a=70°), brittle-ductile materials. See text for explanation.

(<60°). Indeed, in experiment with a BRS and
o=45°, the overall structure remains linear with
intra-rift en-echelon sub-basins (see Fig. 6 in McClay
et al,, 2002), whereas independent en-echelon gra-
bens are formed in our models (Fig. 6). This geom-
etry difference (i.e., presence or absence of faults
parallel to the VDs) suggests that the decoupling is
more important in the brittle—ductile experiments than
with a BRS and brittle materials only.

Finally, one could ask whether asymmetric or sym-
metric extension best simulates rifting processes.
Experiments with brittle materials and a BRS were
performed with both asymmetric extension (i.e., one
moving wall) (McClay and White, 1995) and symmet-
ric extension (i.e., two moving walls) (McClay et al.,
2002). Similarly, crustal or lithospheric scale brittle—
ductile experiments were conducted with asymmetric
(e.g., Brun and Beslier, 1996) and symmetric extension
(Michon and Merle, 2000). Sandbox experiments with
a linear BRS show similar deformation patterns with
asymmetric or symmetric extension (McClay and
White, 1995; McClay et al., 2002), suggesting that
the extension mode does not correspond to the key
parameter that controls the graben geometry. In brit-

tle—ductile experiments at crustal or lithospheric scale,
asymmetric extension is achieved with one VD (e.g.,
Brun and Beslier, 1996; Michon and Merle, 2000),
while symmetric extension is performed by two VDs
(e.g., Michon and Merle). It is widely accepted that the
VD simulates the rupture of the brittle mantle litho-
sphere (Brun and Beslier, 1996). Subsequently, asym-
metric or symmetric extensions are not used to
determine the effect of the extension mode in the
graben formation but are simply used to understand
the role of the brittle mantle lithosphere rupture number
in the rift system geometry. It consequently follows that
symmetric and asymmetric extension does not have the
same signification in the sandbox experiments with a
BRS and in brittle—ductile experiments. Symmetric and
asymmetric extension is complementary extension
modes allowing to understand better the complexity
of rift systems.

4.2. Model deformation
It is widely accepted that the formation of a depo-

centre results from differential displacements along the
graben or sub-basin border faults. The location of the



140 L. Michon, D. Sokoutis / Tectonophysics 409 (2005) 125-146

depocentres in experiments with a linear VD reveals
that this maximum amount of vertical displacement is
achieved along the newly formed faults (i.e., sub-or-
thogonal to the stretching direction) (McClay and
White, 1995). In a first approximation order, this result
is confirmed by our experiment with two coeval
oblique VDs, where depocentres are located in the
VD domain characterised by the most orthogonal ex-
tension direction (Fig. 9a, ¢ and d). However, it is
noteworthy that in experiment with «=90° and 50°
(Fig. 9b), the depocentre developed above the two
VD segment intersection, while orthogonal extension
is achieved uniformly along the VD segment with
o=90°. Furthermore, the different deformation pattern
obtained along segments with the same angle to the
extension direction (i.e., 80° and 100° are of the same
obliquity with respect to the extension direction) (Fig.
9a and c) indicates that besides the extension direction
the intersection of the two VD segments is a key
parameter, which plays a role in the development of
depocentres. Finally, the more parallel to the stretching
direction the bisecting line of the two VD segments is,
the more symmetric the depocentres are prone to de-
velop. Applied to nature, these results first suggest that
when two oblique lithospheric faults are reactivated
they concentrate the deformation (i.e., the subsidence)
at their intersection. At crustal scale, Bellahsen and
Daniel (2005) have recently shown a similar control
of the intersection of oblique inherited and new crustal
faults in the depocentre development. Then, the struc-
tural inheritance may act at both crustal and lithospheric
scale, controlling the rift system geometry and inducing
heterogeneous subsidence within the graben. Addition-
ally the depocentre geometry and location are highly
sensitive to the extension direction. These geological
features can be used in nature for establishing the
extension direction.

Experiments with coeval sub-orthogonal and oblique
stretching directions show that grabens appear first in
the domain with the highest «-value and are secondly
formed in en-echelon pattern along the oblique VD
segments (Fig. 5). This timing of deformation is
explained by a partitioning of the total displacement
in strike-slip and normal components along the oblique
VDs, while only normal component exists in orthogo-
nal extension. In consequence, for a uniform amount of
displacement in the model or in nature, the rupture due
to normal stress (i.e., leading to the development of
pure normal faults) is reached first in the domain char-
acterised by orthogonal extension and secondly along
the oblique VD segments or the oblique lithospheric
faults.

5. Application to natural examples
5.1. The Upper Rhine graben (West European rift)

The Upper Rhine graben (URG) is a 300 km long
linear Cenozoic structure, which corresponds to the
central segment of the West European rift (Fig. 12a).
The graben subsidence started during the Late Eocene
(Priabonian) and is still active during the Quaternary.
Recent models proposed several extension directions to
explain the URG formation and geometry. Early models
argued that the graben development resulted from an E—
W extension due to the N—S collision between Eurasian
and African plates (Tapponnier, 1977). A second inter-
pretation, based on microtectonic studies stated that the
graben formation was characterised by successive
changes of the paleo-stress since the Late Eocene
(e.g., Bergerat, 1987). This model was recently sup-
ported by a comparison between the paleo-stress results
and the geometry of the URG depocentres (Schuma-
cher, 2002). According to these authors the graben
formation could result from 4 successive paleo-stresses
(i.e., Priabonian N—S compression, Rupelian E-W ex-
tension, Chattian SW—NE compression and Miocene—
Quaternary SE-NW compression), which originated
from plate reorganisation during the Eurasia—Aftrica
collision. Based on a three-dimensional kinematic res-
toration, Behrmann et al. (2003) proposed a two-fold
evolution of the graben with a N80 Late Eocene—Oli-
gocene early extension, followed by a N60 Miocene—
Quaternary oblique extension. This model agreed the
NE-SW oblique rifting interpretation already proposed
by Chorowicz and Deffontaines (1993).

Structurally, the URG is characterized by two main
orientations referred as Permo-Carboniferous and
Rhenish trends, which are inherited from the Variscan
to Late Variscan evolution (Schumacher, 2002). The
main Permo-Carboniferous structure is the Lalaye—
Lubine-Baden—Baden fault (LBF) bounding the Sax-
othuringian and Moldanubian Variscan lithospheric
domains (Wickert and Eisbacher, 1988). This WSW-
ENE trending fault crosscuts the graben in its central
part and forms a topographic high separating two zones
of subsidence (Fig. 12). The structure is interpreted as a
transfer fault for the Late Eocene—Oligocene period as it
separates two half-grabens of opposite polarity (Brun et
al., 1992). In the North, the graben is bounded in the
east by a west dipping major fault. South to the Var-
iscan fault, the fault is east dipping and the thickest
sediment deposit is localized in the Western part. The
second Variscan orientation (i.e., Rhenish trend) is
parallel to the Cenozoic graben and is recognized in
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Fig. 12. Geological map of the West European Rift. The Upper Rhine graben corresponds to the central segment of this Cenozoic rift system. (b)
Isopach maps of the Upper Eocene, Lower Rupelian, Upper Rupelian and Chattian sedimentation (after Schumacher, 2002). The small cartoons
indicate the general shape of the depocentres and our interpretative stress field inferred from this geometry (constant NW-SE direction of
extension).

outcrops in the Variscan massifs (Vosges, Black Forest reactivated during the Late Eocene-Oligocene exten-
and Odenwald) and with geophysical methods into the sion and has controlled the orientation of the graben
graben (Edel and Fluck, 1989). This Rhenish trend was borders faults. Recent tomographic data show that these
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faults affect the whole lithosphere (Lopes Cardozo and
Granet, 2003).

We use in the following section our experimental
results to determine the paleo-stress fields, which
affected the URG during the Late-Eocene—Oligocene
evolution. Experiments show that the development of
a depocentre is highly sensitive to a contemporaneous
activity of oblique faults and to the extension direc-
tion. Isopach maps were published for four periods
between the Late Eocene and the Oligocene (Schuma-
cher, 2002) (Fig. 12b). As the Oligocene sedimenta-
tion was partly eroded during the Miocene to present-
day uplift south to the LBF (Villemin et al., 1986), we
focus our analysis in the northern part of the graben.
In this segment, each period is characterized by the
development of a main depocentre which is always
bounded in the south and the east by the LBF and the
eastern main border fault, respectively (Fig. 12b). This
suggests first a continuous coeval activity of these two
main structures, which have controlled the formation
of the depocentres. Although the depocentre geometry
has slightly changed between the Late Eocene to
Oligocene, one can note that it is nearly symmetric
from the intersection of the two main faults. Accord-
ing to our models, the development of a nearly sym-
metric depocentre at the intersection of two oblique
orientations occurs for extension directions correspon-
ding to the bisecting line of the two directions. In
consequence, we interpret the development of the Late
Eocene—Oligocene depocentres and the URG forma-
tion as resulting from a constant NW-SE extension
direction. Variations of the extension rate and a slight
rotation of the extension direction (<10°) may explain
the depocentre geometry differences.

As proposed by several authors (Meier and Eisba-
cher, 1991; Schumacher, 2002; Michon et al., 2003),
we interpret the Early Miocene migration of the Late
Eocene—Oligocene depocentre towards the northern
part of the URG as the result of a change in the stress
field at the Oligocene—Miocene transition. The super-
position of the Miocene and Quaternary depocentres
suggests a constant NE-SW stress field since the be-
ginning of the Miocene.

This two-fold evolution of the URG with a Late
Eocene-Oligocene NW-SE extension followed by a
NE-SW Miocene—Quaternary extension is similar to
the one observed in the Roer Valley rift system (i.e.,
the northern continuity of the URG) (Michon et al.,
2003). According to these authors, the URG develop-
ment and the global evolution of the European platform
may result from the formation of the Alpine mountain
chain since the latest Cretaceous.

5.2. Southern East African rift (Tanganyika, Rukwa and
Malawi rifts)

The southern East African rift (SEAR) corresponds
to the southern part of the western branch of the East
African rift. It is composed from north to south of the
Tanganyika, Rukwa and Malawi rifts (Fig. 13). At a
regional scale, the Tanganyika rift is characterised by
two different orientations. North of the Rukwa shear
zone, the graben trends N—S whereas it presents a N150
direction south of this Precambrian shear zone. The
Rukwa rift is a N130-140 half-graben parallel to the
Rukwa shear zone. The southernmost main expression
of the SEAR (i.e., the Malawi rift) is a N-S trending
structure limited in the north by the Rukwa shear zone.
In the SEAR, the first sediments related to the extension
deposited 12 My ago in the central part of the incipient
Tanganyika rift (Lezzar et al., 2002). Subsidence then
propagated diachronously toward the northern (7-8 Ma)
and southern (2 Ma) halves of the graben (Rosendahl et
al., 1992; Lezzar et al., 2002). In the Malawi rift, the
first syn-rift sediments have an age estimated at 8.6 Ma
(Ring and Betzler, 1995). Sedimentation started first in
the northern half of the Malawi rift and propagated
toward the south with ongoing extension (Rosendahl
et al., 1992).

Seismic profiles reveal that the two main grabens
(i.e., the Malawi and Tanganyika rifts) are asymmetric
grabens characterised by a succession of opposing half-
grabens (Rosendahl et al., 1992). The Rukwa graben is
a half-graben, which overlies Permo-Triassic and Me-
sozoic basin structures. In contrast to the Malawi and
Tanganyika rifts, seismic data show a lack of alternating
half-graben in the Rukwa rift (Rosendahl et al., 1992)
which may result from a strong control of the Precam-
brian to Mesozoic structures on the development of this
graben during the Cenozoic. Such an influence of pre-
existing structures on the graben geometry in the SEAR
has been suggested by many authors (e.g., Ring, 1994;
Bonini et al., 1997; Lezzar et al., 2002).

At a regional scale, the province is characterised by
(1) two Precambrian cratonic areas (the Tanzanian and
Zambian blocks) separated by the N130-140 Rukwa
shear zone and (2) several orogenic belts resulting from
Kibaran and Panafrican orogenies. West of the Tanza-
nian craton (i.e., in the northern Tanganyika Lake area),
the dominant foliation in the Precambrian basement
trends N—S while it turns to N130-140 in the Tanga-
nyika Lake central part. This foliation direction, which
is associated with the Ubendian belt, is connected
toward the southeast to the Rukwa shear zone. South
of the Tanzanian craton, the pre-Cenozoic basement
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Fig. 13. Geological map of the South East African rift (SEAR) showing the graben location and the Precambrian and Panafrican structural

inheritance.

presents two mains orientations (i.e., SE-NW and SW—
NE) in relation with the Ubendian belt, and the Chima-
liro shear zone and NE-SW Karoo grabens, respective-
ly (Ring, 1994). It is noteworthy that each rift is parallel
to a pre-existing structure except the southern branch of
the Tanganyika rift which is the only rift segment that
affects a cratonic province (i.e., the Zambian block)
south of the Rukwa shear zone.

During the last decades, several extension directions
were proposed to explain the formation and the geom-
etry of the East African rift. Based on the overall
geometry of the graben, selected earthquake focal
mechanism solutions and the potential existence of
large NW-SE transfer zones, Chorowicz and Mukonk
(1980) and Rosendahl et al. (1992) argued that the rift
system results from an oblique NW-SE extension. In
opposition, some studies suggested an E-W extension
for the same period (Morley, 1988; Ebinger, 1989).

These interpretations are supported by reconstructions
of plate kinematics indicating a roughly E-W extension
direction (Jestin et al., 1994). Microstructural analysis
in the Malawi rift reveals a multi-stage extensional
history with an initial ENE/E-WSW/W rifting direction
between 8.6 and 0.55 Ma and a ESE/SE-WNW/NW
extension since 0.55 Ma (Ring, 1994). Based on basin
analysis in the northern Tanganyika rift a similar two-
fold evolution was proposed by Lezzar et al. (2002)
with a E-W extension between 12 and 3.5 Ma followed
by a second NW-SE extension (1.1-0.4 Ma).

In the light of our experimental results which allow
determination of the extension direction from the sub-
sidence location and evolution, we consider that the
regional geometry of the SEAR and the location of the
incipient subsidence during the Miocene resulted from
an initial E-W extension. First as shown above, the
Tanganyika rift is characterised by two oblique orienta-
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tions, which intersect in the rift central part. The be-
ginning of the subsidence at the intersection of two
structural trends (N—S and SE-NW) and its propagation
in the northern branch can be compared to the defor-
mation pattern observed in experiment with & =90° and
507 (Fig. 14).

Second, the location and style of deformation
suggest that the Rukwa shear zones and the segment
of the Ubendian orogenic belt which is located
below the northern branch of the Tanganyika rift
were contemporaneously reactivated at a lithospheric
scale during extension. The location of the southern
Lake Tanganyika rift, south of the main structural
trend intersection and into the “strong” Zambian
cratonic area may explain its delayed and less intense
deformation. As shown in Fig. 14b, the reactivation
of oblique lithospheric structures leads to the forma-
tion of en-echelon grabens above the mobile part of
the model. Comparison of these experimental results
and integration of the natural pre-existing structures
in the southern end of the SEAR may explain the
formation and the orientation of the Malawi rift (Fig.

14). The different location of the en-echelon graben
in nature (i.e., Malawi rift) and in the model may
result from the strong role of the Rukwa shear zone,
which has induced a transfer of deformation east of
the Zambian cratonic area. In addition, the deforma-
tion (i.e., narrow subsidence) recorded in the Rukwa
rift while no oblique graben is formed in our isotro-
pic models may result from the control of the Rukwa
shear zone at crustal and lithospheric scale. Finally,
the lack of secondary grabens (visible above the
motionless part of our models) parallel to the Tanga-
nyika and Malawi rifts likely results from a low
extension rate.

The present interpretation may explain the large-
scale geometry of the SEAR with a E-W direction of
extension and the reactivation of two main lithospheric
structures (i.e., the NE-SW Rukwa shear zone and the
N-S trending Ubendian orogenic belt in the northern
part of the Lake Tanganyika rift). This Mio-Pliocene
evolution is not in disagreement with a recent NW-SE
extension direction deduced from microstructural
(Ring, 1994) and basin (Lezzar et al., 2002) analyses.

Fig. 14. Comparison of the deformation in the SEAR (a) and in experiment with « =50 and 90° (b). Note (1) the location of the initial subsidence
and (2) the roughly similar graben shape (grey) in nature and in the model. The difference in the location of the en-echelon graben between the
model and the SEAR may result from a transfer of the deformation east of the Zambian Block favoured by the Rukwa shear zone.
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6. Conclusions

Analysis of natural graben geometries and fault
patterns reveals the nearly systematic occurrence of
two fault orientations with an angular obliquity of
around 40° during extension. These faults are parallel
or sub-parallel to pre-existing crustal and lithospheric
fabrics. We carried out experiments to simulate the
reactivation of coeval oblique lithospheric faults in
the graben and depocentre development. Comparison
of our results with those obtained with different exper-
imental procedures shows differences and similarities
which highlight the limits of each experimental ap-
proach. Nevertheless, common results are observed.
In previous works (Tron and Brun, 1991; McClay and
White, 1995; McClay et al., 2002), the depocentre
formation is controlled by faults which present the
most orthogonal orientation with respect to the stretch-
ing direction. Our experiments with two oblique VD
segments, which simulate the reactivation of two inher-
ited lithospheric faults complete these results and allow
to better understand the role of the inheritance in the
graben formation. When two oblique lithospheric fab-
rics are contemporaneously reactivated, the models
suggest that the intersection of the two lithospheric
faults controls the location of the depocentres, its ge-
ometry (i.e., symmetric or asymmetric) depending on
the stretching direction. Then, analysis of the natural
depocentre geometry allows determination of the direc-
tion of extension during syn-rift sedimentation.

Application to the Upper Rhine Graben suggests that
this segment of the West European rift was affected by
a constant NW-SE extension direction between the
Late Eocene and the Late Oligocene. In the Southern
East African Rift the global geometry and the distribu-
tion of the subsidence may result from the coeval
reactivation of the Rukwa shear zone and the Ubendian
segment of the Pan-African orogenic belt located in the
northern part of the Lake Tanganyika rift. The location
of the initial subsidence suggests an E-W extension
direction which has induced the progressive formation
of the Late Tanganyika rift, Rukwa rift and Lake
Malawi rift.
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Abstract

The overall morphology of basaltic volcanoes mainly depends on their eruptive activity (effusive vs. explosive), the
geometry of the rift zones and the characteristics of both endogenous and exogenous growth processes. The origin of the
steep geometry of the central cone of Piton de la Fournaise volcano, which is unusual for a basaltic effusive volcano, and its
deformation are examined with a combination of a detailed morphological analysis, field observations, GPS data from the
Piton de la Fournaise Volcano Observatory and numerical models. The new caldera walls formed during the April 2007
summit collapse reveal that the steep cone is composed of a pyroclastic core, inherited from an earlier explosive phase,
overlapped by a pile of thin lava flows. This suggests that exogenous processes played a major role in the building of the
steep central cone. Magma injections into the cone, which mainly occur along the N25-30 and N120 rift zones, lead to an
asymmetric outward inflation concentrated in the cone's eastern half. This endogenous growth progressively tilts the
southeast and east flanks of the cone, and induces the development of a dense network of flank fractures. Finally, it is
proposed that intrusions along the N120 rift zone are encouraged by stresses induced by magma injections along the N25-
30 rift zone.

Keywords: Piton de la Fournaise, morphology, volcano fractures, numerical modelling, growth process, rift zone.

(2001) proposed, using numerical models, that the
geometry of the cone was resulting from a
predominant endogenous growth with only 30% of
the edifice volume directly related to short lava flows.
Although the models roughly fit the current cone's
geometry, the input and natural data partly disagree.
First, the simulated dykes (mean thickness of 3m) are
not as thick in nature as in the models. Indeed, recent
works showed that the mean dyke thickness related
to the post-1997 eruptions was around 0.5-0.7 m
(Fukushima, 2005; Peltier et al., 2007). Second, the
model of Annen et al. (2001) simulates 10000 dyke
intrusions, 7% of them leading to an eruption. Such
an intrusion/eruption ratio is the opposite of that
observed since 1972, 81 eruptions (92%) and 7
intrusions  (8%). Models with more realistic
parameters show that the central cone should be
much flatter (Annen et al., 2001).

This paper aims at understanding the origin of the
atypical geometry of the central cone of Piton de la
Fournaise. It examines the morphology and inner
structure of the cone. It also considers the role of the
magmatic and volcano-tectonic structures in both the
growth and the deformation of the cone, by
combining field data and GPS data, as well as
numerical models of rift dyke intrusions. Such a multi-

1- Introduction

Basaltic shield volcanoes grow by the combined
effect of endogenous and exogenous processes (e.g.,
Annen et al.,, 2001). Endogenous growth is mainly
related to dyke intrusions, which preferentially
propagate along the existing rift zones. The volcano
shape consequently depends on the intensity of their
activity and may vary from elongated, e.g., Karthala in
Grande Comore, and Mona Loa and Kilauea in Hawaii,
to sub-circular, e.g., volcanoes of Western Galapagos.
Exogenous growth results from the accumulation of
lava flows and pyroclastic cones (Naumann and Geist,
2000; Rowland and Garbeil, 2000). Long lava flows
tend to flatten the volcano morphology, whereas
short and thick ones may encourage the development
of steep edifices (Naumann and Geist, 2000; Annen et
al., 2001).

At Piton de la Fournaise, Réunion Island, however,
the magmatic activity led to the development of a
steep central cone in the Enclos caldera despite the
predominance of fissure eruptions that feed fluid
basaltic lava flows. Moreover the cone is almost
circular whereas most of the eruptions develop along
the N25-30 and N120 rift zones (Fig 1; Michon et al.,
2007a). To answer these paradoxes, Annen et al.
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disciplinary approach highlights the existing links
between the deformation observed in the field, the
displacement measured by GPS, and the recurrent
intrusions of the dykes along preferential paths. The
origin of the central cone and its deformation are
interpreted in the light of both endogenous and
exogenous growths.

2- Morphology and inner structure of the

central cone

Piton de la Fournaise is the active volcano of
Réunion Island (Fig 1). The eruptive centre is located
in the upper part of a large U-shaped caldera, the
Enclos-Grand Br{lé structure, where most of the
eruptions have occurred in the past 4.5 ka (Bachélery,
1981). The concentration of activity in the upper part
of the caldera led to the construction of a 400 m high

cone. Magma intrusions, which originate from a
magma chamber located at about sea level below the
cone (Peltier et al., 2007), are concentrated along two
N25-30 and N120 rift zones (Fig 1; Michon et al.,
2007a). Outside the Enclos caldera, magma intrusions
may continue along the NE and SE rift zones. The
present day cone summit shows two collapse
structures: Bory crater in the West, which is currently
inactive, and Dolomieu in the East, which experienced
a caldera collapse during the large April 2007
eruption (Fig 1; Michon et al.,, 2007b). Before this
collapse, the elongated shape of the pre-existing
Dolomieu was the result of the coalescence of several
pit craters (Lénat and Bachelery, 1990; Carter et al.,
2007). As a whole, Bory and Dolomieu confer a global
E-W elongation to the summit of the central cone.

Figure 1: 25 m step Digital Elevation Model of Piton de la Fournaise. The edifice is characterised by two NE and SE rift zones outside the
Enclos caldera. In the Enclos caldera, the recent eruptions are concentrated along two N25-30 and N120 rift zones (Michon et al.,
2007a). The central cone is cut by two summit collapse structures, Bory and Dolomieu. Coordinates in UTM WGS84 (zone 40S).

The use of a 25 m step digital elevation model
(DEM) provided by the Institut Géographique
National allows a precise description of the limits of
the cone, the distribution of the slopes and the
structure of the summit zone. The cone’s lower limit
corresponds to an almost continuous sharp break-in-
slope that separates the caldera floor and the steep
flanks of the cone (Fig 2). The local outlined
discontinuities are due to the Puy Mi-Cote parasitic
cone in the North, and the N120 topographic ridge in
the SE, which is formed by the alignment of large

pyroclastic cones along the N120 rift zone. These two
structures disregarded, the base of the cone presents
a sub-circular shape with a radius of about 1.6 km (Fig
2a). The flanks of the cone present steep slopes,
which contrast with the classical view of a basaltic
effusive edifice. The western part of the cone, i.e.,
west of a N15 trending line centred on Dolomieu, is
characterised by relatively homogeneous slopes
ranging between 15° and 25°. East of the N15
boundary, the cone shows steeper slopes (25-30°),
which locally reach 35°. Although the N120
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topographic ridge gives to the southeast flank a
complex slope distribution, the low-pass filtered DEM
strikingly shows that the steep slopes of the cone’s
eastern half are not circumferentially distributed, but
present two linear trends in the N150 and N55
directions (Fig 2b). It is noteworthy that the N55
trend is aligned with a 500 m wide and 700 m long
zone characterised by a network of parallel
lineaments (Fig 2c). Field observations and aerial
photographs reveal that the lineaments correspond
neither to the limit of lava flows, nor to eruptive
fissures. Therefore, it is likely that the lineaments

coincide to the surface trace of a fault zone, the
activity of which may be related to the dynamics of
the magmatic system. Finally, the summit
morphology of the cone is characterised by present
collapse structures, Bory and Dolomieu, surrounded
by relatively flat areas which were interpreted as fully
filled pit craters (Fig 2b; Bachelery, 1981; Lénat and
Bachelery, 1990). Past and present collapse
structures are restricted to a slightly elongated zone,
the centre of which is nearly superimposed to that of
the 3.2 km-across circle marking the base of the cone
(Fig 2b).

Figure 2: a- Slope map of the central cone calculated from the 25 m step DEM. The cone, which is sub-circular with a radius of 1.6 km, is
coalescent to a parasitic cone in the north and a N120 topographic ridge in the NE, formed by several pyroclastic cones. The western and
eastern parts of the cone present different slope values. b- Slope map of the calculated from a low-pass filtered DEM in order to determine
the main characteristics of the morphology. The very steep slopes of the cone's eastern half are distributed in two linear steep slope zones
trending in the N55 and N150 directions. PP: Petit Plateau; PBPC: Pre Bory pit crater. c- Shaded relief representation of a 7 m step DEM
calculated by stereophotogrammetry from a set of aerial photographs performed in 1989. This high resolution DEM highlights clear,
parallel lineaments in the northeastern continuity of the N55 steep slope zone. Coordinates in UTM WGS84 (zone 40S).
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The April 2007 caldera, which deeply cut the
central cone, formed new scarps that reveal its
internal structure (Fig 3). The northern and southern
caldera walls exhibit three main structural features.
1- The northwestern part of the cone built up above a
pre-Bory pit crater, the existence of which was
already hypothesised by Lénat and Bacheélery (1990)
from the occurrence of gentle slopes north of Bory
(Figs 2b and 3a). The limits of this collapse structure
are underlined in the caldera wall by a strong
lithological contrast characterised by thick lava units,
and the succession of thin lava flows and scoria
layers, inside and outside the pit respectively. 2- The
volcanic units cut by the pre-Bory pit crater are sub-
horizontal and parallel to the present day surface,

suggesting that the current geometry of the cone is
inherited from a stage predating the development of
the pre-Bory pit crater. This evolution disagrees with
the historical reports of the 18" and 19" centuries in
which the cone is considered to be symmetric and
centred on the Bory pit crater until 1760, and
becoming asymmetric when the activity shifted to the
east flank of the cone in 1766 (Bory de Saint-Vincent,
1804). 3- The caldera walls reveal a relatively
constant lithological pile with a succession of scoria
and scoria-rich units underneath a pile of thin lava
flows (Fig 3). The scoria materials suggest a period of
predominantly explosive activity, which probably led
to the construction of a large pyroclastic cone.

Figure 3: Panoramas and interpretations of the northern (a) and southern (b) scarps of the April 2007 caldera (photo b: Frederic Massin).
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3- Fractures of the central cone

During the last decades, several works have
addressed the origin of the tectonic structures of the
central cone (Bachélery, 1981; Bachelery et al., 1983;
Lénat and Bachelery, 1990; Carter et al., 2007). The
different analyses, which were essentially or strictly
restricted to the summit of the central cone, revealed
the coexistence of concentric and radial volcano-
tectonic structures, consisting mainly of extensional
fractures and eruptive fissures, respectively. The
concentric fractures are restricted within the first
tens of meters from the rim of Dolomieu and Bory.
Their formation is interpreted as related to the
current and paleo pit crater development, and the
dynamics of the superficial magma chamber. Only
one fracture network which trends obliquely to the
northeast rim of Dolomieu, is linked to another
process, i.e., the slumping of the eastern flank (Carter
et al., 2007). The volcano-tectonic structures
described on the flanks of the central cone
correspond to eruptive fissures, which usually present
a radial strike and open en échelon during dyke
injection. This distribution locally changes in the east
flank where the eruptive fissures mimic conjugate
systems (Carter et al.,, 2007). The en échelon
distribution on the northern and southern flanks of
the central cone was initially interpreted as indicative
of  co-intrusive left-lateral and right-lateral
displacements in the respective flanks, causing the
eastward motion of the eastern flank of Piton de Ila
Fournaise (Bachélery et al., 1983). However, Michon
et al (2007a) recently showed that the en échelon
pattern most likely resulted from a reorientation of
the magma intrusion close to the surface due to the
rotation of the main principle stress o, from vertical
to downslope, rather than a shear deformation
during dyke intrusion.

Since the last structural work at the cone scale in
1990, Piton de la Fournaise underwent 27 eruptions
and 3 intrusions, each of them leading to deformation
of the summit zone. A new structural analysis was
realised on the central cone and the adjacent Enclos
floor in order to determine if tectonic structures
developed and accommodated the deformation
measured from GPS and interferometry (Briole et al.,
1998; Sigmundsson et al., 1999; Froger et al., 2004;
Fukushima et al., 2005). Our field observations reveal
a wide range of fractures affecting the eruptive
system. In a way similar to Carter et al. (2007), the
present work only considers the fractures cutting at
least two adjacent geological units. Fractures
restricted to single lava flows or cones, and related to
their own dynamics, such as the syn-cooling

subsidence or collapse, were disregarded. According
to the fracture geometry, size and relationship with
the geological formations, three different types of
volcano-tectonic structures were distinguished,
among which the two first correspond to the radial
and concentric fractures already described by
Bachelery et al. (1983) and Carter et al. (2007).

1- Eruptive fissures mainly open perpendicular to
the slope (Fig 4a). Their mean length inferred from 68
post-1997 eruptive fissures is 180 m. Only few
eruptive fissures are oblique to the slope. Their
length is significantly higher (i.e., 2.5 to 11 times
longer) than that of the downslope eruptive fissures.
They are located in the SSE and east flanks of the
cone, where they strike N20-25 and N65 respectively.
In the east flank, the recent N65 trending eruptive
fissure of the August 2004 eruption is connected to
the southeastern corner of Dolomieu. Aerial
photographs of 1936 reveal that older eruptive
fissures developed at the same location with a similar
geometry. The geometric association of the N65
eruptive fissures with the radial ones forms the
conjugate-like systems described by Carter et al.
(2007). Occurrence of long and oblique eruptive
fissures in the flanks suggests that besides the sub-
surface downslope o3, which controls the orientation
of most of the eruptive fissures (Michon et al.,
2007a), local stress fields or structures may influence
the magma migration through the east flank. The
local structural control is corroborated by the
development of N80 and N50 eruptive fissures close
to the southern rim of Dolomieu and northwest of
Bory, respectively. Indeed, their orientation is parallel
to the southern fault of Dolomieu and at the limit of
the pre-Bory pit-crater.

2- Concentric fractures consist in tens to hundreds
of metres long extensional fractures either parallel to
the scarps of Bory and Dolomieu (Fig 5a), or at the
limit of paleo pit craters. Fracture width evolves from
few centimetres to 1-2 m close to the limits of the pit-
crater. The maximum fracture density is observed in
Bory, southwest and north of Dolomieu and at the
limit of Petit Plateau. Carter et al. (2007) recently
proposed that these concentric fractures result from
annular extension related to pit-crater collapses.
Analysis of the fractures before and after the April
2007 caldera reveals that most of the fractures form
during the collapse events and are reactivated by
radial extension stresses during the filling of the
collapse structure (Michon et al., 2009, this issue).



Michon et al., JVGR, special issue on Piton de la Fournaise, in press.

Figure 4: a- Distribution of the eruptive fissures. b- List and location of the dykes associated to proximal eruptions since 1981. Coordinates
in UTM WGS84 (zone 40S).
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Figure 5: a- Picture of the concentric fractures associated to the collapse structures. b- Pictures of the flank fractures that affect the eastern

half of the central cone. Here, the N150 deformation zone.

3- The third type of fracture corresponds to linear
structures that usually affect several geological units,
i.e., lava flows or pyroclastic cones. They differ from
concentric fractures either by the distance to the
collapse structures or by their obliquity with respect
to the concentric faults. Here they are named flank
fractures even though some of them are located close
to the summit or in the Enclos caldera floor. Two
distinct geometries were observed in the field. They
correspond to (i) several tens of meters long single
linear structures or (i) 10-50 m wide tectonic
corridors in which parallel fractures are concentrated
(Fig 5b). Whatever their geometry, all the fractures
are extensive structures showing a slight lateral
component in few cases. Systematic mapping of
fractures on both the central cone and the proximal
part of the Enclos caldera floor shows a strongly
heterogeneous spatial distribution (Fig 6a). Most of
the fractures are located in the eastern half of the

central cone. They are characterised by three main
orientations trending in the N20-30, N55-65 and
N150-160 directions. It is remarkable that each trend
presents a specific spatial distribution (Fig 6b). All
N20-30 trending fractures are situated east of the
N25-30 rift zone. The N55-65 fracture network is
concentrated along a main axis, which corresponds to
the locus of the clear northeast trending lineaments
northeast of the N55 steep slope zone (Fig 2c). The
continuity of the fractures affecting the old lava units
in the August 2004 pahoehoe lava flow, and the
decreasing opening of the fractures as a function of
the age of the lava flow, suggest a continuous
deformation process. Finally, N150-160 fractures are
mainly located in the northeastern part of the summit
(Fig 6b). These fractures are concentrated between
the eastern rim of Dolomieu and the top of the N150
trending steep slope zone in the northeastern flank.
Most of the deformation is restricted to two parallel
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tectonic corridors of around 450 and 640 m long in
which fractures indicate an almost exclusive
extension. Only a small part of these deformation
zones corresponds to the N150 R’ shear network
described by Carter et al (2007). Contrary to these
authors, we believe that the shear indicators and the

lava tube offsets, which suggest minor opposite
lateral displacements, result from small differential
movements between the lava blocks during a general
extension rather than a succession of opposite senses
of shear.

Figure 6: a- Spatial distribution of the flank fractures. b- Rose diagram illustrating the three main fracture trends: N20-30, N55-65 and
N150-160. c- Spatial distribution of the three main fracture trends. Coordinates in UTM WGS84 (zone 40S).

4- Co-intrusive deformation

4.1- Types of eruptions and the related magmatic
paths

Activity of Piton de la Fournaise is characterised
by fissure eruptions fed by a magma reservoir located
at about sea level (Nercessian et al., 1996; Peltier et
al., 2007). Considering the location of the eruption
site, three types of eruptions can be distinguished

(Peltier et al., 2008). 1- Summit eruptions that start
and remain in Dolomieu. 2- Proximal eruptions, which
may start in the summit but progress to the flanks of
the central cone and usually propagate downslope to
the Enclos caldera floor. 3- Distal eruptions that
develop away from the central cone, starting in the
Enclos caldera floor. Numerical models suggest that
the elevation of the first eruptive fissure, which
opens during an eruption corresponds to the
maximum elevation reached by the feeding dyke
(Fukushima, 2005; Peltier et al., 2007). Then, only the
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dykes related to summit and proximal eruptions (68%
of the total eruptions) intrude into the central cone.
We determined the dyke orientations related to the
25 proximal eruptions from the distribution of the
related eruptive fissures for the period between 1981
and 2007 (Fig 4b). Note that summit eruptions were
disregarded since their dyke orientation cannot be
accurately determined. Our compilation shows that
92% of the proximal dykes follow the N25-30 and
N120 rift zones described by Michon et al (2007a).
74% of them occur along the N25-30 axis with the
same number of dyking events to the North and the
South, and 26% of the eruptions developed on the SE
flank along the N120 rift zone (Fig 4b).

4.2- Co-intrusive displacements inferred from GPS

At Piton de la Fournaise, dyke intrusions usually
lead to an asymmetric deformation of the volcano
characterised by a concentration of displacements
east of the dykes (Lénat et al., 1989; Sigmundsson et
al., 1999; Froger et al.,, 2004 ; Fukushima et al.,
2005). GPS measurements carried out in 1981 and
1995 indicate that the eastern part of the cone
summit experienced a 1.5-2 m eastward
displacement during this period, whereas the western
half remained stable (Briole et al., 1998). A denser
GPS network composed of about 80 stainless steel
benchmarks cemented around the crater, on the
flanks and at the base of the summit cone was
installed by the Piton de la Fournaise Volcano
Observatory in order to better constrain co-intrusive
deformation of the edifice. Since 2002, this network
was repeatedly measured after each eruption. The
location of each benchmark was determined with
respect to a reference receiver situated north of the
Enclos caldera. Sampling-rate of both receivers was of
1 s and benchmark locations were recorded during a
7-min stop on each.

As demonstrated above, between 1981 and 2007,
dykes intruding the central cone followed the N120
rift zone, and the northern and southern segments of
the N25-30 rift zone, in roughly the same proportion.
Between April 2003 and November 2003, 3 eruptions
and 1 intrusion occurred at the summit and along
each rift zone, making the co-intrusive deformation of
this period representative of the general behaviour
during summit and proximal eruptions. GPS data
clearly show the deformation decoupling between
the eastern and western parts of the cone (Fig 7a).
West of a N-S decoupling axis located between Bory
and Dolomieu, displacements are small at the summit
(<22 cm) and negligible at the base of the cone and in
the Enclos (Table 1). East of the axis, displacements
rotate from a north-eastward to a south-eastward
motion from north to south, showing an average
eastward motion of the eastern half of the central
cone. Total displacement values of the summit are
three times larger than in the West. GPS data reveal
that vertical displacements are restricted to the cone,

reaching a maximum at the summit. In contrast, both
the cone and the proximal part of the Enclos caldera
floor experience significant outward horizontal
displacements. Finally, it is interesting to note that
the northern and western flanks present a steady
decrease of displacement values, whereas the south-
east and east flanks are characterised by a step wise
decrease, correlated with variations of the
topography. For the E flank, the GPS data located in
the steepest part (data points 1a to 4a in Table 1a
and Fig 7a) indicate a slight decrease of vertical
displacements, i.e., between 39.5 and 34.2 cm,
whereas they sharply decrease from 24.2 to 3.3 cm
over the same distance in the Enclos floor (data
points 5a to 7a).

As a consequence, the recurrent dyke intrusions
up to the summit and along the intra-cone segments
of the N25-30 and N120 rift zones lead to
heterogeneous growth of the central cone. Between
April and November 2003, the cone underwent a very
slight steepening of the western flank (= 4 10'3°/yr),
and a significant inflation of the eastern part, leading
to a steepening of the south and east flanks (= 1.5 10°
2"/yr). Moreover, GPS data suggest that each N55 and
N150 trending steep slope zone undergoes a
homogeneous deformation. This overall deformation
pattern inferred for the period between April 2003 —
November 2003 fully agrees with the slope change
determined by Fukushima (2005) between March
1998 and June 2000, during which 5 eruptions
occurred along the S and N segments of the N25-30
rift zone and along the N120 rift zone. The striking
similarities between the two different periods suggest
a relatively constant mode of deformation of the
cone when summit and proximal eruptions occur.

Most of the deformation determined for the
period between March 2002 and January 2006 is
similar to that of April to November 2003 in terms of
(i) decoupling between the western and eastern parts
and (ii) and progressive decrease of displacement
amplitudes from the top to the base of the cone in
the north, south-west and west flanks (Fig 7b). It only
differs in one point, which is the regular increase of
total displacement values from 146.5 to 180.4 cm
between the eastern part of the summit and the
Enclos floor (Table 1b). Contrary to the periods
between March 1998 and June 2000 and between
April 2003 and November 2003, during which only
summit and proximal eruptions occurred, the period
between March 2002 and January 2006 was
characterised by summit, proximal and also 3 distal
eruptions in the Plaine des Osmondes (see Fig 1 for
location). The displacement pattern related to one of
these eruptions, in January 2004, suggests that the
progressive increase of displacements when going
east of the summit is induced by distal intrusions
toward the Plaine des Osmondes (Fig 7c and Table
1c). Moreover, GPS data related to the January 2004
distal eruption indicate the existence of different
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displacement domains separated by the N55
deformation zone described above. The N55 fracture
zone limits a differential uplift, which is twice as high
west of the fracture zone as east.

In summary, our data clearly show two different
co-intrusive modes of deformation. The cumulated

deformation related to summit and proximal
intrusions is centred on the summit craters and is
mostly restricted to the central cone. In contrast, the
distal intrusions led to a widespread deformation, the
limits of which cannot be determined with the
current GPS network.

Figure 7: Horizontal (left) and vertical (right) co-intrusive displacements recorded by GPS. a- Between April and November 2003. The
dashed lines indicate the location of the dykes. b- Between March 2002 and January 2006. c- During the January 2004 eruption.
Coordinates in UTM WGS84 (zone 40S).
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Table 1: Displacements measured by GPS for periods between April and November 2003 (a), March 2002 and January 2006 (b) and caused
by the magma migration linked to the January 2004 distal eruption (c). See figure 8 for the location of the data points.

4.3- Modelling of co-intrusive deformations Poisson ration is 0.25 (Cayol and Cornet, 1998). For
the modelling, a mesh of the topography is
constructed from a Digital Elevation Model of the
volcano (Fig 8). This mesh is dense close to the
deformation sources and coarse further away. In
order to limit errors caused by the finite extension of
the ground surface mesh, its extension is chosen to
be 5 times the source dimensions.

We use a three-dimensional boundary element
method (Cayol and Cornet, 1997) to investigate (1)
the injection-related endogenous growth of the
central cone, (2) the interaction between dyke
injections and fractures, and (3) stress changes due to
dyke injection along the northern and southern
segments of the N25-30 rift zone. Models consider an
elastic medium. Young's modulus is 5 GPa and

Figure 8: Map view, E-W and N-S cross sections, and perspective view of the Boundary Element Model computed to test the influence of
repeated dyke injections into the N120 and N25-30 rift zones. All dykes are 1000 m high. The N120 dyke is represented by a blue mesh. It is
vertical and 2.5 km long. The northern segment is represented by a red mesh. It dips 70° to the East and is 2.3 km long. The southern
segment is represented by a green mesh. It dips 70° to the East and is 1.2 km long. The perspective view only shows a portion of the
surface of the topography mesh, which extends five times further than shown.



Michon et al., JVGR, special issue on Piton de la Fournaise, in press.

Three rift zone dykes were modelled, two along
the N25-30 rift zone, to the North and to the South of
the summit cone, and one along the N120 rift zone,
east of the summit cone. Length of the dykes, heights
and dips (Fig 8) are typical of intrusions in rift zones
(Sigmundsson et al, 1999; Froger et al, 2004;
Fukushima et al, 2005; Peltier et al., 2007, 2008). The
overpressure of the dykes is assumed to be 3 MPa,
leading an average dyke opening of 2.3 m at the
surface. As Piton de la Fournaise eruptions typically
correspond to average dyke openings of 30 cm at the
surface, these models are representative of more
than 20 successive dyke intrusions, a number similar

to the amount of intrusions that occurred between
1998 and 2007. Models show that dyke intrusions
trigger an asymmetric deformation of the central
cone (Fig 9a). Flanks steepen east of the N25-30 rift
zone of around 0.05° and do not significantly change
in the cone's western half. Only the summit part
located north of Dolomieu and Dolomieu itself
flatten. It is worth noting that the N150-160 fracture
zone, which shows predominant extensional
deformation, is located at the transition between
domains showing contrasting deformation, i.e.
increasing and decreasing slopes (Fig 9b).

Figure 9: a- Modelled slope changes due to repeated dyke intrusions into the N25-30 and N120 rift zones (see Fig 8 for the dyke intrusion
geometries). Dyke surface traces are represented with a white thick solid line. Thin lines represent elevation contours at 100m intervals. b-
Slope map suggesting the effect of dyke intrusions in the development of the eastern and south-eastern steep flanks. c- E-W cross section

presenting the outward inflation of the cone's eastern half.
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We computed changes of Coulomb stresses on
N55 vertical faults in order to investigate the
influence of intrusions in the N25-30 and N120 rift
zones on the N55 fractures network. Changes of
Coulomb stress (AS) depend on normal and shear
stress changes at given fault plane orientations for a
given slip directions. They are defined by AS=At-u'Ac
(King et al., 1994), where At is the shear stress
change on a given failure plane (positive in the
direction of fault slip), Ao is the change in normal
stress on the plane (positive in compression) and u/,
the apparent coefficient of friction, includes the
effect of pore pressure changes. Here, we set u'=0.4,
corresponding to laboratory values and small fluid
pressure. Positive values of Coulomb stress changes

bring faults closer to failure whereas negative values
inhibit failure. We considered Coulomb stress
changes induced by single dyke intrusion in each
segment of the rift zones and by combined intrusions
(Fig 10). Dyke injections in the northern segment of
the N25-30 rift zone promote right-lateral fault slip in
the area of the N55-65 fractures, whereas injections
in the southern segment of the N25-30 rift zone and
in the N120 rift zone encourage left-lateral slip in the
N55-65 fracture zone. Combinations of injections in
the northern and southern segments of the N25-30
rift zone as well as in the N120 rift zone favour right
lateral slip of N55 faults located one km East of
Dolomieu crater.

Figure 10: Coulomb stress changes (Mpa) at a 1500 m elevation induced on N55 vertical faults by intrusions in the N25-30 and N120 rift
zones (see Fig 8 for the dyke intrusion geometries). Stress changes for right-lateral (left column) and left lateral (right column) slip are
compared. Surface traces of the intruded dykes are shown as bold white lines. Null Coulomb stress changes are indicated by a light black

line.
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Coulomb stress changes on optimally oriented
vertical planes were also calculated to determine
whether a N55 fault zone could result from repeated
rift zone intrusions. Following Cayol and Cornet
(1998), we assumed a roughly isotropic regional
stress in the horizontal plane. Models reveal that one
kilometre east of Dolomieu the direction of the

optimally oriented planes is consistent with the
observed N55-65 lineaments (Fig 11). It suggests that
failure can be reached along N55-65 trending faults.
However, the moderate Coulomb stress changes in
the area of the N55-65 fracture zone suggest that
stresses related to repeated dyke injections are
probably not important enough to create faults.

Figure 11: Coulomb stresses changes (MPa) at a 1500 m elevation on optimally oriented vertical faults induced by repeated dyke intrusions
in the N25-30 and N120 rift zones (see Fig 8 for dyke intrusion geometries). Surface traces of the intruded dykes are shown as bold
white lines. The directions of optimal slip planes are indicated in black and white, where the black and white colours indicate opposite

slip sense.

Finally, computations were carried out to unravel
principal stress variations due to repeated injections
in the northern and southern segments of the N25-30
rift zone. Dyke propagation is controlled by the
distribution of the total stress ¢, which corresponds
to 0'=Ao+d, where Ao is the stress change due to
magma injections and O is the pre-existing regional
stress. The pre-existing regional stress being
quantitatively unassessable, we solely determined
the stress variations caused by dyke intrusions. Figure
12a reveals that minimum principal stresses changes,

Ao, are subvertical and parallel to the rift zone, while
intermediate principal stresses changes, Ao, are
subhorizontal and parallel to the rift dyke (Fig 12a).
Letourneur et al. (2008) showed that the maximum
principal stress o, of the regional stress is vertical.
Consequently, the total minimum principal stress o',
is probably horizontal and parallel to the N25-30 rift
zone. As dykes intrude perpendicular to the total
minimum principal stress, o', the stress field induced
by N25-30 rift injections promotes N120 dyke
injections (Fig 12b).
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Figure 12: a- Principal stress changes Ao corresponding to repeated magma injections in the northern and southern segments of the N25-
30 rift zone (see Fig 8 for dyke intrusion geometries). Ao;, Ag; and Aos correspond to the maximum, intermediate and minimum principal
stress changes, respectively. b- Interpretative sketch of the short, narrow N120 rift zone as resulting from the stress accumulation induced

by recurrent intrusion along the N25-30 rift zone.

5- Discussion

5.1- Origin of the steep central cone

The central cone of Piton de la Fournaise presents
abnormally steep flanks for a basaltic volcano
characterised by fissure eruptions and fluid lava
flows. Annen et al. (2001) proposed that this
morphology mainly results from predominant
endogenous processes with recurrent thick and short
intrusions originating from a small and shallow
magma chamber, i.e., 200 m in diameter and located
500 m below the summit. Besides the disagreement
between the input and natural data concerning the
intrusion vs. eruption ratio (see the description in
section 1), the existence of a small shallow magma
chamber is questionable. Indeed, the present
deformation and seismic data suggest that the
feeding dykes originate from a relatively deep magma
chamber located at about sea level (Fukushima et al.,
2005; Peltier et al., 2007, 2008). Furthermore, a small
magma reservoir cannot explain the development of
collapse structures such as the pre-Bory pit crater or
the recent Dolomieu caldera, which are much larger
than the hypothesized shallow magma chamber.
Hence, we consider that the geometry of the central
cone of Piton de la Fournaise does not result from the

predominant endogenous processes described by
Annen et al (2001).

The April 2007 caldera collapse, which was coeval
to the largest historical eruption deeply cut the
central cone (Michon et al., 2007b, Urai et al., 2007).
Observations of the caldera walls reveal that the cone
predating the pre-Bory pit crater was essentially
made of red scoria. It was subsequently covered by
several tens of metres of thin lava flows. We propose
that the scoria formations are evidences of the
occurrence of a hidden strombolian pyroclastic cone
below the upper thin lava flows. Strombolian cinder
cones are usually characterised by slopes between
25° to 30°, corresponding to the repose angle of the
material (Porter, 1972; Wood, 1980). At Piton de la
Fournaise, the east and southeast flanks of the
central cone present such slope values. However, our
GPS data, which clearly show progressive slope tilting
during the recurrent intra-cone intrusions, suggest
that part of the present slope values result from
deformation processes. In the cone’s western half,
where the intrusion-related deformation is limited,
slope values are 10° less than that of a classical cinder
cone. Consequently, we interpret the present cone’s
geometry as resulting from a twofold evolution: a
first period during which a cinder cone built up in the
Enclos caldera floor, and a second period of
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predominant effusive activity overlapping and
smoothing the initial cone geometry. A similar
scenario was proposed to explain the steep
morphology of Nyiragongo (Democratic Republic of
Congo), where an initial explosive phase built up a
steep cone and a lava lake activity with periodic
overflowing veneered over the pyroclastic core
(McDonald, 1972; Demant et al., 1994).

5.2- Tectonic structures, co-intrusive deformation
and rift zones

Since 1981, all the structural analyses and
geodetic measurements have shown that the eastern
part of the central cone of Piton de la Fournaise was
affected by an eastward motion (Bachélery, 1981;
Bachelery et al., 1983; Delorme et al., 1989; Lénat et
al., 1989; Zlotnicki et al., 1990; Briole et al., 1998;
Sigmundsson et al.,, 1999; Froger et al.,, 2004;
Fukushima et al., 2005; Carter et al., 2007; Peltier et
al.,, 2007; Tinard, 2007). It has been first proposed
that the entire eastern flank was involved in the
deformation process (e.g., Bachélery, 1981; Lénat et
al., 1989). The NE and SE rift zones were then
considered as sinistral and dextral shear zones
accommodating the lateral displacements of the
volcano flank. However, recent GPS and radar
interferometry data do not confirm such a general
process and reveal that the deformation is directly
related to dyke intrusions and concentrated around
the central cone (Sigmundsson et al., 1999; Froger et
al., 2004; Fukushima et al., 2005; Peltier et al., 2007).
If the deformation pattern is well constrained with
these types of data, little is known about the effect of
recurrent intrusions in the development, or
interaction with tectonic structures. Using field data
collected around the summit collapse structures, i.e.,
the break-in-slope in the upper eastern flank, the
fractures in the northern part of the N150-160
fracture zone and the conjugate-like geometry of the
eruptive fissures, Carter et al. (2007) proposed an
additional deformation process. According to these
authors, the east flank of the central cone undergoes
a progressive slump above a low strength layer,
which is favoured by the recurrent intrusions along
the N10 and N170 rift zones. We disagree with this
model for the following reasons: 1- the fractures used
to interpret the northern limit of the slump as a
dextral shear zone do indicate a predominant
extension, and correspond to a small part of a much
longer extension structure, i.e., the N150-160
fracture zone; 2- the conjugate-like geometry of
eruptive fissures results from two sets of eruptive
fissures that are the common radial fissures and the
long N55 trending fissures which develop in the east
flank only; 3- the eastern base of the cone lacks any
thrust fault or concentric compressional structures
which would result from the slump; 4- The summit
collapses disregarded, the deformation of the cone
can be exclusively due to the dyke intrusions (Froger

et al., 2004; Fukushima et al., 2005) and to a minor
pre-eruptive inflation centred on the cone (Peltier et
al., 2007, 2008).

This brief review reveals a lack of any global
model in which both field observations and GPS or
radar interferometry data are integrated. In the
following, we propose to combine our multi-
disciplinary data in order to determine (i) the origin of
the different tectonic structures (except for the
summit collapses and the concentric fractures that
are clearly linked to the magma withdrawal; Hirn et
al., 1991; Longpré et al., 2007; Michon et al., 2007b;
Michon et al., 2009, this issue), (ii) the role of the
recurrent dyke intrusions in the morphology of the
central cone and (iii) the origin of the N25-30 and
N120 rift zones and their consequences in the cone's
evolution.

Our structural analysis of the central cone allows
identification of two sets of tectonic structures. First,
the different spatial distributions of flank fractures,
eruptive fissures and dykes, especially in the western
part of the cone (Figs 4 and 6a), confirm that the
development of the flank fractures does not
correspond to the dyke-induced proximal
deformation. In contrast, the superposition of the
areas affected by these fractures and the co-intrusive
deformation (Figs 6a, 7a and 9a) suggests that the
flank fractures are linked to the outward inflating
tilting of the eastern part of the cone. Hence, we
propose that the flank fractures, which are essentially
characterised by extension, correspond to relatively
shallow (maximum depth of few hundreds of metres)
tension cracks that accommodate the endogenous
growth during summit and proximal injections. The
N20-30 trending fractures may result from the
recurrent intrusions along the N25-30 rift zone
whereas the N150-160 fractures may originate from
the combined effect of intrusions along the N120 rift
zone and the northern segment of the N25-30 rift
zone (Fig 9b and 9c).

The N55 fracture zone represents the second set
of fractures. It is underlined by (i) long, oblique
eruptive fissures in the east flank of the cone (Fig 4),
(i) a dense fracture network (Fig 6c), (iii) striking
lineaments on the DEM (Fig 2c), and (iv) linear very
steep slopes in the SE flank (Fig 2b). As a whole, it
corresponds to a 3 km-long structure, which is
parallel to a larger tectonic structure that
accommodated the collapse of the southern part of
the Enclos caldera (Michon and Saint-Ange, 2008).
Given the characteristics of the N55 fracture zone and
the occurrence of volcano-tectonic events along or
close to the lineaments (Sapin et al., 1996), we
interpret it as a fault zone. The direction of the
eruptive fissures in the eastern flank suggests that
the fault zone controls the magma intrusion in the
eastern part of the cone. Numerical models show that
the N55-65 fault zone may be punctually reactivated
by stresses related to dyke intrusions along the rift
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zones. They also indicate that the development of the
fault zone does probably not result from intrusion-
related stresses. Hence, we propose that the N55-65
fault zone is a tectonic structure inherited from the
collapse of the Enclos Fouqué caldera, which is
reactivated by the present day dynamics of the
magmatic system.

Our numerical models and GPS data indicate that
the recurrent intrusions along the rift zones induce a
heterogeneous deformation of the cone with (i) a
significant inflation of the eastern part of the summit,
(ii) the steepening of the southeast and east flanks,
and (iii) very slight tilting of the western part (Fig 9a).
The superposition of the tilted zones and the N55 and
N150 very steep slope zones strongly suggests that
the slope value difference of about 5-10° between
the east and southeast flanks, and the west and north
flanks results from the endogenous growth
associated with intra-cone intrusions along the N25-
30 and N120 rift zones (Fig 9). Hence, if most of the
present morphology of the central cone results from
an exogenous growth, the specific morphology of the
cone's eastern part is clearly due to endogenous
processes.

The absence of any elongation along the N25-30
rift zone despite the substantial concentration of the
intrusions along this structure contrasts with the
morphologies of Hawaiian volcanoes and Karthala.
Annen et al. (2001) showed that the geometry of the
volcanoes was sensitive to the dyke length/source
depth ratio. Volcanoes with ratios lower than 1
present an elongation perpendicular to the rift zones,
whereas the elongation is parallel to the rift zones for
ratios greater than 1. For ratios close to one, the
edifice remains circular despite the presence of radial
rift zones. At Piton de la Fournaise, the mean dyke
length along the northern and southern segments of
the N25-30 rift zone and the source depth are of the
same range (about 2000 m). Then, the development
of short dykes along the N25-30 and N120 rift zones
may explain the sub-circular geometry of the central
cone.

The N25-30 and N120 rift zones were determined
from the orientation and location of the dykes
intruded since 1981. Michon et al. (2007a) proposed
that the N25-30 rift zone, on which the cone built up,
results from recurrent magma intrusions along a
large, 10 km-long structure in the Enclos caldera
floor. The origin of the N120 rift zone is less
constrained. It could be related to the regional N120
trending volcanic zone between Piton des Neiges and
Piton de la Fournaise, the development of which has
been interpreted as to be controlled by N120 crustal
faults (Fig 1; Chevallier and Vatin-Pérignon, 1982;
Michel and Zlotnicki, 1998; Michon et al., 2007a).
However, the lack of any N120 trending intrusions in
the Enclos caldera, west of the N25-30 rift zone, and
the contrasted geometries between the narrow rift
zone east of the cone and the wide volcanic zone

between Piton de la Fournaise and Piton des Neiges
suggest a different origin of both structures. Our
numerical modelling reveals that recurrent intrusions
along the northern and southern segments of the
N25-30 rift zone encourage intrusions in the N120
direction (Fig 12a). Hence, we explain both the
existence of the N120 rift zone East of the N25-30 rift
zone and the lack of N120 trending dykes West of it,
as a consequence of the general eastward dip of the
N25-30 dykes (Fig 12b). Such a geometry, which has
been deduced from several sets of deformation data
(Sigmundsson et al, 1999; Froger et al, 2004;
Fukushima et al, 2005; Peltier et al., 2007, 2008),
induces asymmetric deformations associated with
much larger stress changes East of the N25-30 rift
zone than West. The small length of the N120 rift
zone may originate from a rapid decrease of the
stress increase due to the N25-30 intrusions away
from the plumbing system. This rift system, which has
been determined from the summit and proximal
intrusions is not fully connected with the NE and SE
rift zones outside the Enclos caldera. Indeed, recent
geophysical data (Brenguier et al., 2007) suggest that
the NE and SE rift zones along which the distal
eruptions occur are related to tectonic structures that
are located below the magma chamber that feeds the
summit and proximal eruptions.

6- Conclusion

Our work corresponds to the first analysis of the
central cone of Piton de la Fournaise, which combines
structural and GPS data, and numerical modelling.
The main results can be summarised as follows:

- Similarly to Nyiragongo (Demant et al., 1994),
the central cone is formed by a pyroclastic
core overlapped by few tens of metres of lava
flows. The general steep geometry of the cone
does consequently not result from
endogenous processes but from an initial
phase during which a pyroclastic cone formed.

- The cone undergoes a contrasted co-intrusive
deformation during summit and proximal
eruptions along two N25-30 and N120 rift
zones. Most of the co-intrusive displacements
are concentrated in its eastern half where they
induce a progressive outward inflation and the
tilting of the eastern and southeastern flanks.
A dense network of flank fractures, which
differs from the eruptive fissures and the
concentric fractures linked to the summit
collapses, accommodate the progressive
endogenous growth.

- The dynamics of the plumbing system also
reactivates a N55 fault zone, which mainly
controls magma intrusions in the eastern flank
and decouples the deformation of the Enclos
caldera floor during the north-eastward distal
eruptions.
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- The N25-30 rift zone is related to a large, 10 km-
long fracture zone, whereas the short, narrow
N120 rift zone results from a N120 trending
stress accumulation west of the N25-30 rift
zone, which guides magma intrusions.
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In April 2007, Piton de la Fournaise volcano experienced a caldera collapse during its largest historical
eruption. We present here a structural analysis both of the caldera and the surrounding area, and precise GPS
data recorded with a dense GPS network specifically dedicated to the analysis of deformation related to the
summit collapse structures. Despite a collapse of more than 300 m in the central zone, the geometry of the
new caldera is similar in map view to that of the pre-existing collapsed structure, which was formed from the
coalescence of several pit craters. The caldera shows an asymmetric inner geometry with sub-vertical walls
in the NW quadrant and steep scarps composed of inward tilted blocks in the southern half. The presence of
preserved polished surfaces on the lower part of the sub-vertical scarp indicates that it corresponds to the
caldera north-western ring fault. The April 2007 caldera collapse led to the development and the reactivation
of concentric fractures on the caldera rim, mostly along the southern limit of the caldera. GPS data show that
fractures result from radial extensional stresses that are restricted within the first tens of meters of the
caldera edge. GPS data also reveal that the caldera collapse was coeval with a centripetal deflation, whose
magnitude is largest along the southern half of the caldera. The displacements recorded by GPS result from
both a general deflation, due to magma withdrawal from Piton de la Fournaise's summit magma chamber,
and additional local effects related to the caldera collapse. Comparison of the caldera collapses at Piton de la
Fournaise, Miyakejima and Fernandina reveals striking similarities, with cyclic seismic signals accompanying
small-scale deflation-inflation cycles. This strongly suggests a common mode of collapse. Hence, we propose
a unifying model of caldera collapse in basaltic setting, in which the inward deflation due to magma
withdrawal from the magma chamber prevents the collapse of the caldera roof until the gravitational stress
acting on the rock column above the magma chamber exceeds the shear strength along pre-existing ring
faults. The downward displacement stops when the pressure increase into the magma chamber is able to
again sustain the rock column. The succession of (1) inward deflation that prevents the collapse, (2) collapse
due to gravitational stress and (3) stopping of the downward motion is repeated many times. The frequency
of the cycles is influenced by the rate of magma withdrawal and by the amount of intrusion of magma along
the ring faults.

© 2008 Elsevier B.V. All rights reserved.

1. Introduction

period seismic signal (Miyakejima in 2000, Kumagai et al., 2001) or
large earthquakes, i.e. between Ms 4.4 and 5.5 (Fernandina in 1968,

Basaltic volcanoes present summit calderas, whose formation is
related in most cases to lateral magma migration from a shallow
magma reservoir (e.g. MacDonald, 1965). Observations of basaltic
calderas worldwide, and the few recorded collapse events, show
common structural characteristics and collapse mechanisms, which
can be summarised as follows. First, caldera collapses are contem-
poraneous with a periodic seismicity underlined by either a very-long-
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Simkin and Howard, 1970; Filson et al., 1973). Despite differences in
the type of seismic signal, their periodicity has been interpreted in
the same way, i.e. an intermittent collapse of the rock column into
the magma chamber (Simkin and Howard, 1970; Filson et al., 1973;
Kumagai et al., 2001). Questions remain on the source of the
periodicity which is interpreted as being controlled either by the
constant magma outflow (Kumagai et al., 2001), by an irregular
geometry of the bottom of the collapsing rock column (Filson et al.,
1973) or by regular stress built up along the caldera fault, which is
sporadically relieved by movement along the ring fault (Simkin and
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Howard, 1970). Second, analyses of the surface deformation have long-
revealed that collapses are coeval with centripetal deflation of the
edifice (Wilson, 1935; Ryan et al., 1983). Both deformations, i.e. the
collapse and the inward subsidence, result from pressure decrease
within the magma chamber and/or the plumbing system (Mogi, 1958;
Walsh and Decker, 1971; Ito and Yoshioka, 2002). Third, collapse
calderas often show peripheral concentric extensional fractures
hundreds of metres from the edge of their caldera rim (Simkin and
Howard, 1970; Lénat and Bachélery, 1990; Troll et al., 2002; Acocella,
2006; Carter et al., 2007). The various authors describe an increase of
extension and vertical displacements close to the caldera rim, but
their interpretations differ. The changes in rim geometry are thought
to result from superficial processes postdating the caldera formation
(Acocella, 2006), from extensional stresses related to the centripetal
subsidence (Branney, 1995), or from inflation-deflation cycles (Lénat
and Bachélery, 1990).

In April 2007, Piton de la Fournaise volcano experienced a caldera
collapse during its largest historical eruption (Michon et al., 2007). We
present here the summit deformation accompanying this event. We
integrate a detailed analysis of both concentric fractures and intra-
caldera structures and faults, with high precision GPS data from a
dense network implemented surrounding the caldera. Our study
benefited from an initial field and GPS campaign carried out in March
2007, a few days before the onset of the eruption and collapse. The GPS
network has been reoccupied twice, in May and November 2007, in
order to determine the syn-collapse and post-collapse displacements,
respectively. This paper aims at determining the relationship between
the concentric fractures and the collapse. It also attempts to better
understand the collapse mechanism and its relation to eruption
dynamics. Finally, it addresses the role of pre-existing structures in the
development of a new caldera.

2. Geological setting

Piton de la Fournaise volcano is one of the world's most active
volcanoes (Lénat and Bachélery, 1987). At the edifice scale, it is
characterised by two NE and SE rift zones and an E-W U-shaped
caldera formed around 4.5 ka ago (Bachélery, 1981; Fig. 1a and b). The
volcanic activity is concentrated in the upper part of the U-shaped
structure, the Enclos caldera, where the accumulation of volcanic
products has built up a steep central cone (Michon et al,, this issue).
Prior to April 2007, the summit of the active cone was cut by two
collapse structures: Bory in the west, which is currently inactive, and
Dolomieu in the east, the location of the caldera collapse during the
large April 2007 eruption (Fig. 1c). Before this collapse, the elongated
shape of the pre-existing Dolomieu was the result of the coalescence
of several pit craters (Lénat and Bachelery, 1990; Carter et al., 2007).
The largest of these events occurred between 1933 and 1936, during
which the eastern half of Dolomieu experienced a 150 m-deep
collapse (Fig. 1d; Lacroix, 1939; Bachélery, 1981). Until 1953, the
western part of Dolomieu also suffered recurrent collapses that were
accompanied by progressive subsidence of the crater floor. From 1953
the lava accumulated during the frequent summit eruptions and
progressively filled the collapse structure, whose outer contour
remained unchanged until March 2007, despite the small pit crater
collapse in 1986 (Hirn et al., 1991) and a brutal but minor subsidence
in 2002 (Fig. 1d; Longpré et al., 2007). It is noteworthy that the August
2006-January 2007 summit eruption created a lava pile of 20-30 m on
the Dolomieu floor, filling the crater and overtopping the eastern
caldera wall (Michon et al., 2007).

In 1990, a detailed structural analysis of the summit of the active
cone revealed a complex network of concentric extensional fractures
concentrated around Dolomieu only (Fig. 1d; Lénat and Bachélery,
1990). It also highlighted the asymmetric distribution of the
concentric fractures around the east and west parts of Dolomieu.
The eastern rim of Dolomieu was characterised by a few fractures
restricted to a 50-80 m wide zone. In contrast, concentric fractures
were scattered within a 200-300 m wide zone around the western
half of Dolomieu. The northern limit of this fracture network coincides
with a topographic break-in-slope that corresponds to the hidden
boundary of a paleo-pit crater (Lénat and Bachélery, 1990; Michon
et al., this issue). South of Dolomieu, the Petit Plateau paleo-pit crater,
formed around 1911 (Bachélery, 1981), consists of an independent
system of concentric fractures that delimitates the hidden collapsed
structure. The age of the overall fracture system is hard to determine.
However, the lack of any significant fractures south of the western
fracture zones, where the lava emitted by the 1936 and 1956 eruptive
fissures covers the surface (Fig. 1d), suggests that fractures in the west
predate these eruptions. In the east, the similar distribution of both
the limits of the 1933-1936 pit crater and the peripheral concentric
fractures supports a temporal relationship between the main collapse
event and the development of extension fractures close to the rim.
Since 1990, the only significant change in the concentric fracture
system was observed during the August 2006-January 2007 eruption,
during which fractures close to the rim in the south-eastern part of
Dolomieu opened of a few tens of centimetres to a few metres. These
fractures accommodated the progressive inward tilting of rock panels
torn apart from the rim of the collapse structure.

The April 2007 caldera collapse of Piton de la Fournaise occurred
during the largest historical eruption, starting on 30th March and
ended the 1st May 2007. Although the detailed evolution of the
eruption has already been presented (Michon et al., 2007; Staudacher
et al,, this issue), we summarise below the main characteristics that
allow us to interpret the origin and dynamics of the caldera collapse.
On 30th March, a first eruptive fissure opened south-east of the
central cone at about 1900 m above sea level (Fig. 1b). After less than
10 h, the magma emission ceased, whereas the summit seismicity
remained at a very high level. The magma emission started anew on
2nd April when an eruptive fissure opened at about 600 m asl, 7 km
away from the summit (Fig. 1b). The rate at which magma was
discharged, which was already large, increased during 5th April
contemporaneously with a summit centripetal deflation. The first
summit collapse occurred on 5th April at 20:48, contemporary to a
magnitude 3.2 volcano-tectonic event (Michon et al., 2007). It was
immediately followed by a sudden centrifugal uplift of the caldera rim
(Michon et al., 2007; Staudacher et al., this issue). The collapse also
had a striking impact at the eruption site where the seismic signal
increased by around 50%. Then, both the seismic signal and the
summit displacements began to occur in cycles characterised by an
inward deflation accompanied by an increase of the seismic signal,
ending with a sharp outward uplift contemporaneous with sudden
decrease of the seismicity. The cycle frequency gradually increased
from 2 h to 30 min (Michon et al., 2007; Staudacher et al., this issue). A
total of 38 collapse events were distinguished between 5th April,
20:48, and 7th April, 00:40. First observations of the new caldera, in
the afternoon of 6th April, revealed that the 16 first collapses triggered
the development of most of the summit collapse caldera (Michon
et al., 2007). Disregarding continued spalling of material from the
caldera wall, the final geometry of the caldera was attained on 10th
April. The eruption continued at a low level until the 1st May 2007.

Fig. 1. a — Location of Piton de la Fournaise volcano on La Réunion Island. b — Location of the eruptive centre within the Enclos caldera. Eruptive fissures opened on March 30th and
April 2nd are located by 1 and 2, respectively. SNEg and GITg correspond to the reference receivers of the summit GPS network. ¢ — Distribution of the benchmarks around the
summit collapsed structures of Dolomieu and Bory. Benchmarks measured in March and May 2007 (yellow), in May and November (black) and for both periods (red). d — Fracture

network around the summit collapsed structures (after Lénat and Bachélery, 1990).
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3. Summit deformation related to the April 2007 eruption
3.1. Structural analysis

On 6th April, the first observations indicated that the collapse was
elongated along an E-W axis and concentrated in the northern part of
Dolomieu (see Fig. 4b in Michon et al., 2007). It was bounded by 200-
300 m-high subvertical scarps in the east, west and north, and by
subsiding terraces in the south. Two annular plateaus corresponding
to the pre-existing floor of Dolomieu remained in the E and SW (see
Fig. 4 in Michon et al., 2007).

At the end of the collapse, on 10th April, the new caldera had a
maximum depth of 320-340 m (Michon et al., 2007; Urai et al., 2007)

at the location of the initial collapsed structure. The deepest part of the
caldera is covered by scree resulting from the frequent rock slides
from the caldera walls (Fig. 2a). Two different topographic expressions
of the collapse are distinguished. The southern, eastern and north-
eastern walls have average slopes of 40-50°, whereas the north-
western wall is sub-vertical (70-80°). The distribution of these two
distinct geometries coincides with the structure differences observed
on 6th April. The north-western caldera flank already existed on 6th
April, by which time it was bounding the northern collapse structure.
The preservation of polished surfaces, found only on the lower half of
this scarp (Fig. 2b), suggests that the north-western caldera wall
corresponds to an inward-dipping ring fault. In contrast, the geometry
of the southern, eastern and north-eastern flanks post-dates 6th April.

Fig. 2. a — The April 2007 caldera. The maximum depth is located in the northern half of the caldera. Note the differences between the northern and southern caldera flanks. New
concentric fractures are represented by arrows. Fractures opened essentially south of the caldera. Souf: Soufriére pit crater. b — View of the north-western caldera wall. Several
polished surfaces were preserved few days after the caldera collapse until destruction of this scarp by landslide in May 2007.
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Fig. 3. Contours of the summit structures before and after the caldera collapse. Fracture width along three radial profiles measured in February and May 2007.

This likely results from the inward subsidence of the southern and
eastern plateaus similar to that observed during the caldera formation
at Miyakejima (Geshi et al., 2002).

In map view, Dolomieu was a 1-1.1 km-long and 0.76-0.80 km-
wide elongated structure before the April 2007 eruption (Fig. 3). The
April 2007 caldera collapse constitutes the largest collapse event ever
observed at Piton de la Fournaise. However, despite a collapse of
several hundreds of metres, the contour of the new caldera did not
significantly change. The new caldera widened only a few tens of
metres in the north, west and south parts, mostly a few days after the
caldera collapse (Fig. 3). The similar geometry of the pre-existing
collapse structure and the new caldera, and the lateral growth of the
initial collapse up to the pre-existing Dolomieu boundary can be

compared to the map view evolution of the caldera collapse at
Miyakejima, where the initial caldera grew laterally up to approxi-
mately the limit of the pre-existing 2.5 ka-old Hatchodaira caldera
(Geshi et al., 2002).

We also showed in Section 2 that, prior to 2007, the rim of
Dolomieu was affected by asymmetrically distributed concentric
fractures (Fig. 1). Three radial profiles were implemented in February
2007 around Dolomieu, at different distances from the caldera edge, in
order to determine the potential reactivation of these fractures during
collapse events (Fig. 3). The effect of the April 2007 caldera collapse
has been evaluated by a reiteration of the profiles in May 2007. Fig. 3,
which shows the fracture width before and after the collapse,
illustrates the influence of the April 2007 caldera collapse in the
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fracture system. It clearly shows that the collapse reactivated only the
closest fractures to the caldera edge, and had no impact away from the
edge. The concentration of the deformation is corroborated by the
development of a narrow fracture system within the first tens of
metres from the caldera edge, the density of which varies laterally. The
new concentric fractures are densely distributed around the southern
part of the caldera, whereas they are nearly non-existent in the east
(Fig. 2a).

3.2. GPS data

Since 2001, the deformation of Piton de la Fournaise related to
dyke intrusion has been regularly monitored by the GPS network of
the Piton de la Fournaise Volcano Observatory (OVPF/IPGP; Peltier,
2007). This network, which is composed of about 80 stainless steel
benchmarks cemented around the crater, on the flanks and at the base
of the summit cone, accurately measures large scale deformation of
the Piton de la Fournaise edifice, but is inadequate to evaluate in detail
the summit deformation linked to collapse events. Hence, we
implemented a new GPS network in November 2005, specifically
dedicated to the structural analysis in a narrow zone around Bory and
Dolomieu.

3.2.1. Methodology

The new GPS network is composed of 62 benchmarks (geodetic
nails fixed into massive lava) installed along 24 radial profiles, and of
two permanent receivers of the OVPF/IPGP located at the summit and
outside the Enclos caldera (Fig. 1b and c). The position of each point of
the network was measured before the eruption (in March 2007), and
twice after the eruption (in May and November 2007). This allows the
determination of the deformation related to the April 2007 caldera
collapse and the residual subsidence following this event. Measure-
ments were performed in differential mode with dual-frequencies
receivers (2 Ashtech Zextrem and 2 Trimble NetRS). The SNEg summit
receiver of the permanent GPS network of OVPF/IPGP (Fig. 1) was used
as reference. Its position was systematically calculated with respect to
a stable permanent receiver (GITg) located outside the Enclos caldera.
The location of SNEg was precisely measured in static mode during 6 h
with a 1 s sampling rate. In a way similar to measurements at Merapi
volcano (Beauducel et al., 2006), measurements of the benchmarks
were performed with a small base line (<1.5 km), a 1 s sampling rate
and station on the benchmarks of 3 min. During each GPS campaign,
several benchmarks were measured twice with a time interval of
several hours in order to take into account not only the instrumental
RMS values, but also the handling error. Thus, the average horizontal

Fig. 4. Displacements between March and May 2007. a — Total displacements (in cm). b — Displacement vectors for horizontal components. ¢ — Horizontal and vertical components

(in cm).
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Fig. 5. Horizontal/vertical ratio for the period between March and May 2007. The H/V ratios are linearly organised suggesting a predominant common source of deformation.

precision calculated for each benchmark is of 1.1 cm and the vertical
average precision is of 0.8 cm.

3.2.2. Displacements between March and May 2007

Between March and May 2007, the summit of Piton de la Fournaise
experienced a progressive pre-eruptive outward inflation, additional
uplift related to a dyke intrusion, and the caldera collapse. The
permanent GPS network of the OVPF/IPGP clearly shows that the
initial outward deformation was of minor importance with respect to
the eastward dyke intrusion and much less than that measured during
the caldera collapse (Peltier et al., this issue). Hence, most of the
displacements inferred from our GPS campaigns in March and May
2007 result from the collapse event. Only the easternmost bench-
marks are significantly influenced by the 30th March intrusion.

Our GPS data clearly show the large centripetal deformation
related both to magma chamber deflation and the collapse event
(Fig. 4b). When excluding the easternmost data points, which were
also affected by the 30th March dyke intrusion that led to the opening
of eruptive fissures SE of the cone (Fig. 1b), the displacement values
range between 31 and 253 cm (Fig. 4a). It is likely that the latter value,
which strongly differs from the surrounding ones, results from the
displacement of an isolated block. The largest surface displacements
are located on the southern caldera rim, where values higher than
130 cm are reached close to the caldera wall. Our data also exhibit a
sharp decrease of the displacements (=38 to -61%) in the first two
hundred metres from the northern and southern caldera edge. Such
differences, which suggest the occurrence of extensional stresses on
the proximal caldera rim, can be correlated with the location of the
new concentric fractures, i.e. in a narrow zone around the western half
of the caldera (Fig. 2a). Additional information can be found in the
direction of the displacement vectors, which indicate the approximate
location of the deflation source (Walsh and Decker, 1971). Here, the
overall displacements suggest a deflation source elongated along a
N75 axis that corresponds to the direction of elongation of the pre-
existing Dolomieu and of the 6th April initial collapse (Fig. 2a).

The comparison of the horizontal and vertical components of
displacement provides further information that can be used to better
constrain the geometry of the deflation source (Dieterich and Decker,
1975). GPS data show that the summit deflation led mostly to
horizontal displacements (Figs. 4c and 5). For every benchmark, the
ratio between horizontal and vertical displacements, the H/V ratio, is
always higher than 1 (Fig. 5). It shows a remarkably linear distribution
with an average value around 2, confirming that most of the

benchmark displacements measured between March and May result
from a similar, and likely a single origin, i.e. the syn-collapse deflation.
The GPS network of the OVPF/IPGP also recorded predominant
horizontal displacements at the base of the cone (Peltier et al., this
issue). Despite lateral variations between the western and eastern
parts, along each transect, the closer to the caldera edge, the lower
the H/V ratios (Fig. 5). Then, with the exception of the caldera walls,
which suffered mostly vertical displacements, the central cone of
Piton de la Fournaise experienced a predominant centripetal “horizontal
collapse”.

3.2.3. Displacements between May and November 2007

The GPS network has been reoccupied in November 2007 in order
to identify post-collapse subsidence. Data show that during the
6 month-long period, the caldera rim continued to slightly subside
(Fig. 6). According to Staudacher et al. (this issue), 95% of the post-
collapse deformation occurred during the first 3 months and the
remaining 5% during July to November 2007. The distribution of the
displacements for the period between May and November 2007
differs from that of the period between March and May 2007. The
direction of the displacement vectors and the distribution of the
largest displacements around the western half of the collapse caldera,
could suggest a deflation source located below the western half of the
caldera (Fig. 6). However, it cannot be excluded that the difference in
the deformation pattern results from local deformation. It is
noteworthy that the latest caldera wall destabilisations only occurred
along the western scarps, where the inward displacements were still
significant. Contrary to the H/V ratios for the period between March
and May 2007, which show important lateral variations, the H/V ratios
for the period between May and November 2007 present a homo-
geneous spatial distribution with values lower close to the caldera
edge than at the distal extremity of the transects (Fig. 6¢). This
suggests an identical deformation style all around the caldera, which
is independent of the amount of deformation. In consequence, our GPS
data provides information both on the source and the mode of
deformation.

4. Discussion
4.1. Origin of the concentric fractures around basaltic calderas

Concentric fractures consist of extensional structures that are
commonly observed around calderas. For example, at Erta 'Ale, (1)
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they are found within 20-60 m of the caldera rim, (2) their distance
from the rim increases with the height of the caldera scarps, and (3)
their opening width tends to increase when they are nearer to the rim
(Acocella, 2006). Their development is consequently interpreted in
terms of gravitational destabilisation of the caldera walls after the
collapse (Acocella, 2006). At Fernandina, a similar fracture network
has been observed around the caldera after the 1968 collapse (Simkin
and Howard, 1970). Fractures are present on the rim 500 m from the
edge and their density and size increase approaching the edge.
Contrary to Erta 'Ale, the fracture network is interpreted as resulting
from the collapse event (Simkin and Howard, 1971). These different
interpretations of similar fracture networks raise the question of the
multiple origins of the concentric fractures. Considering the con-
centric fracture network of Piton de la Fournaise, we propose several
mechanisms that lead to the development or reactivation of
concentric fractures.

1- The analysis of the fracture network before and after the April 2007
caldera collapse of Piton de la Fournaise reveals that concentric
fractures do form on the caldera rim during collapse events. At
Piton de la Fournaise, they are restricted to a few tens of metres of
the caldera edge. A combination of GPS and structural data
indicates that their formation is related to extensional stresses,
which affected the proximal part of the caldera rim. They
developed essentially south of the caldera where the sub-vertical
part of the walls is of a few tens of metres (Fig. 2). The lack of
correlation between the fracture density and the height of the
caldera walls suggests that most of the extensional stresses do not
result from local gravitational effects. This process can however not
be entirely ruled out, specifically for the nearest fractures of the
caldera edge. In consequence, we propose that most of the new
concentric fractures result from extensional stresses that affect the
proximal part of the caldera rim during the inward tilt of the
caldera floor during successive collapses of the rock column. Such a
mechanism is supported by the spatial correlation between the
densest fracture zone and the tilted blocks around and into the
southern half of the caldera. The development of the new fracture
network was coeval with the reactivation of the pre-existing
concentric fractures, which were the closer to the edge (Fig. 3).

2- Concentric fractures form at the limit of paleo-collapsed structures
such as Petit Plateau and the western paleo-pit crater (Fig. 1d). The
concentric fractures around these paleo-collapsed structures could
result from a progressive subsidence due to compaction of the
formations that filled the depression. However, 90-95% of the
filling is composed of massive lava bodies that can hardly be
compacted and the upper lava unit, which flowed outside the
crater, is also affected by the concentric fractures. We propose that
the whole paleo-collapsed structures may slightly subside during
later collapses, triggering the development of circumferential
extensional fractures above their hidden limits. Such a mechanism
is suggested by our GPS data, which show for the period between
March and May 2007 vertical displacements of the benchmarks
located above the Petit Plateau paleo-pit crater between 20 and
40% greater than those outside the structure.

3- Finally, concentric fractures are reactivated during the progressive
filling of the caldera. This process has been clearly observed during
the August 2006-January 2007 summit eruption, during which
concentric fractures progressively opened while lava accumulated
within Dolomieu. It is likely that the extensional stresses that
favour the fracture reactivation in a narrow zone around the
caldera result from the increased weight of lava accumulated in the
collapsed structure.

In summary, our observations of the concentric fractures between
August 2006 and November 2007 allowed us to distinguish three
mechanisms of fracture formation and reactivation. Contrary to
Acocella (2006), we doubt that gravitational instabilities of the caldera
wall explain the development of an entire concentric fracture
network. The similarities between the fracture networks around the
April 2007 caldera of Piton de la Fournaise and the caldera of Erta 'Ale
rather suggest that the concentric fractures at Erta 'Ale may result
from extension stresses related to the caldera collapse and maybe to
the progressive filling of the caldera.

4.2. Origin and dynamics of caldera collapse

The geometry of caldera ring faults and the conditions required to
promote a caldera collapse have been intensively studied during the
last decades (e.g. Marti et al., 1994; Gudmundsson, 1998; Acocella
et al., 2000; Roche et al., 2000, 2001; Roche and Druitt, 2001; Walter
and Troll, 2001; Folch and Marti, 2004; Acocella, 2007). However, very
few dealt with the dynamics of the collapse, i.e. continuous collapse or
pulsating collapse, although the related magma deposits (Rosi et al.,
1996; Reubi and Nicholls, 2004) and monitoring data (Filson et al.,
1973; Kumagai et al., 2001) show contrasting behaviours. We
compare, in what follows, the deformation and seismic data
monitored during the caldera collapses of Fernandina, 1968, Miyake-
jima, 2000 and Piton de la Fournaise, 2007, in order to (1) stress the
similarities between each event and consequently (2) determine a
unifying mechanism that explains the different dynamics of caldera
collapse.

Deformation data at Miyakejima and Piton de la Fournaise show
that the caldera collapses have been preceded by an inward deflation
of the edifice (Ukawa et al., 2000; Michon et al., 2007; Staudacher
et al., this issue). The seismicity, which was characterised by frequent
volcano-tectonic (VT) events before the onset of the subsidence,
drastically changed once Miyakejima and Piton de la Fournaise started
to deflate. The VT events disappeared and a low-frequency seismic
signal progressively increased (Ukawa et al., 2000; Michon et al.,
2007). The initial deflation phase ended by a sudden outward uplift of
the edifice coeval with a magnitude 3.2 VT event at Piton de la
Fournaise and a very-long-period event at Miyakejima (Kumagai et al.,
2001; Michon et al.,, 2007). Afterwards, the edifices experienced
identical deformation patterns with a succession of cycles charac-
terised by a progressive deflation immediately followed by a sudden
uplift (Fig. 7a). The deformation cycles were contemporaneous with a
pulsating seismic signal (Kumagai et al., 2001; Michon et al., 2007). At
Piton de la Fournaise, every cycle was characterised by a progressive
amplification of the seismic signal, which then suddenly decreased to
a low level (Fig. 7b). The periodicity of the cycles gradually increased
from 2 h to 30 min. Among the 38 cycles, only the two earliest ones
were ended by large volcano-tectonic events (Michon et al., 2007). At
Miyakejima, the seismicity evolved during each deformation cycles
from an increasing swarm-like activity of low-frequency earthquakes
coeval with the progressive deflation, up to very-long-period seismic
events during the outward uplift (Ukawa et al., 2000; Kumagai et al.,
2001). The cyclic distribution of the seismicity at Piton de la Fournaise
and Miyakejima shows striking similarities with the seismicity
monitored by a regional seismic network mostly distributed in
North and South America during the 1968 caldera collapse of
Fernandina. Indeed, the caldera formation was coeval with the
occurrence of 30 earthquakes, the magnitude of which exceeded 4.5
(Fig. 7b; Filson et al., 1973). Each main event was preceded by an
increase of the seismicity and followed by an almost aseismic period.
This distribution consequently suggests the existence of seismic cycles

Fig. 6. Displacements measured for the period between May and November 2007. a — Total displacements (in cm). b — Displacement vectors for horizontal components. ¢ — Horizontal/vertical

ratio.
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Fig. 7. a — Deformation recorded by radial tiltmeters at Miyakejima (Ukawa et al., 2000) and Piton de la Fournaise (Staudacher et al., this issue) during the caldera collapses. Here, the
increase and decrease of angle (in microradian) indicate summit deflation and inflation, respectively. b — Seismicity during the collapse of Piton de la Fournaise (Michon et al., 2007)

and Fernandina (Filson et al., 1973). See text for discussion.

whose duration progressively decreased from 6 h to 2 h. Note that the
largest earthquakes, Ms>5, appeared during the first seismic cycles
(Fig. 7b). Despite differences in the type of seismic signal (VT or very-
long-period events) that may originate from the geometry of the ring
faults and the type of seismic networks, this overview of both the
seismicity and the deformation recorded at Fernandina, Miyakejima
and Piton de la Fournaise strongly suggests that each caldera collapse
occurred in a similar way.

It has already been proposed that the main earthquakes at
Fernandina, the very-long-period events at Miyakejima and the
sharp decreases of the seismic signal at Piton de la Fournaise originate
from the incremental collapse of the rock column into the magma
chamber (Simkin and Howard, 1970; Filson et al., 1973; Kumagai et al.,
2001; Michon et al,, 2007). Although the periodicity is an obvious
common feature, its origin has been interpreted in different ways for
each volcano. The periodic very-long-period events and collapses at
Miyakejima have been considered as to be caused by the constant
magma outflow, which episodically sucked the rock column into the
magma reservoir (Kumagai et al., 2001). At Fernandina, the irregular
geometry of the bottom of the collapsing rock column (Filson et al.,
1973) and the regular stress built up along the caldera fault, which is

sporadically relieved by movement along the ring fault (Simkin and
Howard, 1970), are two different mechanisms that have been
proposed to explain the step by step collapse.

Combining the different characteristics of the caldera collapses at
Fernandina, Miyakejima and Piton de la Fournaise, we put forward a
unifying mechanism of basaltic caldera formation. We focus our
discussion on calderas related to magma withdrawal from a magma
chamber during eruptions or intrusions. Calderas formed by the
deformation of the hydrothermal system (e.g. Merle and Lénat, 2003;
Merle et al., 2006) are consequently not addressed in this paper.

First of all, the deformation of the summit of basaltic volcanoes is
intimately linked to large lateral eruptions or magma intrusions
(MacDonald, 1965). Natural examples of Piton de la Fournaise and
Miyakejima reveal that calderas may develop over times of days to
weeks during or after the magma withdrawal (Geshi et al., 2002;
Wright and Sakai, 2004; Michon et al., 2007). The pressure decrease
into the magma chamber caused by the magma withdrawal entails,
above all, the centripetal subsidence of the edifice (Fig. 8b). The
continuous inward deflation progressively changes the stress within
the edifice. Despite the pressure decrease within the magma chamber,
the centripetal deflation prevents the downward motion of the rock
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Fig. 8. Schematic representation of the mechanics of caldera collapse in basaltic setting. a — Initial stage. Long-lived volcanoes commonly present pre-existing ring faults resulting
from previous caldera collapse. b — Inward deflation related to magma withdrawal from the magma chamber. Despite gravitational stresses acting on the rock column above the
magma chamber, the column is sustained by additional normal and shear stresses applied on the ring fault and the remaining pressure within the magma chamber. The stress o
resulting from deflation acting on the fault is decomposed into a normal o, and a shear T component. p, h and g correspond to the density and the height of the rock column, and
gravitational acceleration, respectively. Black and white arrows represent displacement vectors and stresses, respectively. ¢ — Collapse of the rock column when the gravitational
stresses exceed the shear strength along the ring faults. The collapse of the column triggers an elastic rebound of the edifice by stress release. It may also induce an increase of the
magma outflow as revealed by the step by step increase of the emission rate at the surface after the first collapses during the April 2007 eruption of Piton de la Fournaise (Michon
et al., 2007). Each cycle is subsequently characterised by the succession of step b (inward deflation) and ¢ (collapse and outward uplift).

column due to gravitational stress by increasing both the shear stress
T opposite to the collapse and the shear strength along the pre-
existing ring faults, which are common on long-lived volcanoes
(Fig. 8b). The collapse of the rock column occurs when the difference
between the gravitational stress and the pressure within the magma
chamber is sufficient so that the shear strength of the ring faults is
exceeded (Fig. 8c). Then, the downward displacement stops when the
pressure increase into the magma chamber sustains the rock column
anew.

We showed above that every collapse at Piton de la Fournaise and
Miyakejima were coeval with outward uplift of the caldera rim. Such
displacements were interpreted for Miyakejima as resulting from the
expansion of the magma chamber when the rock column intrudes it
(Kumagai et al., 2001). Although this hypothesis cannot be ruled out,
we prefer the following alternative explanation. The immediate, short
outward deformation of the caldera rim after the collapse corresponds

to the elastic response of the edifice, when the downward stress is
sporadically released during the motion of the rock column. The
ongoing subsidence, which directly results from the magma with-
drawal, promotes a new stress increase along the ring fault and
prevents the collapse of the rock column. The collapse occurs anew
when the shear strength is overcome by the gravitational stress
exerted on the rock column. Each cycle is consequently characterised
by the succession of (1) a deflation phase which inhibits the
downward displacement of the rock column, and (2) a sudden
collapse when the gravitational stress exceeds the shear strength
along the faults. The duration between two collapses may be
influenced by the injection of magmatic fluids along the ring faults.
In such a case, their shear resistance declines (Anderson, 1951;
Hubbert and Rubbey, 1959) and the time span between two collapses
could therefore decrease like at Fernandina and Piton de la Fournaise
for a constant or increasing magma withdrawal, and increase if the
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rate of magma outflow decreases. Recently Wright and Sakai (2004)
proposed that calderas develop only following high rates of magma
withdrawal. Following Druitt and Sparks (1984), Marti et al. (2000),
Roche and Druitt (2001), Geyer et al. (2006), we think that the amount
of magma withdrawal is the critical parameter that initiates caldera
formation. To this respect, one can note that the February and
December 2005 lateral eruptions of Piton de la Fournaise, which
shows similarities with the April 2007 eruption in terms of location of
the eruption site and nature of magma, but a volume of magma one
order of magnitude less important (15-20-10° m? in 2005 and about
130-10° m® in April 2007; Staudacher et al., this issue), triggered a
slight summit subsidence only (Peltier, 2007). Besides the volume of
withdrawn magma, the occurrence of a caldera collapse is likely
influenced by the strength of the edifice, the occurrence and geometry
of pre-existing ring faults, the depth and size of the magma chamber
(e.g. Acocella, 2007).

At Piton de la Fournaise, the step by step increase of both the
tremor and the emission rate at the eruption site, after the first
collapses, indicates that the rock column directly affected the magma
chamber by increasing the pressure into the magma reservoir (Michon
et al, 2007). Each collapse was accompanied by an ash plume
composed of lithics solely above the summit (Staudacher et al., this
issue). The simultaneity between deep and surface processes suggests
a continuum of deformation from the roof of the magma chamber up
to the surface. The collapse of such a piston-like rock column may
explain the predominance of the horizontal component at both the
base of the cone and the summit, where H/V values are around 2 for
the period between March and April 2007. According to Dieterich and
Decker (1975), such a displacement pattern is better explained by a
vertically elongate axisymmetric source of deformation. This deflation
source could correspond to the piston-like rock column that
progressively moved downward. Hence, we propose that the
predominantly horizontal centripetal deformation of the edifice
results from the vertical motion of the piston-like column that
allowed the “horizontal collapse” of the edifice.

This synthesis on the three best known basaltic calderas suggests
that when the magma withdrawal-related inward subsidence is
sufficiently advanced, the rock column between the magma chamber
and the surface, intermittently collapses. We propose that the

pulsating dynamics were resulting from a competition between
deflation, which prevents the collapse, and gravity exerted on the
block, which makes it possible despite deflation. It is noteworthy that
pulsating eruption dynamics have also been proposed for several
silicic calderas (Rosi et al., 1996, 1999; Troll et al., 2000; Reubi and
Nicholls, 2004). This dynamic was mostly interpreted in terms of
piecemeal caldera collapses. We assume that the collapse mechanism
determined for basaltic calderas can be applied to silicic eruptions.
The type of collapse, i.e., intermittent or continuous, would be then
influenced by the emission rate. In summary, the volume and the rate
of magma withdrawal would control the collapse initiation and
dynamics, respectively.

4.3. Geometry of the collapse at Piton de la Fournaise

Carter et al. (2007) recently proposed that the magma chamber
associated with the recurrent collapses of Dolomieu, before the April
2007 eruption, was located at around 1000 m below the surface, i.e.
1500 m asl. However, inversions of deformation data, GPS and
interferometry, related to the eruptions of Piton de la Fournaise
strongly suggest that dykes originate from a magma reservoir lying
between 0 and 800 m asl (Fukushima et al., 2005; Peltier et al., 2007).
Assuming that magma withdrawal from this magma chamber
triggered the April 2007 caldera collapse, the aspect ratio of the
caldera system, which corresponds to the depth versus width of the
magma reservoir (Roche et al., 2000), is about 2. Analogue models
indicate that for high aspect ratios multiple reverse faults break up the
roof into large pieces and subsidence occurs as a series of nested cones
(Roche et al., 2000, 2001). However, at Piton de la Fournaise, as at
Miyakejima where the aspect ratio is also high (Geshi et al., 2002), the
pulsating dynamics of the collapse rather suggests that the collapsed
rock column behaved as a coherent block (Kumagai et al., 2001). We
propose that the geometry differences between models and nature are
mainly due to the presence of pre-existing ring faults in nature,
whereas models are composed of isotropic materials.

On 6th April, 2007, the first observations of the caldera at Piton de
la Fournaise indicated the occurrence of a first elongated collapse
structure bounded by sub-vertical scarps (Michon et al., 2007). The
presence of preserved polished surfaces on the scarps (Fig. 2b)

Fig. 9. Evolution of the caldera collapse during the April 2007 eruption inferred from the surface deformation. a — Initial stage. b — On April 6. c — After the collapse. The geometry and

depth of the magma chamber is still poorly constrained.
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suggests that the subsidence was controlled by inward steep normal
faults in sub-surface (Fig. 9b). Considering the usual development of
steep outward reverse faults in analogue models (e.g., Marti et al.,
1994), we propose that the base of these inward faults is connected to
outward dipping reverse faults, which are vertical at depth. The
remaining southern and eastern plateaus subsequently collapsed on
7th April (see Fig. 4 in Michon et al., 2007). Their inward collapse can
be usefully compared to the tilting blocks, which develop on analogue
models between the central collapse and the outer normal ring faults
(Roche et al., 2000, 2001; Acocella, 2007). Hence, the pre-existing
southern and eastern boundaries of Dolomieu were probably
reactivated in normal faulting mode (Fig. 9c). The inward deformation
related to the tilt of the southern plateau probably affected the
southern rim of the caldera as suggested by the occurrence of maximal
inward displacements along its southern limit for the period between
March and May 2007. Thus, the spatial correlation between the
densest fracture zone, the maximal displacements of the caldera rim
and the inward tilt of the southern plateau into the caldera suggests
that the displacements recorded by GPS result from both a general
deflation due to the magma withdrawal from the magma chamber and
local effects due to the caldera collapse. Besides the clear control of
pre-existing structures in the April 2007 collapse, the similar
geometry of Dolomieu before and after the collapse suggests that
the source of the collapse, i.e. the magma chamber, did not
significantly change during the last hundred years.

5. Conclusion

We implemented in November 2005 a new GPS network around
the summit collapsed structure of Piton de la Fournaise in order to
determine the deformation related to collapse events. The present
work clearly shows that the network allowed a precise determination
of the summit deformation during and after the April 2007 caldera
collapse. Moreover, combining GPS data and a structural analysis, we
highlight the relationship between the inward displacements, the
development of concentric fractures and the dynamics of collapse.

The paper also presents several sources leading to the formation of
concentric fractures. Concentric fractures, which are restricted to the
first tens of meters of the caldera edge result from extension stresses
that are related to (1) the inward tilt of the caldera floor during the
successive collapses of the rock column, (2) the reactivation of hidden
limits of paleo-collapsed structures and (3) the progressive replen-
ishment of the caldera by lava flows, the load causing a local downsag.

The seismicity and deformation data for the caldera collapses at
Fernandina, 1968, Miyakejima, 2000, and Piton de la Fournaise, 2007,
suggest a similar pulsating collapse mechanism. Taking into account
the stress evolution into the edifice, we propose a unifying model of
caldera collapse in basaltic setting that explains the cyclic deforma-
tion. The pulsating dynamics result from a competition between
deflation, which prevents the collapse, and gravity exerted on the rock
column above the magma chamber, which makes it possible despite
deflation.

Finally, the structure of the new caldera of Piton de la Fournaise
and its evolution during the collapse is explained by the collapse of a
coherent block limited by vertical to outward dipping faults at depth
and sub-surface normal faults. The similar contours of Dolomieu
before the collapse and of the new caldera, remarkably shows the
control of the pre-existing structures in the April 2007 caldera
collapse.
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[1] Collapse calderas are frequent in the evolution of
volcanic systems, but very few have formed during
historical times. Piton de la Fournaise is one of the
world’s most active basaltic shield volcanoes. The caldera
collapse, which occurred during the April 2007 lateral
eruption is one of the few large documented collapse events
on this volcano. It helps to understand the mode and origin
of caldera collapses in basaltic volcanoes. Field
observations, GPS and seismic data show that the collapse
occurred at an early stage of the eruption. The cyclic seismic
signal suggests a step by step collapse that directly
influenced the lateral eruption rate. Likely, the caldera
results from the combined effect of (i) the progressive
collapse of the plumbing system above the magma chamber
since 2000, and (ii) the large amount of magma withdrawal
during the early stage of the eruption by both a significant
intrusion within the edifice and an important emission rate.
Citation: Michon, L., T. Staudacher, V. Ferrazzini, P. Bachelery,
and J. Marti (2007), April 2007 collapse of Piton de la Fournaise: A
new example of caldera formation, Geophys. Res. Lett., 34,
L21301, doi:10.1029/2007GL031248.

1. Introduction

[2] Caldera collapse structures are common on basaltic
to silicic volcanoes [e.g., Cole et al., 2005]. In basaltic
setting, they are defined either as pit crater or caldera. Pit
craters, which correspond to small structures, tens to
hundreds of meters across, may have several origins. They
form along the rift zones by stopping over an underlying
large-aperture rift zone fracture [Okubo and Martel, 1998],
and at the volcano’s summit by magma withdrawal in
shallow reservoirs [Hirn et al., 1991; Rymer et al., 1998;
Longpreé et al., 2007]. Basaltic calderas are kilometric struc-
tures usually formed during large lateral eruptions or intru-
sions, which affect the main magma chamber [MacDonald,
1965; MacPhie et al., 1990; Kumagai et al., 2001; Kaneko et
al., 2005]. Two of the most recent caldera collapses on
basaltic or intermediate volcanoes occurred in 1968 in
Fernandina Island, Western Galapagos [Simkin and Howard,
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1970], and in 2000 at Miyakejima volcano [Geshi et al.,
2002]. In both cases, caldera collapse was interpreted as the
result of large lateral magma intrusions within the edifice or
the underlying crust.

[3] At Piton de la Fournaise (PdF), the volcano’s summit
zone experienced several coalescent pit craters during the
last centuries [Carter et al., 2007]. The April 2007 eruption
led to the largest collapse of the summit zone and the most
recent example in basaltic setting. It developed contempo-
raneously to one of the largest historical lateral eruptions on
Reunion, suggesting a very close link between magma
withdrawal and the summit collapse. This study summarizes
the April 2007 eruption in order to explain the origin, the
timing and the effects of the collapse. It brings new
constrains on (1) the relationship between magma with-
drawal and the collapse and (2) the timing of the collapse
regarding recent recurrent eruptions.

2. Geological Setting of Piton de la Fournaise
2.1. General View

[4] PdF is the active volcano of La Réunion Island
(Figure 1). The eruptive centre is located in a large 8 km
across caldera, the Enclos Fouqué, where most of the
eruptions occur since 4.5 ky [Bachélery, 1981]. The present
day summit shows two collapsed structures named the
“Bory crater”, which is currently inactive, and the “Dolo-
mieu crater”, which is the locus of numerous summit
eruptions. Carter et al. [2007] recently showed that the
pre-2007 elongated geometry of Dolomieu results from
recurrent pit crater collapses.

[s] The activity of PdF is characterized by fissure erup-
tions fed by a magma reservoir located at about sea level
[Fukushima et al., 2005; Peltier et al., 2007]. Considering
the location of the eruption site, three types of eruptions can
be distinguished. 1- Summit eruptions start and remain in
Dolomieu. 2- Proximal eruptions, which may start in the
summit but progress to the flanks of the central cone and
usually propagate downslope to the Enclos caldera floor.
3- Distal eruptions develop away from the central cone,
starting in the Enclos caldera floor. During the last century,
the distal eruptions were in some cases associated with the
development of summit collapses [Bachelery, 1981; Carter
et al., 2007]. Among them, the most voluminous eruption of
1931 with 130 Mm® was related to a large collapse
corresponding to the eastern half of Dolomieu [Lacroix,
1938, Figure 1]. The lack of any continuous observation and
monitoring during the largest events does not allow the
determination of the precise relationship between these
eruptions and the associated summit collapses.
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Figure 1. Location of Piton de la Fournaise volcano. The central cone is cut by two collapsed craters, Bory and Dolomieu.
1 and 2 represent the location of eruptive fissures during the first and second eruptive phases, respectively. Bor and Tkr
correspond to the seismic stations used in Figure 3. NERZ and SERZ: NE and SE rift zones.

2.2. Summary of the March 1998—February 2007
Evolution

[6] Since 1998, PdF has been characterized by an
intense eruptive activity with 2—4 eruptions per year. Most
of the eruptions correspond to summit and proximal
events. Some of them, the summit eruptions, contributed
to the progressive filling of Dolomieu by the accumulation
of pahoehoe lava flows. Total filling of Dolomieu was
attained with the August 2006—January 2007 summit
eruption during which a pile of 20-30 m of lava flows
accumulated on the crater floor. Five distal eruptions
occurred during the 1998—2007 period. They were mainly
concentrated in the Plaine des Osmondes depression, along
the NE rift zones (Figure 1).

[7] Before 2000, the eruptions of PdF were showing a
similar evolution with a progressive disappearance of the

tremor [Battaglia et al., 2005]. Volcano-tectonic (VT)
events seldom occurred during the eruptive phases
(Figure 2). The eruption evolution progressively changed
with an increase of both tremor amplitude and seismicity
before a rapid end of the eruption [Longpré et al., 2007].
Since 2000, the seismicity was especially abundant during
voluminous eruptions, most of them being distal. During the
November 2002 eruption, the seismicity intensified 5 days
before the end of the eruption and continued at shallower
levels before the collapse of a small pit crater on December
23 in Dolomieu [Longpré et al., 2007]. Such a surface
phenomena did not occur during the other distal eruptions
despite a strong increase of the VT seismicity in both
frequency and magnitude below the summit. However, the
coeval intensification of the emission rate and the VT events
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Figure 2. Volcano-tectonic seismicity between 1988 and March 2007. Note the onset of the co-eruptive seismicity since

2000.

suggests that the overlying rock column beneath Dolomieu
experienced recurrent destabilizations.

3. April 2007 Eruption
3.1. Development of the Eruption

[8] On February 26 the seismic activity began below the
summit zone. It progressively increased and reached the
value of more than 100 daily events on March 28 to 30. A
seismic crisis started on March 30 at 16:25 UTM and the
magma emission begun at 18:50 from an eruptive fissure
located at 1900 m asl SE of the central cone (Figure 1). The
tremor ceased on March 31 at 05:15, after a first eruptive
phase of less than 10 hours during which only a small
volume of magma was emitted. The summit seismicity
continued until the April 2 new eruptive phase in the Grand
Briilé at ~600 m above sea level and 7 km away from the
summit (Figures 1 and 3). The eruption site was character-
ized by ~50 m high continuous lava fountains feeding
voluminous lava flows. After a classical period of decreas-
ing activity, the number of VT events gradually increased
from April 3 (period 1 in Figure 3). On April 5, the VT
events disappeared while both a general low frequency
seismic signal and the tremor intensified (period 2 in
Figure 3). The permanent GPS located ~200 m north of
the northwestern rim (see Figure 1 for location) started to
show an inward displacement of the summit zone at ~12:00
(Figure 3e), which was coeval with the increase of the
seismic signal at the eruption site. The activity changed at
20:48 after a My 3.2 earthquake occurred below the summit
crater (C; in Figures 3c and 3e). This event was contem-
poraneous with a sudden outward displacement of ~15 cm
of the GPS station (Figure 3e). An increase of the seismic
signal of ~50% was recorded at Tkr seismic station after the
large earthquake. Then, the seismic signal was organized in
cycles, the frequency of which gradually increased from one
cycle every two hours to one cycle every 30 minutes (period
3 in Figure 3b). The seismic cycles were coeval with a step-
by-step increase of the tremor until April 06 08:00
(Figure 3d). GPS data indicate that each cycle was charac-
terized by progressive inward displacements and ended by a
sharp outward motion. April 6 corresponds to a paroxysmal
phase during which 200 m high lava fountains were
observed in the Grand Brilé. The first observations of the
summit zone made the afternoon of the 6th revealed that the

intensification of both the seismicity and the tremor was
coeval with a collapse of Dolomieu (Figure 4b). The tremor
progressively went down to its initial level, i.e., before the
paroxysmal phase, whereas the cyclic seismic signal
remained until the 7th of April 01:00. The eruption contin-
ued until the 1st of May with a fluctuating tremor. The total
volume of magma emitted during the eruption is hard to
assess since a large amount of lava flowed down to the sea
where it formed a large platform. However, given the
topography and the bathymetry before the event, a volume
of ~100—140 x 10° m® has been inferred. This makes this
eruption one of the most voluminous of PdF during the
XXth and XXIth centuries.

3.2. Collapsed Structure

[o] Prior to the April 2007 eruption the summit zone of
the central cone was occupied by a main collapsed structure,
the Dolomieu crater. Historical reports reveal that it results
from the coalescence of several pit craters aligned in the
E-W direction [Lénat and Bachélery, 1990; Carter et al.,
2007]. Before April 2007, the ~74 x 10* m? structure
(800 m wide and 1100 m long), was completely filled in
by lava flows (Figure 4a).

[10] The April 2007 eruption led to the largest historical
collapse of PdF, i.e., since 1760. Although the previous
coalescent collapse structures were interpreted as pit craters
[Carter et al., 2007], we propose that the new structure,
which is at least twice larger than the previous collapses is
most akin to calderas. Indeed, the collaspe that is of the size
of small calderas [Geshi et al., 2002] directly influenced the
magma chamber dynamics. The caldera was first recognized
in the afternoon of April 6, about 16 hours after the
beginning of the seismic cycles. Observations revealed that
the collapse affected first the northern part of the pre-
existing Dolomieu (Figure 4b). The new structure was
elongated along an E-W direction and bounded by sub-
vertical scarps in the E, N and W. Its geometry was about
200-300 m deep, ~1 km long and ~600 m wide. Two
annular plateaus corresponding to the pre-existing floor of
Dolomieu were remaining in the E and the S. On April 10
the caldera was enlarged to about the size of the pre-existing
Dolomieu structure (i.e., 800 m wide and 1100 m long;
Figure 4c), and deepened to ~330 m. Only few perched
terraces remained from the collapse eastern plateau.
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Figure 3. a) Eruptive signal recorded by the Takamaka seismic station. The peaks mark the VT events below the summit
crater. b) Spectrogram of the seismicity recorded at the Bory seismic station for the pre-collapse and collapse periods. Red
color between 0 and 5 Hz corresponds to the volcanic tremor. Red color between 5 and 15 Hz is interpreted as the vibration
of the edifice during the stress accumulation. The short signals between 0 and 20 Hz indicate the VT events. c¢) Seismic
signal recorded at Takamaka for the same period. C; is the initial collapse. d) Zoom of the seismic signal recorded at
Takamaka illustrating the step-by-step increase of the tremor. e) N-S displacements recorded by the SNEG summit

permanent GPS station (see Figure 1 for location).

[11] The geometry of the collapsed caldera did not
significantly change after April 10. The size of the caldera
increased by a few tens of meters with the lateral collapses of
the western and north-western scarps along pre-existing con-
centric fractures already described by Lénat and Bachelery
[1990] and Carter et al. [2007]. The total area of the April
2007 caldera (82 x 10* m?) is roughly similar to that of the
pre-existing Dolomieu (74 x 10* m?). This might be due to
the fact that the collapse was mainly controlled by pre-
existing concentric faults and/or that the magma chamber,
the size and the location of which were recently determined
from inversion of GPS data (diameters of 1.4 and 1 km in
the E-W and N-S directions, and 0.3 km a.s.l. [Peltier et al.,
2007]) did not change since the XX" century. A maximum
caldera depth of ~320-340 m was determined from trian-
gulation, leading to a final volume of the caldera of 100—
120 x 10° m’. These values are confirmed by ASTER
stereo images (M. Urai et al., Depression volume at Piton de
la Fournaise volcano estimated by ASTER stereo imaging
function, submitted to Geophysical Research Letters, 2007).

Note that ~80% of this volume results from the early stage
of the collapse, before the first observations on April 6.

4. Discussion and Conclusion

[12] The collapse of PdF is one of the few examples
showing the direct impact of a caldera formation on the
dynamics of the eruptive system. The collapse started three
days after the onset of the second eruptive phase of the
April 2007 eruption. Most of the deformation happened
between April 5 and 6, and continued until April 10. During
this time span, the seismic signal progressively increased.
Summit GPS data reveal that the first collapse occurred on
April 5 at 20:48, triggering a large VT event (C, in Figure 3).
It happened after a 7 hours long period of inward deflation
coeval with a progressive increase of the effusion rate at the
eruption site, i.e., ~7 km away from the summit zone. The
first collapse marks a change in the eruption dynamics.
Figures 3¢ and 3d show that the increase of the seismic
signal changed from continuous to step by step. The close
temporal link between the following seismic cycles and the
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Figure 4. The Dolomieu crater on 31 October 2006 (a), on April 6 in the afternoon (b) and on April 10 (c). The Bory
fracture network studied by Carter et al. [2007] in indicated for relocation.

step by step tremor intensification until 08:00 on April 6
strongly suggests a cogenetic origin. We propose that the
slow increase of the seismic signal during each cycle
corresponds to a stress build up in the overlying rock
column beneath Dolomieu, which results from the progres-
sive inward deflation of the summit zone. GPS and seismic
data indicate that the sudden peak of each cycle denotes the
collapse of the rock column. Likely, the GPS sudden
outward displacements coeval with the collapses result from
the collapse-related stress relaxation. We interpret the step
by step increase of the seismic signal after the collapses as a
consequence of the incremental overpressure in the magma
reservoir. The decrease of the seismic signal amplification
from April 6 08:00, after each seismic cycle, suggests that
the effect of the collapses on the magma chamber vanished
with time. Our data on the April 2007 collapse of Dolomieu
confirm that this caldera collapse does not result from a
single event but from the rapid succession of collapse events
as already shown for Miyakejima [Kumagai et al., 2001].

They also suggest that each cycle corresponds to a progres-
sive stress accumulation due to the inward deflation fol-
lowed by a rapid stress relaxation during the collapse.

[13] Geshi et al. [2002] showed that the caldera of
Miyakejima formed progressively after the magma lateral
intrusion. A similar scenario is proposed by Simkin and
Howard [1970] to explain the caldera collapse at Fernan-
dina. At PdF, the collapse occurred shortly after the begin-
ning of the eruption when less than 30x10° m® of lava had
been emitted. The volume difference of 60—70x10° m’
between the collapse and the emitted magma when the
collapse occurred may have several origins. 1- The begin-
ning of the eruption was coeval to a large magma intrusion
within the edifice leading to identical volumes of magma
withdrawal and collapse. Usually the propagation of such
intrusions triggers a clear seismic swarm [Battaglia et al.,
2005; Aloisi et al., 2006]. At PdF, the seismic network
recorded subtle northeastward and southeastward dike prop-
agation few tens of minutes before the first eruption phase,
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on March 30. However, its geometry can be hardly esti-
mated with the deformation network of the OVPF, which is
concentrated on and in the vicinity of the central cone.
Hence, an intrusion likely occurred before the April 2007
eruption but its direct implication in the caldera collapse is
hard to determine. 2- The collapse of the summit zone of
PdF does not result from the April 2007 eruption only but is
the consequence of the successive eruptions. We showed
above that the final evolution of the distal and voluminous
proximal eruptions changed since 2000 with the occurrence
of an intense seismicity between the magma chamber and
the summit during and after the last days or hours of
eruptions (Figure 2). The abundance of the VT events,
which indicates a deep deformation, was always coeval
with an increase of both the tremor and the emission rates.
However, it was never correlated with a surface deforma-
tion. The small pit crater formed in December 2002 after the
November 2002 eruption is the only evidence of a sub-
surface deformation [Longpré et al., 2007]. We propose that
the co-eruptive final seismicity is related to a progressive
collapse and weakening of the zone located above the
magma chamber. In consequence, the caldera collapse at
PdF could correspond to the surface deformation of a
process which was initiated at depth several years ago.

[14] Therefore, we propose that the April 2007 caldera
results from the combine effect of (1) an early intrusion,
which substantially decrease the pressure in the magma
reservoir during the first phase of the April 2007 eruption
and (2) a progressive weakening of the rock column above
the magma chamber since 2000.

[15] Acknowledgments. We thank Benjamin van Wyk de Vries and
an anonymous reviewer for their constructive comments. This is IPGP
contribution 2291.
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[11 The topography of Piton de la Fournaise volcano (PdF) differs from the classic view
of basaltic shield volcanoes as it is characterized by (1) several steep slope zones on its
flanks and (2) a large U-shaped caldera, the Enclos-Grand Briilé structure (EGBS). Most
of these structures were previously interpreted as the scars of lateral landslides, the
deposits of which cover the submarine flanks of PdF. We carried out a detailed analysis of
the morphology of PdF, which reveals that the steep slope zones form two independent,
circumferential structures that continue into the caldera. The development of
circumferential steep slopes on volcano flanks may have several origins: constructive,
destructive, and deformation processes. We interpret those processes acting on PdF as
caused by the spreading of the volcanic edifice above a weak hydrothermal core, leading
to outward displacements and a summit extensive stress field. The continuity of the steep
slope on both sides of the EGBS escarpments suggests that this structure was not caused
by a 4.5 ka old giant landslide as it is usually proposed but is due to a mainly vertical
collapse. The recent debris avalanche deposits east of the island indicate that this event
likely destabilized part of the submarine flank. We propose that the collapse of the Grand
Brilé, the lower half of the EGBS, was due to the downward drag related to the dense
intrusive complex of the Alizés volcano, which is located 1 km below the Grand Brilé.
The collapse of the Enclos is interpreted as the consequence of the deformation of the
hydrothermal system of the pre-Enclos volcano. Although the continuity of the geological
and morphological structures between the Enclos and the Grand Briilé suggests a narrow
link between these two collapse events, their chronology and relationship are still
uncertain. Finally, we hypothesize that the persistence of the NE and SE rift zones during
the last 150 ka, despite the large changes of the topography related to the recurrent flank
destabilizations, is linked to a deep sources, which can be either underlying crustal faults

or the continuous downward subsidence of the Alizés intrusive complex.

Citation: Michon, L., and F. Saint-Ange (2008), Morphology of Piton de la Fournaise basaltic shield volcano (La Réunion Island):
Characterization and implication in the volcano evolution, J. Geophys. Res., 113, B03203, doi:10.1029/2005JB004118.

1. Introduction

[2] The morphology of volcanoes results from construc-
tion, destruction and deformation processes that interact
during their evolution [e.g., Moore, 1964; Moore and Mark,
1992; Rowland and Garbeil, 2000; Merle and Borgia, 1996;
Cecchi et al., 2005]. Hence the analysis of the morphology
allows the identification of structures the development of
which is related to internal processes and/or a specific
eruption history [e.g., Tort and Finizola, 2005]. At Piton
de la Fournaise, one of the world’s most active shield
volcanoes [e.g., Lénat and Bachélery, 1987], the succession

"Laboratoire GéoSciences Réunion, Institut de Physique du Globe de
Paris, Université de la Réunion, CNRS, UMR 7154, Géologie des Systemes
Volcaniques, Saint Denis, France.

Copyright 2008 by the American Geophysical Union.
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of construction and dismantling phases (i.e., erosion and
landslide) led to the development of a complex morphology
[e.g., Bachélery, 1981; Rowland and Garbeil, 2000]. One of
the most striking features is the E-W elongated horseshoe-
shaped collapse structure in which the currently active cone
developed (Figure 1). The structure is composed, from west
to east, by the Enclos depression, the Grandes Pentes, and
the Grand Brilé and is bounded by 100- to 200-m-high
escarpments, the Bois Blanc, Bellecombe and Tremblet
escarpments in the north, west and south, respectively.
The formation of the Enclos-Grand Briilé structure (EGBS)
is one the greatest scientific controversies on PdF. One
interpretation is that the Enclos depression results from a
polyphase caldera collapse whereas the Grand Brilé exhib-
its the scars of lateral landslides with the Grandes Pentes as
their headwall [Bachélery, 1981] (Figure 2a). Another
interpretation is that the entire EGBS results from a giant
landslide that was also partly responsible for the debris
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Figure 1.
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(a) Shaded relief image (illumination from the NW) presenting Piton de la Fournaise in the

setting of La Réunion (NERZ, northeast rift zone; SERZ, southeast rift zone). Coordinates in Gauss
Laborde Réunion. (b) Digital terrain model of the subaerial and submarine parts of Piton de la Fournaise
showing the structures discussed in the text (i.e., scarps, valleys, rift zones, debris avalanche deposits).
The dating at 12 ka of a sample dredged on the proximal submarine flank is also reported [Labazuy,
1996]. AIC, Alizés intrusive complex; PB, Plan¢ze du Baril; PdO, Plaine des Osmondes; PdS, Plaine des

Sables. Coordinates are in Mercator.

avalanche deposits on the submarine flanks [Duffield et al.,
1982; Gillot et al., 1994; Labazuy, 1996] (Figure 2b). A
third interpretation was recently proposed by Merle and
Lénat [2003], who take into account the role of both
hydrothermal systems and deep décollement levels in the
volcano’s deformation. In their model, a lateral movement
(the Grand Brilé) triggered a vertical collapse in the summit
area (the Enclos depression; Figure 2c). Several additional
large-scale structures may be related to the same mechanism,
resulting in 100-m-high escarpments and steep slope zones

outside the structures mentioned above [e.g., Bachélery,
1981; Oehler et al., 2004].

[3] The present study aims at describing in detail the
morphology of PdF and at understanding the origin of the
main structures, i.e., the steep slope zones on the volcano
flanks and the EGBS. We use different digital elevation
models (with 25- and 50-m resolution) to determine the
detailed and first-order morphologies of the edifice. Inte-
gration of the available geological and geophysical data,
and of the different published conceptual models, allows us
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Figure 2. Schematic views and cross sections of the three different models previously proposed to
explain the formation of the large Enclos-Grand Briilé structure (EGBS). (a) A polyphase caldera collapse
and the Grand Brtl¢ is the scar of one or several lateral landslides, the Grandes Pentes being the headwall
of these slides [after Bachélery, 1981]. (b) The entire structure is the scar of a single, landslide [after
Labazuy, 1996; Oehler et al., 2004]. (c) A slide of the Grand Briilé due to a deep décollement induced a
collapse of the Enclos caldera [after Merle and Lénat, 2003]. Coordinates are in Gauss Laborde Réunion
(km).
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to constrain their spatiotemporal relationship and their
potential origin. Finally, we present a chronology for the
last 150 ka of PdF in which we consider the potential role of
the rift zones and the intraedifice density contrasts in the
volcano evolution.

2. Evolution of Piton de la Fournaise in the
Geological Setting of La Réunion Island

[4] Measured from the seafloor, La Réunion Island is a
7-km-high oceanic shield volcano with a diameter of
220-240 km. Considering the historical magma produc-
tion rate and the oldest dated subaerial basalts (2.1 Ma
[MacDougall, 1971]), an age of around 5 Ma was estimated
since the beginning of the edifice growth [Gillot et al., 1994].
The initial magmatic evolution was characterized by the
development of two adjacent volcanoes (the Piton des Neiges
and Alizés), which encountered recurrent flank destabiliza-
tions [Lénat et al.,2001; Bachélery et al., 2003; Oehler et al.,
2004]. The Alizés volcano is now completely dismantled and
the only evidence of its past existence is the large intrusion
complex discovered by drilling below the Grand Brilé
(Figure 1) [Rangon et al., 1989], the old submarine remnants
[Labazuy, 1996] and the pre-Brunhes reverse magnetic
anomalies, which were determined as magmatic formations
older than those of Piton de la Fournaise [Lénat et al., 2001].
The destabilization of the Alizés volcano led to the develop-
ment of the Eastern Plateau, which corresponds to a subma-
rine relief composed of several hundreds of km® of debris
avalanche deposits [Labazuy, 1991; Oehler, 2005, available
at http://tel.archivesouvertes.fr/tel-00010498/en/]. Around
530 ka ago, Piton de la Fournaise appeared west of the center
of Alizés, which had stopped its activity. Between 530 and
12 ka (the date of Piton des Neiges’ last eruption [Deniel et
al., 1992]), Piton des Neiges and Piton de la Fournaise
showed contemporaneous activity. Finally, for the last
12 ka, eruptions are restricted to Piton de la Fournaise.

[s] Geochronological [Gillot and Nativel, 1989] and
geological data [Mairine and Bachélery, 1997] indicate
that PdF results from two main building phases, 0.53—
0.29 Ma and 0.15 Ma to present-day, separated by a period
during which erosion prevailed. The first construction
period led to the formation of the “ancient” PdF, which
was likely centered on the present-day Plaine des Sables
[Bachelery and Mairine, 1990]. The distribution of dike
swarms in the Riviére des Remparts indicates that at least
one rift zone developed during this first phase (i.c., the SW
rift zone [Mairine and Bachelery, 1997]). Debris flow units
in the eastern scarp of the Riviere des Remparts and
western scarp of the Riviere Langevin intercalated with
0.22 Ma old lava flows indicate that the “ancient” Four-
naise suffered intense erosion, which induced the incision
of the paleo-Riviere des Remparts [Bachélery and Mairine,
1990]. This valley was progressively filled in until the
collapse of the Morne Langevin caldera 0.15 Ma ago. This
event led to an eastward shift of the volcanic center. As a
result, the geometry of the feeding zone changed: two NE
and SE rift zones developed from the volcanic center
[Bachelery, 1981] (Figure 1). Part of the debris avalanche
deposits covering the Eastern Plateau and forming the Ralé
Poussé lobe are interpreted as related to this large collapse
[Oehler, 2005]. During the last 0.15 Ma, the “recent” PdF
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was affected by at least two caldera collapses whose origins
are still controversial.

[6] 1. The Plaine des Sables caldera resulted from several
collapse events starting 60 ka ago [Bachelery and Mairine,
1990]. Several datings of the debris avalanche deposits
(between 110 and 45 ka) dredged on the Eastern Plateau
show that these events were associated with large flank
landslides, the deposits of which spread over the proximal
part of the submarine plateau and the Ralé Poussé (Figure 1b)
[Labazuy, 1996].

[7] 2. The Enclos caldera formed around 4.5 ka ago
[Bachelery and Mairine, 1990]. Pyroclastic deposits around
the Enclos indicate that the collapse was simultaneous to a
large explosive eruption [Abchir et al., 1998]. However, as
for other basaltic calderas [e.g., MacDonald, 1972; Munro
and Rowland, 1996], the volume of the deposit (around
0.5—1 km’® [Abchir et al., 1998]) is 1 order of magnitude
lower than that of the Enclos caldera. The summit part of
the Ralé Poussé debris avalanche lobe, which age is
uncertain is considered as to be related to the slide of the
Grand Brilé [Labazuy, 1996; Oehler, 2005].

[8] Duringthe “recent” Fournaise evolution (post-0.15 Ma),
intense erosion led to the formation of deep valleys (Riviere
des Remparts, Riviere Langevin, Riviére Basse Vallée, and
Riviere de I’Est; Figure 1). An additional erosional struc-
ture was discovered on the eastern flank of PdF. Geophys-
ical data and a drill hole in the northern part of the Grand
Brialé revealed the presence of the Osmondes paleoriver
[Courteaud, 1996], where more than 170 m of alluvial
formations were encountered below 60 m of recent lava
flows. The relationship and the chronology between this
valley and the Grand Brulé are poorly understood.

3. Analysis of the Piton de la Fournaise
Morphology

[o] Piton de la Fournaise is characterized by three main
morphological features: (1) The flanks, which are continu-
ous from the summit to the sea in the north, east and south,
whereas the western flank is buttressed by Piton des Neiges,
(2) two visible calderas, the Plaine des Sables and the
EGBS, bounded by 100-m-high escarpments, and (3) very
deeply incised valleys (the Riviére des Remparts, Riviere
Langevin, Riviére de I’Est, and Riviere Basse Vallée),
which dissect the western part of the edifice. We focus
our analysis on the two first morphological structures.

3.1. Characterization of the Flanks of PdF

[10] Our analysis of the morphology of PdF is mainly
based on the study of a 25-m step digital elevation model
(DEM) developed by Institut Géographique National (IGN).
This DEM was calculated by stereophotogrammetry from a
set of aerial photographs taken in 1997. Stereotriangulation
and 967 ground control points were used to control the
accuracy of the model (vertical error of +4.5 m at 20
[Villeneuve, 2000]). The DEM being calculated from aerial
photographs, its accuracy slightly decreases in densely
vegetated areas (i.e., the flanks of the edifice) and increases
around the Enclos depression. As a consequence, minor
topographic structures are disregarded.

[11] The flanks of PdF are characterized by different
slope domains from the coast to the summit [Rowland
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(a) Slope map of PdF showing the variable slopes on the volcano flanks. PFP, Piton de

Fourche Plateau; REP, Riviere de I’Est Plateau; PCVZ, Plaine des Cafres Volcanic Zone. (b) Gray scale
slope image with location of the upper and lower steep slope zones highlighted in red (USS and
LSS) characterized by slope values ranging between 20° and 30°. Coordinates are in Gauss Laborde

Réunion.

and Garbeil, 2000] (Figure 3a). At low elevations, the slope
value range between 8° and 15°, corresponding to typical
values of basaltic oceanic volcanoes [Mark and Moore,
1987; Hiirlimann et al., 2004]. At higher elevations, the
topography of the southern, eastern and northern flanks is
characterized by steep slope zones ranging between 20° and

35° (Figures 3 and 4), while the summit shows slopes
between 2° and 8°, if the escarpments and the active cone
are disregarded. Such a slope distribution is strikingly
similar to what is observed on Volcan Fernandina, Wolf,
and Cerro Azul in the western Galapagos archipelago
[Rowland, 1996; Rowland and Garbeil, 2000]. In contrast,
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Figure 4. Northwestward view of the PdF summit. The USS separates two areas of low slope values
(i.e., the Piton de Fourche Plateau below and the Planéze du Baril above). GP, Grandes Pentes. The black
arrow in the insert indicates the location and the viewing direction.

this slope distribution is not observed on the western flank
of PdF where the edifice is buttressed by Piton des Neiges.

[12] Radial topographic profiles allow a better character-
ization of the flank geometry (Figure 5). On the southern
and eastern flanks, single linear profiles were produced
from digital elevation models, but a composite profile
was required for the northern flank in order to avoid
complications of Riviére de I’Est and Plaine des Osmondes
(Figure 5a). Topographic profiles, except for profile 3 (the
east flank), reveal a seaward tilted stair-like topography with
two steep slope zones separated by inclined plateaus such as
the Piton de Fourche and the Riviere de I’Est (Figure 5a).
Each steep slope zone corresponds to one step between
flank segments that are characterized by constant slope
values. The elevation changes across the upper steep slope
(USS) and lower steep slope (LSS) are similar with 160,
230, and 210 m for the upper slope and 240, 285, and 220 m
for the lower slope, respectively. Moreover, for each profile,
the elevation change across the USS is always smaller than
that across the LSS. In the SW, SE and north flanks, the
USS and LSS are located at a nearly constant elevation at
around 2000 m for the USS and 1000—1200 m for the LSS
(Figure 5b). The resulting morphology is characterized by a
geometry resembling an “overturned soup plate.”” Combin-
ing the slope map and topographic profiles suggests that the
USS and LSS form two independent morphological struc-
tures on the southern and northern flanks of PdF.
Concerning profile 3 on the east flank, only one steep slope
zone is observed. This exception raises the problem of the
relationship between the steep slope zones outside the
EGBS and in the Grandes Pentes. The Grandes Pentes
could correspond either to an independent structure whose
development is related to the formation of the EGBS [e.g.,
Bachélery, 1981; Merle and Lénat, 2003], or to the conti-
nuity of the upper and lower steep slope zone, which would

merge in the east flank. Whatever the relationship between
the Grandes Pentes and the USS and LSS, two morpholog-
ical structures can be determined in the south, SE, NE, and
north flanks (Figure 3b). The upper morphological structure
is subcircular, whereas the lower structure presents two
lobes at the location of the NE and SE rift zones. Along
the NE rift zone, the lower structure presents relatively low
slope values, which could be due to burial by lava flows
such as during the 1977 eruption.

3.2. Analysis of the Enclos-Grand Briilé Structure

[13] The EGBS is the most recent large-scale structure of
Piton de la Fournaise. From east to west, it is composed of
the Enclos depression, the Grandes Pentes and the Grand
Brtlé (Figure 6). Secondary structures correspond to the
Plaine des Osmondes and Piton de Crac. The Plaine des
Osmondes is interpreted as the most recent collapse struc-
ture of the Enclos [Bachélery, 1981]. The similar geometry
(dip and thickness of the lava flows), the petrology of the
lava flows of Piton de Crac and Bois Blanc scarp, and the
orientation of the only dike observed on Piton de Crac
toward the active summit cone suggests that Piton de Crac is
a remnant part of PdF isolated by collapse events and
erosion [Bachélery, 1981].

[14] For our analysis of the EGBS, we consider three
different zones that help reinterpreting the evolution and the
formation of the overall collapse structure.

3.2.1. Enclos

[15] The floor topography of the Enclos reveals a series of
relatively flat plateaus at different elevations: 2050—-2200,
1750—-1900, and 1900—-2000 m for the western, southern,
and northern plateau, respectively, which are separated by
steeper slope zones (Figure 7a). The transition between the
western and southern plateaus consists of a N65° trending
steep slope zone, which is associated with a subtle kilome-
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Figure 5. (a) Radial topographic profiles showing the succession of steep slopes and domains of gentle
slopes. Elevation changes between each domain of gentle slopes are determined. No vertical
exaggeration. T corresponds to the total elevation difference for each profile. USS, upper steep slope;
LSS, lower steep slope; REP, Riviéere de I’Est Plateau; PFP, Piton de Fourche Plateau. (b) North-south
topographic profile illustrating the shield morphology of PdF and its variable slope domains. Note the
nearly identical elevation of both the LSS and USS on the north and south flanks.

ter-long lineament, located at the slope change (Figure 7b).  volcanic setting, a lineament can have several origins: the
It appears that this lineament is restricted to the EGBS, i.e., margin of a lava flow, the trace of a lava channel or lava
it cannot be traced south of the Enclos scarp, and continues  tube, a spatter rampart, a fluvial gully or a fault. In the
northeast toward the Grandes Pentes (Figure 7c). In a present case, the orientation of the lineament, oblique to the
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Figure 6. Gray scale slope map representing the structures of the EGBS. Figures 7a, 7b, and 8 are

located. Coordinates are in UTM WGS84.

general slope, and its length are difficult to explain as lava
structures or river patterns. Field observations reveal that
long and linear extensive fractures cut several units of lava
flows of different ages at the upper break-in-slope, which
corresponds to the location of the lincament (Figure 7b).
The older the lava flows, the wider the fractures. The
development of such a fracture network is in agreement
with a continuous process of deformation. Moreover, this
part of the Enclos is characterized by recurrent tectonic
earthquakes confined to the region south of the lineament
[Lénat et al., 1989; Sapin et al., 1996] (Figure 7a). We
suggest that the alignment of the extensive fractures, the
lineament and the seismicity results from the activity of a
normal fault (Figure 7b). We also propose that the 100-m-
high offset of the Enclos floor results from tectonic activity
along this large fault during or after the EGBS formation.
3.2.2. Tremblet Scarp

[16] Analysis of the morphology of PdF reveals the
existence of steep slope zones both inside and outside the
EGBS. The possible link between these morphological
structures across the Tremblet scarp in the south and across
the Bois Blanc scarp in the north is still unclear even though
the different steep slope zones are characterized by identical
slope values. The detailed analysis of the slope distribution
on both sides of the Tremblet scarp provides new constrains

on the relationship between the morphological structures
outside and inside the EGBS.

[17] The lowest part of the Grandes Pentes is character-
ized by a V-shaped structure (VSS), which was commonly
interpreted as the trace of a small-scale landslide that has
occurred after the Grand Brilé landslide [e.g., Bachélery,
1981] (Figures 7c and 8). This structure is limited by two
NE and SE linear steep slope zones where slope values
exceed 30° (Figure 8). The slope map suggests that another
SE trending steep slope zone seems to be continuous south
of the Tremblet scarp (Figure 8b). However, the irregularity
of the topography does not allow establishing firmly this
continuity outside the EGBS. We calculated a 50-m low-
pass-filtered DEM from the original 25-m step DEM
(Figure 8c) in order to smooth the rough topography and
to keep the first-order morphology. Three different slope
domains can be distinguished from this DEM: domain A
with an average slope of 10°, domain B with 14° and
domain C exceeding 18°. Geometrically, these areas are
continuous on both sides of the Tremblet scarp. Domain A
is at low elevation. Inside the EGBS, it corresponds to the
upper part of the Grand Brilé. South of the Tremblet scarp,
domain A is situated between the seacoast and domain B.
The lowest part of the Grand Bralé, which is characterized
by gentle slopes between 4° and 8° corresponds to the
coastal plain formed by the overlap of multiple lava deltas
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(a) Slope map of the Enclos showing the presence of three different plateaus east of the

Grandes Pentes and the Plaine des Osmondes. (b) A main N65° and kilometer-long lineament is observed
between the western and southern plateaus. Topographic profile A-A’ reveals that the lineament and the
fractures are located at the slope change. The distribution of the nonmagmatic earthquakes in the
lineament vicinity strongly supports a fault origin for the lineament (circles, post-1997 events, data of
the Piton de la Fournaise Volcano Observatory; squares, July 1985 events [after Lénat et al., 1989];
triangles, 1985—1988 events [after Sapin et al., 1996]). (c) Three-dimensional representation of the
EGBS slope map with the inferred N65° faults. Coordinates are in UTM WGS84.

[see Rowland and Garbeil, 2000] after the collapse of the
EGBS. Domain B is restricted to a small area, which
overlaps the Tremblet scarp. Part of its upper limit coincides
with the margin of the SE trending steep slope located south
of the VSS. Laterally, domain B stops in the north, whereas
it continues southward between domains A and C. Note
that Piton Takamaka increases the slope of this domain
(Figure 8c). Domain C is characterized by the steepest

slopes and corresponds to the Grandes Pentes in the EGBS
divided in two branches south of the Tremblet scarp (i.e.,
the LSS and USS). It is noteworthy that the lowest part of
the Grandes Pentes and LSS present the same morpholog-
ical features that form the steep SE trending slopes.

[18] The clear continuity of the slope domains across the
scarp into the EGBS suggests a continuity of the USS and
LSS in the EGBS where they coalesce in a main steep slope
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(the Grandes Pentes). Furthermore, the two morphological
structures related to the USS and LSS are continuous in the
north, east and south flanks of PdF. The classic interpreta-
tion in which the Grandes Pentes are restricted to the EGBS
and are due to its formation [e.g., Duffield et al., 1982;
Gillot et al., 1994; Labazuy, 1996; Merle and Lénat, 2003;
Oehler et al., 2004] is therefore in disagreement with the
present data. Finally, the continuity of the steep slopes
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across the Tremblet scarp raises the questions of the
chronology between the EGBS formation and the develop-
ment of the USS and LSS, and of the direction of motion
(vertical versus lateral), along the Tremblet scarp.

3.2.3. Bois Blanc Scarp

[19] The Bois Blanc scarp is usually considered to be the
limit of the Grand Bralé landslide, which is considered to
have occurred 4.5—10 ka ago [Bachelery, 1981; Duffield et
al., 1982; Labazuy, 1996; Merle and Lénat, 2003]. We have
shown above that more than 170 m of alluvial formations,
the Osmondes paleovalley, occur at the foot of the Bois
Blanc scarp [Courteaud, 1996]. This suggests that the
Osmondes paleovalley was deeply incised, below the pres-
ent sea level, after the Grand Bralé slide and was subse-
quently filled by fluvial deposits. Was the development of
such a deep paleovalley possible after the Grand Brilé
slide?

[20] P. Mairine’s unpublished data (2004) from drill holes
in most of the main rivers of La Réunion Island reveal that
the bottom of these valleys is always located 100—120 m
below sea level. It is widely assumed that the incision depth
is directly related to the elevation of the base level, which is
considered to be the sea level in an island setting [e.g.,
Schumm, 1993]. Incision and sedimentation develop above
and below the base level, respectively. The occurrence of
alluvial sediments below sea level, at the foot of the Bois
Blanc scarp clearly indicates that the Osmondes paleovalley
was incised during a period of low sea level and was
subsequently filled in. In the Indian Ocean, the last signif-
icant sea level low (—120 £ 5 m) occurred 17—18 ka ago
during the last glacial period [Camoin et al., 2004]. It was
followed by a rapid sea level rise until 8—9 ka ago, when the
sea level reached an elevation of 10 m below the present sea
level. This evolution, which is common to the other oceans
[e.g., Hanebuth et al., 2000], implies that the incision of the
Osmondes paleovalley cannot postdate 17—18 ka.

[21] The identical morphology (i.e., slope value of 55° to
60° and escarpment heights of 100 to 200 m) of the
Tremblet and Bellecombe scarps, which bound the Grand
Brilé and Enclos structures, respectively, suggests a nearly
similar age for the scarp formation [Merle and Lénat, 2003].
For comparison, the Plaine des Sables scarps which have
been altered by erosion for about 60—45 ka, present slope
values of 45°. Hence we argue that, the incision of the
Osmondes paleoriver predates the formation of the Grand
Brialé, and the Bois Blanc scarp does correspond to the
northern margin of the Osmondes paleovalley, rather than to
the limit of a landslide. The northern limit of the Grand

Figure 8. (a) Gray scale slope map illustrating the
morphology of the Grandes Pentes. Several subtle linea-
ments limited by arrows are observed into the EGBS. Two
of them bound a V-shaped structure (VSS) which is
classically interpreted as to be the trace of a secondary
landslide. (b) Slope map showing the maximum slope axes
and the slope changes. (c) Slope map of a 50-m resolution
filtered DEM illustrating the longer-wavelength morphol-
ogy. The slope domains A, B, and C are continuous on both
sides of the Tremblet scarp. The coastal plain of the Grand
Bralé likely results from the accumulation of lava deltas.
Coordinates are in UTM WGS84.
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Figure 9. Construction processes able to develop steep slopes in basalt shield volcanoes.

Brilé is subsequently located south of the Osmondes
paleovalley axis and the Piton de Crac is a remnant part
of the southern flank of the paleovalley.

4. Discussion

[22] Our study of the morphology of Piton de la Four-
naise reveals the existence of two subcircumferential steep
slope zones on the volcano’s north, NE, SE, and south
flanks, which are locally incised by deep valleys and, which
are continuous on the east flank, into the Enclos-Grand
Brilé structure. In the following, we show the main impli-
cations of this geometric relationship that led to the recent
evolution of Piton de la Fournaise and the development of
the EGBS.

4.1. Steep Slope-Forming Processes

[23] Basaltic shield volcanoes are commonly character-
ized by a relatively flat summit zone and gentle oceanward
slopes. This classic shape results from the superposition of
thin low-viscosity lava flows the run out distances of which
vary from few hundreds of meters to several kilometers.
However, steep slopes are also observed on basaltic volca-
noes [e.g., Rowland and Garbeil, 2000] and several pro-
cesses can explain their development.

[24] Steep slopes may result from the concentration of
eruptive vents and pyroclastic cones in the summit area,
leading to a differential vertical growth between the summit
and the volcano flanks (Figure 9) [Rowland and Garbeil,
2000]. The differential vertical growth may also originate
from the development of small-size lava flows related to
concentric summit vents [Naumann and Geist, 2000]. These
two constructional processes lead to the formation of steep
convex-outward slopes like at Cerro Azul, Wolf and Fer-
nandina volcanoes, western Galapagos [Rowland and
Garbeil, 2000; Naumann and Geist, 2000]. Endogenous
growth through recurrent dike intrusion [e.g., Annen et al.,
2001], the growth of cryptodomes [Donnadieu and Merle,
2001] and an overpressurized magmatic chamber [Cullen
et al., 1987] are possible processes, which induce the
formation of steep slopes on the summit or the flanks of
the volcano. For dike intrusions, the resulting slope geom-
etry ranges from elongated slopes along-strike of a rift zone
to an isotropic slope distribution restricted to the summit
[Rowland and Garbeil, 2000; Annen et al., 2001]. The
growth of a cryptodome leads to an asymmetric deformation
and the development of concave- and convex-outward steep
slopes [Donnadieu and Merle, 2001].

[25] Destruction processes such as erosion and landslides
can also form steep slopes (Figure 10). Erosion is respon-
sible for valleys the development of which can be controlled
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Figure 10. Destruction processes able to develop steep slopes in basalt shield volcanoes.

by preexisting faults or structural limits such as caldera
walls [Stearns and MacDonald, 1946; Bachelery, 1981].
Small-size and large-scale landslides also produce steep
slopes on the volcano flanks presenting a concave-ocean-
ward geometry [Moore, 1964; Bachélery, 1981; Oehler et
al., 2004].

[26] Deformation processes have a strong influence on the
volcano morphology (Figure 11). An edifice may deform
above a basal layer composed of low-strength sediments,
ultramafic cumulates or intrusive complexes [e.g., Borgia et
al., 1990; Borgia, 1994]. Circumferential thrust-fault-related

steep slopes develop at the base of the edifice and normal
faults accommodate the spreading motion [Merle and Borgia,
1996]. The lack of any deformation within the pelagic
sediments below the submarine flanks and of any distal
anticline, even several tens of kilometers away from the
volcano suggests that this process did not occur at La
Réunion [Michon et al., 2007]. A hydrothermally altered
interior of a volcano may also act as a décollement level. As
shown by Cecchi et al. [2005], the sagging of the volcano’s
summit part results in the upward lateral extrusion of the
altered interior. The resulting morphology presents circum-

Figure 11. Deformation processes able to develop steep slopes in basalt shield volcanoes.
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ferential steep slopes that are locally associated with thrust
faults (Figure 11). Finally, slumping units above a local
décollement level are bounded upward by normal faults,
which also form steep slopes on the volcano flanks [Stearns
and Clark, 1930; Moore and Krivoy, 1964; Merle and
Lénat, 2003]. Steep slopes related to thrust faults present
a convex-outward shape whereas concave-outward steep
slopes are attributed to normal faults.

[27] In summary, circumferential steep slopes like those
observed at PdF can only result from either construction
processes or spreading processes, and not through erosion.

4.2. Caldera-Forming Processes

[28] Several mechanisms may lead to the development of
circular to elliptical, and horseshoe-shaped calderas. Their
geometry and size depend on the mechanisms encountered.
On volcanoes other than basaltic shields, the development
of large calderas is attributed to the collapse of the chamber
roof during large explosive eruptions [e.g., Lipman, 1997;
Roche et al., 2000]. In that context, the size of the caldera is
dependent on the volume of the erupted magma. On basaltic
shield volcanoes, large calderas with diameters ranging
from 5 to 20 km may also develop [MacDonald, 1965;
Bachélery, 1981; Munro and Rowland, 1996]. However,
they usually lack of significant related pyroclastic deposits
suggesting nonexplosive or minor explosive mechanisms to
explain their development [e.g., MacDonald, 1972; Munro
and Rowland, 1996]. In Hawaii, the caldera of Kilauea is
interpreted as resulting from either the coalescence of
several pit craters [MacDonald, 1965], a main collapse
related to the lateral magma withdrawal during the large
lateral eruption of 1790 [MacPhie et al., 1990] or from the
load of a cumulate complex at the base of the magma
chamber [Walker, 1988]. In the western Galapagos, the
combined effect of magma withdrawal and the load of
cumulative bodies is considered to be responsible for the
development of the large and deep calderas [Munro and
Rowland, 1996]. Recently, Cecchi et al. [2005] showed that
the deformation of the hydrothermal system, which is
obviously larger that the magmatic reservoir may lead to
the collapse of large calderas. It is important to note that
whatever the model, the collapse of the volcano’s summit is
related to the active magmatic system.

[20] Horseshoe-shaped calderas are relatively common on
island volcanoes like Fogo, El Hierro, Tenerife, and La
Réunion islands. Their geometry is characterized by a flat
summit zone and a large depression bounded by regular
scarps that link the summit depression to the sea coast. The
frequent occurrence of debris avalanche deposits on the
submarine flanks suggests that their formation is due to
destabilizations and subsequent landslides. Several models
have been proposed to explain their origin. They can result
from a single large landslide that affects both the volcano
flank and the summit [Duffield et al., 1982; Labazuy, 1996;
Cantagrel et al., 1999; Day et al., 1999]. Hiirlimann et al.
[1999] proposed that the collapse of the summit was able to
destabilize the volcano flank, leading to flank landslide.
Merle and Lénat [2003] recently showed with analog
models that the slide of a volcano flank may trigger a lateral
flow in the hydrothermal system, which leads to the
development of a large caldera in the summit area. They
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applied this model to PdF in order to explain the develop-
ment of the EGBS.

4.3. Origin of the Steep Slopes and the EGBS

[30] One of the main observations made in the present
study is the apparent continuity of the different slope
domains across the Tremblet scarp into the EGBS without
any visible lateral offset (Figure 7). Such a continuity
suggests that the steep slopes and the EGBS are indepen-
dent structures. We have used the geometry of both struc-
tures and their intersection to determine their temporal
relationship and origin.

4.3.1. Age and Origin of the LSS and USS

[31] We put forward two hypotheses to explain the
continuity of the slope domains on both sides of the
Tremblet scarp:

[32] Hypothesis 1 is that the development of the LSS and
USS post-dates the formation of the EGBS the lower part of
which (i.e., the Grand Briilé) has previously been consid-
ered as the trace of a landslide. Assuming that the EGBS
formed 4.5 to 10 ka ago, the steep slopes developed quite
rapidly. We showed that circumferential steep slopes result
from two different processes: differential growth (construc-
tion process) or spreading (deformation process).

[33] Differential growth is highly unlikely for the follow-
ing reasons. (1) In contrast to the volcanoes of western
Galapagos, no concentric eruptive vents are found above the
USS and LSS. (2) There is no concentration of pyroclastic
cones in the two areas delimited by the steep slopes. (3) The
length of lava flows is not constant and varies from
hundreds of meters to several kilometers, making the lava
flow accumulation hypothesis unrealistic. (4) Finally, 97%
of the post-EGBS volcanic activity has been restricted to the
Enclos. The total elevation changes along each topographic
profile (T value in Figure 5a), which would reveal the
differential growth should not be similar outside and inside
the EGBS.

[34] Spreading is the second process capable of the
development of circumferential steep slopes. If the eleva-
tion changes related to the LSS and USS are related to
deformation, the total deformation is a combination of
outward lateral and upward displacements. Considering
the upward motion only, which corresponds to the elevation
change measured for each profile, minimum displacement
rates of 2 to 4 cm/a and 2.5 to 5 cm/a are calculated for the
USS and LSS and are inferred for a deformation starting at
10 and 5 ka, respectively. These values are similar to the
total deformation rates measured for the very active spread-
ing at Kilauea where large earthquakes occurred [Delaney
et al., 1998]. At PdF the lack of seismicity in the vicinity of
the steep slopes is in disagreement with a very active
deformation. Moreover, geodetic data acquired outside the
EGBS in the flat summit zone do not show any displace-
ment [Briole et al., 1998]. Consequently, the development
of the LSS and USS due to spreading does not agree with
the available data.

[35] Hypothesis 2 is that the development of the LSS and
USS predates the formation of the EGBS and does not result
from a large deeply rooted landslide. It seems unrealistic
that a superficial landslide occurred on a décollement level
presenting a topography characterized by similar slope
domains than outside the EGBS. The exact motion along
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the lateral scarps and subsequently of the Grand Brilé
cannot be determined precisely. However, only a predom-
inantly vertical collapse is possible. Hence the formation of
the EGBS results from a vertical to subvertical collapse
rather than a giant landslide. Such a motion could explain
the lack of clear continuity between subaerial and subma-
rine structures [Oehler, 2005] (Figure 1b) in contrast to
what is observed at large landslide deposits [e.g., Le Friant
et al., 2004; Tibaldi, 2001]. The preservation of the slope
domains inside the EGBS would be explained by a low
amount of overlapping lava flows in the Grandes Pentes and
the Grand Brilé since the collapse. Such a hypothesis is
supported by the map of the historical lava flows, which
shows that most of the lava flows are restricted to the upper
part of the EGBS (i.e., the Enclos) and only few flows occur
in the Grande Pentes [Stieltjes et al., 1986].

[36] As for hypothesis 1, construction and deformation
processes might form circumferential steep slopes. We
showed above that construction processes like those pro-
posed by Naumann and Geist [2000] and Rowland and
Garbeil [2000] cannot be applied to PdF. The eruptive vents
are not concentrically distributed above the LSS and USS,
and the lava flow length strongly varies.

[37] In contrast, spreading may have occurred. The pre-
EGBS edifice built up after the Plaine des Sables collapse
about 60—45 ka ago. According to this potential onset of
deformation, and given the elevation changes, expected
deformation rates are of few millimeters per year. Volcanoes
might spread under gravity if a low-strength body/layer
exists at the base of the edifice, and if the load of the edifice
acting on the low-strength material is high enough. Two
different modes of spreading lead to the development of
circumferential steep slopes. On the one hand, the spreading
can be related to the deformation of a basal low-strength
layer [e.g., Merle and Borgia, 1996; Oehler et al., 2005]. In
such a case, the steep slopes are located at the base of the
edifice and radial normal faults develop. On the other hand,
the spreading is induced by an internal low-strength layer or
body [e.g., Cecchi et al., 2005]. The resulting steep slopes
are on the volcano flanks and normal faults are circumfer-
ential. At PdF, the exact topography of the pre-EGBS
volcano cannot be firmly determined. Nevertheless, the
morphology and the slope adjacent to the Enclos depres-
sion, which are preserved from the pre-EGBS period, and
the shape of the active cone, allows estimating a pre-EGBS
collapse topography of around 3000 m located at the place
of the present active cone. The location of the circumfer-
ential LSS and USS on the volcano flanks supports the
presence of an internal low-strength body rather than a basal
décollement. In conclusion, we propose that the LSS and
USS do result from neither construction processes nor a
basal spreading, but from the deformation of the weak
internal part of the volcano under gravity (Figure 12).

[38] The nature and geometry of the weak core are
unknown. According to geoelectrical data acquired in the
Enclos, the Plaines de Sables, and the Planéze du Baril
[Benderitter, 1990; Courteaud, 1996; Lénat et al., 2000],
PdF is characterized by a deep widespread low-resistivity
body which could correspond to the top of the hydrothermal
system of the pre- EGBS volcano. The lack of hot springs
[Coudray et al., 1990] in the adjacent deep valleys and
fumaroles would suggest that this hydrothermal system is
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no longer active. Nevertheless, these characteristics are not
conclusive against the active hydrothermal system as de-
spite a current intense volcanic activity and a large hydro-
thermal system [Lénat et al., 2000], PdF presents only very
few fumaroles restricted to the summit pit crater and no hot
springs at all. It is subsequently hard to determine whether
spreading is still active, but we suggest that the deformation
stopped when the Enclos collapsed 4.5 ka ago. Indeed, the
summit of the volcano, which was acting on the hydrother-
mal body was dismantled. The lack of steep slope on the
west part of PdF could suggest that the remnant part of the
“ancient” Fournaise blocked the deformation in the west.

[39] Contrary to the experiments of Cecchi et al. [2005]
in which only one circumferential steep slope zone is
described, two steep slope zones developed at PdF. Such
a vertical complexity in the steep slope geometry also
occurs on other volcanoes where several bulges are visible
(e.g., Etna, Arenal [Cecchi et al., 2005]). This can be
explained by the complexity of the hydrothermal system
compared to the simplified models. For instance, intra-
edifice preexisting discontinuities might induce a deforma-
tion partitioning and subsequently several steep slope levels.
Laterally the steep slope geometry can also be influenced by
the rift zones along which recurrent magma intrusions
decrease the strength of the rocks by hydrothermal alter-
ation. Such a lateral variation could explain the NE and SE
lobes of the LSS along the NE and SE rift zones, respec-
tively. This indicates that the current rift zones have been
inherited from the pre-Enclos volcano.

4.3.2. Origin of the EGBS

[40] Usually, vertical collapses are restricted to the area of
the magmatic system (i.e., summit and rift zones). At PdF,
besides the summit zone, the eastern flank also suffered a
vertical collapse. Given the geomorphological and geolog-
ical continuity between the Enclos and the Grand Brilé
(identical scarps slope and continuous faults in the EGBS),
we propose that the collapse of the Enclos was associated to
that of the Grand Bralé. Although large lateral eruptions
already caused the development of summit calderas on
basaltic and andesitic volcanoes [e.g., MacPhie et al.,
1990; Kaneko et al., 2005], the collapse of the Grand Briilé,
several kilometers away from any active magmatic system,
is unlikely related to magmatic withdrawal. The vertical
collapse of the EGBS might also be triggered by a deeply
rooted slump in which the displacements in the upper part
(close to the upper normal fault) can be predominantly
vertical whereas they evolve to lateral away from the fault
(above the low dipping décollement). Assuming a maxi-
mum depth of the décollement at the top of the oceanic crust
(6 km below sea level (bsl) [de Voogd et al., 1999]) and the
Bellecombe scarp as the trace of the upper normal fault, the
vertical motion would be restricted to the few first kilo-
meters only, i.e., west of the Grandes Pentes, and not
extended to the overall EGBS.

[41] We showed that the Grand Briilé was located above
the large intrusive complex of the Alizés volcano, the age
of which is considered as to be older than 0.78 Ma [Lénat
et al., 2001]. This complex was drilled between 950 and
2850 m bsl, end of the drilling. It is composed of gabbros in
the 1400 upper meters and dunites and wehrlite dunites
below [Rangon et al., 1989]. Gravimetric data suggest
that the complex continues down to at least 4 km bsl
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Figure 12. N-S cross section of PdF illustrating the potential origin of the upper and lower
circumferential steep slopes by the spreading of the edifice above a weak hydrothermal core.

[Malengreau et al., 1999]. Such a body may have two
different implications in the evolution of PdF:

[42] 1. It has been shown that olivine cumulates at high
temperature (>1100°C) may deform as ice [Clague and
Denlinger, 1994]. The Alizés cumulative complex could
have deformed under gravitational forces and subsequently
induced the vertical collapse of the Grand Brilé. However,
as the drilling project aimed at determining the geothermal
potential of the intrusive complex, it has been shown that
the present temperature of the complex was far from hot
(142°C at 3003.5 m below the surface [Rangon et al.,
1989]). Even if the 4.5 ka ago temperature cannot be firmly
determined, analysis of secondary minerals within the
gabbro and dunite reveals a progressive cooling of the
complex from late magmatic biotite crystallization at
600-900°C to serpentine crystallization at 350°C maximum
[Lerebour et al., 1989]. Hence it is strongly unlikely that the
olivine cumulates of the Alizés intrusive complex deformed
in the recent times and triggered the collapse of the Grand
Brilé 4.5 ka ago.

[43] 2. Walker [1988] proposed that dense bodies, such as
cumulates are able to trigger a downward drag and the
collapse of the summit. Such a mechanism has been
proposed as a source of subsidence to explain the develop-
ment of the large calderas of the volcanoes of western
Galapagos [Munro and Rowland, 1996]. Considering the
presence of the large intrusive complex of the Alizés
volcano, we hypothesize that the vertical collapse of the
Grand Brilé would correspond to a discrete event (i.e.,
collapse of 100—150 m of a 7-km-wide area) simultaneously
to the long-term downward motion of this dense body. This
model differs from Walker [1988] as the dense body is
related to an ancient volcano (i.e., the Alizés) rather than an
active volcano. The occurrence of the vertical collapse of
the Grand Brilé potentially destabilized the adjacent sub-
marine flank and initiated debris avalanches which deposits
could correspond to the youngest unit described by Oehler
[2005].

[44] The Enclos caldera was interpreted in different ways:
(1) an independent structure resulting from successive
syneruptive collapses [Bachelery, 1981]; (2) the upper part

of the scar of a large flank landslide [Duffield et al., 1982;
Labazuy, 1991; Gillot et al., 1994]; and (3) a summit
deformation initiated by the slide of the Grand Brtilé [Merle
and Lénat, 2003]. Although the occurrence of pyroclastic
deposits around the Enclos indicates that the collapse was
simultaneous to an explosive eruption [Abchir et al., 1998],
the volume of the deposit (around 0.5—1 km?® [4bchir et al.,
1998]) is 1 order of magnitude lower than that of the Enclos
caldera. This volume difference and the lack of any evi-
dence of large submarine eruption suggest that the collapse
of the Enclos does not result from the emptying of the
magmatic reservoir. It has been recently proposed that the
collapse of the Enclos has been caused by the lateral flow of
the large summit hydrothermal system [Merle and Lénat,
2003]. This model, which can explain the collapse of a large
structure without the same erupted volume faces one main
problem. According to Merle and Lénat [2003], the defor-
mation of the hydrothermal system was made possible by
the lateral slide of the Grand Briilé only, which headwall
corresponds to the Grandes Pentes. Our data strongly
suggest that this slide did not occur 4.5 ka ago and that
the Grandes Pentes (domain C in Figure 8) are not restricted
to the EGBS. Hence the deformation as the authors pro-
posed cannot be applied to PdF. However, we follow Merle
and Lénat [2003] on two points: (1) the deformation of the
Grand Brilé and the Enclos are linked and (2) the Enclos
may result from the deformation of the summit hydrother-
mal system.

[45] Taking into account our results, we propose two
distinct evolutions in which a first collapse initiated the
second one. On the one hand, the collapse of the EGBS was
initiated by the vertical collapse of the Grand Brilé, due to
the continuous downward drag of the Alizés intrusive
complex. This event allowed the deformation of the hydro-
thermal system of the pre-Enclos volcano and subsequently
the collapse of the summit zone. On the other hand, the
collapse of the Enclos results from the deformation of the
summit hydrothermal system under gravity, which also led
to the development of the LSS and USS. This hypothesis is
supported by analog models, which show that the spreading
of a volcano related to a weak internal core entails the
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coeval development of circumferential steep slopes on the
volcano flanks and the vertical collapse of the summit zone
[Cecchi et al., 2005]. We propose that this event may have
destabilized part of the eastern flank of PdF, which was
continuously affected by a downward drag. The relationship
between summit collapse and flank deformation has already
been suggested for Tenerife [Marti et al., 1997; Hiirlimann
et al., 1999]. However, contrary to what geological data
show for PdF, the summit collapse triggered a flank land-
slide at Tenerife.

4.4. Evolution of PdF During the Last 150 ka

[46] Considering the geological data and the interpreta-
tions presented above, we propose the following chronology
for the last 150 ka of PdF. This date corresponds to the
collapse of the Morne Langevin caldera [Bachélery and
Mairine, 1990]. According to Oehler [2005], this event
corresponds to the first and most voluminous eastward
destabilization of PdF, which spread over the Eastern
Plateau. Afterward, the “recent” PdF (<150 ka) built up
at a location west of the present active cone [Bachélery and
Mairine, 1990]. This edifice the shape and evolution of
which are unknown suffered recurrent collapses between
60 and 45 ka, forming the Plaine des Sables calderas.
Although the origin of the upper part of this caldera is still
uncertain (vertical [Bachelery and Mairine, 1990] versus
lateral [Duffield et al., 1982; Gillot et al., 1994; Oehler et
al., 2004]), the debris avalanche deposits on the submarine
Eastern Plateau indicate that the collapses were coeval to at
least one major landslide [Labazuy, 1996; Oehler, 2005]. It
is noteworthy that the northern limit of the landslide scar
(the Ravine Ferdinand [Merle and Lénat, 2003]) is the only
well-observed structure which is really continue in both the
subaerial and submarine domains (Figure 1b).

[47] The pre-Enclos edifice built up at a location close to
the present active cone. This volcano progressively spread
above its weak hydrothermal core. The geometry of this
low-strength body was likely controlled by preexisting
structures such as the décollement level of previous slides,
the magma chambers and the intrusion complexes. Two
circumferential steep slopes (i.e., the LSS and USS) result
from this deformation (Figure 13a). At the same time, the
volcano was incised by deep valleys, among which is the
Osmondes paleovalley in the east flank. The presence of
the Osmondes paleovalley in the northern part of the EGBS,
whose minimum age is of 18—19 ka clearly indicates that
PdF did not subsequently suffered the slide of the Grand
Briilé as it was usually proposed. Around 4.5 ka ago, both
the summit and east flank were cut by a vertical collapse
that led to the development of the west and south parts of
the EGBS; the present northern limit of EGBS consisting of
the Osmondes paleovalley’s northern flank (Figure 13Db).
This collapse event likely destabilized part of the coastal
zone and the eastern submarine flank. The related debris
avalanche covered the proximal Eastern Plateau as revealed
by the age of a dredged sample (12 ka [Labazuy, 1996])
(Figure 1b) and flowed through the Chenal Vincent down to
the Ralé Poussé [Labazuy, 1996; Oehler, 2005]. The coastal
and submarine origin of the debris avalanche could explain
the absence of clear continuity between the subaerial and
submarine domains. Similar or larger submarine destabili-
zations occurred during the recent evolution of PdF. How-
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ever, their importance was underestimated until recently.
According to Oehler [2005], their deposits cover around
half of the surface of the submarine flanks.

[48] The lack of lava flows intercalated in the alluvial
sediments of the Osmondes paleoriver could suggest the
existence of a relief between the eruption zone and the
valley. This barrier disappeared when the Plaine des
Osmondes collapsed (Figure 13c). Even though the age of
this event is unknown, a vertical mode of deformation can
be reasonably inferred. Indeed, the width of the lowest part
of the Plaine des Osmondes (i.e., between the Piton de Crac
and the Bois Blanc scarp) is more than twice lower than at
its maximum width. Such a geometry disagrees with the
classic landslide scar. After the collapse of the Plaine des
Osmondes, the lava flowed through the Osmondes paleo-
valley and completely counterbalanced the erosion process
that developed since tens of thousands of years ago.

[49] One of the most striking features of this 150 ka
lasting evolution is the persistence of the NE and SE rift
zones, despite the recurrent collapses and landslides, and the
castward migration of the eruptive center. This contrasts
with the general observations made on other volcanoes,
where flank destabilizations or large changes of the topog-
raphy induce a reorganization of the rift zones [Tibaldi,
2003; Walter and Troll, 2003; Acocella and Tibaldi, 2005].
The persistence of both rift zones, which contributed to
form the NE and SE submarine plateaus (Figure 1), suggests
that their location and development are controlled by deep
sources. Walter et al. [2006] proposed that the NE and SE
rift zones results from the intermittent eastward spreading of
PdF. However, the undeformed marine sedimentation east
of the island [de Voogd et al., 1999] and the lack of anticline
structures in the bathymetry [Oehler et al., 2005] suggest
that PdF did not experience such a deformation.

[50] In what follows we put forward two different fea-
tures, which could have played a key role in the develop-
ment of the stable rift zones:

[51] 1. It has been recently shown that the main structures
of La Réunion volcanoes are parallel to the oceanic litho-
spheric structures, suggesting a control of the crustal dis-
continuities in the tectonomagmatic evolution [Michon et
al., 2007]. The persistence of both rift zones could then
result from a control of the crustal structures.

[52] 2. The lower part of the NE and SE rift zones, the
submarine parts included, are located north and south of the
Alizés intrusive complex, respectively. Assuming that a
continuous downward drag related to a dense body entails
a diffuse extension in its vicinity, we hypothesize that the
dike lateral migration in the NE and SE flanks of PdF was
controlled by this stress field. In a certain way, this model
presents similarities with that of Walter et al. [2005] in
which the gravity-driven flank movement leads to a radial
adjacent extension controlling the magma lateral migration
and the development of two concentric curved rift zones.
Whatever the model, the rarity of the eruptions along the rift
zone lower parts, i.e., outside the Enclos caldera (only 3%
of the eruptions since the 18th century [Villeneuve, 2000])
and their fan-shaped geometry suggest the existence of a
diffuse stress field, which does not efficiently favor the
magma lateral migration on the flanks. Despite the slight
lateral propagation of the magma intrusions along the rift
zones, the combined effect of the summit frequent intrusion
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Figure 13. Chronology of the geological events that marked the last 60 ka of PdF. (a) After the collapse
of the Plaine des Sables caldera, two circumferential steep slopes developed on the north, east, and south
flanks. Simultaneously, the Osmondes paleovalley incised the east flank. (b) Around 4.5 ka ago, the
EGBS collapsed vertically. The Osmondes paleovalley was likely separated from the magmatic system
by a barrier as no lava flow is intercalated in the alluvial sediments drilled in the lower part of the valley.
(c) The collapse of the Plaine de Osmondes, which occurred after 4.5 ka, allowed the lava to flow through
the Osmondes paleovalley.
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and the very likely existence of a décollement level within
the edifice (the top of the Alizés volcano) potentially
favored the large eastward destabilizations, which occurred
between 45 and 60 ka.

5. Conclusions

[53] Our study of PdF aimed at the understanding of the
present-day edifice morphology, which recorded the most
recent geological events. The analysis was focused on the
steep slope zones located on the volcano flanks and the
Enclos-Grand Brilé structure, which cut the upper part and
eastern flank of the edifice. We took into account the
different available geological data and tested them against
the potential processes, which may form both structures. We
presented new results allowing a reappraisal of the recent
evolution of Piton de la Fournaise.

[54] 1. The steep slope zones were previously interpreted
as slide headwalls and/or caldera margins [e.g., Bachélery,
1981; Oehler et al., 2004]. However, their distribution and
morphological characteristics suggest that they form two
independent circumferential structures (the USS and LSS),
which coalesce in the east flank. Their development is
interpreted as resulting from the spreading of the pre-Enclos
volcano above a weak hydrothermal core.

[s5] 2. The Enclos-Grand Bralé structure (a U-shaped
structure) is formed by the Enclos depression, the Grandes
Pentes, and the Grand Bralé. Although the Enclos origin
was a matter of great debate during the last decades (vertical
versus lateral collapse), there had been a general agreement
on a sliding origin of the Grand Bralé [Bachélery, 1981;
Duffield et al., 1982; Gillot et al., 1994; Labazuy, 1996;
Merle and Lénat, 2003; Oehler et al., 2004]. However, our
analysis of the continuity of different slope domains inside
and outside the EGBS suggests that the Grand Brilé results
from a mainly vertical collapse instead of a giant landslide.
The entire EGBS subsequently underwent a vertical col-
lapse ~4.5 ka ago. Among different potential sources for
the collapse of the Grand Brilé, we prefer the continuous
downward drag induced by the dense intrusive complex of
the Alizés volcano. Following Merle and Lénat [2003], we
propose that the collapse of the Enclos was caused by the
deformation of the hydrothermal system of the pre-Enclos
volcano. Despite the clear continuity between the Enclos
and the Grand Brilé, which suggests a close relationship in
the development of both structures, their chronology and
exact links remain poorly understood.
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[1] La Réunion Island is located east of Madagascar, on the eastern rim of the tectonically
inactive Mascarene Basin. This island is composed of three shield volcanoes of which
only Piton de la Fournaise is currently active. Although the magmatic activity is restricted
to Piton de la Fournaise, a scattered seismicity occurs on the whole 200 km wide volcanic
edifice and in the underlying oceanic crust. We carried out a multiscale analysis to
understand (1) the origin of the seismicity in the geodynamic context and (2) the role of
the oceanic lithosphere in the deformation of Piton de la Fournaise and La Réunion Island.
Analysis of the magmatic system suggests that the magma ascent is controlled by large
N25-30 and N125-130 fracture zones located below the Enclos depression. We also
show that the orientation difference between the eruptive fissures and the related dykes
result from a rotation of the main principal stress o; from vertical to downslope through
the surface. Combining a Digital Elevation Model (DEM) analysis, field observations and
the geophysical data reveals that the volcano is affected by large fault zones. The fault
distribution indicates the predominance of a main N70—80 trend. Magnetic data show the
same N8O orientation characterizing the remnant part of the Alizés volcano. Such parallel
alignment suggests a control exerted by the underlying Alizés volcano on Piton de la
Fournaise. Furthermore, the alignment between the crustal orientations and the structures

determined on the island suggests a control of the crustal structures in La Réunion’s
volcano-tectonic activity. Contrary to several volcanic islands such as Hawaii and
Tenerife, La Réunion volcanoes lie on an upbending crust. Then, we interpret the
reactivation of the crustal faults as resulting from a crustal uplift related to the thermal
erosion of the base of the lithosphere and/or to strong underplating. The upward
deformation may prevent the spreading of the volcanoes, as no evidence of such a
mechanism is observed in the bathymetry and the seismic data around the island.

Citation: Michon, L., F. Saint-Ange, P. Bachelery, N. Villeneuve, and T. Staudacher (2007), Role of the structural inheritance of the
oceanic lithosphere in the magmato-tectonic evolution of Piton de la Fournaise volcano (La Réunion Island), J. Geophys. Res., 112,

B04205, doi:10.1029/2006JB004598.

1. Introduction

[2] The building of an oceanic island is mainly induced
by the development of a mantle plume at depth and its
upwelling below the oceanic lithosphere [Morgan, 1971].
The volcanic activity resulting from the ascent of this
mantle anomaly is frequently radially distributed around a
volcanic center and concentrated in volcanic rift zones

"Laboratoire des Sciences de la Terre de I’Université de la Réunion
(LSTUR), Institut de Physique du Globe de Paris, CNRS, Saint Denis,
France.

2CREGUR, Université de la Réunion, Saint Denis, France.

3Observatoire volcanologique du Piton de la Fournaise (OVPF), Institut
de Physique du Globe de Paris, CNRS, La Plaine des Cafres, France.

Copyright 2007 by the American Geophysical Union.
0148-0227/07/2006JB004598$09.00

[e.g., Walker, 1999]. As documented for the Hawaiian
volcanoes [MacDonald and Abbott, 1970] and the Society
and Austral Islands [Binard et al., 1991], the orientation
of these rift zones is superimposed to main crustal
orientations as transform zones and/or paleoridges. Active
faulting is frequently associated with the volcanism. Fault
analysis reveals that (1) normal faulting always prevails
whatever the geodynamic context is and (2) faults and
dyke swarms (i.e., rift zones) are parallel [MacDonald
and Abbott, 1970; Marinoni and Gudmundsson, 2000].
As mentioned by Binard et al. [1991], such an alignment
between tectonics and volcanism, and the rift zones and
the crustal structures, respectively, suggests a control of
the oceanic lithosphere on the deformation of shield
volcanoes and on the location of the magmatism.

[3] La Réunion Island is located east of Madagascar and
is related to the mantle plume that generated the Deccan
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Traps at the Cretaceous-Tertiary boundary [Courtillot et al.,
1986; O’Neill et al., 2003]. The island built up on an
oceanic lithosphere characterized by N30—40 transform
zones, predominant N120—130 trending magnetic anoma-
lies [e.g., Fretzdorff et al., 1998], and local N80 magnetic
anomalies east of La Réunion (Figure la) [Lénat et al.,
2001]. The N120—-130 orientation also corresponds to the
overall elongation of the island, which results from the
emplacement of three volcanoes along this axis (the Alizés,
Piton des Neiges, and Piton de la Fournaise volcanoes;
Figure 1b [Lénat et al., 2001]). Contrary to Hawaiian
volcanoes no active faults were identified at Piton des
Neiges and Piton de la Fournaise, suggesting no or unde-
tectable tectonic activity. However, the seismic monitoring
carried out by the Piton de la Fournaise Volcano Observa-
tory recorded numerous earthquakes originating in the crust
below the island and its vicinity (Figure 2). More distant
(~100 km) earthquakes, which cannot be precisely located
with the current seismic network, occur below the subma-
rine flanks of the edifice. Although the occurrence of
earthquakes indicates an active tectonic regime, its origin
and consequences in the development of the volcano are
poorly understood.

[4] Using a multiscale and multidisciplinary analysis,
we aim at studying the tectonic activity of La Réunion,
integrating it at a lithospheric scale, and understanding
the origin of the deformation, taking into account the
regional geodynamics and the role of the mantle plume.
We focus our work on four different scales: (1) the active
magmatic system of PdF, (2) the overall edifice of PdF,
(3) the island and the proximal submarine flanks, and
(4) the oceanic crust in the island’s vicinity. The magmatic
system is studied through the analysis of the eruptive fissure
and dyke distribution in the Enclos caldera. The tectonic
structures of PdF are inferred from a combination of surface
deformation derived from a 25 m resolution digital eleva-
tion model (DEM), available geophysical data such as
seismic, self-potential, magnetic, and audiomagnetotelluric
data, field observations, and aerial photographs. As the
dense tropical vegetation makes most of the volcanic flanks
inaccessible, the field observations are focused on the deep
valleys which incise the volcano’s western part. Structures
of the southern and northern flanks are studied with the
DEM and the available geophysical data. At the island
scale, a 100 m resolution DEM, gravimetric and magnetic
data and sonar images are used to determine the first order
subaerial and submarine structures. Finally, the magnetic
crustal structures and the oceanic floor topography are
integrated in our study to extend the analysis from a
kilometer scale to a several hundred kilometers scale.

2. Geological Setting

[5] La Réunion Island is the subaerial part of a 7 km
high oceanic shield volcano with a diameter of 220—240 km.
Considering the historical magma production rate and the
oldest dated subaerial basalts (~2 Ma [MacDougall, 1971]),
an age of around 5 Ma was estimated for the beginning of the
edifice growth [Gillot et al., 1994]. The initial evolution was
characterized by the development of two adjacent volcanoes
(Piton des Neiges and Alizés volcanoes), which encountered
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recurrent flank destabilizations [Lénat et al., 2001; Bachelery
etal.,2003; Oehler et al.,2004]. Around 530 ka ago, Piton de
la Fournaise appeared west of the Alizés volcano which
stopped its activity. Between 530 ka and 12 ka (date of the
last eruption of Piton des Neiges (PAN) [Deniel et al., 1992])
PdN and PdF showed contemporaneous activity. Finally,
since 12 ka, eruptions are restricted to PdF.

[6] This multiphase evolution made the structure of the
overall edifice of La Réunion very complex. The Alizés
volcano is now completely dismantled and the only evi-
dence of its past existence is (1) a large intrusion complex
identified by drilling below the Grand Bralé¢ (Figure 3)
[Rangcon et al., 1989], (2) the remnant old submarine
relieves [Labazuy, 1996], and (3) the pre-Brunhes reverse
magnetic anomalies which characterize magmatic forma-
tions older than those of Piton de la Fournaise [Lénat et al.,
2001].

[7] Piton des Neiges results from a more than 2 m.y. long
activity during which construction and dismantling phases
alternated. The oldest parts correspond to La Montagne, the
Dimitile, and Takamaka massifs (Figure 3). The other
volcano flanks consists on piles of differenciated lava flows
which date from the volcano’s late activity, some 350 ka
ago. Large explosive eruptions occurred during this period
[Fretzdorff et al., 2000]. The volcano’s central part exhibits
three major depressions: the cirques of Cilaos, Mafate, and
Salazie, which originate from an intense erosion controlled
by structural limits such as large landslides [Oehler et al.,
2004]. In the depressions, most of the outcropping forma-
tions are intensively weathered rocks and debris avalanche
deposits, intruded by a large number of dykes [Chevallier,
1979; Maillot, 1999].

[8] Piton de la Fournaise is the active volcano of
La Réunion Island. Geochronological and geological data
allow defining two main phases of construction, separated
by a main collapse event: the “ancient Fournaise” (530—
150 ka) and the “recent Fournaise™ (150 ka to present day)
[Gillot and Nativel, 1989; Bachélery and Mairine, 1990;
Gillot et al., 1990]. This large landslide led to an eastward
shift of the volcano center from the present-day location of
the Plaine des Sables to the current position of the active
volcano. During the last 0.15 Ma, the “recent Fournaise™
was affected by at least two caldera collapses whose exact
origin is still under debate [Bachélery, 1981; Duffield et al.,
1982; Gillot et al., 1994; Labazuy, 1996; Merle and Lénat,
2003]. The resulting structures are the Plaine des Sables and
the large U-shaped structure composed of the Enclos
depression and the Grand Bralé (Figure 3). Since the
formation of the Enclos depression 4.5 ky ago, the volcanic
activity is mainly restricted to the caldera. Only few
eruptions occurred along the NE and SE rift zones, in
the Plaine des Sables and in the Riviere des Remparts
[Bachelery, 1981].

[9] Intense erosion incised the edifice leading to the
formation of deep valleys (Riviére des Remparts, Rivicre
Langevin, Riviere Basse Vallée, and Riviere de I’Est
(Figure 3). An additional erosional structure was discovered
on the eastern flank of PdF. Geophysical data (audiomag-
netotelluric and time domain electromagnetic) and cores
with fluvial sediments from a drill hole in the northern part
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and 9 is indicated by rectangles. Black dots represent the seismic stations of the Piton de la Fournaise

Volcano Observatory.

of the Grand Briilé reveal the presence of the Osmondes
paleoriver [Courteaud, 1996].

3. Multiscale Structures of the Piton de la
Fournaise
3.1. Structure of the Magmatic System

[10] During the eruptions of PdF, magma ascent mainly
leads to the formation of eruptive fissures in the Enclos and
on the flanks of the central cone. Most of the eruptions
induce the development of en échelon eruptive fissures,
which are commonly interpreted as the result of lateral shear
during the dyke intrusion [e.g., Bachélery et al., 1983;
Lénat et al., 1989; Zlotnicki et al., 1990]. According to
these studies the northern and southern rift zones are
characterized by left lateral and right lateral deformation,
respectively, which would contribute to the eastward desta-
bilization of the volcano flank. Although this general view
is well established, we believe that it raises several ques-
tions. Are the eruptive fissures adequate to determine the rift
zone orientation? Is the en échelon geometry an evidence of
lateral shear along the rift zones?
3.1.1. Eruptive Fissures and Feeder-Dyke Orientation

[11] The visible pre-2003 eruptive fissures are predomi-
nantly oriented along three main directions (N10—20, N70—
80, and N170), which are in agreement with the three trends

determined by Bachélery [1981] (Figure 4). The N10-20
and N170 trends are interpreted as the upper part of the NE
and SE rift zones, named the N10 and N170 rift zones,
respectively [Bachélery, 1981], and were inferred from the
eruptive fissure distribution [Bachelery, 1981]. A detailed
inspection of the recent en échelon eruptive fissures clearly
shows that both orientations can develop during a single
event (e.g., the March 1998 eruption, August 2003) and that
N170 eruptive fissures also form in the northern flank,
which is commonly described as the “site of the N10 rift
zone” (Figure 5). Figure 5 reveals en échelon fissures which
are parallel or subparallel to the slope. This distribution of
the recent fissures is common to most of the visible pre-
2003 eruptive fissures (Figure 4). Only a few are linear and
oblique to the slope (e.g., the August 2004 eruption). Their
constant orientation and location east of the Dolomieu crater
could indicate a control of local subsurface structures in the
fissure development.

[12] As for Stromboli [7ibaldi, 2003] and Etna [MacGuire
and Pullen, 1989], it has been recently shown for the
March 1998 [Battaglia and Bachelery, 2003], February
2000, June 2000, and August 2003 eruptions [Peltier et
al., 2005] that the orientation of the en échelon eruptive
fissures do not represent the orientation of the magmatic
dyke at depth. Moreover, numerical models show that the en
échelon pattern results from the intrusion of linear dykes at
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Figure 3. Overview of the main geological structures of La Réunion Island discussed in the text.

PdS: Plaine des Sables.

depth [Cayol and Cornet, 1998; Battaglia and Bachélery,
2003; Fukushima et al., 2005; Peltier et al., 2005]. Consid-
ering these results, we compared the orientation of 17 dykes
for the 1998—-2004 period with the distribution of the
63 eruptive fissures formed during the same time span
(Figure 6a). It appears that the fissure and dyke orientations
differ from each other.
3.1.2. Dyke, Fissure, and Stress Field

[13] As dykes and eruptive fissures are strongly sensitive
to the stress distribution (o3 and oy, the least and main
principal stress component, respectively), the difference in
the orientation between dykes and fissures suggests distinct
stress field orientations at depth and near the surface. In a
homogeneous volcanic cone, o3 is perpendicular to the
slope and o, varies from a vertical orientation at depth to
a downslope one in subsurface [van Wyk de Vries and
Matela, 1998]. Note that the magnitude of the downslope
o increases through the surface [Borgia, 1994]. In such an
ideal cone, eruptive fissures and dykes, which correspond to
tension cracks are radially distributed [Pollard, 1987].
However, in nature additional effects such as magma
overpressure, contrasted rheological layering, volcano insta-

bilities, faulting activity and structural inheritance lead to a
strongly anisotropic stress field, which may influence the
dyke intrusion along preferential orientations [Chadwick
and Dieterich, 1995; Tibaldi, 1996, 2003; Walker, 1999;
Marinoni and Gudmundsson, 2000; Walter and Troll, 2003;
Gudmundsson, 2006].

[14] At PdF the radial to subradial distribution of the
eruptive fissures and the deformation field observed through
interferometry and only showing deformation perpendicular
to the dyke [Sigmundsson et al., 1999; Froger et al., 2004;
Fukushima et al., 2005] suggest that the fissure orientation
is controlled by downslope o; rather than by the lateral
shear during the dyke intrusion. According to the numerical
models simulating the coeruptive deformation observed in
interferometry [Fukushima et al., 2005], the transition depth
at which the dykes transform into eruptive fissures, that is
the depth at which o, rotates from vertical to downslope,
evolves from ~200 m below the top of the cone to ~100 m
below the base of the cone. Such variation agrees with the
distribution of the downslope o, which affects a greater
vertical section close to the top of a cone than at its base
[van Wyk de Vries and Matela, 1998].
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Figure 4. Distribution of the pre-2003 eruptive fissures visible in the summit part of Piton de la
Fournaise. Eruptive fissures trend in three main directions: N10—20, N70—80, and N170. Coordinates in

meters (WGS 84).

3.1.3. Rift Zone Orientation

[15] In contrast to the fissure distribution, the dyke
distribution for post-1997 eruptions is far from radial. More
than 70% of the eruptions are concentrated in two zones
(i.e., the N25-30 and N125-130 intrusion trends) suggest-
ing that the dyke emplacement is controlled at depth
(Figure 6a). These two trends strikingly coincide with the
two positive self-potential (SP) anomalies, determined in
1992—-1993 by Michel and Zlotnicki [1998], during the
1993—-1997 gap of activity, and 5 years before the begin-
ning of the post-1997 eruptive cycle. Positive SP anomalies
up to 1000 mV indicate upward fluid flow which originates
from permanent preferential fluid migration along a fracture
zone or from a recent dyke intrusion. Figure 6b shows that
some small-scale anomalies (few hundred of meters) are
correlated with the eruptive fissures of 1987 and 1988 in the
northern part of the N25-30 intrusion trend. However, it
also reveals that these anomalies are of small-scale com-
pared to the 1-2 km wide N30 and N125 SP anomalies.
This suggests that the large N30 and N125 SP anomalies
cannot be explained by the recent dyke-induced fluid
circulation only. Therefore following Michel and Zlotnicki
[1998], we believe that the large SP anomalies are caused
by the upward fluid migration along fracture zones [Michel
and Zlotnicki, 1998]. Moreover, (1) the superposition of the
N25-30 and N125-130 intrusion trends, inferred from the
post-1997 dyke distribution and the N30 and N125 SP
anomalies, and (2) the recurrence of most of the eruptions
(during the 1981-1992 period and since 1998) along the
preferential magmatic paths, suggest that the magma ascent
in the Enclos is controlled by a large, 10 km-long, N25-30

trending fracture zone and a secondary fracture trending
N125-130.

[16] Lénat and Bachelery [1990] and Fukushima [2005]
proposed that the overpressure due to each dyke intrusion
along one rift zone temporally prevents another intrusion
along the same rift zone. This would subsequently explain
the alternation of the eruptions along the northern and
southern segments of the N25-30 rift zone and the
N125-130 rift zone. However, the succession of three
eruptions between October 2000 and June 2001 along the
same N125-130 rift zone partly contradicts this model.
Indeed, although each dyke increased the overpressure (i.e.,
the stress perpendicular to the intrusion), the next magma
intrusion followed the N125-130 fracture zone. Such a
recurrence along the N125—130 rift zone reveals the control
of the fracture zone in the magma migration. At PdF, the
guiding role of the N25-30 and N125-130 fracture zones
is explained by the quasi-isostatic stress state [Cayol and
Cornet, 1998] and a likely weaker Young’s modulus
within the fracture zone than in the surrounding parts
[Gudmundsson, 2002; Peltier et al., 2005].

[17] In summary, we cannot confirm the existence of the
N10 and N170 rift zones as previously described. We agree
that one main magmatic path controls the magma intrusion
north of the cone. However, a unique N170 rift zone
disagrees with the present data for the southern part. The
fan shape geometry of the SE and NE rift zones outside the
Enclos (Figure 1b) suggests that magmatic intrusions are
not as controlled as in the Enclos. This indicates that once
the magma reaches the limit of the Enclos caldera, its
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b)

(a) Post-1997 eruptive fissures and the related dykes (dotted lines). The dyke distribution
highlights two main N25-30 and N125—130 intrusion trends. Coordinates in meters (Gauss Laborde—
Réunion). (b) Distribution of the post-1997 dykes (dotted lines) with respect to the Self-Potential
anomalies measured by Michel and Zlotnicki [1998].
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propagation is controlled by the stress field of the shallow
edifice rather than by deep, narrow fracture zones.

3.2. Edifice Structures

3.2.1. Field Observations

[18] As the flanks of PdF are covered by either a dense
vegetation or recent lava flows, we carried out a struc-
tural analysis in the deep valleys where geological units
outcrop at the base of the scarps. We focused our analysis
in the Riviére des Remparts and Riviere Langevin where
the formations of the “ancient” and current Fournaise
outcrop in 1000 m high scarps. Although dense vegeta-
tion covers most of the scarps, combination of structural
and aerial photograph analysis allows determination of
several main faults (Figure 7a). A large NO5 trending,
15 km long fault zone is observed in the Riviére des
Remparts inducing at different locations intense breccia-
tion of the lava flows. In the southern half of the Riviere
des Remparts, the fault zone controls the valley orienta-
tion and dyke emplacement (site 1 in Figure 7b). Further
to the north (i.e., in the Mahavel and Bras Caron valleys),
the fault zone, which is inaccessible but visible in aerial
photographs is composed of several segments that in-
duced a left-lateral offset of another subperpendicular
fault (i.e., the N95 normal fault visible in the Riviere
Langevin; Figure 7a). At site 1, geological formations do
not show any vertical offset, suggesting a strike-slip
motion along the fault plane. Although this outcrop is
of small size the strike-slip motion is in agreement with
the observation obtained further north by an aerial
photograph.

[19] The second main fault presents a N40 orientation and
is continued up in the scarp. The fault plane is characterized
by constant subhorizontal slickenside, which indicates a
right lateral movement with a slightly normal component
(site 2 in Figure 7b). The fault plane outcrop is punctual and
its lateral continuity cannot be determined directly. Never-
theless, it is interesting to note that the fault is in the western
continuity of the Mahavel valley. Recent analogue models
show that incisions of such deep valleys in volcanic settings
result in structurally controlled erosion [Févre et al., 2004].
This indicates that erosion, which led to the valley forma-
tion, was favored by the presence of the N40 trending fault.
A third main fault is located in both the Riviére des
Remparts and Riviere Langevin. In the Riviere Langevin
this N95 trending fault affects both the tabular lava flows of
the “ancient” Fournaise and the inclined lava flows of the
recent Fournaise (60—70 ky) (site 3 in Figure 7b). The fault
activity which is younger than 60 ky induced a vertical
offset of around 100 m. This N95 fault being slightly
disturbed by the NO5 fault, a maximum age of 60 ky can
be attributed to the last activity of the NO5 trending fault.

[20] Thus field observations demonstrate that large
faults developed during the Piton de la Fournaise evolu-
tion. However, it remains to be shown whether the faults
are related to the PdF’s own evolution or to the regional
stress field.

3.2.2. DEM Analysis

[21] The flanks of Piton de la Fournaise are covered by
tropical vegetation which prevents any field observation.
To fill this gap, we combine the analysis of a 25 m DEM
with the available geophysical data to extend the struc-
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tural analysis to the whole flanks of PdF. In the southern
flank, an audiomagnetotelluric (AMT) survey revealed the
occurrence of two N65 and N145—150 trending preferen-
tial orientations of the subsurface basement, which are
interpreted as large structural discontinuities (Figure 8)
[Courteaud et al., 1996]. The slope map shows the
presence of numerous lineaments, which can have differ-
ent origins. To prevent any integration of human-made
structures and boundaries of geological formations such as
lava flows and the river patterns, we compared the linea-
ments with geological and topographic maps. We consider
only kilometer-scale and well-developed lineaments. Once
rivers and the margins of the geological formations are
excluded, the DEM shows two predominant lineament
trends: a large N8O lineament on both sides of the Basse
Vallée River and N155 lineaments parallel to the Basse
Vallée River (Figure 8). The lack of geophysical data at
the lineament location does not allow the study of their
origin. Moreover, the extremely dense vegetation makes
direct observation of the structures in the scarp of Basse
Vallée absolutely impossible. It has been proposed that the
basement structures in the lower part of the southern flank
most likely correspond to faults [Courteaud et al., 1996].
The alignment of these faults with the lineament trends
inferred from the DEM analysis (N65—80 and N145-155)
suggests a tectonic origin of the lineaments. Further
studies are required to constrain better the exact origin
of these structures.

[22] In the northern flank of PdF, two different slope
domains can be determined from the slope orientation
map (Figure 9a). Domains 1 and 2 are characterized by
regular eastward and north-north-eastward slopes, respec-
tively. In a homogeneous setting, rivers flow downslope.
One striking exception is the Ravine Bellevue in
domain 2, which flows in a N70-75 orientation that is
strongly oblique to the slope. The development of straight
and abnormally oriented rivers is usually due to a struc-
tural control [e.g., Twidale, 2004]. The pattern and orien-
tation of Ravine Bellevue suggest that its formation was
controlled by a N70—-75 trending structure. This interpre-
tation is supported by two sets of geophysical data. First,
two-dimensional magnetic profiles carried out in the lower
part of the flank reveals strong reverse magnetic anomalies
below the Piton Balmann and 500 m south of the Piton
Bellevue (Figure 9b) [Michel and Zlotnicki, 1998]. Reverse
magnetized structures predate the Bruhnes period (normal
magnetization since 0.78 My) and are consequently older
than the formation of PdF. It is likely that these structures
correspond to a remnant part of the Alizés volcano [Michel
and Zlotnicki, 1998], which shows in this area a N75
orientation. The second set of data is located in the upper
part of the Riviére de I’Est where 19 seismic events were
recorded from 1985 to the end of 1988 (Figure 9b)
[Nercessian et al., 1996]. These events, which occurred
outside the present-day magmatic zone between 6 km b.s.1.
and the surface, are disconnected from any recognized
faults. Nevertheless, the earthquake distribution along a
N70-75 main axis suggests the occurrence of a deep and
active N70—75 fault. Hence the combination of the geo-
physical data and DEM analysis suggests that the northern
flank of PdF is affected by a N70-75 fault zone, the

9 of 21



B04205 MICHON ET AL.: REGIONAL TECTONICS AT LA REUNION ISLAND B04205

work suggests the predominance of large N65—80 trending
fault zones outside the Enclos-Grand Bralé structure and
secondary N145—155 faults. It is worth noting that the fault
orientation differs from the field observations. This differ-

development of which was likely controlled by structures

that also influenced the evolution of the Alizés volcano.
[23] The DEM analysis allowed us to extend the struc-

tural analysis to the PdF southern and northern flanks. Our
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ence could indicate that the structural control of the Alizés
volcano is predominant in the eastern half of PdF.

4. Island and Crustal Orientations
4.1. Island Structures

[24] La Réunion Island presents a N120—130 trending
elongated shape which corresponds to the alignment of the
Piton de la Fournaise, the Plaine des Cafres volcanic zone,
and the Piton des Neiges (Figure 10a). In the past decades
several structural analyses and geophysical studies were
carried out to determine the first order structures of
La Réunion Island [e.g., Malengreau et al., 1999; Lénat et
al., 2001]. Gravimetric data show two main orientations
(N40 and N120-130), which correspond to the orientations
of deep gravity anomalies located below PdN and the PdN-
PdF alignment, respectively [Malengreau et al., 1999]. Two
additional large and old structures (i.e., prior to the forma-
tion of PdF) were determined on the island’s submarine
flanks from a sea-level magnetic survey: a N35 reverse
anomaly that corresponds to the continuity of a rift zone of
PdN, and a N80 reverse anomaly east of PdF which is
interpreted as a remnant of the Alizés volcano (Figure 10b)
[Lénat et al., 2001].

[25] Geological and structural analyses carried out in the
three central depressions of PdN (i.e., Salazie, Mafate, and
Cilaos) and on its outcropping flanks reveal the complexity
of PAN and the difficulties to study it. An initial work
suggested a polyphase evolution, the development of four
paleorift zones presenting a star-like distribution (N10,
N45, N120, and N160; Figure 10a) and the formation of
three main fault trends (N30, N70, and N120) [Chevallier,
1979]. Additional studies confirmed the occurrence of
radial intrusion and fracture trends with slight differences
of 5—10° in orientation which corresponds to the expected
error related to the measure of old structures in scarps
[Robert, 1980; Haurie, 1987; Rocher, 1988]. If the recent
investigations confirm the fracture orientations, observa-
tions in the central depressions combined with geophysical
data partly disagree with the rift zone distribution as it was
initially proposed. For instance, in the Cilaos depression
where a N10 rift zone should have existed in the eastern
part of the depression [Chevallier, 1979], Maillot [1999]
highlighted two main N30 and N55 intrusion trends in the
western margin of the depression and did not observe any
N10 trending dyke. It is important to note that most of the
geological formations outcropping in the depressions cor-
respond to debris avalanche deposits [Bret et al., 2003;
Oehler, 2005; Arnaud, 2005]. 1t is likely that a significant
part of the dykes measured in previous studies consists of
displaced intrusions. Moreover, the only well-developed rift
zone in the S flank, the N35 Etang Salé rift zone, which
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presents cone alignment, a topographic ridge in bathymetry
and a strong magnetic anomaly, was not considered previ-
ously (Figure 10a). This rift zone is connected to the
summit of PAN by the N30 intrusions which turn to N55
close to the summit. Hence the occurrence of the N10 rift
zone in the southern part of Piton des Neiges is highly
questionable. It is hard to evaluate with the available data
the other rift zones (i.e., N45, N120, and N160). Neverthe-
less, the N40 orientation of the apex of the gravimetric
anomaly of PAN suggests a magmatic system which could
explain the development of the N45 rift zone on the NE
flank of PdN. It subsequently follows a ~N40 structural
alignment between the N35 Etang Salé rift zone and the
N45 rift zone on the SW and NE flanks of PdN, respec-
tively. The dykes related to the N120 rift zone are mainly
observed in the western part of La Montagne Massif, the
Mafate depression and east of PAN. This intrusion direction
also corresponds to (1) the overall orientation of the Plaine
des Cafres volcanic zone which was interpreted as con-
trolled by crustal structures [e.g., Chevallier, 1979; Michel
and Zlotnicki, 1998] and (2) the gravimetric anomaly which
links the PdF and PdAN [Malengreau et al., 1999]. The
N120 orientation is consequently a strong structural orien-
tation that influenced the dyke intrusion. Finally, the N160
rift zone was determined in the eastern part of La Montagne
massif and in the Riviére Saint-Denis where a dense dyke
network outcrops (Figure 3). Contrary to the N35, N45, and
N120 rift zones, the N160 rift zone is not correlated with
gravimetric or magnetic data. This could suggest that this
intrusion path is of minor importance or is structurally
shallower than the three other rift zones. In summary, three
main rift zones are recognized at PAN: the N335 rift zone on
the S flank, the N45 rift zone on the NE flank, and the
N120 which affects both the WNW and ESE flanks.

[26] Different bathymetric campaigns revealed the pres-
ence of huge amount of mass deposits on the submarine
flanks of La Réunion Island [Lénat et al., 1990; Labazuy,
1996; Bacheélery et al., 2003; Oehler et al., 2004]. The
Digital Terrain Model shows that the debris avalanche
deposits are incised by deep channels which are connected
to active or ancient rivers (Figure 11a). Additional erosion
structures are interpreted as secondary submarine slides
[Oehler, 2005]. The lack of geophysical data and the
precision of the DTM which strongly varies around the
island make a determination of active faults very hard.
Nevertheless, one can note that some of the deep channels
that incise the debris avalanche deposits or some straight
escarpments are locally strikingly linear and oblique to the
slope. We propose that the alignment of the subaerial fault
zones inferred in the present study with straight lineaments
on the submarine flank indicates a fault origin of part of the
lineaments visible on the DTM. To this respect, the NO5

Figure 7. (a) Location of the three main fault zones visible in the Riviere des Remparts and Riviére Langevin. The black
lines do not correspond to the exact fault trace but to the overall fault zone location. Aerial photographs showing the trace
of the NO5 and NO5 faults. The small arrows highlight the visible traces in the valley flanks. (b) At site 1 the NO5 fault
induced a brecciation of the lava flows of the “ancient” Fournaise and was subsequently followed by a basaltic dyke of the
present-day Fournaise. At site 2 outcrops the N40 strike-slip fault, which is aligned with the Bras de Mahavel, suggesting
that the valley formation was probably controlled by the fault orientation. Site 3 allows determination of a 100 m offset
caused by the N95 fault. Note the angular unconformity between the planar lava flows located in the lower part of the
rampart and the upper lava flows, which filled the paleovalley 60 ky ago (photo: Jean-Lambert Join).

11 of 21



B04205 MICHON ET AL.: REGIONAL TECTONICS AT LA REUNION ISLAND B04205

a)

Basse Vallée

b)

NO5 fault
zone

Figure 8. (a) Greyscale slope map representation of the southern flank of PdF. Arrows highlight the
main lineaments. RL: Riviére Langevin. (b) Distribution of the main tectonic structures that affect the
volcano flank. Dotted lines represent the faults inferred from audiomagnetotellurics method [Courteaud
et al., 1996]. The NOS5 fault zone observed in the Riviére des Remparts is added. Coordinates in meters

(Gauss Laborde—Réunion).

trending fault zone observed in the Riviere des Remparts is
aligned with the NO5 lineament visible in the submarine
topography (Figure 11a). Considering the length of this
lineament and its continuation on the island, a total length of

45-50 km can be inferred for the fault zone. The northern
margin of the Eastern Plateau corresponds to a N75 linear
scarp, which is aligned with the N70—75 fault zone that
affects the PdF northern flank and the N80 reverse magne-
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Figure 9. (a) Slope orientation map of the northern flank of PdF. 1 and 2 correspond to two different
slope domains. The white arrow highlights the N70—75 trending kilometer-long lineament of the Ravine
Bellevue. (b) Shaded relief representation (artificial illumination from the NW) of the northern flank of
PdF. The thick dotted line indicates the location of a strong reverse magnetised body [Michel and
Zlotnicki, 1998]. Black dots represent the earthquakes recorded between 1985 and the end of 1988
[Nercessian et al., 1996]. Note that the earthquakes are distributed along a main N70—75 axis, which is
parallel to the Ravine Bellevue lineament and the deep reverse magnetised body. Coordinates in meters
(Gauss Laborde—Réunion).
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tized anomaly. Such an alignment between the structures
could be explained by the occurrence of a large N70—N80
fault in the eastern part of the edifice. Finally, the southern
submarine flank of PdF is characterised by a N150 lineament
for which sonar images show that it does not consist of either
a geological limit or an incised channel (Figure 11b). It is
noteworthy that the N145—150 direction also corresponds to
clear lineaments and geophysical structures (inferred from
time domain electromagnetic and audiomagnetotelluric
methods) in the southern subaerial flank of PdF (Figure 8).
Thus we show that the different faults observed in the
subaerial part of PdF coincide with those on a larger scale.

4.2. Oceanic Crust Orientations

[27] Recent aeromagnetic, sea level magnetic, seismic
surveys, and bathymetric data allowed the determination
of the structures of oceanic crust in the surrounding areas of
La Réunion and Mauritius Islands [Dyment, 1991; de Voogd
et al., 1999; Lénat et al., 2001]. Around the islands, the
lithosphere shows N30—40 transform zones and N120—130
trending magnetic anomalies (Figure la). The N120—130
crustal orientation is also present below the island as
suggested by the global alignment of the magmatic massifs
of La Réunion, and the elongated seamount located on the
western submarine flank (Figure 11a). This general pattern
with two main crustal orientations changes between
La Réunion Island and the Mauritius transform zone where
magnetic anomalies trend in the N80 direction. The pres-
ence of this crustal orientation below the eastern part of the
volcanic edifice has been revealed by seismic data, which
show the occurrence of a N80 trending basement high
below the Eastern Plateau [de Voogd et al., 1999]. Bathy-
metric data [Smith and Sandwell, 1997; Fretzdorff et al.,
1998] indicate that south of the island the crust is charac-
terized by N55-60 trending topographic ridges and elon-
gated seamounts, which continue below the eastern part of
the island (Figure 12a).

5. Discussion and Conclusions
5.1. Scale Integration

[28] Our study aimed at the characteristics of tectonic and
volcanic structures at different scales allowing comparison
of large and small-scale structures (i.e., oceanic crust,
submarine and island structures, volcano faults, and erup-
tive fissures).

[29] We showed that each structural level is characterized
by several structural orientations. It is hard to discriminate
for a given structural level alone whether the different
structures are related to large-scale processes or to local
effects due to the intraedifice stress field or volcano evolu-
tion. However, the combination of several scales allows
distinction of these origins. Indeed, structures induced by
local effects such as the intraedifice deformation, the
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landslide-induced stress field, or magmatic overpressure
are restricted to the edifice, whereas large-scale deformation
may influence the development of multiscale structures. To
this respect, the data show the recurrence of several struc-
tural trends from the crustal scale to the small-scale mag-
matic system of PdF (i.e., N30—40, N70-80, and N120—
130; Figure 12b). The N30—-40 and N120—-130 trends
correspond to (1) preferential directions of magmatic intru-
sion at both PdF and PdN, (2) the elongation of dense
intrusive complexes in PAN and between PdF and PdN
[Malengreau et al., 1999], (3) two of the main fault trends
of PAN [Chevallier, 1979], and (4) the regional orientations
of the transform zone and spreading center. Even though the
N70 faults are observed in PAN [Chevallier, 1979], the
N70-80 structural direction is mainly restricted to PdF and
between PdF and the Mauritius transform zone. This struc-
tural orientation is represented by (1) surface and subsurface
structures in the N and S flanks of PdF (Figures 8 and 9),
(2) a strong reverse anomaly below the E submarine flank
(Figure 10b) [Lénat et al., 2001], (3) an elongated basement
high [de Voogd et al., 1999], and (4) the local crustal fabrics
revealed by magnetic anomalies (Figure 1). We interpret the
parallelism between the magmatic, the island scale, and
crustal structures as resulting from a structural control
played by the oceanic crust in the past and present con-
struction of La Réunion’s volcanoes.

[30] Other structures such as the NOS fault zone south of
PdF or the N160 rift zone of PdN, which are spatially
isolated and not observed at different structural levels may
formed as the consequence of independent geological
processes. Local geological events such as flank destabili-
zation are able to control the development of volcanic rift
zones [e.g., Tibaldi, 2003; Walter and Troll, 2003]. The
deformation of a volcano above a décollement level [e.g.,
Merle and Borgia, 1996] is an additional feature to decou-
ple the structural influence of both the oceanic crust and the
volcanic edifice. In consequence, we consider that the
secondary structural directions in La Réunion’s volcanoes
may result from intracdifice processes rather than a regional
stress-field.

5.2. Origin of the Large-Scale Deformation

5.2.1. General Context

[31] La Réunion Island is located east of Madagascar and
on the southeastern rim of the Mascarene Basin. Magnetic
anomalies indicate that this basin results from oceanic
extension between the Campanian (Late Cretaceous; anom-
aly 34) and the Early Paleocene (anomaly 27 [e.g., Dyment,
1991]). This extension was accommodated by large trans-
form zones such as the Wilshaw Ridge and the Mauritius
Transform Zone (Figure 1a). Between these two transform
zones, the age and the structure of the crustal domain on
which La Réunion Island is built are poorly constrained.

Figure 10.

(a) Digital Terrain Model (DTM) of the sub-aerial part and proximal sub-marine flanks of La Réunion Island.

The island presents a N125-130 elongation. According to Chevallier [1979], the magmatic intrusions of Piton des Neiges
were restricted to four rift zones (N10, N45, N120, and N160). Note that the well-developed Etang-Salé rift zone, which
forms a submarine ridge and is characterized by a cone alignment, was not considered by Chevallier [1979]. (b) Sea-level
magnetic map showing the N35 reverse magnetized anomaly of the Etang-Salé rift zone. The N8O reverse magnetized
anomaly east of the Piton de la Fournaise is interpreted as a remnant part of the Alizés volcano (after Lénat et al. [2001]).
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Dyment [1991] proposed that the island is located at the
intersection of a small-scale transform zone and a paleo-
ridge. Whatever the exact structure, the age of the oceanic
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hardly explainable by the present-day activity of the pale-
oridge and the transform zones.

5.2.2. Effect of the Mantle Plume and the Magmatic
Underplating

[32] Geophysical campaigns in the past decades have
allowed the determination of the crustal topography around
and below the main volcanic islands [Watts et al., 1985;
Binard et al., 1991; Watts et al., 1997; de Voogd et al., 1999;
Ali et al., 2003]. Large lithospheric flexures have been
determined below the Hawaiian chain [Watts et al., 1985]
and the Tenerife Island [Watts et al., 1997]. In the island’s
vicinity, the lithospheric flexure led to the formation of large
angular unconformities between prevolcanic and syn/post-
volcanic formations [e.g., Watts et al., 1997, Figure 2]. In
the Cape Verde Islands, angular unconformities reveal a past
crustal flexure during the Miocene, which has been subse-
quently balanced by a general uplift [4/i et al., 2003].
In contrast to these evolutions, reflection seismic data in
La Réunion Island show a lack of angular unconformity,
firmly establishing the lack of significant vertical downward
movement and flexure [de Voogd et al., 1999]. Furthermore,
the base of the edifice that is the top of the preexisting
oceanic plate is roughly domed and is characterised by
several N55-60 and N80 topographic highs and lows.

[33] The amount of lithospheric flexure is controlled by
three main parameters: (1) the size of the volcanic edifice
(i.e., the surface load), (2) the elastic thickness of the
lithosphere (T.) which depends on the effective flexural
rigidity (D.) [Burov and Diament, 1995], and (3) the sub-
surface upward loads induced by underplated materials and
lithospheric thinning [Watts et al., 1980; Ali et al., 2003]. As
the height of La Réunion, Cape Verde, Hawaii, and Tenerife
islands are of the same order of magnitude, the downward
load due to the volcano weight are roughly similar and it
cannot explain alone the differences observed in the crust
geometry. One could consider that the lack of lithospheric
flexure in La Réunion Island could be caused by different
T, values in La Réunion Island, Hawaii, Cape Verde, and
Tenerife. However, T, values of the oceanic lithosphere are
nearly similar in La Réunion (28 km [Bonneville, 1990]),
Cape Verde (29 km [Ali et al., 2003]), Tenerife (26 km [ Watts
et al., 1997]), and Hawaii (30—35 km [Wessel and Keating,
1994]). Even if the T, values may present uncertainties due to
the complexity of determining the effective flexural rigidity
for a oceanic lithosphere (A. Gudmundsson, personal com-
munication, 2006), the ““normal” value of lithosphere elastic
thickness in La Réunion Island cannot explain the lack of
flexure and moreover the slight doming of the edifice
basement. Two different processes may produce upward
forces and subsequent doming: (1) a thermal erosion of the
base of the lithosphere caused by the mantle anomaly and
(2) magmatic underplating. The amount of thermally eroded
lithosphere and the related uplift depend on the time that a
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lithosphere stays above a hot anomaly. Large isostatic
disequilibrium will be favored in slow plate motion settings
and almost nonexistent in fast moving plates (Figure 13). It
has been proposed that the displacement of La Réunion
Island relative to the hot spot, for the time of known volcanic
activity (2.1 My [MacDougall, 1971]), was less than 40 km
[Charvis et al., 1999]. In such a context, an efficient
lithospheric thinning was possible. Furthermore, geophysical
data reveal that a large amount of underplated material exists
below the southwestern part of La Réunion edifice [Charvis
et al., 1999], supporting the underplating hypothesis as an
additional cause of the doming.

[34] Hence we interpret the slight crustal doming below
La Réunion Island as resulting from a combination of
lithospheric thinning due to thermal erosion and magmatic
underplating.

5.3. Consequences in the Evolution of La Réunion
Volcanoes

[35] The development of a dome-like geometry of the
oceanic basement and the occurrence of 500 to 1500 m of
pelagic sediments [de Voogd et al., 1999] below the
volcanic edifice potentially had strong influences in the
evolution of the volcanoes on La Reunion.

[36] The dome-like geometry suggests that the oceanic
crust underwent an uplift during the development of the
edifice. In a continental setting, the uplift of the lithosphere
induces the reactivation of preexisting crustal structures
(inherited faults and/or metamorphic fabrics) which subse-
quently control the location of the volcanism and the
geometry of the extension structures [e.g., Le Gall et al.,
2004]. In a similar way, we interpret the uplift of the oceanic
lithosphere at La Réunion as the motor of the reactivation of
the preexisting crustal faults. Such a reactivation can ex-
plain the parallelism between the crustal structures and most
of the structures observed on the volcanoes. It is obviously
wrong to consider that each fault or rift zone observed at the
surface is directly linked to reactivated crustal faults.
Several additional factors potentially triggered the develop-
ment of tectonic and magmatic structures. The huge amount
of mass deposits on the submarine flanks of the edifice [e.g.,
Labazuy, 1996; Oehler et al., 2004] and in the subaerial part
[Bachelery et al., 2003; Bret et al., 2003] suggests that large
flank destabilizations occurred during the evolution of the
volcano. The occurrence of large landslides may have
produced a rift zone reorientation [e.g., Walter and Troll,
2003] and an isostatic deformation [Smith and Wessel,
2000]. The deformation of a volcano above low strength
layers [Borgia, 1994; Merle and Borgia, 1996; Oehler et al.,
2005] can also develop independent stress fields that lead to
the formation of numerous faults. Although a large-scale
spreading could have theoretically occurred at La Réunion
Island (presence of potential décollement layer at the base of

Figure 11.

(a) DTM of the bathymetry showing the distribution of the mass deposits which are mainly concentrated in

four bulges (the western, southern, and northern bulges and the Eastern Plateau [Oehler et al., 2004]). The main faults of
PdF inferred in this study are represented by black lines. Small arrows indicate the N80, and NO5 lineaments visible in the
submarine flanks which are aligned with subaerial structures. The N150 lineament is parallel to the structures observed on
the southern flank of PdF. Rectangle in dashed line represents the location of Figure 10b. (b) Sonar image of the southern
submarine flank of PdF showing the location of the N150 lineament (white arrows) and the distinct geological formations.
Note that the lineament does not correspond to either the limit of geological formations or to an incised channel.
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Figure 12. (a) Distribution of the main structures of PdF, PdN, La Réunion edifice and the oceanic
crust. Yellow, red and green lines correspond to the N30—40, N120—130, and N70—80 structural trends,
respectively. (b) Summary of the main trends observed at different scales: Piton de la Fournaise, island,
and crust.
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Figure 13.
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(a) The impact of a plume emplacement below a fast moving plate. The fast plate movement

above the mantle anomaly does not allow significant thermal erosion of the base of the lithosphere below
the volcanic island. The volcano load subsequently leads to a lithospheric flexure as in Hawaii. Dotted
shapes represent the mantle anomaly location at different times. (b) Efficient thermal erosion of a slow
moving lithosphere. The thermal erosion induces an isostatic disequilibrium and an uplift of the
lithosphere, which at least balances the load of the volcanic edifice. This evolution may partly explain the
lack of lithospheric flexure below La Réunion Island.

the edifice), its existence is still unclear. The pelagic sedi-
ments below the submarine flanks are undeformed and no
expected distal anticline and thrust are observed in reflec-
tion seismic data on the SW and NE flank, even several tens
of kilometers away from the volcano [de Voogd et al.,
1999]. Additional to the large-scale spreading, Oehler et al.
[2005] proposed that small-scale low strength layers (e.g.,
deltas and hyaloclastites layers) have induced the edifice
deformation and flank landslides.

[37] We therefore propose that the deformation of
La Réunion Island and the development of the magmatic
rift zones result from the superposition of a general stress
field, which is induced by the uplift of the oceanic crust, and
local stress fields related to the dynamics and settings of
each of the volcanoes.

[38] The volcanoes of La Réunion experienced recurrent
flank destabilizations [Oehler, 2005]. Recent field observa-
tions [Bachélery et al., 2003; Bret et al., 2003] and analogue
experiments [Merle and Lénat, 2003; Oehler et al., 2005]
suggest that the landslides of La Réunion are due and/or
favored by the occurrence of low strength levels in the
edifice. Most of these low strength layers correspond to
hydrothermally altered materials which mainly develop in
the vicinity of the intrusive complex of PdN, PdF, and the
Alizés volcano. We propose that the presence of in situ
décollement composed of hydrothermally altered and weak-
ened materials is probably not the only cause of a landslide.
Indeed, analogue models show that the reactivation in
normal faulting mode of crustal preexisting faults below a
volcanic edifice leads to the development of normal and
reverse faults in the volcano, which can result in gravity
instabilities such as flank landslides [Vidal and Merle,
2000]. The stability of the edifice decreases when oblique
basement faults are simultaneously reactivated and land-
slides occur after vertical basement displacements of
~150-300 m. Such large amplitudes of vertical displace-
ment are currently not observed in the subaerial part of
La Réunion. However, as the faults correspond to the lateral
borders of the landslides, the initial offsets related to the
reactivation of the basement fault would have not been
preserved in the upper part of the edifice. Moreover, the
analogue experiment of Vidal and Merle [2000] was carried

out with brittle materials only. It has been widely demon-
strated that the occurrence of low strength materials in
volcanoes is a crucial parameter in the deformation and
the destabilization of the edifice [e.g., Siebert, 1984; Day,
1996; Cecchi et al., 2005] We hypothesize that the defor-
mation related to the reactivation of the basement fault
would be enhanced by the presence of hydrothermally
weakened material in the edifice. Part of the widespread
landslides in La Réunion Island would consequently result
from the combination of basement fault reactivation and the
occurrence of hydrothermally altered materials.
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